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Published more than 60 years ago in this Journal, the article in which Sverdrup proposed the concept of critical depth to explain the initiation of the
spring bloom in the North Atlantic has accrued an exceptionally large number of citations and continues to be cited more than 50 times per year.
The framework provided by Sverdrup has now been applied, adapted, and tested across many aquatic systems worldwide. Datasets have been collected; models have been built on the framework: these studies have generated new insights into phytoplankton dynamics and interesting debates
on the relative importance of the various factors responsible for phytoplankton blooms. This article theme set presents some of the most recent
efforts to discuss and test Sverdrup’s critical depth hypothesis using a diverse set of approaches, ranging from controlled experiments to ﬁeld observations as well as numerical and analytical models. The set of papers celebrates an elegant and powerful hypothesis that has had long-lasting inﬂuence. It is to be expected that it will also stimulate future research, adding even more to our understanding of one of the most fundamental
processes in biological oceanography.
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Background
More than 60 years ago, Sverdrup (1953) published an article in this
Journal laying down the theoretical framework for analysing spring
phytoplankton bloom initiation in the North Atlantic. It inspired
a generation of oceanographers, and continues to do so to this day.
In a world where it has become fashionable to cite the most recent
author to advance an idea, rather than the first, Sverdrup’s article
remains one of the most cited publications in the field (see below).
This is a testament to its importance.
What is the secret of its longevity? Probably, the answers to this
question would be as varied as the backgrounds and interests of
the scientists to whom it might be posed, but we will try to list a
few aspects that we find important. First of all, Sverdrup provided
a rigorous, mathematical formalism to concepts and observations
that had been aired before (e.g. Gran and Braarud, 1935), thereby
making it possible to test hypotheses regarding phytoplankton
blooms in a quantitative way. Although he addressed the specific
case of spring blooms, the model presented by Sverdrup was built
on the broad and strong general principle of mass balance for

phytoplankton in a layer of the water column, such that the model
was readily applicable to the study of any type of phytoplankton dynamics just about anywhere. The model, which is deceptively simple, is rich
in potential applications, providing a master class on how to construct a
general model and how to simplify it for a specific case: that of the spring
bloom initiation in the North Atlantic. The simplifications led to an
analytic result that provided insights into the processes that determine
spring blooms. Even in the current oceanographic era when numerical
modelling is the norm and the aspiration, analytic solutions remain the
method of choice for interpretation of model solutions.
It is useful to recognize the two distinct parts of the critical depth
concept that Sverdrup introduced: the first part, that uses the principle of conservation of mass in a layer of the water column to study
net change in phytoplankton concentration, is axiomatic, and may
be recognized as a theory that cannot be violated: it provides the
framework for constructing details of a model. The second part,
which identifies the major factors responsible for the formation of
blooms, belongs more in the realm of hypotheses that can be
tested. And, the model has been tested, again and again.
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study to the top 20 articles, all of which have been cited .200
times. Thus, the context analysis should be considered illustrative
rather than systematic.
In total, 1082 unique citations of Sverdrup (1953) were identified
(including citations from 1953 to April 2015). Those articles have
themselves been cited .43 000 times. The top five highly cited articles that refer to Sverdrup (1953) have accrued between 488 and 881
citations themselves. Google Scholar listed 1543 cites to Sverdrup
(1953).
The number of citations has increased over time, with Sverdrup
(1953) currently being cited an impressive 30 –60 times per year
(Figure 1). Very few publications, in any field, attain total citation
numbers as high as this and the current citation rate is exceptional
for a 62-year-old scientific publication. The typical scientific
article is poorly cited the first year after publication; and a citation
peak is reached 3 years after publication, followed by decreasing
citedness (Aksnes, 2003). In oceanographic research, the rise typically takes longer, although it rarely reaches a level anywhere near as
high as has Sverdrup (1953). Aksnes (2003) defined different temporal citation patterns of highly cited articles. One category,
termed “delayed rise, no decline”, is characterized by a relatively
slow rise in citation frequencies and a stable or increasing citation
level thereafter. The citation curve of Sverdrup (1953) resembles
this category of highly cited articles (Figure 1). Such a citation
pattern indicates that Sverdrup (1953) reports research–concepts–
theories that are of continuing interest to researchers.
When interpreting the citation life cycle of Sverdrup’s work, it
must be noted that there has been a large increase in the overall
volume of research in marine science since 1953. Thus, the
number of articles that could cite Sverdrup (1953) is much larger
today than in the past. However, this does not account for the rise
in citations to Sverdrup (1953), since they have risen from 2–5
per year before 1980 to .30 per year since 2000, an increase that
is much greater than the overall growth in marine science publications during the same period (i.e. a factor of 3).
Garfield (1977) identified 15 reasons why a particular article
might be cited. At least two of them seem particularly relevant for
Sverdrup (1953): paying homage to pioneers and identifying original publications in which an idea or concept was discussed. The
second, more specific type of referencing, “identifying original

Quantifying the impact of Sverdrup (1953)
The bibliographic database Web of Science (WoS), Thomson
Reuters, was used to trace the influence of Sverdrup (1953) in the literature. Sverdrup’s publications are not indexed as primary literature in the WoS. Therefore, citations to the articles from the
indexed literature were traced using the WoS’s cited reference
search in which the author names and publication year are used to
identify cited references. We searched for citations to “HU
Sverdrup 1953” in journals that are indexed in WoS from 1945
onwards. The searches were carried out in April 2015. The retrieved
citing publications were analysed according to bibliographic parameters such as publication year, journal, and nationality of citing
authors. A quantitative bibliometric analysis does not yield any information about the reasons why an article or author’s work continues to be cited. To provide more insights into that question, we
conducted a citation context analysis by analysing the textual passages in which Sverdrup (1953) is referred to in the citing documents
[sensu Small (1982)]. We made an arbitrary choice to look only at
citing articles that in turn have been highly cited. Using this approach, we were able to assess the influence of Sverdrup’s work on
other high impact publications within the field. We limited the

Figure 1. The absolute number of citations to Sverdrup (1953) per year
(1953 – 2014).
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When authors have criticized the Sverdrup model, most of the
criticisms have been levelled at the specific case with which Sverdrup
chose to illustrate his model, pointing to additional processes or different parameterizations that might have been invoked to render the
model more suitable for situations and locations not considered, or
perhaps not relevant, to the particular case Sverdrup studied. In so
doing, some authors overlooked a deeper message in Sverdrup’s
paper: biological dynamics in the ocean can be described by rigorous
equations based on first principles (in this case, the principle of
mass balance) to yield original results testable by observations at
sea. It was a revolutionary view when the paper was published. In
our opinion, the paper remains a thing of beauty, as useful now as
it was then, whose importance matures as one or another criticism
makes us realize how easily the Sverdrup model can be adapted to a
variety of situations.
The paper introduced a biological depth horizon—the critical
depth—that has remained arguably the most important reference
depth for the study of phytoplankton dynamics, on a par with the
mixed layer depth (or mixing depth) in the physical domain and
euphotic depth in the optical domain. Importantly, Sverdrup
brought the biological and the physical reference depths in juxtaposition, and discussed the implications. In this regard, his was among
the first models to explore biological– physical interactions in the
ocean. The work has also led to interesting discussions on the
nuances that differentiate a mixed layer from an actively mixing
layer [see Franks (2015)], which helped explain apparent contradictions that seemed to violate the very foundations of the concept of
critical depth: instances when biological fields appeared to show vertical structure in a surface layer notwithstanding that the physical
properties indicated a deeper mixed layer. Interestingly, in such
instances, one might argue that vertical profiles of some easily measured biological or bio-optical properties could provide excellent
measures of mixing depth, in the absence of direct measurements
of turbulence. One might also argue that such studies, discussing
apparent contradictions between biological and physical fields,
have provided impetus to physical oceanographers to delve deeper
into processes that govern the development and evolution of
mixed layer and mixing layers, to assess which of these would be
more appropriate for interpretation of biological processes.
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Table 1. The journals that cite Sverdrup (1953) most often (1953 – 2015).
Journal
Deep Sea Research Part II
Journal of Geophysical Research Oceans
Marine Ecology Progress Series
Limnology and Oceanography
Journal of Marine Systems
Journal of Plankton Research
Deep Sea Research Part I
Continental Shelf Research
Progress in Oceanography
Journal of Marine Research
Global Biogeochemical Cycles
Marine Biology
Esuarine Coastal and Shelf Science
Hydrobiologia
Geophysical Research Letters
Biogeosciences

No. of articles
70
66
56
54
46
43
36
36
30
25
21
20
20
17
16
16

Journal
Sarsia
Deep Sea Research Part A Oceanographic Research Papers
Canadian Journal of Fisheries and Aquatic Sciences
Journal of Experimental Marine Biology and Ecology
Nature
Science
Polar Biology
Freshwater Biology
Journal of Sea Research
Ecology
Oceanologica Acta
Journal of the Fisheries Research Board of Canada
ICES Journal of Marine Science
Fisheries Oceanography
Estuaries and Coasts
Other Journals

No. of articles
15
15
15
13
12
11
11
11
10
10
9
9
9
9
9
167

publications in which an idea or concept was discussed”, also appears
frequently for Sverdrup (1953). Such citations also usually occur in
the introductions of articles. Overall, contextual analysis demonstrates that Sverdrup (1953) is considered a seminal study.
Generally, citations to older publications decrease as a result of
the phenomenon termed “obliteration by incorporation”: authors
cease citing basic theoretical knowledge because it quickly becomes
adopted as fact and/or the article unequivocally resolves the question
that it took up. As a consequence, articles that present very basic and
widely important findings may not be highly cited. Significantly, for
Sverdrup (1953), there is no evidence of this phenomenon; quite
the contrary. We contend that this is because the core research questions addressed by Sverdrup (1953) remain unsolved: several of his
hypotheses continue to drive oceanographic research to this day.
The articles presented in this theme set are a testament to that.
As for the journals in which the most citations to Sverdrup (1953)
occur—not surprisingly, the list is strongly dominated by oceanography titles, although several general journals, including Science
and Nature, are on the list, which demonstrates the broad relevance
of the work (Table 1). The publication has been cited in an impressive 198 different journals, but the most of these journals (136) have
only cited the publication one or two times. The various incarnations of Deep Sea Research are at the top of the list with an aggregate

of 121 articles citing Sverdrup (1953). After Deep Sea Research,
follows the Journal of Geophysical Research Oceans (66) and then
Marine Ecology Progress Series (56).
Sverdrup (1953) has been cited by scientists in 61 countries,
demonstrating that his work has had a broad and global impact.
Approximately one-third of the authors citing Sverdrup (1953)
are from the United States. England, Canada, Germany, France,
and Norway follow with 12 –7% of the citations each. The authors
who have most often cited Sverdrup (1953) are T. Platt (24),
S. Sathyendranath (21), L. Legendre (16), J. Marra (14), W. O. Smith
(12), J. Huisman (12), U. Sommer (10), D. M. Nelson (10), and
R. T. Barber (10).
We used the wordle word cloud tool (www.wordle.net) to visualize the most frequently appearing words in the titles of articles that
cite Sverdrup (1953) (Figure 2). The size of a word in the word cloud
is proportional to the number of times that it appears in the titles of
the citing articles. Not surprisingly, the most frequently appearing
words by far are phytoplankton, spring, and bloom—the word frequencies confirm that the topical themes of the citing articles are
closely aligned with those taken up in Sverdrup (1953).
The citation context analysis, although limited to a small number
of very highly cited articles, demonstrates clearly that Sverdrup
(1953) is most often cited in the introduction and discussion of
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Figure 2. Illustration of the frequency of title words in articles citing Sverdrup (1953) (1953 – 2015). The size of the word is proportional to its
frequency. Only the 150 most frequent words are included. Source: www.wordle.net.
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The articles in this theme set
The papers that make up this theme set of the ICES Journal of Marine
Sciences provide a cross section of the various types of research that
are still stimulated by Sverdrup’s work. New datasets from both field
observations of many different regional oceans, along with theoretical analyses based on different types of models, are included.
Franks (2015) points out that we may have sometimes been lax in
“testing” Sverdrup’s carefully laid-out critical depth hypothesis.
Step by careful step, he lays out the different physical processes
that have a potential influence on phytoplankton dynamics, and
discusses the associated scales and their implications for bloom
formation. Lewandowska et al. (2015) focus on the importance of
phytoplankton traits such as growth rates, photoadaptation to low
light, nutrient kinetics, and grazing resistance for the formation of
phytoplankton blooms.
Different types of models are used to examine various aspects
of bloom dynamics associated with the critical depth hypothesis.
Enriquez and Taylor (2015) use a theoretical approach to explore the
contrasting roles of wind mixing and surface heating on the
timing of spring blooms. Levy (2015) uses a nitrogen –phytoplankton –zooplankton simulation model that is run with varying degrees
of complexity in how the biological and physical processes are
expressed in the model to examine conditions under which one
process or another has a dominant role in dictating bloom formation. Lindemann et al. (2015) use a Lagrangian model that follows
a population of individual cells to illustrate the importance of
plasticity of phytoplankton physiological rates in determining
phytoplankton community structure and dynamics.
Regional coverage and spatial scale of the studies in this theme set
is also broad. Smith and Jones (2015) examine phytoplankton

growth in the Ross Sea in the context of the critical depth criterion
and wind mixing, and conclude that periods of calm, favouring
shallow mixed layers interspersed with deep wind mixing events
favoured accumulation of high biomass in the mixed layer. Brody
and Lozier (2015) use in situ data from the Labrador Sea and the
North Atlantic to study blooms, and conclude that the transition
of oceanographic conditions in Spring from buoyancy-driven to
wind-driven mixing conditions marks the onset of blooms. Llort
et al. (2015), Sallée et al. (2015), and Thomalla et al. (2015)
focused their work on understanding bloom dynamics in the
Southern Ocean. Marra et al. (2015) use mooring data from the
Iceland Basin in the North Atlantic and from the central Arabian
Sea to study factors that determine bloom dynamics and conclude
that changes in water column stratification were important at all
mooring sites as a factor responsible for bloom formation. Cole
et al. (2015) examine bloom-favouring processes at the basin scale
in the North Atlantic, and contrast them with the Southern Ocean
and the North Pacific. Aksnes (2015) studied the coastal waters off
Norway, pointing out the importance of water clarity, unrelated to
phytoplankton concentration, in dictating the light environment
in the surface layers and hence bloom dynamics. Fieldwork at
small-scales is presented by Diehl et al. (2015) who studied the
onset of blooms in a controlled mesocosm experiment in a lake.
Walter et al. (2015) examine the potential effects of temperature
and light during deep convection on phytoplankton growth, using
laboratory experiments on growth of a single species of phytoplankton (Thalassiosira weissflogii).
The articles comprising this theme set, and the many relevant
articles cited by them, attest to the great progress that oceanography
has made since the days of Sverdrup. Some of the discussions of
today, for example surrounding parameterization of the physical
conditions that dictate bloom dynamics, or over the intricacies of
phytoplankton growth and loss terms, would not have been possible
in the days of Sverdrup. Technologically as well, we have made great
strides, with moorings, drifters, gliders, and satellites generating
huge quantities of data. Modelling has also developed rapidly as
computing power has increased and become readily available to
researchers. And yet, the simple concept of critical depth still provides the underpinning for many efforts to understand the ephemeral world of phytoplankton.
The breadth of oceanographic regions and oceanographic processes investigated in this theme set within the framework of
Sverdrup’s critical depth hypothesis, the new theoretical developments presented, the innovative observational technologies
brought to bear on the problem, and the variety of laboratories
and countries engaged in the investigations, all bode well for the
continued influence of Sverdrup’s work on the oceanographic
community.
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the articles. Typically, the introduction of a scientific article is structured as a progression from the general to the particular and often
starts with references to the more general or basic works within a
field. Consistent with this, references to Sverdrup (1953) are often
found at the beginning of the text. Moreover, there are several
instances of the work having been the basis for other notable hypotheses in marine science, for example Cushing’s match –mismatch
hypothesis, “The hypothesis assumed that during the spring peak,
plankton production followed Sverdrup’s (1953) model, and that
during the autumn peak the same principles applied, but in reverse—
spring and autumn are the periods of mixing or weak stratification”
(Cushing 1990, p. 251, lines 8 –11). In another example, Platt et al.
(2003a, b) found it illuminating to place their model on phytoplankton biomass and residual nitrate in the mixed layer in the context of
Sverdrup’s critical depth. They pointed out that, if environmental
conditions remain stable, changes in phytoplankton concentration
will draw the critical depth towards the mixed layer depth, and
the maximum biomass that can be attained will be dictated by the
mixed layer depth and the bio-optical properties of the system: a
bio-optical homeostasis that guards against runaway blooms
(Sathyendranath and Platt, 2007). More recently, the concept of
bloom initiation timing has been placed into the more general
topic of plankton phenology under a changing climate (e.g. Ji
et al., 2010).
It is worth noting that teachers still use Sverdrup’s work to stimulate student engagement and discussion of topical issues in biological oceanography. A paper that emerged from such a course (Fischer
et al., 2014) points out that Sverdrup’s model provided a framework
against which new observations could be compared with garner new
insights into the functioning of the marine ecosystem.
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of distinct bloom phenology regimes in the Southern Ocean. ICES
Journal of Marine Science, 72: 1985– 1998.
Sathyendranath, S., and Platt, T. 2007. Spectral effects in bio-optical
control on the ocean system. Oceanologia, 49: 5– 39.
Small, H. 1982. Citation context analysis. In Progress in
Communication Sciences, 3, pp. 287 – 310. Ed. by B. Dervin, and
M. Voigt. Ablex, Norwood.
Smith, W. O., and Jones, R. M. 2015. Vertical mixing, critical depths, and
phytoplankton growth in the Ross Sea. ICES Journal of Marine
Science, 72: 1952– 1960.
Sverdrup, H. 1953. On conditions for the vernal blooming of phytoplankton. Journal du Conseil/Conseil Permanent International
pour l’Exploration de la Mer 18: 287– 295.
Thomalla, S., Racault, M-F., Swart, S., and Monteiro, P. 2015.
High-resolution view of the spring bloom initiation and net community production in the Subantarctic Southern Ocean using
glider data. ICES Journal of Marine Science, 72: 1999 – 2020.
Walter, B., Peters, J., van Beusekom, J. E. E., and St John, M. A. 2015.
Interactive effects of temperature and light during deep convection:
a case study on growth and condition of the diatom Thalassiosira
weissflogii. ICES Journal of Marine Science, 72: 2061 – 2071.

Downloaded from http://icesjms.oxfordjournals.org/ by guest on July 28, 2015

Aksnes, D. L. 2015. Sverdrup critical depth and the role of water clarity in
Norwegian Coastal Water. ICES Journal of Marine Science, 72:
2041– 2050.
Aksnes, D. W. 2003. Characteristics of highly cited papers. Research
Evaluation, 12: 159 – 170.
Brody, S. R., and Lozier, M. S. 2015. Characterizing upper-ocean mixing
and its effect on the spring phytoplankton bloom with in situ data.
ICES Journal of Marine Science, 72: 1961 –1970.
Cole, H. S., Henson, S., Martin, A. P., and Yool, A. 2015. Basin-wide
mechanisms for spring bloom initiation: how typical is the North
Atlantic? ICES Journal of Marine Science, 72: 2029 – 2040.
Cushing, D. H. 1990. Plankton production and year-class strength in
fish populations: An update of the match/mismatch hypothesis.
Advances in Marine Biology, 26: 249 – 293.
Diehl, S., Berger, S. A., Soissons, Q., Giling, D. P., and Stibor, H. 2015. An
experimental demonstration of the critical depth principle. ICES
Journal of Marine Science, 72: 2051– 2060.
Enriquez, R. M., and Taylor, J. R. 2015. Numerical simulations of the
competition between wind-driven mixing and surface hearing in
triggering spring phytoplankton blooms. ICES Journal of Marine
Science, 72: 1926– 1941.
Fischer, A. D., Moberg, E. A., Alexander, H., Brownlee, E. F.,
Hunter-Cevera, K. R., Pitz, K. J., Rosengard, S. Z., et al. 2014. Sixty
years of Sverdrup. A retrospective of progress in the study of phytoplankton blooms. Oceanography, 27: 222– 235.
Franks, P. J. S. 2015. Has Sverdrup’s critical depth hypothesis been
tested? Mixed layers vs. turbulent layers. ICES Journal of Marine
Science, 72: 1897– 1907.
Garfield, E. 1977. Can citation indexing be automated? In Essay of an
Information Scientist, vol. 1 (Vol. 1). ISI Press, Philadelphia.
Gran, H. H., and Braarud, T. 1935. A quantitative study of the
Phytoplankton in the Bay of Fundy and the Gulf of Maine. Journal
of the Biological Board of Canada, 1: 279 – 467.
Ji, R., Edwards, M., Mackas, D. L., Runge, J., and Thomas, A. C. 2010.
Marine plankton phenology and life history in a changing climate:
Current research and future directions. Journal of Plankton
Research, 32: 1355– 1368.
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Sverdrup (1953. On conditions for the vernal blooming of phytoplankton. Journal du Conseil International pour l’Exploration de la Mer, 18: 287 –
295) was quite careful in formulating his critical depth hypothesis, specifying a “thoroughly mixed top layer” with mixing “strong enough to distribute the plankton organisms evenly through the layer”. With a few notable exceptions, most subsequent tests of the critical depth hypothesis
have ignored those assumptions, using estimates of a hydrographically deﬁned mixed-layer depth as a proxy for the actual turbulence-driven movement of the phytoplankton. However, a closer examination of the sources of turbulence and stratiﬁcation in turbulent layers shows that active
turbulence is highly variable over time scales of hours, vertical scales of metres, and horizontal scales of kilometres. Furthermore, the mixed
layer as deﬁned by temperature or density gradients is a poor indicator of the depth or intensity of active turbulence. Without time series of
coincident, in situ measurements of turbulence and phytoplankton rates, it is not possible to properly test Sverdrup’s critical depth hypothesis.
Keywords: critical depth, diffusivity, dissipation, mixed layer, mixing, stratiﬁcation, Sverdrup, turbulence.

Introduction
Sverdrup’s critical depth hypothesis
More than 60 years ago, Sverdrup formulated his critical depth hypothesis (SCD: Sverdrup, 1953) to explain the well-documented
North Atlantic spring phytoplankton bloom. The SCD hypothesis
is a simple model based on the premise that winter phytoplankton
growth is limited by the amount of available light: strong turbulence
in the upper layer of the ocean moves phytoplankton rapidly through
the water column. These conditions result in each phytoplankter receiving the average amount of light over the depth of the mixed layer,
which—since light decays exponentially with depth—is significantly
less light than would be available if the phytoplankters were stationary
within the euphotic zone. Sverdrup (1953) postulated that there
existed a particular depth—the critical depth—at which the vertically
integrated phytoplankton growth (assumed proportional to the
exponentially decreasing local irradiance) equalled the vertically integrated phytoplankton losses (assumed to have no depth dependence).
When the mixed layer is shallower than the critical depth, integrated growth outweighs the losses, and a bloom can occur. This was
hypothesized to occur through a spring shoaling of the mixed layer,
driven by surface heating.
# International

Since its formulation, this hypothesis has served as a basis for
understanding bloom dynamics throughout the world’s oceans
(e.g. Fischer et al., 2014). Over the decades, many studies have
attempted to test the SCD hypothesis with mixed results. Using satellite imagery and mixed-layer climatologies, Obata et al. (1996),
Siegel et al. (2002), Brody et al. (2013), Brody and Lozier (2014),
and Chiswell et al. (2013) found evidence supporting the SCD hypothesis (though that support was qualified in some cases), while
Behrenfeld (2010), Boss and Behrenfeld (2010), Behrenfeld and
Boss (2014), and Behrenfeld et al. (2013) rejected the SCD hypothesis based on the observation that net phytoplankton growth was
positive and increasing in the middle of winter.
Before proceeding, it is important to clarify some terms. Technically
“mixing” refers to the homogenization of gradients of a property.
Once those gradients disappear, there is nothing left to mix, thus
“mixing” stops, although the water may still be turbulent. Since
we are concerned with the movement of phytoplankton through a
light gradient, the strength of turbulent motions of the water is
the more relevant quantity, and care will be taken to use the term
“turbulence” or “dissipation” (see below) to refer to the turbulent
motions of the water, rather than “mixing”. A “mixed layer”, on
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the other hand, is hydrographically defined as the region in which
the temperature or density difference is less than a given amount
(see below).
In formulating his model (both conceptual and mathematical),
Sverdrup’s first explicit assumption was that “there exists a thoroughly mixed top layer of thickness D”. His second assumption
was, “Within the top layer the turbulence is strong enough to distribute the plankton organisms evenly through the layer”. The turbulent displacement of a particle can be expressed mathematically
using an eddy diffusivity, which I will denote K (units: m2 s21). In
the SCD model, Sverdrup made the following assumptions: (i) the
diffusivity was strong enough that over a day, every phytoplankter
spent an equal amount of time at every depth in the mixed layer,
and (ii) this movement resulted in phytoplankton experiencing
the average irradiance within the mixed layer over the course of a
day. Interestingly, because of his assumptions, neither the magnitude nor the vertical structure of K appears in Sverdrup’s (1953)
equations.
The central issue to testing the SCD hypothesis is understanding
the meaning of a “thoroughly mixed” layer. In this context, “thoroughly mixed” means that every phytoplankter in the turbulent
layer receives the same average amount of irradiance over some
time interval: a photoperiod or a growth period, for example. To
first order, the average time tL it takes for a particle to move a distance +L from its present depth with a local diffusivity K(z) is
given by

tL =

L
.
2K(z)

(1)

To build our intuition, tL can be thought of as a residence time of a
particle in a layer 2L thick, centred on the particle’s present depth. It
is clear from (1) that the residence time is inversely proportional to
the diffusivity K(z): larger diffusivities (stronger turbulence) lead to
shorter residence times. Thus, a vertical gradient in diffusivity—or
turbulence—would also result in a vertical gradient in residence
time of phytoplankton with depth, thus affecting the amount of
light they are exposed to.
In his paper, Sverdrup (1953) clearly states, “. . .a phytoplankton
population may increase independently of the thickness of the
mixed layer if the turbulence is moderate” (page 290, my italics).
Sverdrup was clearly aware of the distinction between a mixed
layer (defined hydrographically by a vertical temperature or
density difference) and the intensity of turbulence in that mixed
layer. This is the basis of Huisman et al.’s (1999) formulation of
the “critical turbulence” hypothesis: if K is weak enough, turbulent
motions will still occur, but the residence time of the phytoplankton
in the euphotic zone will be long enough to cause net positive growth.
Townsend et al. (1992), Ellertsen (1993), and Chiswell (2011), for
example, observed the initiation of shallow spring blooms in apparently unstratified water columns, that is, water columns with deep
mixed layers. Chiswell (2011) concluded that the upper mixed layer
in which the bloom occurred was not turbulent enough to satisfy
the SCD criterion of a “thoroughly mixed layer”.
Huisman et al. (1999) point out that it is not sufficient to simply
define a mixed layer: it is also necessary to specify how vigorously
that mixed layer is mixing, i.e. to quantify the strength of the turbulence. This point has been echoed and amplified in subsequent
studies (e.g. Ebert et al., 2001; Chiswell, 2011; Taylor and Ferrari,
2011; Brody and Lozier, 2014). Sverdrup (1953) avoided the necessity of including the vertical diffusivity, K, by explicitly assuming it

was large enough to be ignored. But he clearly understood the ramifications of weaker turbulence—he just chose not to include it in his
model. Huisman et al. (1999) explicitly include a vertically constant
diffusivity K in their model. Brody and Lozier (2014) parameterized
vertical overturning time scales for the turbulent layer based on
large-scale hydrographic properties and atmospheric forcings;
again, they assumed that the turbulent motions were vertically
uniform. Using higher-order turbulence closure models, Taylor
and Ferrari (2011) and Mahadevan et al. (2012) are among the
only studies to have employed a vertically varying diffusivity in
their analyses of the SCD hypothesis. One of the points I make in
this synthesis is that it is crucial to know not only the intensity of
the turbulence, but also its vertical structure and temporal variability. That is, to test the SCD hypothesis, we must find the part of the
water column that is consistent with the assumptions of the SCD hypothesis: “a thoroughly mixed top layer”. This requires measurements of the actual turbulence, rather than the hydrographic
results of the mixing: the mixed layer.
As I will show below, vertical gradients of turbulence can, and often
do, exist even when the turbulence is strong enough to homogenize
hydrographic properties such as temperature and density. Thus, if
the “thoroughly mixed” layer is defined by uniform temperature or
density, as is commonly the case (see below), and this layer contains
a vertical gradient in turbulence, Sverdrup’s first assumption is not
met and the SCD hypothesis is not properly being tested.
Intuitively, then, the details of the vertical and temporal structures
of the turbulence are fundamental to our definition of “thoroughly
mixed”, regardless of the vertical distribution of other hydrographic
properties like temperature or density. In other words, the presence
of a mixed, homogenous, layer in temperature or density does not
imply either that turbulence is ongoing or that turbulence is strong
enough to move the phytoplankton completely and rapidly (relative
to temporal changes in the light field) through the (hydrographically
defined) mixed layer, as required by the SCD hypothesis.
As the debate concerning the validity of the SCD hypothesis continues, this paper explores the physics and the spatial and temporal
dynamics of one of the foundations of the SCD hypothesis: turbulence within the mixed layer. I will show that the vertical structure
and intensity of turbulence depends strongly on the source of
energy that drives the turbulence, and the sources of stratification
that can suppress it. I will show that restratification—the formation
of vertical density gradients through heating, freshwater fluxes or
slumping of horizontal density gradients—can occur on time scales
of hours and spatial scales of kilometres. Even extremely weak restratification can inhibit turbulence, and this can occur rapidly (hours).
Furthermore, I will show that including this short-time scale variability has important consequences for understanding dynamics
in the upper ocean. In particular, I hope to demonstrate that a
deeper understanding of the spatial and temporal dynamics of turbulent layers may help to reconcile the various studies supporting
and rejecting the SCD hypothesis, and to further the investigation
of the mechanisms underlying the spring bloom.

Mixed layer vs. turbulent layer
Sverdrup (1953) wrote about a “mixed layer”, though he was clearly
referring to a “turbulent layer”—the waters that are kept in motion
through turbulence. This distinction has largely been forgotten, and
most subsequent tests of the SCD hypothesis have used measures of
the mixed layer, not the turbulent layer. Brainerd and Gregg (1995)
may have been the first to formally distinguish a mixed layer from a
turbulent layer. As they note, “The distinction is significant, because
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it is often important to match the mixed layer time scale to that of the
process being studied ”. As we will see below, the time scales of variability of turbulence and biological time scales (1 d) are often well
matched when considering phytoplankton photosynthesis and
growth.
Mixed layers are typically defined operationally as the shallowest
depth at which a difference in temperature or density, measured
from the surface (or 10 m in some cases), reaches a given threshold
(see Kara et al., 2000; De Boyer Montégut et al., 2004; Lorbacher
et al., 2006; Holte and Talley, 2009, for summaries of the various
thresholds used). These thresholds are often instrument-dependent,
with larger thresholds for lower-resolution sensors. A typical temperature threshold is 0.28C less than the surface value, or a density
increase of 0.125 kg m23 above the surface value. These criteria
give the location of the seasonal pycnocline, and time series of
mixed-layer depths will usually produce well-behaved, smooth
annual cycles (e.g. Holte and Talley, 2009). The mixed-layer depth
in temperate waters deepens from late fall into winter, and then
shoals gradually from winter into spring. Mixed-layer depths
during winter can reach several hundred metres (or more than
1000 m in regions of strong convection and deep water formation),
and are typically a few tens of metres during summer.
As discussed above, the issue of relevance to the SCD hypothesis
is not the depth of the mixed layer, but more precisely, the depth
(and intensity) of active turbulence—the turbulent layer.
Turbulence is usually measured in the field in terms of the dissipation rate of turbulent kinetic energy, 1 (units: m2 s23 or W kg21,
often just called “dissipation” for short). Large values of 1 indicate
strong turbulence: there is a great deal of kinetic energy from turbulence being dissipated at small (mm–cm) scales. Unfortunately,
there is no 1-based criterion for operationally identifying the base
of the turbulent layer, partly because 1 is very difficult to measure,
requiring specialized instrumentation and expertise, and partly
because any such criterion would depend on the problem at hand
(e.g. phytoplankton or temperature might have different criteria).
Brainerd and Gregg (1995) show that a density step as small as
0.0025–0.005 kg m23 would often mark the base of the actively turbulent surface layer—the region of surface-enhanced 1. For most
instruments, a density change this small would be considered
noise. Indeed, Brainerd and Gregg (1995) pointed out that there
were many density steps of this magnitude in their vertical profiles;
in the absence of coincident dissipation measurements, it was impossible to say which one would mark the base of the turbulent
layer. The strongly turbulent layer was almost always equal to or
shallower than the mixed layer; on some occasions, “remnant turbulence” could still be intense below a newly forming mixed layer.
Since it is the turbulence—not the depth of the mixed layer—that
is of relevance to the SCD hypothesis, it is worth building some intuition about the dynamics that control it. When mixing occurs in a
stably stratified ocean, light water is pushed down and heavy water
brought up, both moving against gravity. This vertical mixing actually raises the centre of gravity of the water column, thus increasing
its potential energy. The gain in potential energy comes at the
expense of kinetic energy, which is dissipated in the process of
moving water up and down. Thus, to have vertical turbulence,
one has to have a source of kinetic energy that is strong enough to
overcome the existing density stratification. Turbulence in the
surface boundary layer, then, is a trade-off between the kinetic
(and sometimes potential—see the “Convectively driven turbulence” section) energy available to drive the turbulence, and the
density stratification that can suppress it.

In the sections to follow, I first present and discuss some sources
of energy that drive turbulence, and then sources of stratification
that suppress it. These sources are presented not to be comprehensive, but more as vehicles to enhance our intuition concerning the
time and space scales of changes in turbulence and restratification.
A careful consideration of these time and space scales is essential
to proper testing of the SCD hypothesis.

Sources of turbulence
To mix fluid across a density gradient requires energy. This can be
kinetic energy transferred across the ocean’s surface by wind,
waves, Langmuir circulations, or gravitational instability caused
by a cooling of the ocean’s surface (convection).

Wind-driven turbulence
When the wind blows on the ocean’s surface, it imparts kinetic
energy to the ocean. Whether this kinetic energy goes into accelerating the surface waters horizontally (the Ekman layer) or into turbulence depends largely on the ambient density stratification. If the
stratification is weak enough, kinetic energy from the wind will cause
mixing of the density gradient. A criterion for determining whether
the wind-driven shear will cause mixing in the face of stratification is
given by the gradient Richardson number:
Ri =

N2
,
(∂u/∂z)2

(2)

where N is the buoyancy frequency,
N2 =

g ∂r
.
r ∂z

(3)

u is the horizontal velocity, z the vertical coordinate, g the acceleration due to gravity, and r the density. The numerator of Ri is a
measure of the vertical stratification ∂r/∂z, while the denominator
quantifies the vertical shear. When Ri , 0.25, that is, when the vertical shear squared is greater than four times the buoyancy frequency
squared, turbulent mixing is likely to occur. Strong shear or weak
stratification (low buoyancy frequency) will allow turbulence and
will generate vertical mixing of the density gradient.
The intensity of wind-driven turbulence varies with the strength
of the wind. This is usually given through the friction velocity, u∗ :
u∗ =


t
,
r

(4)

where t is the surface windstress and r the water density. The dissipation rate of turbulent kinetic energy 1 is then found from the “law
of the wall” through the scaling
1=

u∗3
,
kz

(5)

where k is von Karman’s constant (0.4, dimensionless).
Examination of (5) shows that the dissipation rate—the intensity
of turbulence—is predicted to decay with depth away from the
surface as z 21 (i.e. 1/depth, Figure 1). This decay with depth is
less sharp than, say, the exponential decrease in irradiance
with depth, but still leads to a surface-intensified distribution of
turbulence.

1900

P. J. S. Franks
layer, it is clear that the turbulent layer will be thicker with a stronger
wind or at more equatorward latitudes for a given windstress.
The local (with depth) residence time of a particle in a turbulent
layer will vary inversely with the dissipation rate, regardless of the
source of dissipation. For wind-driven turbulence, the residence
time twind increases rapidly with depth (Figure 1), suggesting that
phytoplankton not far from the surface will experience relatively
long periods of constant irradiance. Thus, windforcing alone will
not necessarily lead to a deep “thoroughly mixed layer”.

Wave-driven turbulence

Figure 1. (a) Schematic of the vertical structure of the dissipation rate
of turbulent kinetic energy, 1, generated by wind, waves, Langmuir
circulations, and convective mixing. (b) Schematic of the vertical
structure of the local residence time t in the various types of turbulent
layers in (a). Note that the actual values of dissipation and residence
time are strongly dependent on the conditions: the magnitudes of
these proﬁles should not be interpreted literally. The horizontal axes
give the order-of-magnitude changes of the variables.
One implication from (4) and (5) is that wind-driven turbulence
increases exponentially with the windstress; thus, small changes in
windstress will drive proportionately larger changes in dissipation.
These changes in dissipation can occur on very short time
scales—when the source of energy changes, the dissipation
changes within hours or less (e.g. Brainerd and Gregg, 1993a;
D’Asaro, 2001).
The eddy diffusivity, K, which parameterizes the strength of the
mixing in stratified waters is usually calculated from the dissipation
and the buoyancy frequency following Osborn (1980):
K=

0.21
.
N2

(6)

The “constant” of 0.2 is not technically a constant, but represents
the “mixing efficiency”: only 20% of the available energy dissipated
by turbulence actually drives mixing. Eddy diffusivities for momentum (more properly called an eddy viscosity), density, temperature,
salt, and phytoplankton could all be different, though typically the diffusivity for density is used as the diffusivity for plankton. From (6), we
can see that the diffusivity will be higher when dissipation (1) is stronger, and weaker when the density gradient (N2) is stronger. It is clear
from this formulation that the turbulence and stratification work
against each other to give the resultant rate of mixing of the property.
Note that this formulation is not applicable to turbulence driven by
convection (Osborn, 1980) or in a mixed layer: the density gradient
is zero (N ¼ 0) or negative, and the predicted diffusivity is infinite
(see the “Convectively driven turbulence” section).
A first-order estimate of the depth of the wind-mixed layer
Lwind can be found from (Price and Sundermeyer, 1999; Wang
and Huang, 2004)
Lwind =

u∗
,
2f

(7)

where f is the Coriolis frequency. Though this estimate does not
account for variations in the strength of turbulence through the

Comparisons of field data with the z 21 depth scaling of wind-driven
dissipation sometimes agree (e.g. Harcourt and D’Asaro, 2008;
D’Asaro, 2014). More often, though, the profiles of 1 show significant enhancement near the surface that cannot be accounted for
by the z 21 depth dependence of wind-forced turbulence (e.g. Anis
and Moum, 1992, 1995; Brainerd and Gregg, 1993a). Part of this
surface-enhanced dissipation is due to the actions of the surface
wave field.
Turbulence driven by surface waves typically falls off exponentially from the surface (Huang and Qiao, 2010; Huang et al., 2012;
Sutherland et al., 2013; Figure 1). The dissipation 1 is proportional
to both the friction velocity u∗ (and thus the windstress) and the
Stokes velocity uS0 at the surface:
1 = CuS0 u∗2 e−2kz ,

(8)

where C is an empirical constant and k is the horizontal wave
number (¼2p/wavelength) characterizing the surface wave field.
The wave-driven turbulence thus depends strongly on the windstress (though less so than the wind-driven turbulence), but it
decays more rapidly with depth than wind-driven turbulence,
with a depth scale of 1/2k. This exponential decay with depth
often gives a strongly surface-intensified dissipation field (e.g.
Anis and Moum, 1995; Huang et al., 2012; McWilliams et al.,
2012; Sutherland et al., 2013) with dissipation levels orders of magnitude higher than those due to wind alone (Figure 1). This wave
effect on surface mixed layer turbulence is particularly apparent in
the open ocean (Huang et al., 2012).
Because of the rapid decrease in wave-driven turbulence with
depth, the residence time twave of particles increases very rapidly
with depth (Figure 1). Thus, it is unlikely that waves alone could
cause strong turbulence over a sufficiently deep layer to keep
phytoplankton well mixed through any significant portion of the
euphotic zone.

Langmuir circulations
Research in the last two decades has identified the importance of
Langmuir circulations to mixing and turbulence in the upper
ocean. D’Asaro and Dairiki (1997) showed that excess dissipation
in the surface turbulent layer over that predicted by the law of the
wall (i.e. windstress alone) could be accounted for by Langmuir circulations—or more specifically, the Craik– Leibovich vortex force
(Craik and Leibovich, 1976), which dominates near the surface
during large waves (D’Asaro et al., 2014). Harcourt (2013)
showed that the Craik –Leibovich vortex force gave dissipation
rates well above the law of the wall scaling [z 21, Equation (5)], generating surface-intensified and significantly enhanced dissipation
rates in the turbulent surface layer (Figure 1).
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McWilliams et al. (1997) characterized the importance of
Langmuir circulations through a turbulent Langmuir number

u∗
Lat =
,
uS0

(9)

which is the ratio of the friction velocity (4) to the Stokes velocity at
the surface. Harcourt and D’Asaro (2008) modified this to include
the vertical gradient of the Stokes velocity:

LaSL


u∗
=
.
DuSL

(10)

Here, DuSL takes the Stokes drift averaged over the top 25% of
the mixed layer and subtracts from it the value near the base of
the mixed layer, thus decreasing the sensitivity of (9) to the
surface value. This scaling gave excellent representations of the turbulence intensity as a function of friction velocity (e.g. Harcourt and
D’Asaro, 2008; D’Asaro, 2014).
The vertical distribution of dissipation driven by Langmuir circulations has mostly been studied through models. Skyllingstad
and Denbo (1995), McWilliams et al. (1997), and Grant and
Belcher (2009) found dissipation rates that decreased with depth
at about the same rate as wind-driven turbulence [z 21, Equation
(5)]. Recently, Harcourt (2013) performed a fairly thorough modelling analysis of the vertical structure of dissipation in Langmuir
circulations, and found a surface region in which dissipation
decreased as z 21 (though more slowly than wind-driven turbulence), lying above a thicker layer of relatively constant dissipation
(Figure 1). Dissipation decreased rapidly below the mixed layer.
This suggests that Langmuir circulations are quite efficient at
moving particles vertically through the mixed layer—more efficient
than wind- or wave-driven turbulence, but less efficient than convectively driven turbulence.
Particle residence times in Langmuir turbulence, tLC, are relatively constant through an upper layer (usually corresponding to
the mixed layer), increasing rapidly below (Figure 1). With strong
Langmuir circulations, these residence times could be short
enough to satisfy the conditions for the SCD hypothesis of a “thoroughly mixed top layer”. The intense turbulence driven by the
Craik –Leibovich vortex force (of which Langmuir circulations are
an example) is often strong enough to inhibit restratification
through heating (Kukulka et al., 2013). D’Asaro and Dairiki
(1997) showed rapid deepening of the turbulent layer (25 m over
10 h) presumably driven by Langmuir circulations, followed by a
similarly rapid restratification after the wind died. D’Asaro (2014)
points out that the effects of Langmuir circulations are still poorly
understood, and their scalings are not well developed. It is clear,
however, that they are an important source of turbulence in the
upper ocean, though they probably do not extend as deep as turbulence driven by convection.

Convectively driven turbulence
When the ocean loses heat through its surface, the top layers of the
ocean become colder. Similarly, evaporation can increase the surface
salinity; both these processes increase the density of the surface
water. If these changes are great enough, the surface water can
become denser than the water below it. This is gravitationally unstable: the surface water must sink, and in the process generates

convectively driven turbulence. Because of the sinking of dense
water to an equilibrium level, convectively driven turbulence is
very efficient.
Convectively driven turbulence was first quantified in the ocean
surface layer by Shay and Gregg (1984) in a Gulf Stream eddy during
winter cooling. They showed intense dissipation throughout the
surface turbulent layer, with an abrupt, two to three orders of magnitude decrease in dissipation at the base of the turbulent layer.
While the dissipation due to windforcing decreases as z 21 (5), convectively driven dissipation tends to be constant throughout the turbulent layer (e.g. Shay and Gregg, 1986; Lombardo and Gregg, 1989;
Anis and Moum, 1994) with a magnitude scaled by the buoyancy
flux Jb (Lombardo and Gregg, 1989; D’Asaro, 2014; Figure 1). The
depth at which the relative contributions of wind- and convectiondriven turbulence are equal is given by the Monin–Obukhov length
LMO (Shay and Gregg, 1986):
LMO =

u∗3
.
kJb

(11)

At depths shallower than LMO, turbulence is likely dominated by
wind; dissipation due to convection is particularly apparent at
depths .LMO. The strong turbulence caused by convection tends
to extend to the base of the mixed layer, and defines the seasonal
pycnocline.
During convective mixing, the vertical temperature gradient can
be negative, giving a negative buoyancy frequency. In this situation,
Equation (6) cannot be used to calculate the diffusivities used to
model particle and tracer motions. A better approach is the use of
a turbulence closure model such as the K-profile parameterization
(KPP—Large et al., 1994) or Mellor and Yamada (1974) to model
vertical profiles of diffusivities driven by boundary forcing. The
strong, relatively uniform turbulence driven by convection leads
to a constant vertical profile of plankton residence times, tconvection,
in the convecting layer (Figure 1). These strongly turbulent layers are
the most likely to satisfy the SCD hypothesis, with short residence
times of plankton at any given irradiance in the upper layer. As I
show below, however, small changes in stratification can rapidly
(hours) shut down convective turbulence, leaving a well mixed
but quiescent layer in which a bloom could form.
Measurements have shown that the intensity of dissipation, 1,
tends to have a lognormal distribution, characterized by a few extremely intense events, with many much weaker occurrences. This
lognormal distribution of dissipation leads to skewed distributions
of diffusivities (6), with frequent occurrences of weak turbulence,
and rare occurrences of intense turbulence events. These intense
patches of turbulence can then drive infrequent, large fluxes over
short time and space scales. Stevens et al. (2011) showed that the
measured mean and median diffusivities were very different—the
mean was biased towards large values by the rare occurrence of extremely high diffusivities. The biased mean would give a very different picture of the mixing climate for the phytoplankton: rather than
experiencing weak turbulence most of the time with a few rare bursts
of strong turbulence as suggested by the median diffusivity (the
more accurate view), the mean diffusivity would suggest fairly
strong turbulence all the time.

Relevance to the SCD hypothesis
Each of the turbulence-generating mechanisms described above has
a different vertical distribution of turbulence intensity or dissipation
(Figure 1). From (1), this means that phytoplankton would have

1902

P. J. S. Franks

different residence times in different parts of the water column,
affecting their local net growth and potentially allowing blooms in
the presence of a much deeper (hydrographically measured) mixed
layer. Wind- and wave-driven turbulence is strongly surface-intensified, giving longer residence times in deeper waters that are potentially
still well within the euphotic zone. Convectively driven turbulence
tends to move water in the turbulent layer most evenly, and would
be the closest to satisfying the assumptions of the SCD hypothesis.
Convection is a common source of turbulence during winter at temperate and high latitudes. As we shall see, however, convectively
driven turbulence is relatively easy to suppress through extremely
small changes in stratification.

Sources of stratiﬁcation
Waters in an unstratified ocean would be easy to move via turbulence, as vertical motions would not be inhibited by any density gradient. This is seldom the case, however, as there are many sources of
density stratification that are constantly operating. As stratification
increases, more kinetic energy is needed to create the same turbulent
mixing. Here, I discuss three main sources of stratification in the
ocean: heat flux, freshwater flux, and horizontal density gradients.

Figure 2. Schematic view of diel cycle of dissipation (grey scale, bottom
panel) during net heating and net cooling at the surface (grey line, top
panel). Cooling at night creates dense water at the surface that sinks,
causing rapid convectively driven turbulence down to the seasonal
pycnocline. Heating during the day can cause restratiﬁcation that
suppresses the turbulence from the surface, leading to a shallow
turbulent layer with a remnant (non-mixing) mixed layer below
(dashed line). A surface freshwater ﬂux can similarly restrict the vertical
extent of turbulence.

Heat ﬂux
The surface buoyancy flux Jb has two main components: the surface
sensible heat flux Qs, and the latent heat flux Ql:
Jb =



g a
bS
Ql ,
Qs +
(1 − S)H
r cP

(12)

where a is the thermal expansion coefficient, cP the specific heat of
seawater, b the haline contraction coefficient, S the salinity, and H
the latent heat of vaporization (e.g. Brainerd and Gregg, 1993a).
When the first term on the right is positive (depending on the orientation of your vertical coordinate), the surface of the ocean will heat,
leading to enhanced vertical stratification. The second term on the
right determines the change in density through evaporation (and
consequent increases in salinity: see the “Freshwater flux” section).
The heat flux through the ocean’s surface varies a great deal, both
seasonally and daily. In many regions of the ocean, the heat flux will
change from positive (net heating) to negative (net cooling) over a
few hours during the course of the day, due to the sun’s position in
the sky. A negative night-time heat flux can drive deep convection,
which is subsequently shut down by heat-induced stratification
during the day (Figure 2). This daily cycle of heat flux strongly modulates the daily cycles of surface-layer turbulence.
Surface-driven turbulence is very sensitive to heating. Brainerd
and Gregg (1993a) and Shay and Gregg (1986), for example,
showed that a ,0.28C step in temperature or a ,0.005 kg m23
step in density was sufficient to shut down dissipation below the
diurnal turbulent layer (but above the seasonal mixed layer). The
dissipation decayed with a time scale of 2 h (Caldwell et al.,
1997), giving decreases in the vertical diffusivity of a factor of 100
over a few hours (Brainerd and Gregg, 1993a; Peters et al., 1994).
The short time scales for changes in the intensity and vertical
distribution of turbulence have been appreciated for many
decades. Mellor and Durbin (1975) found that turbulent mixing
decayed with a time scale of 20% of an inertial period (,1 d) in
their mixed-layer model. Shay and Gregg (1986) observed dissipation to decrease in ,1 d with changes in surface forcing, while
Brainerd and Gregg (1993a) measured a 40× decrease in 1 over
4 h when convective turbulence was suppressed. D’Asaro and

Dairiki (1997) observed restratification in 10 h after a storm
passed their coastal study site.
Stramska and Dickey (1993) showed that including the absorption of heat by phytoplankton could cause a 0.28C increase in temperature relative to a water column without phytoplankton in a
model of the North Atlantic during winter–spring transition.
This phytoplankton-driven temperature increase could be sufficient
to shut down convective turbulence, stabilizing the water column.
Indeed, Stramska and Dickey (1994) showed that including the
heating due to phytoplankton led to local blooms before large-scale
stratification of the water column: the heating decreased the local
turbulence, allowing blooms in the sense of the SCD hypothesis.
A few recent studies have compared diel-resolved fluctuations
in surface heat flux Jb and windstress t to more averaged fluctuations in global models. Kamenkovich (2005) found that the highfrequency forcing led to shallower mixed layers in high-latitude
regions in winter. Bernie et al. (2007) found that including the
diurnal cycle led to trapping of momentum fluxes from the
surface windstress near the surface in the time mean, leading to a reduction in vertical mixing and shallower turbulent layers. Kawai and
Wada (2007) reviewed the literature and concluded that including
diurnal variability is important, and that diurnal variations at
high latitude, in particular, have been poorly studied.

Freshwater ﬂux
Changes in salinity at the ocean’s surface can occur through evaporation, rain, or horizontal advection of waters of different salinity.
Price (1979) was one of the first to detail the changes in vertical
density distributions over the course of a rain event. He showed
that the surface salinity decreased by 0.25, which was coincidentally
similar to the change seen by Brainerd and Gregg (1997) in another
study. The low-salinity signal was quickly (a few hours) mixed
throughout the surface turbulent layer, decreasing its average
density. This increased the density contrast at the base of the turbulent layer, which inhibited further mixed-layer deepening. The relatively static mixed layer could then accumulate more heat, which
further enhanced the density step at the base of the mixed layer.

Turbulence, and Sverdrup’s critical depth hypothesis
The inhibition of vertical turbulence by a low-salinity layer was also
seen by Peters et al. (1994) and Wijesekera and Gregg (1996), who
showed that the low-salinity “puddles” created by a rainstorm had
a horizontal scale of 10 km, and a vertical scale of 1 m. The
salinity-induced barrier to turbulence was almost instantaneous,
and lasted almost a day. This is consistent with observations of
Hosegood et al. (2006) who found considerable vertical structure
above the mixed layer after a rainfall, indicating decreased vertical
turbulence due to salinity stratification.
Vertical variations in salinity through the interleaving of different water masses can have a profound effect on vertical turbulence.
For example, Christensen and Pringle (2012) showed that a subsurface low-salinity layer in the Gulf of Maine offset the increased
density of surface waters due to cooling, causing less turbulence
than might be expected through convective heat loss alone. Shay
and Gregg (1984) found a similar salt-stabilized temperature inversion in a Gulf Stream ring, which caused a 2 –3 order of magnitude
drop in dissipation at the base of the strongly turbulent layer. Long
et al. (2012) found that wind-driven horizontal advection of lowsalinity water was sufficient to stabilize the water column, allowing
a bloom to form. Similarly, Ji et al. (2007, 2008) found that the
timing and spatial pattern of the spring bloom in the Gulf of
Maine depended on the freshwater flux into the Gulf from the
Scotian Shelf: increased freshening caused earlier blooms.
In developing a data-based mixed-layer climatology, De Boyer
Montégut et al. (2004) found that including salinity effects in the
definition of the mixed layer led to shallower estimates of mixed
layers during January, February, and March in the North Pacific
and western North Atlantic, but deeper estimated mixed layers in
the eastern North Atlantic due to salinity compensation of temperature gradients. This study re-emphasizes the point that neglecting
salinity effects will affect estimates of mixed-layer depth, which
are commonly used in tests of the SCD hypothesis. Furthermore,
salinity variations are another factor causing differences between a
mixed-layer depth and the actual depth of turbulent mixing.
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in the mixed layer: baroclinic (and other, often smaller-scale) instabilities, and the vertical shear of near-inertial waves. Hosegood
et al. (2006) found a great deal of horizontal structure in temperature, salinity, and density at scales down to 2 km (the resolution
of their vehicle). These structures occur at the “submesoscale”
(e.g. Lévy et al., 2012), and are often surface-intensified. A variety
of instabilities can act on these horizontal gradients to cause them
to slump, restratifying the mixed layer (Figure 3). Hosegood et al.
(2006) concluded that near-surface baroclinic instabilities were responsible for the observed restratification, and that these dynamics
occurred at horizontal scales that are not resolved in most models of
ocean physics (but see Taylor and Ferrari, 2011; Mahadevan et al.,
2012 for counterexamples).
Tandon and Garrett (1994, 1995) showed that near-inertial
waves can cause restratification. These low-frequency waves generated mainly by wind events propagate almost vertically, causing
horizontal layers of water to oscillate horizontally relative to each
other. This creates a vertical shear that can flatten existing horizontal

Horizontal stratiﬁcation
With a few notable exceptions (e.g. Taylor and Ferrari, 2011;
Mahadevan et al., 2012), most studies examining SCD have
assumed a one-dimensional (vertical) trade-off of turbulence and
stratification. However, we have known since at least the 1990s
(e.g. Brainerd and Gregg, 1993a, b) that the tilting (flattening or
slumping) of horizontal density gradients can cause vertical
density gradients that will decrease vertical turbulence (Figure 3).
The tilting of isopycnals from near vertical to horizontal is known
as “restratification”: horizontal density gradients become vertical
density gradients. Brainerd and Gregg (1993a, b, 1997) showed
that horizontal gradients could cause restratification over the
course of a few hours, during which the buoyancy frequency N
could increase by a factor of 10. Caldwell et al. (1997) found that
40% of the restratification they observed was due to the relaxation
of horizontal gradients, rather than local vertical processes.
Hosegood et al. (2006, 2008) found that most of the restratification
they observed in the surface mixed layer was through the tilting of
existing horizontal density gradients. Stevens et al. (2011) also
noted stratification induced by the slumping of horizontal density
gradients during a Southern Ocean iron fertilization experiment,
while Long et al. (2012) found horizontal advection-driven restratification to dominate turbulence, allowing phytoplankton blooms.
In addition to windforcing (Ekman flux), there appear to be two
main mechanisms that cause horizontal density gradients to slump

Figure 3. Schematic showing how a horizontal density gradient can
slump to create a vertical density gradient that suppresses vertical
turbulence. (Upper left) A horizontal density gradient in a region with
deep turbulent layers is perturbed by a forcing with a vertical shear such
as a baroclinic instability or a near-inertial wave. (Upper right) The
vertical density proﬁle taken at the vertical grey line in the upper-left
panel, showing the deep mixed layer. (Lower left) The horizontal
density gradient in the mixed layer has tilted, creating vertical density
gradients that suppress turbulence (turbulent layer shown by thick grey
line). (Lower right) The vertical density proﬁle taken at the vertical grey
line in the lower left panel, showing the shallow mixed layer after
slumping.
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density gradients, causing restratification (e.g. Hosegood et al.,
2008). The waves can also tilt horizontal gradients upwards, decreasing the local vertical density gradients, depending on the phase of the
wave and the geostrophic currents.
Vertical shear of horizontal density gradients is thus a rapid and
efficient mechanism to increase vertical stratification and damp vertical turbulence. It will occur wherever there are horizontal density
gradients, and cannot be accounted for in one-dimensional models.

Relevance to the SCD hypothesis
The sources of stratification determine how the kinetic energy of
turbulence is distributed in time and space. Surprisingly small
steps in density can suppress turbulence, leaving a well mixed but
quiescent layer below an actively turbulent layer. Changes in
density arise from heat flux, freshwater flux, and the slumping of
horizontal density gradients, showing that the temporal and
spatial structures of turbulence must be studied in a threedimensional framework. The short time scales (hours) and small
horizontal spatial scales (kilometres) of turbulence are likely to
drive patchiness of phytoplankton growth on similar scales. This
suggests that phytoplankton spring blooms should be patchy, transient, local phenomena, such as seen by Mahadevan et al. (2012).

Discussion
In formulating his critical depth hypothesis, Sverdrup (1953)
assumed a “thoroughly mixed top layer” with turbulence “strong
enough to distribute the plankton organisms evenly through the
layer”. Subsequent tests of the SCD hypothesis have generally
ignored the turbulence, and have instead used the operationally
defined “mixed-layer depth” as a (very inadequate) proxy for turbulence intensity and vertical structure. The smooth seasonal cycles of
mixed layers—averaged over weeks to months in time and 10–
1000 km in space—used by most researchers remove most of the important aspects of turbulence that are essential to understanding the
timing and location of a spring bloom. Bernie et al. (2007, 2008)
included diel variability in forcing in a global circulation model focusing on atmosphere–ocean coupling in the tropics, and found
significant changes in heating due to the diel rectification of the
daily mean sea surface temperature. These hourly fluctuations propagated up to cause changes in seasonal and interannual cycles of
both the ocean and atmosphere. In their review, Kawai and Wada
(2007) underscore the importance of including diel variability in
heat fluxes and windstress when exploring larger-scale problems:
the short-time scale variability affects the long-term behaviour of
the system. This problem is particularly acute at high latitudes
where we have a paucity of high-frequency observations (but see
Martin et al., 2011; Cetinic et al., 2012; Mahadevan et al., 2012 for
notable exceptions). Fundamentally, even if mixed-layer depths
reflected the depth of strong turbulence, weekly or monthly
estimates of mixed-layer depth should be used with caution and
some scepticism when testing the SCD hypothesis.
Time averages of surface mixed-layer dynamics remove a great
deal of important structure. One basic feature of turbulent layers
is that they do not gradually move upwards in the water column
as heating increases or wind decreases. Rather, they reform at the
surface, leaving a remnant layer below. Tiny increases in temperature or density (,0.028C or ,0.005 kg m23) can be sufficient to
shut down wind-forced or convectively driven turbulence below.
This shut down can occur over a few hours, leaving an unstratified
but quiescent remnant mixed layer below a shallow, actively turbulent layer. At a local scale, then (and the scale that is relevant to the
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phytoplankton), the depth of the turbulent layer is highly variable,
deepening when kinetic energy is available, and reforming at the
surface when stratifying fluxes overcome the sources of turbulence.
This leads to a discontinuity in the turbulent-layer depth: it deepens
and then re-forms at the surface, often over the course of a day. This
discontinuity has important implications for understanding the
turbulent environment experienced by the phytoplankton: it is
highly variable in intensity and vertical structure over relatively
small horizontal spatial scales. From one hour to the next, the turbulent layer could shoal from 100 to 20 m due to some local
heating, a rainstorm, or slumping of horizontal gradients, giving a
newly quiescent environment for phytoplankton photosynthesis.
It is becoming increasingly clear from observations and models
that vertical turbulence is intimately tied to submesoscale horizontal
gradients in density. In their surveys, Hosegood et al. (2006) found
horizontal density gradients on the scale of 1 –2 km (the smallest
scales they could resolve); these gradients significantly affected the
intensity and distribution of vertical turbulence in the study area.
Patchiness of surface salinity due to rain was estimated to have
10 km horizontal scales (Wijesekera and Gregg, 1996), and we
would expect significant horizontal density structure at oceanic
mesoscales (10 –100 km) that would affect vertical turbulence.
The horizontal wavelength of near-inertial waves is ,10 km,
similar to many mixed-layer instabilities. These horizontal density
gradients and vertical shears should drive variations in turbulent
layer depth on the same horizontal scales. It is clear then, that
100–1000 km horizontal averages of mixed-layer depth will
smooth over a great deal of variability that is fundamental to understanding the local growth of the phytoplankton.
In this synthesis, I have tried to make the point that turbulence
varies locally with time scales of hours and spatial scales of kilometres. One might ask then, how this local view of turbulence and
consequent phytoplankton response can be reconciled with the
large-scale (many weeks, 1000s of km) view of a spatially and temporally coherent spring bloom. As Chiswell et al. (2013) notes,
“13 years of data suggest that this spring bloom initiation progresses
smoothly, [while] uncomposited images of surface chlorophyll
show that at any given time, surface chlorophyll is dominated by
seemingly near chaotic processes ”. In this view, then, the coherence
of the spring bloom arises from averaging away the small-scale variability. The large-scale forcings and conditions are modulated by the
local forcings and conditions to determine the local timing and intensity of the bloom: the large-scale forcings indicate when a bloom
might occur; the local dynamics indicate whether it will occur. A
local bloom could occur earlier or later than large-scale forcings
would indicate, due to local winds, local freshwater flux, a local
change in the heat flux (less cloud, for example), and mesoscale or
submesoscale changes in the turbulent-layer depth, etc.
An obvious question then is, “Can large-scale averages of properties (e.g. temperature, mixed-layer depth, chlorophyll) and forcings (e.g. heat flux, wind, irradiance) be used to test the SCD
hypothesis?” Upper-ocean turbulence is, after all, driven largely by
surface forcings, as indicated in the synthesis above. Is it reasonable
to use averaged forcings to infer averaged dynamics to compare with
averaged data to test what is essentially a local hypothesis? Many of
the properties being averaged (turbulence, mixed-layer depth,
phytoplankton growth) have very non-linear responses to their forcings. The average of a non-linear variable depends greatly on the
time- or space-scale of the averaging. Furthermore, the average of
products of non-linear variables, for example, is not the same as
the product of the averages, which is what is normally used to test
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the SCD hypothesis. I do not believe we can definitively answer the
question posed here. But I do believe that we should approach such
averaged analyses with healthy scepticism until we have better measurements (both remote and in situ), and better means of analysing
the observations.
In reviewing mixed layers and turbulent layers, I have shown that
both the sources of energy that drive vertical turbulence and the
sources of stratification that suppress vertical turbulence are extremely patchy in time and space. The key point, however, is that
to properly test the SCD hypothesis one must obtain coincident
measurements of the turbulence and the phytoplanktonic rates, as
it is the turbulent water motions that move the phytoplankton
through the vertical light gradient. Drawing conclusions about the
movement of phytoplankton in a mixed layer whose depth is determined by vertical profiles of temperature or density is potentially
very misleading. Furthermore, using large-scale averages of properties to infer dynamics can easily lead to incorrect conclusions.
Sverdrup (1953) was quite explicit about the requirement of a “thoroughly mixed layer”; currently, the only accurate measure of the existence of such a layer is through measurements of turbulence,
in situ. I would maintain, therefore, that with the possible exception
of Mahadevan et al. (2012), the SCD hypothesis has yet to be thoroughly tested in the field. Perhaps quantifying the turbulent layer
rather than the mixed layer will lead to a deeper understanding
of the timing and structure of spring phytoplankton blooms, and
a reconciliation of the various tests of the SCD hypothesis.

Summary
(i) Because of the variety of mechanisms creating turbulence in
the surface turbulent layer, the mixed-layer depth (defined
by temperature or density) is usually a poor indicator of
the depth of turbulence, the vertical structure of turbulence,
and the intensity of turbulence.
(ii) Different forcing mechanisms drive very different vertical
distributions of turbulence intensity, from surfaceintensified, to relatively uniform with depth.
(iii) Forcings that increase stratification can shut down active
turbulence in hours, with density steps as small as
,0.005 kg m23.
(iv) Turbulent layers do not shoal monotonically, but rather
tend to re-form at the surface, and then entrain downwards
with time.
(v) Fluctuations in turbulence occur over time scales of hours
and spatial scales of kilometres.
(vi) It is essential to include the short time scale and small spatial
scale variations of turbulence in analyses when testing the
SCD hypothesis. The depth of the mixed layer is an insufficient and usually inaccurate measure of the turbulent layer
depth.
(vii) Inclusion of the structure and intensity of turbulence
may lead to a reconciliation of the various tests of the SCD
hypothesis.
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About 60 years ago, the critical depth hypothesis was proposed to describe the occurrence of spring phytoplankton blooms and emphasized the
role of stratiﬁcation for the timing of onset. Since then, several alternative hypotheses appeared focusing on the role of grazing and mixing processes
such as turbulent convection or wind activity. Surprisingly, the role of community composition—and thus the distribution of phytoplankton
traits—for bloom formation has not been addressed. Here, we discuss how trait variability between competing species might inﬂuence phytoplankton growth during the onset of the spring bloom. We hypothesize that the bloom will only occur if there are species with a combination of traits
ﬁtting to the environmental conditions at the respective location and time. The basic traits for formation of the typical spring bloom are high
growth rates and photoadaptation to low light conditions, but other traits such as nutrient kinetics and grazing resistance might also be important.
We present concise ideas on how to test our theoretical considerations experimentally. Furthermore, we suggest that future models of phytoplankton blooms should include both water column dynamics and variability of phytoplankton traits to make realistic projections instead of treating the
phytoplankton bloom as an aggregate community phenomenon.
Keywords: critical depth, light spectrum, phytoplankton, spring bloom, trait.

Introduction
The spring phytoplankton bloom is a ubiquitous phenomenon in
temperate to boreal aquatic ecosystems, and the timing and magnitude of the spring bloom triggers much of the dynamics in these
ecosystems throughout the year (Platt et al., 2003; Edwards and
Richardson, 2004). Consequently, it has been a major task of plankton ecology to explain the mechanisms driving the onset of the
phytoplankton spring bloom and its dynamics. Since the 1920s,
researchers have emphasized the role of light and mixing processes
in bloom formation (Gran and Braarud, 1935; Atkins, 2009). In the
early 1940s, Riley (1942) introduced the compensation depth
concept—the depth at which photosynthesis exactly matches

respiration rate. By incorporating these concepts, Sverdrup (1953)
proposed the first quantitative explanation of the occurrence of
the spring phytoplankton bloom. In the following years, several
theories were advanced to explain the spring bloom formation,
highlighting the role of turbulence, grazing, and nutrients in phytoplankton blooms, but the critical depth hypothesis (Sverdrup, 1953)
remains the most cited and widely accepted. A comprehensive
review on the research following Sverdrup’s critical depth hypothesis was recently published by Fischer et al. (2014).
According to Sverdrup (1953), there is a critical mixing depth for
any given time and location at which light availability in the mixed
water column is sufficient to allow photosynthetic production to
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Although the theory on species coexistence describes competition
for resources at steady state (Tilman et al., 1982), it might also be
helpful in defining resource requirements for certain species.
Tilman et al. (1982) showed that species can form a stable population only if they have enough limiting resource for their specific
growth, such that mortality is balanced by reproduction. This
minimal resource concentration was termed R* and the best competitor should be the species with the lowest requirement for the
limiting resource (lowest R*). For light, this theory has been modified, such that competitive interactions are mediated by self-shading
whereby a species with the highest tolerance to self-shading (lowest
critical light requirement I*) survives in competition for light
(Huisman and Weissing, 1994). In Tilman’s terminology, the
onset of the spring phytoplankton bloom is triggered when light
availability becomes larger than I* for light during spring, when
light is a limiting resource for most of the phytoplankton species,
but mortality through grazing is low. Such conditions favour low
light-adapted species with high chlorophyll concentration as
shown in the modelling study by Polimene et al. (2014). These
authors suggest that pigment-mediated photoadaptation plays a
primary role in shaping phytoplankton communities during the
winter–spring transition.
Based on this background, we propose that the onset of the spring
phytoplankton bloom depends on both allogenic factors (water
column mixing, temperature, grazing by zooplankton, etc.) and autogenic factors (species physiology and traits, life history, etc.). Both
allogenic and autogenic factors affect the balance between reproduction and mortality, allogenic factors being additionally responsible
for resource supply. We hypothesize that the match of environmental
change at the winter–spring transition and an optimal trait combination of the phytoplankton community are required to allow
rapid phytoplankton growth and bloom formation.

The role of hydrodynamics
Hydrodynamic flow patterns in the oceans play a pivotal role for the
formation of plankton blooms. While horizontal flow patterns like
eddies, fronts, and jets are responsible for the redistribution of nutrients and plankton on intermediate spatial scales (Abraham, 1998;
Martin, 2003; Tél et al., 2005), vertical flows often account for turbulent mixing on small spatial scales (Mann and Lazier, 1991;
Kiørboe, 1993; Denman and Gargett, 1995; Prairie et al., 2012).
The vertical flow patterns are approximately one order of magnitude
smaller in strength than the horizontal ones. The structure of hydrodynamic flows on all scales leads to an incomplete mixing of the
water column which has a large impact on plankton communities.

Vertical ﬂows
Depending on their density compared with the density of water,
plankton cells rise or sink. Turbulent diffusion resolving small-scale
turbulence interacts with the sinking motion and influences strongly the vertical distribution of phytoplankton. Sverdrup’s critical
depth hypothesis (Sverdrup, 1953) focuses on light-dependent
growth and does not account for the implications of sinking and
turbulent diffusion. In contrast, the critical turbulence hypothesis
by Huisman et al. (1999a, b, 2002) takes the interplay between lightdependent growth and turbulent diffusion into account. They
showed that the critical depth depends on the turbulence level.
On the other hand, each species possesses a critical turbulence
level at which growth rates exceed the vertical mixing rate, leading
to a phytoplankton bloom independently of the critical depth.
Since critical depth and critical turbulence are independent
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compensate for losses. This depth is estimated to be 5 –10 times the
compensation depth as defined by Riley (1942). The phytoplankton
bloom can only occur if the actual mixing depth is less than the critical mixing depth, assuming that net photosynthesis and growth
rates of phytoplankton are positive. Sverdrup argued that during
spring warming, stratification compresses the mixing depth and
the moment when the mixing depth becomes shallower than the
critical mixing depth marks the onset of the phytoplankton
bloom. The subsequent dynamics of the bloom are then governed
by the stability and extent of the stratification.
Sverdrup’s theory makes a number of simplifying assumptions,
which might limit its application to natural systems. First,
Sverdrup’s hypothesis assumes that community respiration is constant with depth, whereas in reality respiration is species-specific
and does not stay constant with depth (Smetacek and Passow,
1990; Williams, 1998; Robinson et al., 2002). Second, the critical
depth theory is based on light intensity alone, but the quality of
the spectral availability of light changes as well with depth. These
changes in available components (wavelengths) of solar radiation
potentially create light niches for phytoplankton species, which
are able to use different parts of the available light spectrum depending on the accessory pigments they contain (Polimene et al., 2014).
Third, Sverdrup’s hypothesis assumes a thoroughly mixed water
layer in which the phytoplankton cells are evenly distributed. In
reality, mixing processes depend on wind activity and local hydrography which are not uniform (Taylor and Ferrari, 2011), leading
to a rather patchy distribution of organisms (Chiswell, 2011).
Furthermore, some species are able to actively migrate within the
water column, also leading to an uneven distribution. Comparing
phytoplankton blooms in the absence of vertical stratification in
the Gulf of Maine (Townsend et al., 1992) with the hypothesis proposed by Sverdrup (1953), Huisman et al. (1999a) formulated the
critical turbulence hypothesis. Here, the focus is not on stratification
but turbulence: if turbulence is below a species-specific threshold,
phytoplankton can bloom in the euphotic upper water column
before being transported deeper where light is insufficient.
Sverdrup himself was aware of some weaknesses of his hypothesis, especially emphasizing the role of community composition
in bloom formation. He noted that the irradiance at the compensation depth must depend on plankton composition, including
species composition within the phytoplankton as well as the interaction between phyto- and zooplankton (Sverdrup, 1953). As a
replacement of the critical depth hypothesis, Behrenfeld (2010) proposed a dilution-recoupling hypothesis according to which physical
processes like water column mixing affect the balance between
phytoplankton growth and grazing by zooplankton. He defined
the bloom as a combined effect of the decoupling between phytoplankton growth and losses due to the mixed layer deepening
(Behrenfeld, 2010). According to Behrenfeld (2010), a deepening
of the mixed layer ‘dilutes’ the grazing pressure on phytoplankton
and allows a bloom to begin. This hypothesis does not necessarily
require water column stratification to occur, but is rather based
on changes in predator–prey interactions.
Alternative or amended theories to explain the bloom formation
emphasized the role of grazers (Smetacek and Passow, 1990;
Behrenfeld, 2010), stratification onset (Chiswell, 2011), and turbulent convection (Huisman et al., 1999a; Taylor and Ferrari,
2011), but the role of phytoplankton trait composition has so far
largely been omitted from the discussion of phytoplankton spring
bloom formation. This is surprising, as phytoplankton succession
can clearly be linked to interspecific variation in resource use.
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phenomena, one can expect that different phytoplankton communities favour those different strategies leading to different species
compositions depending on the strength of turbulent mixing.
Whereas low turbulence conditions favour buoyant phytoplankton
species, well-mixed waters benefit species with low light requirement. Huisman et al. (1999b) assumed a homogeneous turbulent
diffusion across the whole water column, whereas more recent
studies show how a depth-dependent turbulent diffusion would influence the location of the chlorophyll maximum (Jäger et al., 2010;
Ryabov et al., 2010; Peeters et al., 2013). To estimate the impact of
turbulent mixing in more detail one has to take its depth dependence into account, instead of relying on simple two-layer models.
Moreover, active movement of plankton organisms can also be
important (Mellard et al., 2012).

Horizontal ﬂows

The role of solar irradiance
Besides temporal and spatial changes in mixing processes,
during winter-spring transition phytoplankton experience
rapid changes in solar irradiance (in intensity, as well as spectral

characteristic) caused by changing solar angle and meteorological
conditions (e.g. cloud cover). The light spectrum within the
pelagic environment changes temporarily on a dial rhythm following the daily spectral shifts of light entering a water column and
spatially by selective absorption of light (specific wavelength)
with water depth. Phytoplankton responds to mixing processes
and changing irradiance by varying the amounts and proportions
of photosynthetic pigments, enzymatic activities, and cell volumes
(Barlow et al., 2013). These adjustments are species-specific.
Some species are best adapted to high or low light intensities,
while others are more competitive under well-mixed conditions
(Strzepek and Harrison, 2004). Hickman et al. (2009) demonstrated that chromatic adaptations along with cell size markedly
contribute to the balance of growth and loss rates for phytoplankton taxa and determine their distribution along light and nutrient
gradients.
At high latitudes, daylight is considerable longer during summer
than in winter (Kirk, 1994) and the lower solar angle in winter results
in higher reflectance from the water surface (Runcie and Riddle,
2006). Low light conditions in winter strongly favour large diatoms
which have high requirement for nutrients, especially silicate, but
are good competitors for light (low I* for light). Dramatically
changing light conditions on the onset of stratification in spring
favour fast-growing diatoms adapted to variable light, which can
form the spring phytoplankton bloom (Widdicombe et al., 2010;
Polimene et al., 2014). The low light-adapted species still significantly contribute to the bloom biomass because of their size and high
chlorophyll content. At lower latitudes, changes in solar irradiance
are less seasonal and the ecosystem is limited by nutrients and
grazing rather than by light (Siegel et al., 2002). High light availability allows phytoplankton to reach relatively high biomass even in
winter (Moustaka-Gouni et al., 2014). Thus, phytoplankton traits
related to nutrient uptake (and nitrogen fixation) and grazing
resistance (e.g. toxin production) might be more important in
lower latitudes than in irradiance-related traits.

The role of phytoplankton traits
Recently, the trait-based approach has been successfully used in
phytoplankton ecology, mainly to model community structure
in response to global change (Litchman et al., 2012). A characterization of functional traits (growth rate, cell size, and composition
of photosynthetic pigments) can help in predicting what group of
species is likely to dominate the bloom (Margalef, 1978). Using information on traits to parameterize population dynamic models,
it is possible to predict which species can coexist under which
environmental conditions (Litchman and Klausmeier, 2008;
Edwards et al., 2012; Litchman et al., 2012). However, it should
be kept in mind that most phytoplankton traits (growth rate,
cell size, and nitrogen uptake kinetics) are plastic to some extent
and depend on physical factors like temperature and irradiance
(Eppley, 1972).
At any time and location, there will be a limited number of
species with optimal traits (well adapted to low light –high turbulence conditions and characterized by a high growth rate) that can
form the spring phytoplankton bloom. Here, to better understand
the role of traits (in particular growth rates and photoadaptation),
we use data on natural marine phytoplankton communities from
an indoor mesocosm experiment which addressed the impact of
warming and mixing depth on the spring phytoplankton bloom
[for details, see Lewandowska and Sommer (2010)].
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Looking at the horizontal mixing, the situation can be quite different
with respect to the time-scales involved. Horizontal transport is
much faster than the time needed for plankton growth. Therefore,
redistribution of nutrients due to horizontal transport would not
be able to have a visible effect in shaping plankton communities.
However, there exist mesoscale hydrodynamic structures
(Lagrangian coherent structures) of size of about 10 –100 km in
the ocean, which have a lifetime of several days to weeks. Such longlived structures like eddies and fronts can have an important influence on the growth of plankton, since close to these structures biological time-scales of growth become comparable to the time-scale
of the flow. As a result, stirring and mixing are essential determinants of plankton patterns occurring in the ocean (Abraham,
1998). Particularly, vortices in the flow can act as incubators for
plankton growth giving rise to plankton blooms inside vortices.
The emergence of the plankton blooms within mesoscale eddies
can occur due to two different mechanisms. They can entrain
nutrient-rich waters (i) from upwelling events close to the coast
and transport them over long distances in the ocean or (ii) from
deeper layers in the open ocean by rotation. In both cases, the transport barriers, which are formed around the eddies, decrease substantially the exchange of water masses between inside and
outside. Owing to this confinement of the plankton, “hot spots”
of their growth are maintained for a rather long time (Martin
et al., 2002; Sandulescu et al., 2008; d’Ovidio et al., 2013). Other
structures like fronts and jets also play an important role in the formation of plankton blooms (López et al., 2001; Hernández-Garcı́a
and López, 2004; Taylor and Ferrari, 2011; Levy et al., 2012).
The heterogeneous distribution of nutrients mediated by mesoscale hydrodynamic structures can not only give rise to particular
mechanisms of the formation of plankton blooms, but can also
induce different species dominance patterns and hence different
plankton communities across the ocean (Bastine and Feudel,
2010; d’Ovidio et al., 2010). Eddies typically persist for weeks, but
may in some instances persist for several months (Kang and
Curchitser, 2013). Therefore, eddies may strongly influence the development of different communities. In fact, incomplete mixing can
promote the coexistence of species (Bracco et al., 2000; Scheuring
et al., 2000, 2003) and can be considered as one possible solution
of the paradox of plankton (Hutchinson, 1961).

A. M. Lewandowska et al.
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Selection for high growth rates

Selection for low light adaptations
We propose that the occurrence of the spring phytoplankton bloom
depends not only on stratification onset and mixed layer depth, but
also on the balance of available resources in concert with phytoplankton community composition. The initiation of the bloom is
determined by the light dose which has to be sufficient for the
fast-growing species with the lowest I* for light. A bloom cannot
start without good competitors for light and species with high
growth rates. These conclusions place a major emphasis on the
role of overwintering for the spring phytoplankton bloom as well
as the match between stratification- and mixing-mediated resource
supply and phytoplankton community structure. In winter, when
light is a limiting factor for most of the phytoplankton species,
low light-adapted species with high cellular chlorophyll concentrations become dominant, followed by fast-growing species
adapted to variable light conditions (Widdicombe et al., 2010).
Experiments on phytoplankton monocultures converge on the
conclusion that cellular chlorophyll concentrations increase with
low irradiances (maximizing photon capture), but decrease with
increasing light availability (Falkowski and Owens, 1980; Iriarte
and Purdie, 1993; Dubinsky and Stambler, 2009)—a pattern also
reflected in our sample dataset on natural phytoplankton community (Lewandowska and Sommer, 2010; Figure 2). The bloom of
these species is possible, because mortality (mainly via grazing) is
still low in relation to reproduction rates, whereas with the seasonal
increase of zooplankton biomass, traits such as the resistance to
grazing become more important.
Diatoms typically have high cellular chlorophyll concentrations
and often dominate spring phytoplankton blooms at temperate latitudes. In our example datasets, diatoms dominating the bloom
(Skeletonema, Thalassiosira, and Chaetoceros) had high growth
rates under low light conditions (Figure 3a). In contrast, picoplankton with low tolerance to limiting light increased growth rates with
increased light (Figure 3a). Since they possibly also suffered from
high losses to heterotrophic protists, they did not achieve high abundances during the spring bloom (cf. Figure 1b). Similar examples of

growth-irradiance relationships were presented for bloom forming
haptophyte species isolated from the Bay of Biscay (Seoane et al.,
2009; Figure 3b), which in contrast to diatoms form blooms
under high light conditions.

Efﬁcient use of light spectrum
Rapid changes in solar irradiance, mixing depth, and turbidity
during the winter–spring transition affect spectral attenuation coefficients of seawater. Increasing self-shading by growing phytoplankton further alters the underwater light spectrum, because available
light is partitioned by phytoplankton with different pigment compositions. Consequently, the underwater light spectrum substantially changes selecting for different phytoplankton groups. Therefore,
besides general light requirement and specific growth rate, the
pigment composition can be a basic trait shaping the phytoplankton
community during the spring bloom (Polimene et al., 2014).
Pigment composition determines not only adaptation to low or
high light conditions, but also the light use efficiency across the
wavelength spectrum and thereby the “spectral niche” used.
Besides chlorophyll, xanthophyll pigments play a pivotal role in
phytoplankton physiology, especially with respect to photoacclimation. They are involved in both light harvesting (acting as antenna
pigments) and photoprotection mechanisms being an indicator of
photoadaptation (Meyer et al., 2000; Polimene et al., 2014). Some
phytoplankton species can regulate which parts of the spectrum
they utilize by adjusting their pigment composition, depending on
the availability of different wavelengths of light (Ting et al., 2002;
Stomp et al., 2004). Therefore, phytoplankton community structure
during winter–spring transition might not only depend on speciesspecific growth rates, but also on phytoplankton traits related to
pigment composition. Specific light absorption by phytoplankton
species should shift the competitive advantage towards species
being able to use the remaining part of the light spectrum, which
however has rarely been assessed during spring phytoplankton
blooms. Wall and Briand (1979) showed in a field experiment that
long wavelength radiation increased the relative proportion of
cyanobacteria and diatoms and reduced the proportion of dinoflagellates. Thus, cyanobacteria and diatoms might have an advantage
in the upper part of the water column, where the red wavelengths are
mostly confined, in contrast to dinoflagellates, which should prefer
lower parts of the water column.

Phytoplankton seasonal succession
A trait-based approach might not only help explaining the occurrence
of the spring bloom, but inform our understanding of phytoplankton
seasonal succession in general. Later in the season, increased zooplankton grazing rates select for different sets of traits, including
grazing resistance, competition for limiting mineral nutrients, and efficient utilization of nutrient pulses induced by storms, upwelling,
and turbulent mixing. It has been argued that much of the variation
in aggregated phytoplankton biomass and cell size structure can be
organized along turbulence and nutrient supply axes (Cullen et al.,
2002). Recently, Lewandowska et al. (2014) related seasonal differences in plankton community composition to nutrient supply, with
cell size and grazing resistance as emerging important traits. More
general, a trait-based approach can also serve as a mechanistic underpinning of the—recently revised—PEG-model on plankton succession (Sommer et al., 2012).
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We assume that the spring phytoplankton bloom is a rapid event
which selects for fast growing species. Slow growing species do not
multiply fast enough to exceed losses (grazing and sinking) and
therefore they cannot rapidly increase their biomass.
Figure 1a represents maximum observed growth rates of phytoplankton species from the Baltic Sea under light-limiting conditions
(6 mol photons m22 d21) during winter–spring transition (16th
February –6th April 2008). Phytoplankton biomass peaked around
4th March and was dominated by species having growth rates at least
two times higher than the average community. Emphasizing the role
of species-specific traits, community response depended on those
species (Figure 1b).
If such fast growing species are absent, a spring bloom might not
occur despite favourable hydrodynamic conditions. There already is
ample evidence of this: warming and wind changes altered phytoplankton community composition and lead to disappearance of
the typical spring diatom bloom in Narragansett Bay (Nixon and
Fulweiler, 2009), Bahia Blanca Estuary (Guinder et al., 2010),
Mediterranean Sea (Goffart et al., 2002), and coccolithophorid
bloom in the Western English Channel (Garcia-Soto et al., 2011).
Always, the abundance of a usually dominant species dramatically
decreased and the remaining species were not able to form a bloom.
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Figure 1. (a) Maximum growth rates of phytoplankton species under limited light conditions during winter– spring transition. The maximum
growth rate of the whole community is represented by the solid line, and dashed line represents a threshold line: two times the maximum
community growth rate. Species above or close to the threshold line are able to form the bloom. (b) Time course of phytoplankton species. Good
competitors show high synchrony with the total community biomass (data source: Lewandowska and Sommer 2010). Sum, total phytoplankton
biomass; Thro, Thalassiosira rotula; Skel, Skeletonema costatum; Chmi, Chaetoceros minimum; Pico, picoplankton.
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(1999a), and Behrenfeld (2010), we propose a hypothesis that
each phytoplankton species has its own specific critical depth
(SCD) which depends on its set of traits. A species with the most
favoured traits and the highest SCD in given location and time
will growth first and can form a bloom. The bloom will not occur
if there is no species with set of traits matching environmental
requirements as it happens in the high nutrients– low chlorophyll
ocean regions which are lacking iron. The basic traits for detrainment blooms such as classical spring bloom in temperate latitudes
are high growth rates and photoadaptation to low irradiance level
in the red light spectrum. For other bloom types (e.g. upwelling
blooms), other traits such as nutrient kinetics and grazing resistance
might be more important.
Figure 2. Impact of light intensity on cellular chlorophyll content. Data
from Iriarte and Purdie (1993), Dubinsky and Stambler (2009), and
Lewandowska and Sommer (2010).

Future directions
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Figure 3. Impact of light intensity on maximum growth rates of
selected key species in the natural Baltic Sea community (a) and bloom
forming haptophyte species isolated from the Bay of Biscay (b). The less
steep (or more negative) the slope, the better competitor for light. Data
from Seoane et al. (2009), and Lewandowska and Sommer (2010).

Summary
The critical depth hypothesis has been used to explain the occurrence of the spring phytoplankton bloom for decades and is still
widely accepted despite ongoing criticisms and alterations.
Extending ideas presented by Sverdrup (1953), Huisman et al.
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Hernández-Garcı́a, E., and López, C. 2004. Sustained plankton blooms
under open chaotic flows. Ecological Complexity, 1: 253 –259.
Hickman, A. E., Holligan, P. M., Moore, C. M., Sharples, J., Krivtsov, V.,
and Palmer, M. R. 2009. Distribution and chromatic adaptation of
phytoplankton within a shelf sea thermocline. Limnology and
Oceanography, 54: 525 –536.

A. M. Lewandowska et al.

The importance of phytoplankton trait variability

Siegel, D. A., Maritorena, S., Nelson, N. B., Hansell, D. A., and
Lorenzi-Kayser, M. 2002. Global distribution and dynamics of
colored dissolved and detrital organic materials. Journal of
Geophysical Research: Oceans, 107: 21-1– 21-14.
Smetacek, V., and Passow, U. 1990. Spring bloom initiation and
Sverdrup’s critical-depth model. Limnology and Oceanography,
35: 228– 234.
Sommer, U., Adrian, R., De Senerpont Domis, L., Elser, J. J., Gaedke, U.,
Ibelings, B., Jeppesen, E., et al. 2012. Beyond the Plankton Ecology
Group (PEG) model: Mechanisms driving plankton succession.
Annual Review of Ecology, Evolution, and Systematics, 43: 429 – 448.
Stomp, M., Huisman, J., De Jongh, F., Veraart, A. J., Gerla, D., Rijkeboer,
M., Ibelings, B. W., et al. 2004. Adaptive divergence in pigment
composition promotes phytoplankton biodiversity. Nature, 432:
104– 107.
Strzepek, R. F., and Harrison, P. J. 2004. Photosynthetic architecture
differs in coastal and oceanic diatoms. Nature, 403: 689– 692.
Sverdrup, H. U. 1953. On conditions for the vernal blooming of phytoplankton. Journal du Conseil International pour l’Exploration de la
Mer, 18: 287 –295.
Taylor, J. R., and Ferrari, R. 2011. Shutdown of turbulent convection as a
new criterion for the onset of spring phytoplankton blooms.
Limnology and Oceanography, 56: 2293– 2307.
Tél, T., de Moura, A., Grebogi, C., and Károlyi, G. 2005. Chemical and
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The critical depth hypothesis (CDH) is a predictive criteria for the onset of phytoplankton blooms that comes from the steady-state analytical
solution of a simple mathematical model for phytoplankton growth presented by Sverdrup in 1953. Sverdrup’s phytoplankton-only model is
very elementary compared with state-of-the-art ecosystem models whose numerical solution in a time-varying environment do not systematically
conform to the CDH. To highlight which model ingredients make the bloom onset deviate from the CDH, the complexity of Sverdrup’s model is
incrementally increased, and the impact that each new level of complexity introduced is analysed. Complexity is added both to the ecosystem
model and to the parameterization of physical forcing. In the most complete experiment, the model is a one-dimensional NutrientPhytoplankton-Zooplankton model that includes seasonally varying mixed layer depth and surface irradiance, light and nutrient limitation, variable grazing, self-shading, export, and remineralization. When complexity is added to the ecosystem model, it is found that the model solution only
marginally deviates from the CDH. But when the physical forcing is also changed, the model solution can conform to two competing theories for the
onset of phytoplankton blooms—the critical turbulence hypothesis and the disturbance recovery hypothesis. The key roles of three physical ingredients on the bloom onset are highlighted: the intensity of vertical mixing at the end of winter, the seasonal evolution of the mixed-layer depth from
the previous summer, and the seasonal evolution of surface irradiance.
Keywords: bloom onset, critical depth, critical turbulence, disturbance recovery, NPZ model.

Introduction
More than 60 years ago, Sverdrup (1953) presented a simple, water
column-based, mathematical model that tied together the roles of
vertical mixing, light attenuation with depth and seasonally increasing light into a predictive criteria for the onset of the spring bloom.
The critical depth hypothesis (CDH) is this model’s solution. The
CDH predicts that blooms start when the seasonal mixed-layer
shoals above a critical depth (DC ), and offers a simple analytical
expression for this depth.
In more recent years, observational evidence that biomass could
start accumulating before restratification (Townsend et al., 1994;
Boss and Behrenfeld, 2010) led researchers to revisit the CDH. Two
other hypotheses were subsequently proposed to explain winter,
rather than spring, bloom onsets. The critical turbulence hypothesis
(CTH) attributes winter blooms to physical drivers (Huisman et al.,
1999; Chiswell, 2011; Taylor and Ferrari, 2011; Brody and Lozier,

2014; Ferrari et al., 2014) and states that, rather than a critical depth,
there should exist a critical level of turbulence (parameterized by a turbulent diffusivity kc ) below which blooms occur. The emphasis of the
CTH is on the distinction between apparently mixed layers (i.e. where
density is homogeneous on the vertical but the turbulence is not
necessarily strong) and regions with active vertical mixing (active
mixing layers, characterized by large values of turbulent diffusivity k)
(Brainerd and Gregg, 1995; Franks, 2015). Note that the CTH has
also been described as the “stratification-onset model” (Chiswell,
2011). On the other hand, the disturbance recovery hypothesis
(DRH) highlights the importance of grazing control on bloom dynamics (Evans and Parslow, 1985; Banse, 1994; Marra and Barber, 2005;
Behrenfeld, 2010; Boss and Behrenfeld, 2010; Behrenfeld and Boss,
2014). In essence, the DRH posits that winter entrainment of planktonfree water dilutes plankton populations, leading to reduced grazer
encounters, and consequently net growth in the integrated population.
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Model exploration of the critical depth hypothesis
Though Sverdup did not pose it this way originally, his model
can be understood in terms of a differential equation for the time
evolution of phytoplankton concentration (P)
∂t P = (m − l)P + ∂z (k∂z P).

(1)

Method
Svedrup’s model
Sverdrup’s model is based on an earlier model proposed by Riley
(1946). It considers that the phytoplankton growth rate m is proportional to light I that the light-extinction coefficient k is constant
and that the phytoplankton loss rate l is equal to a constant mortality
rate mp . Under these assumptions, m and l in Equation (1) are

m = aI,

(2)

l = mp

(3)

with
(4)
I = I0 e−kz ,
where I0 is the fraction of surface irradiance usable for photosynthesis. Assuming that vertical mixing k is strong enough to distribute the organisms evenly within a surface mixed layer allows one to
integrate Equation (1) from the surface to the bottom (D . 0) of the
mixed layer, resulting in the expression
 − mP P
 = aI0 (1 − e−kD )P

∂t P
kD

(5)

with
D
=
P

P dz

(6)

0

the total phytoplankton biomass within the mixed layer. Setting
 = 0 results in an equation for a critical mixed-layer depth DC
∂t P
for which depth-integrated growth equals depth-integrated losses, i.e.

a I0
(1 − e−kDC ) = mP .
(7)
kDC
The value of DC depends on the three model parameters a, mp , and
k, and on the surface irradiance I0 . In Sverdrup’s paper, the number
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The parameters m and l are the phytoplankton growth and loss rates,
respectively. The last term accounts for vertical mixing, and
k = k(z) is the vertical mixing coefficient. Note that in this equation, transport processes other than vertical mixing are omitted
and P is assumed to vary only with depth and time. Sverdrup
solves this equation at steady-state, resulting in a necessary condition for the depth-integrated phytoplankton growth to exceed its
losses. Importantly, Sverdrup makes a number of assumptions
before solving this equation, among which are a constant loss rate
l, and of a value of k large enough to ensure homogeneous distribution of phytoplankton within the surface mixed layer. This last assumption allows him to circumvent the details of vertical mixing
by focusing on integral properties in an homogeneous surface
layer. Hence, by construction, Sverdrup’s model solution does not
account for variable grazing, or for low values of k, and thus
cannot reproduce the CTH or DRH.
Contemporary ecosystem models basicly follow the foundation
of Equation (1), but allow for more flexibility in the description of
m and l than Sverdrup’s model. This flexibility is allowed by the consideration of additional state variables that feedback on P through
their contribution to m and l, such as resources (N) and predators
(Z). Models vary in complexity in terms of the number of variables,
as well as in their expressions for m and l. Importantly, they are also
embedded in a physical model, with explicit representation of
vertical mixing.
Numerical solutions of these models do not always conform to
the CDH. Using a Sverdup-like one-variable (i.e. phytoplankton
only) ecosystem model embedded in a high-resolution threedimensional upper-ocean turbulence model, Taylor and Ferrari
(2011) showed departure from the CDH when turbulent mixing
was below a critical turbulence level, which supports the CTH. On
the other hand, in a one-dimensional 15-variable ecosystem
model for the western Subarctic Pacific, Yoshie et al. (2003) found
an increase in the integrated phytoplankton biomass as the mixed
layer deepened due to a decrease of the grazing pressure by dilution.
A similar result was obtained for the Subarctic Atlantic with
the more complex 24-variable Biogeochemical Element Cycling
Community Climate System Model (Behrenfeld et al., 2013).
Along the same line, the 24-variable ecosystem model PISCES, in
an idealized one-dimensional setup for the Southern Ocean (Llort
et al., 2015) also supported the DRH. Finally, other models,
such as the four-variable ecosystem model embedded in a
coarse-resolution ocean general circulation model used by
Dutkiewicz et al. (2001) to simulate the subpolar North-Atlantic
bloom onset, supported the CDH. The above studies, in aggregate,
highlight that each of these seemingly competing spring bloom
drivers may be achieved depending on the form of the model.
However, the models are too different to identify how specific
biological and physical factors influence bloom onset.
In this note, I examine the bloom onset problem with a onedimensional Nutrient-Phytoplankton-Zooplankton (NPZ) model
(Franks, 2002), forced by vertical mixing in a time-varying mixed
layer. The NPZ model, with only three state variables, is one of the
simplest ecosystem models. Yet this set-up, which allows for variable
grazing and variable k, is sufficiently complex to explore the CDH,
CTH, and DRH in one framework. Using a unified framework

allows me to identify the model ingredients that make the bloom
onset deviate from the CDH. I start from the simplest model of
Sverdrup, and progressively add complexity. This enables me to
explore the impact that each new level of complexity introduces in
a series of incremental numerical experiments. Complexity is
added both to the ecosystem model (number of state variables, formulation of m and l ) and to the parameterization of physical forcing
(from a mixed layer at steady-state to a mixed layer following a full
seasonal cycle, and from constant incident irradiance to seasonal
irradiance). This illustrative set of experiments is far from exhaustive. The intention is to shed light on the important roles of both the
physical forcing and model structure, as well as to bridge the gap
between Sverdrup’s model solution and the different solutions
obtained with more sophisticated ecosystem models.
After recalling the details of Sverdrup’s model and presenting the
NPZ model, Sverdrup’s model assumptions are relaxed one by one,
thus progressively adding complexity in both the model and physical forcing. The most complete experiment is obtained with a timevariable 1D-NPZ model, which, unlike Sverdrup’s model, accounts
for time-variable self-shading, explicit grazing, nutrient and light
limitation, variable vertical mixing, and time-variable mixed-layer
depth. Model solutions are presented at each step of the process;
the bloom onset is diagnosed as the time at which water column
growth and losses come in balance.
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Table 1. Sverdrup’s model parameters.

Table 2. NPZ model parameters.

Parameter name
Phytoplankton growth rate per
unit light
Phytoplankton mortality rate
Light attenuation
Surface irradiance
Compensation irradiance
Critical depth

Parameter name
Phytoplankton growth rate
per unit light
Nutrient limitation
half-saturation
Light limitation
half-saturation
Phytoplankton mortality rate
Background light attenuation
light attenuation by
phytoplankton
Zooplankton maximal grazing
rate
Assimilated food fraction by
zooplankton
Zooplankton excretion rate
Zooplankton mortality rate
Export ratio
Euphotic layer depth
Remineralization exponential
decay

Symbol Value
Unit
a
3.66 × 1027 s21 W21 m2
mp
k
I0
IC
DC

5.80 × 1027
0.05
50
1.58
270

s21
m21
W m22
W m22
m

NPZ model
Complexity is added to Sverdrup’s model by introducing two extra
state variables, nutrients (N) and zooplankton (Z). In the context of
the bloom onset, introducing Z enables the model to account for
time-dependent phytoplankton losses, which is necessary to allow
the emergence of a model solution that satisfies the DRH. The
need to introduce N is not as straightforward since the bloom
always appears during the winter-to-spring transition when nutrients are plentiful. However, as we will see, a complete description
of the bloom requires one to integrate the model over the full
seasonal cycle. Hence, the seasonal cycling of nutrients—essentially
the entrainment between fall and winter followed by export and
remineralization between spring and summer—must also be
accounted for.
The phytoplankton and zooplankton equations follow the
general form of Equation (1), and are given by
∂t P = (mp − lp )P + ∂z (k∂z P)

(8)

∂t Z = (mz − lz )Z + ∂z (k∂z Z)

(9)

with plankton growth and loss terms given by

mp = aKi (1 − e−(I/Ki ) )

N
N + Kn

Kn

0.7

mmol m23

Ki

33.

W m22

mp
kb
kp

5.80 × 1027 s21
0.05/0.15
m21
0.03
m21 mmol21 m3

gz

9.26 × 1026 s21

az

0.7

tz
mz
fe
zb
r

5.80 × 1027 s21
2.31 × 1026 s21 mmol21 m3
0.2
150
m
0.858

((1 − az ) gz P). Light is attenuated with depth as in Equation (4),
but unlike in Sverdrup’s model, the light attenuation coefficient
depends on P,
k = kb + kp P.

(14)

The nutrient pool is depleted by photosynthesis (−mp P) and resupplied by the combined losses of phytoplankton and zooplankton
after they are remineralized (R). There are no external sources of
N. To implicitly account for the export of organic material out the
euphotic layer by the sinking of particles, only a fraction (1 − fe )R
of the remineralized material is locally resupplied to the nutrient
pool;
H the rest of the remineralized material is vertically integrated
( fe 0 R dz, with H the depth of the water column) and redistributed
below the euphotic depth zb , following the Martin curve f (z)
(Martin et al., 1987). The resulting equation for N is
∂t N = −mp P + (1 − fe )R + ∂z f

 H

fe
Rdz + ∂z (k∂z N)

(15)

0

with
(10)

lp = mp + gz Z

(11)

mz = gz P

(12)

lz = tz + mz Z + (1 − az )gz P.

(13)

We note that the phytoplankton growth rate mp incorporates two
limitation terms that were absent in Sverdrup’s model and which
vary between 0 and 1: light saturated growth (1 − e−(I/Ki ) ) and
nutrient limitation (N/N + K). Moreover, the phytoplankton loss
rate lp includes a term due to grazing gz Z which depends on the
abundance of zooplankton. The zooplankton loss rate lz includes
excretion (tz ), mortality (mz Z) and non-assimilated grazing

R = lz Z + lp P

(16)

and
   
z −r
,
zb

f (z) = min 1,

f (H) = 0.

(17)

The NPZ model presented above is a common tool in oceanographic
research, and has many variants (Franks, 2002). The functional
forms of the growth and loss terms (Equations (10)–(13)) and
model parameters (Table 2) used here come from of the more
complex Locean Ocean Biogeochemical System for Ecosystem and
Resources model, which has been calibrated against biogeochemical
data of the Northeast Atlantic spring bloom (Karleskind et al., 2011).
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of parameters is reduced by assuming that the compensation irradiance IC = mP /a is known, where IC is defined as the irradiance at the
depth for which m(z) = l(z) (see Siegel et al., 2002, for the evaluation
of the compensation irradiance from ocean colour observations).
We assign these parameters such that both k and IC are close to
the values proposed by Sverdrup in his paper (Table 1). Note that
Sverdrup uses different values for k and we choose a value in the
lower range, which leads to a critical depth of DC = 270 m from
Equation (7). Results with a larger value of k, leading to a shallower
critical depth, will also be presented.

Symbol Value
Unit
a
3.66 × 1027 s21 W21 m2
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Model exploration of the critical depth hypothesis
This NPZ model can be reduced to Sverdrup’s model by setting to
zero the grazing rate g, the phytoplankton light attenuation kp , the nutrient half-saturation constant Kn , and by replacing the light limitation term (1 − e−(I/Ki ) ) with its first order expansion at low light,
I/Ki . The consequences of these simplifications will be investigated
incrementally in the set of experiments with label ‘B’, described below.
Equations (8), (9), and (15) are solved with an implicit-in-time
scheme, using a time-step of 1 h. The vertical resolution is 5 m, and
there are 70 equally spaced vertical layers. Initial conditions for N, P,
and Z are set to 4, 0.1, and 0.01 mmol m23, respectively, homogeneously over the whole column; these values correspond to winter conditions.

Bloom onset diagnostics
The bloom onset is assessed by examining the seasonal evolution of
the total phytoplankton growth (
m, green lines in Figure 1) and loss
(l, blue lines in Figure 1) rates. The onset is defined as the time at

which phytoplankton net growth (
m − l) switches from negative
to positive value. As noted by Chiswell (2013), integrating over
the depth of the mixed layer (as in Sverdrup, 1953; Behrenfeld,
2010; Behrenfeld et al., 2013) does not account for the phytoplankton biomass which is detrained, diffused and slowly decays below
the mixed layer when the mixed-layer shallows. Thus here, the
phytoplankton growth and loss rates are integrated over the whole
depth H of the water column rather than over the mixed-layer
depth D [as in Equation (6)], e.g.
1
=
m
P
l = 1

P

H

mp P dz

(18)

lp P dz

(19)

0

H
0
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Figure 1. For each series of experiments A (left hand column), B (middle column), and C (right hand column), the ﬁrst line (a – c) shows the seasonal
evolution of the mixed-layer depth D (in black) and critical depth DC (in red). The other lines show the seasonal evolution of the total water-column
m , in green) and loss rate (l , in blue) for each experiment in the corresponding series. The actual bloom onset occurs
phytoplankton growth rate (
when net growth is positive, i.e. when the green curve comes above the blue one. The theoretical bloom onset predicted by the CDH occurs when
the black curve comes above the red one (indicated by the doted vertical lines in the B and C series). In (a), the thick black line shows D for
experiment A2 and the thin black line shows D in A1 and A3; DC is the same for A1, A2, and A3. In (b), D is the same for the four experiments B1 – B4;
the plain red line is DC for B1 and B2, the dotted line for B3 and the dashed line for B4. In (c), D is the same for the three experiments C1–C3; the plain
red line is DC in C1, the dotted line in C2, and the dashed line in C3. In (e), the thick green line is the growth rate in B1, and the thin green line is the
growth rate in B2; the loss rate is identical in B1 and B2.
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such that
1 
∂t P = m
 − l
P

(20)

with

in the C series, the seasonal cycle of the mixed layer from the previous summer is included. Surface irradiance is kept constant in time,
except in the last two experiments of the C series (C2 and C3) where
seasonal variations are also included (see Table 3).

Results
H
=
P

Series A: Constant mixed-layer depth
(21)

P dz.
0

With these definitions, the total stock of biomass in the water
 increases as soon as m
column, P,
 exceeds l.

Relaxing Sverdrup’s hypothesis
The analytical expression for a critical depth relies on a number of
assumptions, clearly identified in Sverdrup’s 1953 paper, and used to
construct his model. Paraphrasing Sverdrup, these assumptions are:

2. Inorganic nutrients are fully available in the mixed layer and do
not limit productivity.
3. Productivity is proportional to the light energy available for
photosynthesis.
4. The light-extinction coefficient is constant in the mixed layer.
5. Grazers are not yet present in pre-bloom conditions.
It should be noted that these assumptions greatly facilitate the analytical derivation of the critical depth but are not necessary to simulate a bloom numerically. Here, using a set of numerical experiments
(Table 3), the CDH is challenged by relaxing the above assumptions,
one by one.

Physical forcing
The physical drivers of the model are the vertical mixing coefficient
k and surface irradiance I0 . In all experiments, k is set to kmax inside
an upper mixed layer of depth D and to a minimum value of
1025 m2 s21 below.
Three series of experiments (labelled A, B, and C) are conducted
in which three different time evolutions of the mixed layer are considered (Figure 1a –c, black curves). These experiments are characteristic of the situation in the North Atlantic. In the A series, the
mixed-layer depth is kept constant in time. In the B series, the
winter-to-spring transition of the mixed layer is included. Finally
Table 3. Set of experiments.
A1
A2
A3
B1
B2
B3
B4
C1
C2
C3

Dmax (m)
300
220
300
300
300
300
300
300
300
300

Dmin (m)
300
220
300
25
25
25
25
25
25
25

kmax (m2 s21)
1.
1.
1e−2
1.
1.
1.
1.
1.
1.
1.

22
Imin
0 (W m )
50.
50.
50.
50.
50.
50.
50.
50.
25.
25.

Imax
(W m22)
0
50.
50.
50.
50.
50.
50.
50.
50.
200.
200.

self-shading
N
N
N
N
N
Y
Y
Y
Y
Y

Grazing
N
N
N
N
N
N
Y
Y
Y
Y

I and N limitations
N
N
N
N
Y
Y
Y
Y
Y
Y

kb (m−1 )
0.05
0.05
0.05
0.05
0.05
0.05
0.05
0.05
0.05
0.15

The ﬁrst six columns are the parameters of the physical forcing (see also Figure 1), the last three are the parameters of the biogeochemical model. The A series
uses Sverdrup’s model (no self-shading, no grazing, no nutrient-N and light-I limitation terms). The C series uses the full NPZ model (i.e. with self-shading,
grazing, and nutrients). In the B series, the model progressively transits from Sverdrup’s to NPZ.

Downloaded from http://icesjms.oxfordjournals.org/ by guest on July 28, 2015

1. Phytoplankton develops in a thoroughly mixed layer at the
surface of the ocean where turbulence is large enough to distribute the organisms evenly on the vertical.

In the A series of experiments (Figure 1, left hand column), the
mixed-layer depth is kept constant in time and Sverdrup’s model
is used. This series corresponds to the analytical solution of
Sverdrup and serves to test that the numerical model solution is
faithful to the analytical solution. The turbulent diffusivity kmax
is set to 1 m 2 s21, such that assumption #1 is met. This value is
typical of a convective situation and corresponds to a time scale of
the order of 0.1 d for a mixed-layer depth of 100 m. To achieve
the test, two experiments are compared, one (A1) where D is slightly
deeper than DC , the other (A2) where D is slightly shallower. Results
for A1 and A2 confirm that our numerical model reproduces
the situation explored by Sverdrup: in A2, m
 is larger than l
(Figure 1g): the condition for a bloom onset is satisfied; this is not
the case in A1 (Figure 1d). Note that in A1 and A2, the net growth
is constant and positive, so phytoplankton biomass would grow
indefinitely with time.
To relax assumption #1 and test how the strength of turbulence
in the mixed layer affects the bloom, we conduct experiment A3,
similar to A1 except that kmax switches to a smaller value in spring
(10−2 m2 s−1 after 1 March). This value now corresponds to a
time scale of 10 d for a mixed-layer depth of 100 m. Experiment
A3 mimics a situation where the mixed layer remains deep but turbulence decreases. Such a decrease has been attributed to net cooling
subsidence at the end of winter (Taylor and Ferrari, 2011) and
lowered windstress (Chiswell, 2011). We found that in A3, m
becomes larger than l as soon as vertical mixing is reduced
(Figure 1j). In this situation, the vertical phytoplankton distribution
is no longer homogeneous in the mixed layer, but exhibits a marked
surface maxima (not shown). A situation similar to this, where
density was fairly homogeneous within the top 300 m and phytoplankton developed in a thin surface layer was observed by
Chiswell (2011) in the bloom East of New Zealand. Experiment
A3 thus breaks the CDH but satisfies the CTH: net growth
becomes positive when vertical turbulence falls below a critical
value. Repeating this experiment with different values of kmax
would allow one to determine the critical turbulent diffusivity
numerically. Note that the value of kmax that I have used here is
quite high, and lower critical turbulence levels would be obtained
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with a larger light attenuation coefficient (Huisman et al., 1999, their
Fig. 4).

Series B: Winter-to-spring transition of the mixed layer

Series C: Full seasonal cycle of the mixed layer
Because of the absence of disturbance in winter, spring shoaling of the
mixed layer is the only physical factor that can trigger the bloom in the
A and B experiments. To address this issue, the NPZ ecosystem model
is forced with a repeating seasonal cycle of the mixed layer in the C set
of experiments. Starting from summer, when the mixed layer is at its
shallowest (Dmin ), the mixed layer progressively deepens through fall
and winter until it reaches Dmax , then shallows more rapidly during
spring (in time ts ) until it comes back to its initial summer value
Dmin (Figure 1c). The model is integrated for 2 years so that the
summer initial conditions of the second year are consistent with
the physical forcing. Results from the second year are shown in the
right hand column of Figure 1. Both the model and the physical
forcing are identical in B4 and C1 after 1 March (i.e. after the
deepest mixed layer is reached); the two experiments differ in their
physical forcing during the summer-to-winter transition.
In experiment C1, phytoplankton growth and losses are in close
balance during summer, when the mixed layer is stratified and the
physical forcing is steady. Phytoplankton and zooplankton are confined within the mixed layer, and there is a strong vertical gradient in
nutrients (Figure 2). The deepening of the mixed layer on model
date November 1 creates a disturbance that drives the system out
of this summer equilibrium. Nutrients are entrained within the
mixed layer, and the phytoplankton and zooplankton populations
are diluted. A remarkable consequence of this perturbation is the increase in phytoplankton biomass seen in November and December
(solid curve, Figure 2). This increase is not seen in the surface phytoplankton concentration (dashed curve, Figure 2), which, on the contrary, decreases in response to dilution. This situation is reminiscent
of the winter situation observed in the Sub-Arctic Atlantic with profiling floats (Boss and Behrenfeld, 2010). Clearly, in C1, the winter
onset of net growth is associated with the dilution and decrease of
the zooplankton biomass (Figure 2). Both m
 and l decrease, with
the decrease in l slightly larger than that of m
 (Figure 1f). This
slight inbalance between m
 and l enables the increase of the
phytoplankton biomass: dilution decreases the grazing rate at a
rate faster than it decreases the growth rate. Thus the winter situation
in C1 satisfies the DRH: biomass starts accumulating in November,
at a time when the mixed-layer depth is still above the critical depth,
and thus disagrees with the CDH.
However, unlike the situation described by Behrenfeld (2010),
biomass accumulation does not extend throughout winter; after
January, grazing becomes negligible and the phytoplankton loss
rate saturates (at the value of the mortality rate) while m
 continues
to decrease, causing net growth to eventually become negative.
Chiswell (2011) suggested that the CDH could perhaps be used to
explain such negative net growth in winter. For experiment C1 to
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The idea behind the CDH is that the mixed layer crosses the critical
depth between winter and spring, which initiates the bloom.
Implicitly, this suggests time variations in the mixed-layer depth,
but in the steady-state analytical derivation of the critical depth,
this effect is not explicitly accounted for. The B series of experiments
focuses on a transient winter-to-spring transition: starting from
unfavourable winter conditions, the mixed layer crosses the
critical depth and shoals from Dmax to Dmin over time ts , with
Dmin , DC , Dmax . The four experiments B1 –B4 of this series
share this transient physical forcing (Figure 1, central column),
whereas the ecosystem model is progressively complexified from
Sverdrup’s model (B1) to the NPZ model (B4).
In B1, the ecosystem model is the same as in the A series (i.e.
Sverdrup’s model), which enables the transient and steady-state solution of the same equation to be compared. As expected, the shoaling causes m to increase above l, in agreement with the CDH. To
further assess the CDH, we compare the exact timing of the theoretical and actual bloom onsets in B1. The theoretical onset (marked by
the thin vertical lines) occurs when the mixed-layer depth (Figure 1,
in black) and critical depth (in red) intersect. The actual onset
occurs when the growth rate (green curve) and loss rate (blue
curve) intersect. Our B1 experiment reveals a time shift of 1
week between the theoretical and actual bloom onset dates, and
thus highlights a small deviation from the CDH (Figure 1e).
Interestingly, this deviation does not come from the model assumptions, but from the way the original model of Sverdrup was solved,
i.e. at steady state. It is worth noting that the magnitude of this deviation (1 week) is much smaller than the precision in the bloom
onset detection date from satellite data (1 month, Cole et al.,
2012; Brody et al., 2013). We also note that, as in the A series, the
post-bloom situation in B1 is unrealistic since net phytoplankton
growth is not arrested, due to the lack of nutrient limitation.
Next, in B2, B3, and B4, Sverdrup’s assumptions #2 – #5 regarding the form of the ecosystem model are relaxed sequentially. In B2,
light saturated growth and nutrient limitation are accounted for,
this is equivalent to an NP model. The time shift between the theoretical and actual onsets is extended by another week compared with
B1 (Figure 1e). The larger shift is due to a reduced winter growth rate
in response to both the nutrient limitation term (which is slightly
,1) and more complex light dependence of growth (by a fairly
similar amount, not shown). We also note that the post-bloom situation in B2 is more realistic than in B1, since m goes back to low
values after the bloom, due to nutrient limitation. Assumptions
#2 and #3 do, therefore, cause moderate deviation from the CDH.
Experiment B3 allows for active self-shading (kp is no longer 0),
leading to time-variations in the critical depth (since k increases
with increasing levels of phytoplankton). We find that k deviates
from its background value mostly after the bloom onset, once
biomass has had time to significantly accumulate. This change in
k is reflected in the post-bloom shoaling of the critical depth,
from 270 to 80 m (Figure 1b). The shape of the growth rate is also
marginally affected compared with B2 during post-bloom conditions, in response to changes in light penetration (Figure 1h).
Overall, however, the bloom onset in B3 is fairly similar to that in
B2, justifying Sverdrup’s constant-light-extinction hypothesis (#4).
Finally, accounting for grazing (experiment B4) significantly
increases the loss rate after the bloom, but not before and therefore

has little consequence on the actual onset (Figure 1k). We also note
out-of-phase oscillations of the growth and loss rates in post-bloom
conditions, which are typical of predator–prey interactions, with
the signature of an oscillating critical depth.
A preliminary conclusion from the B set of experiments is that, at
least in the chosen set of model parameters, Sverdrup’s assumptions
about the very simple formulations of m and l do not seriously challenge the CDH. At most, there is a time shift of 1– 2 weeks between
the theoretical and actual onset, and this time shift mainly ensues
from bloom dynamics. Most importantly, accounting for explicit
grazing (assumption #5) is not sufficient to significantly deviate
from the CDH or to conform to the DRH. As shown next, this is
not the case when the full seasonal is included.
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Figure 2. Seasonal evolution of the vertical distribution of nutrients, phytoplankton, and zooplankton in experiment C1 (colour contours). The
overlaid thick black line shows the mixed-layer depth D. For phytoplankton and zooplankton, also shown are the seasonal evolution of the total
depth-integrated biomass (solid line, top panel, in mmol m22) and of the surface biomass (dashed line, top panel, in mmol m23).
be consistent with Chiswell’s hypothesis, we would expect this
negative net growth to be driven by the deepening of the mixed
layer below the critical depth; however, the mixed layer crosses the
critical depth in February, 1 month after negative net growth has
initiated.
From March onward, when the mixed layer stratifies, the evolution becomes very similar to that in experiment B4 with the occurrence of a second growth period in spring, in closer agreement with
the CDH. It should be noted that, as expected, the shoaling of the
mixed layer induces the detrainment of phytoplankton and zooplankton biomass below the mixed layer, such that, during the
onset and climax of the bloom, phytoplankton biomass is not confined to the mixed layer, as hypothesized by Sverdrup, but shows a
slowly decaying profile below the mixed layer (Figure 2). We also

note that a peculiarity of C1 is that nutrients are never exhausted
from the surface layer (Figure 1). This is due to the weak surface
illumination I0 which is held constant at a low winter value. Thus
the fall and winter conditions in C1 are close to those described by
Sverdrup, i.e. not nutrient limited.
In C2, we add another degree of realism by allowing I0 to vary seasonally in a sinusoidal manner between winter (I0min , 21 December)
and summer (I0max , 21 June) extrema. The generally larger values of
I0 lead to notably deeper critical depths, such that in C2 the mixed
layer is almost always above the critical depth (Figure 1c). The
larger surface illumination in spring and summer (compared with
all previous experiments) now allows more efficient exhaustion of
mixed-layer nutrients by summer (not shown). In C2, growth and
loss rates are in equilibrium in summer, and both decrease, due to

Model exploration of the critical depth hypothesis

Conclusions
The analytical expression for a critical maximum mixed-layer depth
for bloom onset was formulated by Sverdrup (1953) from a
phytoplankton-only model, solved at steady state. Since then,
both in situ and satellite observations have revealed many instances
where the bloom occurred before the onset of seasonal stratification,
thus challenging the CDH (Townsend et al., 1994; Behrenfeld, 2010;
Boss and Behrenfeld, 2010). These observations have led to a wide
debate regarding Sverdrup’s model assumptions (a recent review

of the debate is provided by Lindemann and St John, 2014) and to
the formulation of two alternative theories that challenged some
aspects of Sverdrup’s hypothesis.
More precisely, the CTH recognizes that apparently mixed layers
(i.e. where temperature and salinity are fairly homogeneous) are
not always regions of intense vertical mixing. This situation occurs
frequently at the end of winter, when the mixed layer is well established, and when cessation of surface cooling and reduction of windstress reduces significantly vertical mixing within this layer compared
with winter values. On the other end, the DRH challenges Sverdrup’s
assumption of a constant loss (mortality) rate. In particular,
Behrenfeld (2010) suggests that a decrease in the loss rate is as plausible as an increase in the growth rate in initiating the bloom. In winter,
such a decrease could be initiated by the dilution of predators and prey
when the mixed layer entrains plankton-free waters.
Conceptual models of the bloom now incorporate all three hypotheses (Chiswell, 2011; Lindemann and St John, 2014). In parallel,
numerical models have shown their ability to simulate them all (e.g.
Dutkiewicz et al., 2001; Behrenfeld et al., 2013). It is uncertain which
is more likely occurring in nature, but understanding is critical if one
wants to project how phytoplankton dynamics will evolve in a
changing ocean (Lindemann and St John, 2014).
Beyond all debate, Sverdrup’s approach was indisputably
pedagogical: it illustrated for the first time how a basic ecosystem
model could be used to address a key ecological problem, namely
the onset of phytoplankton blooms. In this regard, building on
Sverdrup’s approach, I presented a unifying framework in which
the different concepts could be tested and rationalized. The framework is a one-dimensional NPZ model, forced by vertical mixing in
a time-varying mixed layer. It builds on the initial phytoplankton
model of Sverdrup’s and adds the ingredients necessary for testing
the CTH and DRH, i.e. explicit vertical mixing with variable strength
k and variable loss through incorporation of grazing. In addition, this
framework also tested other assumptions of Sverdrup, i.e. steady state,
constant-light absorption, the absence of nutrient limitation, and a
productivity proportional to light.
The set of experiments presented here demonstrates that all three
mechanisms for stimulating phytoplankton blooms can be modelled within this 1D-NPZ framework. It showed that adding complexity to the ecosystem model is not sufficient to make the model
solution deviate from the CDH: the understanding of bloom dynamics requires a comprehensive representation of the physical
drivers, and this representation was oversimplified in Sverdrup’s
model. The following lessons have been learned, and it is to be
hoped will be useful for future bloom studies.
First, it is crucial to make a clear distinction between the mixed
layer and the mixing layer, particularly when analysing observations;
a number of prior studies have pointed that the seasonal thermocline (defined on a density criteria) is not always a good proxy of
the mixing layer (Franks, 2015). This distinction is probably more
natural to modellers, who can easily access to the model vertical
mixing coefficient. Observational estimates of vertical mixing are
sparse, though it may be possible to use the large array of Argo
floats, from which the mixed-layer depth can be extracted, in conjunction with satellite observations of the bloom (Sallée et al.,
2015). An interesting alternative is to compare the bloom onset
with the surface net heat flux rather than to a critical depth
(Ferrari et al., 2014).
Second, it is crucial to account for the evolution of the physical
parameters from the previous summer—and thus of the full seasonal
cycle—to understand bloom dynamics. Many of the recent studies on
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the decreasing amount of light (Figure 1i). Most notably in C2, the
disturbance driven by the deepening of the mixed layer on
November 1 causes a rapid increase of the growth rate, in contrast
to C1 where the growth rate decreased (Figure 1f). This increase
ensues from the resupply of nutrients by entrainment, which alleviates nutrient limitation (not shown), and leads to a positive net
growth. However, as in C1, this increase is short lived. As the
mixed layer continues to deepen, light limitation increases until
the date of the winter solstice (21 December) causing a rapid
decay of the growth rate. In consequence, this first growth period
is limited to fall (to the month of November), while in C1 it
covered fall and winter (until January). Moreover, unlike in C1,
this fall bloom satisfies neither the DRH nor the CDH: it is closer
to a so-called entrainment bloom (i.e. Lévy et al., 2005; Martinez
et al., 2011; Chiswell and Grieve, 2013).
The seasonal increase in surface light in experiment C2 drives a
slow increase in the growth rate that starts at the winter solstice
(21 December), i.e. much earlier than in C1 where the increase of
 followed the mixed-layer stratification (1 March). Incidentally,
m
this leads to a theoretical spring bloom onset in closer agreement
with the CDH than in any other case: the actual bloom onset,
which was late by 2 weeks in most of the previous experiments,
now occurs less than a week before the theoretical bloom onset
date. Accounting for variable surface irradiance thus adds a degree
of freedom which counterbalances the deviations from the CDH
identified before. Note that an experiment similar to C2 but with
a more rapid restratification time scale ts (2 d instead of 30 d),
intended to mimic the rapid decrease of turbulence in the mixed
layer following the spring sign change in surface buoyancy flux
(Taylor and Ferrari, 2011), has the main consequence of a more
abrupt bloom onset, and even closer agreement between the
actual and theoretical bloom onsets (not shown).
Finally in C3, the conditions are identical with those of C2 except
that a stronger background light absorption coefficient is used
(0.15 m21 instead of 0.05 m21), leading to a critical depth shallower
by 100 m. The overall stronger light absorption leads to a stronger
light limitation in fall which prevents the appearance of the fall
bloom; in November, the growth rate decreases abruptly when the
mixed layer started deepening. In this last experiment, there was
only one growth period, in spring, that satisfied the CDH, although
the bloom started 2 weeks after the mixed layer became shallower
than the critical depth.
Experiments C1, C2, and C3 thus illustrate three different fall/
winter situations: one (C1) characteristic of the DRH, with a decrease of the loss rate that exceeds the decrease of the growth rate;
one (C2) characteristic of a fall bloom, with an increase of the
growth rate due to the entrainment of nutrients; and one (C3) characteristic of the CDH, with a sharp decrease of the growth rate as
soon as the mixed layer became deeper than the critical depth.
The spring situations, however, are more similar, with a bloom
that starts shortly after the mixed layer shallowed in all three cases.
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Karleskind, P., Lévy, M., and Memery, L. 2011. Subduction of carbon,
nitrogen, and oxygen in the northeast Atlantic. Journal of
Geophysical Research, 116: C02025.
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the bloom onset focus on the winter-to-spring transition (Brody and
Lozier, 2014; Ferrari et al., 2014). However, as nicely illustrated by
the conceptual model of Chiswell (2011), the summer-to-winter
transition can also be associated with the accumulation of phytoplankton biomass. These early onsets may arise from a diverse set
of processes, such as entrainment of nutrient (Chiswell, 2011), dilution of grazers (Behrenfeld, 2010), or increasing levels of solar radiation (Llort et al., 2015). In the experiments presented here, the
fall/winter production period is clearly separated from the spring
bloom by a period of negative net growth in winter. However, the
two periods can also merge in a single, long period of net growth
and this has been reported both from observations (Lévy et al.,
2005; Behrenfeld, 2010; Sallée et al., 2015) and from different sets of
model experiments (Karleskind et al., 2011; Behrenfeld et al., 2013;
Llort et al., 2015).
Third, the seasonal evolution of surface irradiance is a key, and
often neglected ingredient of the bloom timing. It is puzzling that
in our most realistic experiments, when seasonal variations of
solar radiation are accounted for, the actual onset is in closer agreement with Sverdrup’s theoretical onset date, whereas these variations were not accounted for in the derivation of the critical
depth. We find that this good agreement is due to counter-balancing
effects, where solar radiation shifts the bloom onset toward the
winter solstice, i.e. before the theoretical CDH date, while unsteady
bloom dynamics shift the onset past this theoretical date.
Finally, variable loss—through incorporation of grazing—is necessary but not sufficient to conform to the DRH. In fact in all of our
experiments, the loss rate is constant from winter to spring, in agreement with Sverdrup’s assumption that grazers play a minor role on
the onset of blooms in spring. Winter bloom conforming to the
DRH only emerges in the specific situation where nutrients are
still available at the end of summer and light levels are low, a situation that can be found at subpolar latitudes. Within the parameter
range explored here, this winter onset disappears as soon as the seasonal evolution of surface irradiance is accounted for.
To finish, I remind the reader that the conclusions drawn from
this illustrative set of experiments are limited by the fact that
neither the physical nor the biological parameter spaces have been
exhaustively explored, and that the role of other potentially important mechanisms such as acclimatation of the cells to external conditions or the physiology of sinking (Lindemann and St John, 2014)
has not been addressed.
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Model exploration of the critical depth hypothesis
Martin, J. H., Knauer, G. A., Karl, D. M., and Broenkow, W. W. 1987.
VERTEX: carbon cycling in the northeast Pacific. Deep Sea Res.,
34: 267 –285.
Martinez, E., Antoine, D., D’Ortenzio, F., and de Boyer Montégut, C.
2011. Phytoplankton spring and fall blooms in the North Atlantic
in the 1980s and 2000s. Journal of Geophysical Research, 116: C11029.
Riley, G. A. 1946. Factors controlling phytoplankton populations on
Georges Bank. Journal of Marine Research, 6: 54 – 73.
Sallée, J. B., Llort, J., Tagliabue, A., and Lévy, M. 2015. Characterisation
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About 60 years ago, Sverdrup formalized the critical depth hypothesis to explain the timing of the spring phytoplankton bloom in terms of the
depth of the surface mixed layer. In recent years, a number of reﬁnements and alternatives to the critical depth hypothesis have been proposed,
including the critical turbulence hypothesis which states that a bloom can occur when turbulent mixing is sufﬁciently weak, irrespective of the
mixed layer depth. Here, we examine the relative inﬂuence of wind-driven mixing and net surface heating on phytoplankton growth. Of particular
interest is whether wind-driven mixing can delay the spring bloom after winter convection gives way to net surface warming. We address these
questions using high-resolution large-eddy simulations (LES) coupled with a simple phytoplankton model. We also describe an analytical phytoplankton model with a formulation for the turbulent mixing based on the LES results. For a constant, prescribed surface heat ﬂux, net phytoplankton growth is seen when the windstress is smaller than a critical value. Similarly, for a constant windstress, a critical heat ﬂux separates cases with
growing and decaying phytoplankton populations. Using the LES results, we characterize the critical windstress and critical heat ﬂux in terms of
other physical and biological parameters and propose a simple expression for each based on the analysis of the analytical model. Phytoplankton
growth begins when the mixing depth shoals above the critical depth, consistent with the critical depth hypothesis. Our results provide a framework
to interpret blooms in other conditions where both the depth and the intensity of turbulent mixing might be crucial factors in inﬂuencing phytoplankton growth.
Keywords: critical depth, critical turbulence, large-eddy simulation, mixing depth, phytoplankton bloom, turbulent diffusivity.

Introduction
The striking scene of phytoplankton amassing in the surface boundary layer during spring—the spring bloom—has fascinated scientists for decades. Early work by Gran and Braarud (1935) and
Riley (1946) suggested that the spring bloom begins when the
mixed layer depth first shoals above a critical depth. About
60 years ago, Sverdrup (1953) formalized the “critical depth
hypothesis” and derived an expression for the critical mixed layer
depth based on several assumptions. Among these, he assumed
that: phytoplankton cells are uniformly distributed in the mixed
layer; phytoplankton growth at the onset of the bloom is not
limited by nutrient availability; the depth-dependent cellular
growth rate is proportional to the available light which decreases

exponentially with depth from a surface maximum; and the combined loss rate, which incorporates all sources of phytoplankton
loss, including mortality due to grazing, and losses due to sinking,
viral infection, and parasitism, is independent of depth.
Prompted by observations of phytoplankton blooms preceding
mixed layer shoaling (Townsend et al., 1994; Behrenfeld, 2010;
Boss and Behrenfeld, 2010), several recent studies have proposed
refinements or alternatives to the critical depth hypothesis involving
physical and/or biological triggers of the spring bloom (Huisman
et al., 1999; Behrenfeld, 2010; Chiswell, 2011; Taylor and Ferrari,
2011a, b; Mahadevan et al., 2012). Here, we will consider only physical mechanisms, specifically wind-driven turbulence and the development of stratification through net surface heating. We do not

# International Council for the Exploration of the Sea 2015. All rights reserved.
For Permissions, please email: journals.permissions@oup.com

Downloaded from http://icesjms.oxfordjournals.org/ at Fiskeridirektoratet. Biblioteket. on July 28, 2015

Numerical simulations of the competition between
wind-driven mixing and surface heating in triggering
spring phytoplankton blooms

1927

Numerical simulations of the competition between wind-driven mixing and surface heating

(2013) who found that a stabilizing heat flux was not always sufficient to trigger a bloom. An important open question remains:
what is the value of the critical windstress and how does it change
in response to a stabilizing surface heat flux?
Here, we will seek to identify how the critical windstress depends
on important parameters including the stabilizing surface heat flux
and the critical depth. We will address this question using large-eddy
simulations (LES) that resolve the largest turbulent overturns in a
wind-driven Ekman layer. By systematically varying the surface
windstress and the stabilizing heat flux across a suite of simulations,
we will examine when phytoplankton blooms develop. We will then
use the results from the LES to develop an analytical model, extending previous work by Huisman et al. (1999), Ebert et al. (2001), and
Taylor and Ferrari (2011b) to explicitly include the effects of windforcing and surface heating. The analytical model could help predict
how a given seasonal progression of surface wind and heat fluxes
might lead to the onset of the spring bloom and provides a framework to interpret blooms in observations and models with more
complicated biogeochemistry.
This paper is divided into the following main sections: a description of the setup and results of the LES and an overview of the development of an analytical model in a heated, wind-driven Ekman
layer. After discussion and conclusions, an appendix contains a
comparison of LES and analytical phytoplankton model results.

Large-eddy simulations
Setup
To study the influence of wind-driven mixing and surface heating on
phytoplankton growth, we use high-resolution, three-dimensional
LES of the wind-forced turbulent Ekman layer, as illustrated in
Figure 1. In each simulation, turbulence is generated by imposing a
constant surface windstress, twind. Some simulations also include a
constant, positive net surface heat flux, Q0. Note that since we do
not explicitly include a diurnal cycle in our model, Q0 is intended
to represent the time-averaged net surface heat flux. Taylor and
Ferrari (2011b) simulated the mixing due to a typical diurnal cycle
using LES and found that it was insufficient to prevent a phytoplankton bloom. The complete list of simulation parameters is listed in
Table 1. Our parameter space for Q0 ranges from 0 to 75 W m22
whereas our parameter space for twind ranges from 0.01 to 0.2 Pa.
Although we focus on the coupling effects of surface heating and
winds, our parameter space covers typical spring values.
LES explicitly resolve the largest, most energetic threedimensional turbulent motions and model the influence of smaller
scales. In this methodology, a spatial filter, denoted here by an overbar,
, is applied to the governing equations. The LES then time-steps the
following filtered equations for the three components of velocity, ū,
 and the continubuoyancy, b, phytoplankton cell concentration, P,
ity equation:
∂ū
1
+ ū · ∇ū + f k̂ × ū = − ∇p + bk̂ − ∇ · tSGS + n∇2 ū, (1)
∂t
r0
∂b
+ ū · ∇b = −∇ · lSGS
+ kb ∇2 b,
b
∂t

(2)


∂P
2
 = (m(z) − m)P
 − ∇ · lSGS
+ ū · ∇P
P + kP ∇ P,
∂t

(3)

∇ · ū = 0.

(4)
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attempt to rule out biological drivers of the spring bloom, such as the
dilution-recoupling hypothesis proposed by Behrenfeld (2010).
Our goal is not to reproduce a given spring bloom event, but
instead to examine the possible role of physical drivers on phytoplankton growth during the spring bloom.
Although Sverdrup (1953) used the mixed layer depth, defined
using measured temperature and salinity profiles, as a proxy for
the depth of active mixing, these depths are not always equal
(Brainerd and Gregg, 1995). The mixed layer depth is often
defined in terms of a fixed density or temperature difference from
the surface and reflects the maximum depth of past mixing,
whereas the “mixing depth” is the depth to which currently active
turbulence penetrates. When the mixing depth is shallower than
the mixed layer depth, the former is a more appropriate choice for
comparison with the critical depth (Brody and Lozier, 2014).
Huisman et al. (1999) considered a scenario where the rate of
mixing is not sufficient to maintain a uniform phytoplankton concentration in the mixing layer. Using a one-dimensional column
model with the rate of change of phytoplankton concentration
balanced by growth, losses, and diffusion, they showed that a
bloom could be triggered either by a reduction in the mixing depth
or by a reduction in the strength of mixing within this layer. When
the mixing depth is significantly deeper than the critical depth,
blooms occur in their model when the turbulent diffusivity, kT, is
less than a critical value, kc, the so-called “critical turbulence hypothesis”. This scenario was anticipated by Sverdrup (1953) who
stated: “a phytoplankton population may increase independently of
the thickness of the mixed layer if the turbulence is moderate”.
The “critical turbulence” hypothesis can also be interpreted in
terms of characteristic time-scales (Taylor and Ferrari, 2011b).
Mixing occurs on a time-scale that depends on the size and intensity
of the turbulent motions responsible for stirring phytoplankton
cells down from the ocean surface. On the other hand, phytoplankton cells accumulate in regions where local growth outweighs losses
with a characteristic growth time-scale. When the mixing time-scale
is very fast relative to the growth time-scale, the phytoplankton concentration is expected to remain relatively uniform, in agreement
with Sverdrup’s assumption. On the other hand, when mixing is
slow compared with the growth time-scale, this assumption may
no longer be valid, and a bloom can occur through the critical turbulence mechanism.
Taylor and Ferrari (2011b) applied the critical turbulence hypothesis to study phytoplankton blooms following a period of
thermal convection. In the absence of lateral processes, such as
eddy-induced slumping (Taylor and Ferrari, 2011a; Mahadevan
et al., 2012), they asserted that the spring bloom could be triggered
by a shutdown of thermal convection. This hypothesis was
supported by Ferrari et al. (2014) using satellite observations of
near-surface Chlorophyll concentration and heat flux from an atmospheric reanalysis dataset from the North Atlantic. Taylor and
Ferrari (2011b) assumed that in winter, turbulence in the mixed
layer is driven primarily by thermal convection, whereas winds
play a secondary role.
After the shutdown of thermal convection, phytoplankton
growth could still be suppressed as long as wind-driven mixing is
sufficiently strong. Chiswell (2011) suggested that strong winds
could delay the spring bloom, with a bloom occurring only after
the windstress drops below a critical threshold. Since density stratification generally suppresses turbulence, the level of windforcing
needed to suppress a bloom is expected to increase with increasing
net surface heating. This suggestion was supported by Brody et al.
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Figure 1. Schematic of the LES domain. The domain lengths, lx, ly, and lz,
are listed in Table 1. The lateral boundary conditions are periodic and
the bottom boundary includes a sponge region. For each simulation, a
constant surface windstress and/or a surface heat ﬂux is applied. The
growth model assumes that phytoplankton cell concentration growth
is light-limited and that the biological parameters are constant in time.

local growth rate is m(z) = m0 e−z/hL where m0 ¼ 1 d21 is the
maximum growth rate at the ocean surface, and hL ¼ {5 m,10 m}
is the e-folding depth associated with light penetration. The values
of the biological parameters used in this study, m0, m, and hL, can
be found in Tables 1 and 2. The growth rate is a function of the
average light availability from the past day. Phytoplankton cells
are allowed to move vertically and they instantly adapt to the light
availability at each depth. The instantaneous growth rate is a function of depth alone and so we neglect phytoadaptation (Cullen
and Lewis, 1988) or growth rate dependence on past history. Both
effects can be included if a particle-based Lagrangian approach is
taken instead of an Eulerian model (Broekhuizen, 1999; Nagai
et al., 2004; Ross and Sharples, 2004; Yamazaki et al., 2014). For simplicity, the local growth and loss rates, m0 and m, are assumed to
be constant in time. As a result, we do not consider interactions
between phytoplankton, nutrients, and zooplankton, which would
modulate the growth and loss rates. We also neglect other processes
including cell sinking/buoyancy and motility, since phytoplankton
cell capacities are too weak to counteract the mixing intensity.
Despite these simplifications, the response of the three-dimensional
phytoplankton concentration to resolved and SGS turbulence is
non-trivial.
The values for the biological parameters, m0, m, and hL (Table 2),
are selected for comparison with simulations that examine the beginning of phytoplankton blooms with steady convection, without
a surface windstress, and a critical depth of 50 m (Taylor and Ferrari,
2011b). We include an additional value of hL ¼ 10 m to study if and
how the critical wind changes for a critical depth of 100 m.
Details of the numerical method are given in Taylor (2008) and
we use the same method as Taylor and Ferrari (2011b), except that
we use a different model for the SGS terms. The stable wind-driven
boundary layer, typical in spring and summer, is much shallower
than the convective boundary layer found in winter. The depth of
the stable wind-driven boundary is subject to the strengths of the
surface wind and the surface heating. Although wind deepens the
boundary layer by approximately the Ekman depth, the surface
heating provides stability and shallows the boundary layer.
Previously, Mason and Derbyshire (1990) demonstrated that the
constant Smagorinsky model, used in Taylor and Ferrari (2011b),
might not be appropriate for simulating stable boundary layers
where stratification can suppress turbulent production. This led
to the development of SGS models suitable for the stable boundary
layer (e.g. Kosović and Curry, 2000; Basu and Porté-Agel, 2006;
Beare et al., 2006; Zhou and Chow, 2011; Enriquez, 2013). Here,
we use the dynamic Wong–Lilly model, which has been previously
applied to study the stable atmospheric boundary layer (Zhou and
Chow, 2011, 2012), where the dynamics are analogous to the
stable wind-driven boundary layer considered here (Lien and

Table 1. Parameters for LES.
lx, ly, lz (m)
100, 100, 150
100, 100, 150
100, 100, 150
150, 150, 225

nx, ny, nz
128, 128, 120
64, 64, 120
64, 64, 120
64, 64, 120

hL (m)
5
5
5
10

hc (m)
50
50
50
100

twind (Pa)
0.001*, 0.01
0.02, 0.04, 0.06
0.08, 0.10
0.10, 0.15, 0.20

Q0(W m22)
0
0
0, 5, 25, 50, 75
0, 5, 25, 50, 75

The simulations use a domain size of lx, ly, lz, using nx, ny, nz computational grid-points. The simulations vary the light e-folding depth, hL, the critical depth, hc,
the windstress, twind, and the surface heat ﬂux, Q0. The ﬁrst set of simulations includes unheated cases forced with a surface windstress. The LES with twind ¼
0.001 Pa is an extremely low windstress case that is only used in Figure A3. The second set of simulations includes cases forced with surface heating and
windstress.
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The left hand sides of Equations (1) –(3) include advection by the
resolved three-dimensional velocity field. Unresolved subgrid-scale
SGS
(SGS) processes are represented through tSGS , lSGS
b , and lP , which
denote the SGS stress, buoyancy flux, and phytoplankton flux, respectively. The form of the SGS contributions is described below.
The molecular viscosity, v, is set to 1026 m2 s21. The Prandtl
numbers of phytoplankton and buoyancy, PrP and Prb, are equal
to 1 and 7 (Taylor and Ferrari, 2010), respectively, such that kP ¼
v and kb ¼ v/7. However, since the molecular transport is negligible
in all simulations, our results are insensitive to the value of these
parameters. We apply the Boussinesq approximation and symbolize
the background density as r0.
Since our focus is on the influence of turbulent mixing on phytoplankton growth, we use a highly simplified phytoplankton model
in Equation (3). In particular, we follow Sverdrup (1953) and
Taylor and Ferrari (2011a, b) in assuming that the local growth
rate, m(z), is a prescribed function of depth only and that the loss
rate, m ¼ 0.1 d21, is constant in space and time. The prescribed

Numerical simulations of the competition between wind-driven mixing and surface heating
Table 2. Chosen physical, biological, and numerical parameters
for LES.
Symbol

Value

f
r0
cp
a
g

1024 s21
1000 kg m23
4 × 103 J kg218C21
1.65 × 10248C21
9.81 m s22

m0
m
hL

1 d21
0.1 d21
5, 10 m

n
k
Prb
PrP

1026 m2 s21
1026 m2 s21
7
1

Sanford, 2004). The SGS stress tensor is modelled as:

tSGS = −2nSGS S̄,

(5)

where S̄ = (∇ū + ∇ūT )/2 is the rate of strain tensor. The dynamic
eddy viscosity, vSGS, is given by nSGS = C1 Df4/3. The local horizontal
test filter width, Df, is equal to twice the grid spacing, Dg. The
dynamic coefficient Ce is determined using the least-squares
method of Lilly (1992), which results in an eddy viscosity that
varies in space and time. The SGS buoyancy and phytoplankton
flux terms in Equations (2) and (3) are modelled as:

lSGS
= −kSGS ∇b,
b

(6)


lSGS
= −kSGS ∇P,
P

(7)

where kSGS is the SGS diffusivity. We set the SGS Prandtl numbers of
phytoplankton and buoyancy, equal to 1 such that kSGS ¼ nSGS.
Windforcing is represented by applying a constant stress boundary condition at the top of the domain. Here, the x-axis is aligned
with the windstress, and (u,v,w) will denote the velocity in the downwind, cross-wind, and vertical directions, respectively. Surface
heating is represented by applying a uniform buoyancy flux as a
boundary condition to Equation (2). Since the smallest mixing
depth in our simulations is 25 m, the added buoyancy is quickly
mixed down from the surface. To limit the number of parameters
in this study, we do not include penetrative heating. However, it
would be interesting to include this process in future work.
Although the LES model solves for buoyancy, if we assume a
linear equation of state and neglect freshwater inputs at the surface,
the surface buoyancy flux, B0, can be related to an equivalent surface
heat flux, Q0:
B0 =

Q0 ag
,
cp r0

(8)

where a is the thermal expansion coefficient, g the gravitational acceleration, cp the specific heat capacity, and r0 a background density
(see Table 2 for values).

We use a computational domain size of lx ¼ 100, ly ¼ 100, and
lz ¼ 150 m for simulations with hL ¼ 5 m, and a domain of lx ¼
150, ly ¼ 150, and lz ¼ 225 m for simulations with hL ¼ 10 m. For
both domains, we use nx ¼ 64, ny ¼ 100, and nz ¼ 120 m gridpoints. The resolution of the simulation with a windstress, twind,
equal to 0.01 Pa and Q0 ¼ 0 W m22, is higher to ensure that we
resolve the largest turbulent motions in the thinner Ekman layer.
The domain size is comparable with previous simulations of an
unstratified wind-driven Ekman layer (Zikanov et al., 2003). The
grid is stretched in the vertical direction to resolve small-scale turbulence near the surface. For the smaller domain, the minimum and
maximum vertical grid spacings are 0.3 and 2.3 m, respectively.
For the larger domain, the minimum and maximum vertical grid
spacings are 0.4 and 3.5 m, respectively. Following Taylor and
Ferrari (2011b), we use boundary conditions that approximate an
unbounded domain without large-scale horizontal gradients.
Specifically, periodic boundary conditions are applied in the horizontal directions. A sponge region is placed in the lower 15% of
the domain to prevent interactions between the flow and the
lower boundary.
For each case, there is a 12-h initialization period. At the start of
this period, we prescribe a uniform buoyancy profile, and the velocity is initialized by applying random fluctuations with an amplitude of 0.001 m s21 with no mean flow. During the first 9 h of the
initialization period, the windstress and surface heat flux are
increased linearly from zero to the value specified in Table 1. The
windstress and surface heat flux remain at this value for the remaining 3 h of the initialization period and the remaining 8 d of each
simulation. After the 12 h initialization period, we initialize the
phytoplankton concentration with a uniform profile and reset the
simulation time to t ¼ 0 d. Mean values are calculated by averaging
over horizontal planes and are denoted by k l. Phytoplankton concentrations are normalized by the initial concentration, P0, or the
average surface concentration at a given time, kPs,t l.

Results
Before discussing the effects of surface windstress and heating flux
on phytoplankton dynamics, we briefly describe the mean velocity
and buoyancy fields. Figure 2a and b depicts the mean horizontal
velocities, k
ul and kvl, for twind ¼ 0.08 Pa and Q0 ¼ 0, 25,
75 W m22, averaged from t ¼ 0 to t ¼ 8 d. Our simulations in the
cases with Q0 ¼ 0 W m22 have been validated by comparing with
results from Zikanov et al. (2003), and our mean velocity profiles
closely match their results. As the level of heating increases, the
Ekman flow becomes confined to a shallower region and the
maximum magnitude of the cross-wind component, kvl, increases.
This is consistent with the confinement effects in a stable bottom
Ekman layer reported in Taylor and Sarkar (2008).
Mean buoyancy profiles, kbl, are shown in Figure 2c. For the case
in which Q0 ¼ 0, the buoyancy remains zero since there is no source
of buoyancy. However, the addition of surface heating leads to a
non-uniform buoyancy profile. The warm (buoyant) fluid is confined to a layer near the surface, and this layer is shallower with
stronger heating. Note that the non-uniform profiles of buoyancy
translate to relatively small changes in temperature. The mixed
layer depth is often defined in terms of a fixed density or temperature
difference from the surface. For example, a metric used to define the
mixed layer depth is a temperature change of 0.88C (Kara et al.,
2000). From Figure 2c, the buoyancy change from the surface for
the twind ¼ 0.08 Pa, Q0 ¼ 75 W m22 case is 5.0 × 1024 m s22,
which corresponds to a temperature change of just 0.38C, smaller
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Physical parameter
Coriolis parameter
Background density
Speciﬁc heat capacity
Thermal expansion coefﬁcient
Gravitational acceleration
Biological parameter
Maximum speciﬁc growth rate
Speciﬁc loss rate
e-folding depth associated with
light penetration
Numerical parameter
Molecular viscosity
Molecular diffusivity
Buoyancy Prandtl number
Phytoplankton Prandtl number
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than the Kara et al. (2000) mixed layer depth criterion. Similarly,
other methods to find the mixed layer depth (e.g. Holte and
Talley, 2009) would also classify our full domain as the mixed layer.
Profiles of the turbulent diffusivity of phytoplankton, kT, shown
in Figure 2d, highlight how a stabilizing surface heat flux limits the
vertical extent of phytoplankton mixing. Here, the turbulent diffusivity is defined as the sum of the mean SGS diffusivity, kkSGS l, and
the resolved turbulent diffusivity diagnosed from the LES fields:

kT =


kkSGS l − k
wPl
.

∂kPl/∂z

(9)

For all cases, the SGS diffusivity accounts for less than 10% of the
total diffusivity. For the LES here, the largest SGS diffusivity contributions are located near the surface. Additionally, the SGS contribution increases with surface heating since the length scales become
smaller. As the level of heating increases, the magnitude of kT

decreases and the mixing depth shallows. Note that in the case
with Q0 ¼ 0, mixing extends well below the critical depth, hc ;
hLm0/m ¼ 50 m. Taylor and Ferrari (2011b) derived a useful approximate expression for the critical turbulent diffusivity:

kc ≃

h2L
(m − m)2 .
m 0

(10)

In all three cases shown in Figure 2d, the maximum turbulent diffusivity is larger than the critical turbulent diffusivity, kc ≃ 0.002 m2 s−1 .
Figure 3 shows a three-dimensional snapshot of the phytoplankton concentration for the simulation with twind ¼ 0.08 Pa and Q0 ¼
5 W m22. In this case, the phytoplankton are largely confined to the
warm layer near the surface, although three-dimensional fluctuations in the phytoplankton concentration are still clearly visible.
The level of variability in the three-dimensional phytoplankton concentration at each depth can be quantified with the horizontal variance, shown in Figure 4. Here, the square root of the variance is
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Figure 2. Proﬁles of the resolved mean velocities, (a) kul and (b) kvl, (c) buoyancy, kbl, and (d) total turbulent diffusivity, kT, from the LES with
twind ¼ 0.08 Pa and Q0 ¼ 0, 25, and 75 W m22. Proﬁles are averaged from t ¼ 0 to t ¼ 8 d. For these cases, the critical depth, hc, is 50 m, and the
critical diffusivity, kc, is 0.002 m2 s21.
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normalized by the local mean concentration to aid comparison
between the cases. Without heating, fluctuations in the phytoplankton concentration are relatively small. The normalized variance in
this case increases somewhat with depth, although this is partly a reflection of a decrease in the mean concentration with depth. With
surface heating, the normalized phytoplankton variance is large at
the base of the active mixing layer.
Figure 5 shows the evolution of the horizontally averaged phytoplankton concentration as a function of depth for the three simulations shown in Figure 2d. Profiles are at t ¼ 0, 2, 4, 6, 8 d. For these
cases, the critical depth, hc, is 50 m, and the corresponding
e-folding depth associated with light penetration, hL, is 5 m. The
suppression of turbulent mixing and the restriction of the mixing
depth cause a regime change in the phytoplankton response. In
the case with Q0 ¼ 0, the phytoplankton concentration decreases
in time at all depths and the concentration is modestly surfaceintensified. The lack of a bloom is consistent with strong mixing
with kT . kc over a layer deeper than the critical depth. In contrast,
the cases with a positive surface heat flux exhibit phytoplankton
growth.
In the positive surface heat flux cases shown in Figure 5, the
mixing depths inferred from the vertical phytoplankton flux profiles
are shallower than the critical depth, and the mixing depths clearly
delineate regions of high and low phytoplankton concentration. The
simulations with hc ¼ 100 and hL ¼ 10 m show comparable behaviour to the simulations with hc ¼ 50 and hL ¼ 5 m; If the windstress
is above a critical threshold, phytoplankton cell concentration
decays over time. Additional surface heating may suppress the turbulence and allow phytoplankton cell concentration to increase.
To quantify the mixing depth from the LES, we calculate the depth
at which the vertical phytoplankton flux is less than 5% of the
maximum vertical phytoplankton flux, kw′ P′ l/kw′ P′ lmax = 0.05.

Figure 4. Proﬁles of the ratio of the square root of the averaged
phytoplankton concentration variance to mean phytoplankton
concentration, kP′ P′ l1/2 /kPl from the LES with twind ¼ 0.08 Pa and
Q0 ¼ 0 W m22. Proﬁles are averaged from t ¼ 0 to t ¼ 8 d. For this
case, the critical depth, hc, is 50 m.
The mixing depth diagnosed from the LES using this threshold
allows us to identify the influence of mixing depth on bloom initiation. Figure 6 displays the calculated mixing depths as a function
of surface windstress and heat flux for hL ¼ 5, hc ¼ 50 m (a) and
hL ¼ 10, hc ¼ 100 m (b). As the windstress increases the mixing
depth increases. For a given windstress, the mixing depth decreases
with additional surface heating. Filled symbols in Figure 6 indicate
simulations with positive net phytoplankton growth. Net growth
occurs where the mixing depth is shallower than the critical depth,
consistent with the critical depth hypothesis if the mixing depth is
used instead of the mixed layer depth.
The mixing depth diagnosed from the LES output can also be
used to quantify the net phytoplankton growth rates. The evolution
of the depth-averaged phytoplankton concentration from the LES
for all cases with hL ¼ 5 m (corresponding to hc ¼ 50 m) is shown
in Figure 7. Here, the phytoplankton concentration was averaged
over horizontal planes and within the diagnosed mixing depth
and normalized by the initial concentration:


1 0 kPl
dz,
(11)
Pavg,t = −
L −L P0
where L is the mixing depth diagnosed from the LES using the
method described above. For all cases shown with Q0 ¼ 0, the
depth-averaged phytoplankton concentration decreases in time.
On the other hand, sufficiently large surface heat fluxes can lead
to net growth (Figure 7b).
The net phytoplankton growth rates from the LES can be calculated from the depth-averaged phytoplankton concentration:

s = ln

Pavg,t2 /Pavg,t1
.
t2 − t1

(12)

We calculate the exponential growth rates using Pavg,t at t1 ¼ 4 and
t2 ¼ 8 d and plot them for all cases in Figure 8. Increasing the
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Figure 3. Resolved phytoplankton concentration from the LES
simulation with twind ¼ 0.08 Pa and Q0 ¼ 5 W m22. Phytoplankton
concentrations are normalized by P0, the initial phytoplankton
concentration at t ¼ 0 d. White lines show instantaneous streaklines at
the sea surface. In this simulation, the phytoplankton concentration is
highly conﬁned to a relatively thin mixing layer, although ﬂuctuations
in the phytoplankton concentration are still visible within the mixing
layer itself.
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surface windstress leads to slightly lower growth rates, whereas increasing the surface heat flux leads to higher growth rates. If the
resulting growth rate is positive, it is classified as growth, and
negative if otherwise. Additionally, Figure 6 shows that there is
growth when the mixing depths are shallower than the critical
depth and decay if the mixing depth is greater than the critical
depth.

Analytical phytoplankton concentration model
Although the LES simulates the response of phytoplankton to winddriven turbulence and surface heating, the computations are

expensive, which limits our ability to explore the influence of
various parameters. In this section, we will develop an analytical
model for the phytoplankton concentration in a heated, winddriven Ekman layer using a method similar to that described in
Taylor and Ferrari (2011b). The analytical model will be used to
derive approximate expressions for the critical windstress and critical surface heat flux in terms of other physical and biological parameters. In this section, we will first introduce the form of the
analytical model, then describe parameterizations for the mixing
depth and turbulent diffusivity for the wind-driven and surfaceheated cases. Results of the new model are described in the
“Results from the analytical model” section.
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Figure 5. Proﬁles of the resolved mean phytoplankton cell concentration, kPl/P0 , at t ¼ 0, 2, 4, 6, and 8 d from the LES with twind ¼ 0.08 Pa and
(a) Q0 ¼ 0 W m22, (b) Q0 ¼ 25 W m22, and (c) Q0 ¼ 75 W m22. Phytoplankton concentrations are normalized by P0, the initial phytoplankton
concentration at t ¼ 0 d. The critical depth, hc, is 50 m, and the corresponding e-folding depth associated with light penetration, hL, is 5 m for these
simulations.
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Following Taylor and Ferrari (2011b), we begin by averaging
the three-dimensional phytoplankton concentration equation
[Equation (3)] across horizontal planes to obtain:
∂
d2
P(z, t) = (m(z) − m)P(z, t) + k̃T 2 P(z, t),
∂t
dz

(13)

where P(z,t) is the horizontally averaged phytoplankton concentration, and k̃T represents mixing by resolved and SGS turbulence.
Here, a uniform turbulent diffusivity profile is used and is symbolised by k̃T to distinguish it from the turbulent diffusivity diagnosed
from the LES, kT. Next, we seek exponentially growing/decaying
solutions of the form P(z, t) = P̂(z)est , in which s is the net phytoplankton growth rate. Using this ansatz results in the following
eigenvalue problem:

sP(z, t) = (m(z) − m)P̂(z) + k̃T

d2
P̂(z).
dz 2

(14)

Solving Equation (14) yields a set of eigenvalues, sn, and corresponding eigenvectors, P̂n . The evolution of an arbitrary initial
profile can then be expressed as a linear combination of the eigenvectors:
P(z, t) =



A0n esn t P̂n (z),

(15)

n

with the coefficients, A0n , chosen to match the initial conditions.
For a given set of parameters, we can compute the corresponding
eigenvalues and eigenvectors with a uniform turbulent diffusivity
profile within the mixing depth, L, and with no phytoplankton
flux boundary conditions at z ¼ 0 and z ¼ 2L. Under bloom conditions, when the phytoplankton population grows exponentially,
we expect the most rapidly growing mode to dominate so that
the growth rate eventually asymptotes to the largest eigenvalue,

s  max(sn), regardless of the initial condition. If the largest
growth rate is positive, max(sn).0, a bloom may develop under
the specified conditions. However, before we can interpret the dependence of the results on surface forcing, we need to develop formulations for the mixing depth, L, and the turbulent diffusivity,
k̃T , as functions of the surface windstress and the heat flux.

Mixing depth and turbulent diffusivity scales
To express the mixing depth in terms of the surface forcing, we adapt
the following form from Zilitinkevich and Baklanov (2002), which
includes the effects of surface stress and a stabilizing surface buoyancy flux:
1
f2
fB0
=
+
, for B0 ≥ 0.
2
L
(C1 u∗ )2 (C2 u2∗ )2

(16)

Where C1 and C2 are prescribed constants, f the Coriolis parameter,
u∗ ; (twind /ro )1/2 the friction velocity, and B0 the surface buoyancy
flux. Note that an increase in windstress will result in an increase in
u* and hence an increase in the mixing depth, L. Conversely, as the
magnitude of the surface heat and buoyancy flux increase, the
mixing depth will shallow.
The formulation in Equation (16) effectively interpolates
between the turbulent Ekman depth, dEkman ¼ u*/f, seen in the
first term on the right hand side of Equation (16), and the depth
of a stable boundary layer affected by a surface buoyancy flux and
rotation, dSBL = u2∗ /( fB0 )1/2 (Zilitinkevich, 1972), represented
through the second term on the right hand side of Equation (16).
Brody and Lozier (2014) specify separate and discontinuous
mixing depths for small heat fluxes and large heat fluxes, whereas
Equation (16) provides a continuous formulation for the mixing
depth that is applicable from neutral to strongly stable regimes.
Recall from Figure 2d that the turbulent diffusivity and mixing
depth both depend on the surface forcing. This distinguishes the
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Figure 6. LES mixing depths as a function of the surface windstress for (a) hc ¼ 50 m (hL ¼ 5 m) and (b) hc ¼ 100 m (hL ¼ 10 m). The surface heat
ﬂux varied from 0 to 75 W m22. For a given windstress, increasing the surface heat ﬂux leads to shallower mixing depths. The light e-folding depth,
hL, and the critical depth, hc, are indicated with grey dashed lines. Filled circles symbolize an LES exhibits phytoplankton growth and empty circles
symbolize an LES exhibits phytoplankton decay.
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define the eddy turnover time, t ¼ d/v, using a characteristic turbulent length scale, d, and velocity scale, v. We assume that turbulence
is generated by the surface windstress, in which case the friction
velocity, u*, provides a characteristic turbulent velocity scale. We
further assume that the largest turbulent motions dominate
mixing and that their size scales with the mixing depth such that
d ¼ L and t ¼ L/u*. On dimensional grounds, the turbulent diffusivity will then scale with k̃T  L2 /t, or

k̃T = C3 u∗ L.

dynamics of a heated, wind-forced boundary layer from scenarios
considered in previous studies. For example, in considering
thermal convection, Taylor and Ferrari (2011b) found that turbulence extends throughout the existing mixed layer, and varying the
magnitude of the surface cooling influenced the intensity but not
the depth of mixing. Here, we seek to develop a formulation for
the turbulent diffusivity that captures the inter-dependence of the
mixing depth and mixing intensity for the heated, wind-forced
boundary layer.
To formulate a scaling for the turbulent diffusivity, k̃T , we use
standard mixing length theory (e.g. Wyngaard, 2010). First, we

Three coefficients, C1, C2, and C3, are then needed to relate the
mixing depth and turbulent diffusivity to the surface forcing. To determine the values of these coefficients, we use turbulent diffusivity
profiles diagnosed from the LES. The coefficients are selected to
produce a uniform k̃T that best represents kT for a range of twind
and Q0. Specifically, C1 and C2 are first chosen to produce the best
collapse of the kT profiles. Then, C3 is chosen so that the uniform
k̃T is representative of a depth-averaged kT.
Figure 9 shows the profiles of the normalized turbulent diffusivity, k∗T = kT /(u∗ L), plotted against the normalized depth, z/L, for
the wind-only cases (Figure 9a) and the cases with surface heating
(Figure 9b). In this figure, the approximate corresponding windspeed at 10 m above the sea surface for each windstress value is
2
given for reference. Values are approximated with twind = rair CD U10
,
where rair ¼ 1.3 kg m23 is air density, and CD ¼ 0.0013 is the
drag coefficient. These figures represent our choice of the pair of
C1 and C2 that best collapse the k∗T profiles for all the cases, using
the suggested range of C2 ¼ 0.51 + 0.06 (Zilitinkevich et al.,
2007). Setting C1 ¼ 1 and C2 ¼ 0.57 minimizes the error between
all the k∗T profiles. We choose not to set C1 based solely on the
mixing depth of the wind-only simulations since there is a large
spread in the resulting value of C1. If the mixing depths of the windonly simulations are used, the average value of C1 is 1.45 with a
standard deviation of 0.29. As seen in Figure 9b, the turbulent diffusivity profiles collapse well when normalized by u* and L for all cases
with Q0 = 0. After selecting C1 and C2, we average the kT profiles
from z ¼ 0 to z ¼ 2L and arrive at C3 ¼ 0.02, which is shown as vertical lines in Figure 9. Values of the analytical model coefficients used
in this study are summarized in Table 3. Using a uniform diffusivity
profile may affect the mean growth rates. The growth rates from the
analytical solution are compared with LES results in the Appendix.
Comparing the normalized turbulent diffusivity profiles in
Figure 9a and b, it is worth noting that the turbulent diffusivity
extends deeper in the cases with Q0 ¼ 0 than in the cases with
surface heating. We are unable to identify a set of coefficients C1,
C2, and C3 that produce the same mixing depth in the heated and
unheated cases. We believe that this discrepancy is due to the development of a stable stratification at the base of the mixing layer in the
heated cases, as seen in Figure 2c. This stable stratification inhibits
mixing and somewhat reduces the mixing depth in cases with
Q0 . 0. It would be possible to explicitly include the effects of stratification (e.g. Zilitinkevich and Baklanov, 2002), but this would
require solving an additional prognostic equation for the buoyancy.
In an effort to keep the analytical model as simple as possible, our
formulation depends only on the surface forcing. As will be shown
in the next section, the analytical model produces an excellent agreement with the LES when Q0 . 0, although when Q0 ¼ 0, the analytical model underestimates the mixing depth and consequently,
overestimates the phytoplankton growth rate.
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Figure 7. The evolution of the LES depth-averaged phytoplankton cell
concentration within the mixing depth, L, normalized by the initial
concentration, P0. Cases at various (a) surface windstresses, twind, with
Q0 ¼ 0 and (b) surface heat ﬂuxes, Q0, are shown with the varying twind
shown in (a). Linestyles differentiate the values of Q0 whereas colours
distinguish the values of twind. The plots shown are for the cases with
hc ¼ 50 m (corresponding to hL ¼ 5 m).

(17)
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Figure 9. Normalized turbulent diffusivity proﬁles, k∗T = kT /(u ∗ L), diagnosed from the LES for various windstress, twind, and surface heat ﬂux, Q0.
Panel (a) shows cases with Q0 ¼ 0, and panel (b) shows proﬁles for various positive surface heat ﬂuxes. Vertical lines indicate the average turbulent
diffusivity from all the LES, which is used to acquire the coefﬁcient C3 for a uniform phytoplankton diffusivity model Equation (17). The
corresponding wind at 10 m above the sea surface, U10, is written next to the windstress values. Values are approximated with twind = rair CD U210 ,
where rair ¼ 1.3 kgm23 is air density, and CD ¼ 0.0013 is the drag coefﬁcient.

Results from the analytical model

Table 3. Non-dimensional parameters for the mixing depth
and vertical phytoplankton diffusivity model.

In this section, we describe the predictions of the analytical model
and compare the results with the LES and the critical depth and critical hypotheses. We solve Equation (14) using the formulation for
the mixing depth and turbulent diffusivity described in the previous
section. For comparison, we will start with the same biological

Parameter
C1
C2
C3

Value
1.0
0.57
0.02
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Figure 8. LES growth rates as a function of the surface windstress for (a) hc ¼ 50 m (hL ¼ 5 m) and (b) hc ¼ 100 m (hL ¼ 10 m). The surface heat
ﬂux varied from 0 to 75 W m22. For a given windstress, increasing the surface heat ﬂux leads to higher growth rates. The grey dashed lines indicate
zero growth. Filled circles symbolize an LES exhibits phytoplankton growth and empty circles symbolize an LES exhibits phytoplankton decay.
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parameters as the LES, although the analytical model allows us to
explore a much wider range of physical forcing and to derive expressions for the critical heat flux and critical windstress. Details of the
parameter space used for the analytical model are in Table 4. In the
first part of this section, we apply the same biological parameter
values as in the LES, but use a wider range of surface windstress
and heat flux. The sensitivity analysis that follows varies the biological parameters m0 and hL, in addition to the wider range of
surface windstress and heat flux.

Table 4. Parameters for the analytical model that complement
the LES.
m0
(d – 1)
1
1
0.5
0.5
0.5
1
1
1
1.5
1.5
1.5

hL
(m)
5
10
5
10
15
5
10
15
5
10
15

Chl
(mg m23)
4
0.2
4
0.2
0.05
4
0.2
0.05
4
0.2
0.05

hc
(m)
50
100
25
50
75
50
100
150
75
150
225

twind
(Pa)
0.001 –0.1
0.001 –0.4
0.001 –0.1
0.001 –0.4
0.001 –1.0
0.001 –0.1
0.001 –0.4
0.001 –1.0
0.001 –0.1
0.001 –0.4
0.001 –1.0

Q0
(W m – 2)
0 –100
0 –100
0 –100
0 –100
0 –100
0 –100
0 –100
0 –100
0 –100
0 –100
0 –100

Varying parameters for simulations include the maximum growth rate, m0,
light limiting depth, hL, the critical depth, hc, the windstress, twind, and the
surface heat ﬂux, Q0. The corresponding chlorophyll (Chl) concentration for
each hL value is noted in the table. The windstress is described as a range with
a spacing of 0.001 Pa. The surface heat ﬂux also covers a range. The spacing
used is 5 W m22. The simulations in the top section are compared directly
with LES results. The simulations on the bottom section are used for testing
the sensitivity of m0 and hL on the solution.

Figure 10. Normalized net growth rate, s* ; s/m, curves from the analytical model as a function of the surface windstress, twind, and surface
heating, Q0, with a critical depth, hc, of 50 m (black). This critical depth corresponds to hL ¼ 5 m. The zero growth curve (dashed black lines)
indicates the boundary between phytoplankton cell concentration growth and decay. The resulting growth (ﬁlled circle) or decay (open square) of
phytoplankton cell concentration averaged over L from the LES is also shown. Contours of mixing depth, L (a), and phytoplankton turbulent
diffusivity, k̃T (b), are shown in grey.
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Dz
(m)
0.1
0.1
0.1
0.1
0.1
0.1
0.1
0.1
0.1
0.1
0.1

The resulting normalized net growth rate from the analytical
model, s* ¼ max(sn/m), is shown as a function of surface windstress and surface heat flux in Figures 10 and 11. The s* ¼ 0 curve
separates growing and decaying solutions and indicates the critical
windstress for a given heat flux. In general, the normalized growth
curves show that increasing the surface windstress leads to slower
growth rates and that increasing surface heating promotes faster
growth, as expected. Figure 10 shows contours of the growth rate
for hc ¼ 50 m (corresponding to hL ¼ 5 m), whereas Figure 11
uses hc ¼ 100 m (corresponding to hL ¼ 10 m). When Q0 ¼ 0,
the model predicts a critical windstress of 0.03 Pa when hL ¼
5 m, whereas a higher critical windstress (0.13 Pa) is predicted
when hL ¼ 10 m.
For comparison, symbols also indicate whether a specific LES
exhibited growth (filled circle) or decay (open square) of phytoplankton concentration averaged over L for a given surface windstress and a heat flux. In general, the s* ¼ 0 contour predicted
from the analytical model delineates the growing and decaying
cases from the LES. However, when Q0 ¼ 0, the critical windstress
is somewhat overpredicted by the model.
One interpretation of the critical depth hypothesis is that net
phytoplankton growth should occur when the mixing depth is shallower than the critical depth. When the mixing depth is equal to the
critical depth, L ¼ hc, no growth should occur. We can evaluate this
hypothesis using the analytical model which includes the effects of
limited turbulent mixing by comparing the L ¼ hc contour with
the s* ¼ 0 contour, as shown in Figure 10a. In this case, the critical
depth is hc ¼ 50 m, and indeed, the L ¼ 50 m contour follows
the s* ¼ 0 contour relatively closely. The discrepancy between the
two can largely be explained by the slight overestimate of the
mixing depth in the cases with Q = 0. Similarly, the L ¼ 100 m
contour closely coincides with the zero growth rate contour for
the case hc ¼ 100 m (Figure 11a).
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The magnitude of the turbulent diffusivity, estimated using
Equations (16) and (17), is shown along with the growth rate contours in Figures 10b and 11b. To evaluate the critical turbulence hypothesis for a heated wind-driven boundary layer, we can compare
the k̃T = kc contour to the marginal stability contour (s* ¼ 0). For
hL ¼ 5 m, the critical turbulent diffusivity is kc ¼ 0.002 m2 s21, and
the k̃T = kc contour intersects the zero heat flux axis at 0.01 Pa,
which is less than the critical windstress 0.03 Pa, predicted by
the analytical model. For hL ¼ 10 m, the critical turbulent diffusivity is kc ¼ 0.009 m2 s21, and the k̃T = kc contour intersects the zero
heat flux axis below the critical windstress 0.13 Pa predicted by
the analytical model. When Q0 . 0 the k̃T = kc and s* ¼ 0 contours diverge further, indicating that the critical turbulence
becomes less significant with increased surface heating.
Analytical expressions for the critical windstress and the critical
heat flux can be obtained by solving Equation (14) for a range of
surface windstress and heat flux values. For a given surface windstress or a given surface heat flux, the corresponding critical surface
condition can be estimated. To do this, we will use the approximate
expression for the critical turbulent diffusivity from Equation (10)
and substitute Equations (16) and (17) for the turbulent diffusivity.
Without surface heating (Q0 ¼ 0), the critical windstress is

tcrit
f h2L
=
(m − m)2 .
C1 C3 m 0
r0

(18)

When the surface heating and windstress are both non-zero, the analytical solutions are somewhat more complicated. The critical buoyancy flux is

Bcrit =

twind
r0

3



C22 C32 m2
twind C22 f
.
−
C12
r0
h4L (m0 − m)4 f

(19)

From this expression, the critical surface heat flux can be calculated
using Qcrit ¼ Bcritcpr0/(ag), where cp and a are the heat capacity and
thermal expansion coefficient, respectively. It is less simple to isolate
an expression for the critical windstress with surface heating which

satisfies the following cubic equation
 2

tcrit
f r
r2 fB0
C32 m2
= h4L (m0 − m)4 2 0 + 20 2 ,
r0
C1 tcrit C2 tcrit

(20)

where B0 is the surface buoyancy flux. This equation can be readily
solved numerically, but the closed form expression for tcrit is cumbersome. However, we can rewrite Equation (20) in terms of the Ekman
layer depth, dEkman, and the stable boundary layer depth, dSBL, defined
in the “Mixing depth and turbulent diffusivity sales” section:


tcrit
1
1
.
(21)
C32 m2
= h4L (m0 − m)4 2 2
+ 2 2
r0
C1 dEkman C2 dSBL
Although dEkman and dSBL both depend implicitly on the windstress, we can examine limits when one is much smaller than the
other. When surface heating is small and dEkman ,, dSBL, we
recover the expression given in Equation (18). In the other limit,
when heating is large enough to confine mixing to a depth much
shallower than the Ekman depth, i.e. when dSBL ,, dEkman, the critical windstress is

tcrit
=
r0


fB0 h4L

(m0 − m)4 C22
m2
C32

1/3
.

(22)

Note that large stabilizing surface buoyancy fluxes increase the critical windstress. The critical windstress also depends strongly on hL,
m0, and m.
Numerical solutions of Equation (20) are shown in Figure 12 for
various values of the critical depth. Each curve traces out solutions
with no net growth as a function of the windstress and the surface
heat flux. The figure can therefore be used to find the critical
surface heat flux for a given windstress, or conversely the critical
windstress for a given surface heat flux. We expand on the simulations presented above by adding an additional value of hL + 15 m
and allowing m0 to vary from 0.5, 1.0, and 1.5 d21. This causes the
critical depth, hc, to vary over a wide range from 25 to 225 m.
Figure 12 shows that as the critical depth increases, the critical
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Figure 11. Same as Figure 10 but for hc ¼ 100 m (corresponding to hL ¼ 10 m). The scale of twind is larger than Figure 10.
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growth curve shifts towards higher windstresses and lower surface
heat fluxes. In other words, a larger critical depth requires a stronger
wind to suppress a bloom.

Discussion and conclusions
In this paper, LES were used to study the response of phytoplankton
to wind-driven mixing and surface heating. Results from a series of
LES runs forced with various constant values of the windstress and
surface heat flux were used to develop parameterizations for the
mixing depth and turbulent diffusivity and assess the analytical
model that was based on these parameterizations. We then presented analytical solutions to extend the LES results to a wider
range of parameter values and obtained expressions for the critical
windstress and the critical heat flux in terms of other physical and
biological parameters.
The LES results indicate that the depth and intensity of mixing
are each capable of influencing phytoplankton growth. In the
absence of positive heating averaged over a day, net phytoplankton
growth occurs in the LES when the windstress is below a critical
threshold. The LES results agree with the critical depth hypothesis;
phytoplankton growth occurs when the mixing depth first becomes
shallower than the critical depth. In this case, wind-driven mixing
maintains a relatively uniform phytoplankton concentration in
the mixing layer, and growth conditions are consistent with the critical depth hypothesis based on the mixing layer depth rather than
the mixed layer depth. During this period, there is a decoupling
between the mixed and the mixing layer.
The critical windstress predicted by our analytical model
depends strongly on the surface heat flux and the critical depth

(Figure 12). In the absence of heating and when the critical depth
is relatively small (hc ≤ 50 m), the critical windstress is very
small (,0.05 Pa). In this case, very little wind is sufficient to mix
phytoplankton out of the euphotic layer and prevent a bloom.
This is consistent with the conclusion drawn by Taylor and
Ferrari (2011b) who found that very low levels of surface cooling
were sufficient to prevent blooms. However, Figure 12 also shows
that the critical windstress is highly sensitive to the critical depth.
This is a new result and was not seen under convective conditions.
Unlike convection which extends throughout the mixed layer,
wind-driven mixing cannot extend far below the Ekman layer
depth in the absence of surface heat fluxes. Therefore, a large
windstress is required to keep phytoplankton cells well-mixed
below a deep critical depth. The addition of surface heating strongly restricts the depth of mixing and results in a sharp increase in the
critical windstress.
We can interpret the sensitivity of phytoplankton growth to
winds and heating using the parameterizations for the mixing
depth and turbulent diffusivity introduced in Equations (16) and
(17). First, consider a case with no net heat flux (Q0 ¼ 0), where
L / u∗ /f and kT / u2∗ /f . If the windstress is reduced by an
amount Dtwind
, the mixing depth, L, will be reduced by a factor pro√
portional to Dtwind , whereas the turbulent diffusivity, kT, will decrease by a factor of Dtwind. Depending on the particular physical
and biological conditions, it is therefore possible for kT to drop
below the critical turbulence threshold before the mixing depth
shoals above the critical depth. Conversely, when the mixing
depth is strongly influenced
by the stabilizing effect of surface

heating and L / u2∗ / B0 f , an increase in the surface heat flux will
reduce L and kT by the same factor. Therefore, if the turbulent diffusivity associated with wind-driven mixing alone is much larger
than the critical turbulence threshold, it is unlikely that increasing
the surface heating will trigger a bloom through the critical turbulence criterion before the mixing depth shoals above the critical
depth.
In an effort to isolate the influence of various physical mechanisms
on the timing of the spring bloom, we used a highly simplified phytoplankton model. We neglected several factors that could be important
in the timing of the spring bloom, including phytoplankton/
zooplankton interactions (Behrenfeld, 2010), nutrient availability
(Moore et al., 2006), and eddy-driven restratification (Taylor and
Ferrari, 2011a; Mahadevan et al., 2012). The results of our model
are therefore best interpreted not as a prediction for the timing of a
given bloom event, but rather an indication of the sensitivity of phytoplankton growth to winds and surface heating. Part of the rationale for
considering a simplified phytoplankton model is that LES simulations are very costly, which makes exploring a vast parameter space
extremely challenging. However, the analytical model that we presented could be expanded to include a more complex biogeochemical
model and used to study how a complex ecosystem responds to
changes in physical forcing.
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Figure 12. Normalized analytical critical growth, s*, curves as a
function of the surface windstress and surface heat ﬂuxes. These curves
represent the sensitivity of the critical growth curve to the critical
depth, hc = hL (m0 /m). Each curve represents a solution for a given
critical depth, which results from varying m0 ¼ 0.5, 1, and 1.5 d21 and
the e-folding depth associated with light penetration, hL ¼ 5, 10, and
15 m. The loss rate, m, is constant and is set to 0.1 d21. From right to left,
the critical depths increase from 25 to 225 m, indicating that a higher
critical depth requires a higher critical windstress for a given heat ﬂux.
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Kosović, B., and Curry, J. A. 2000. A large eddy simulation study of a
quasi-steady, stably stratified atmospheric boundary layer. Journal
of the Atmospheric Sciences, 57: 1052– 1068.
Lien, R -C., and Sanford, T. B. 2004. Turbulence spectra and local similarity scaling in a strongly stratified oceanic bottom boundary layer.
Continental Shelf Research, 24: 375– 392.
Lilly, D. K. 1992. A proposed modification of the Germano subgrid-scale
closure method. Physics of Fluids A, 4: 633– 635.

1939

1940

R. M. Enriquez and J. R. Taylor

Figure A1. Comparison of mixing depths from LES and analytical
solutions for various windstress, twind, and surface heating, Q0, cases.
Symbols depict individual values of twind. Larger symbols indicate
higher levels of Q0.

Figure A2. Comparison of net growth rates from LES and analytical
solutions for various windstress, twind, and surface heating, Q0, cases.
Symbols depict individual values of twind. Larger symbols indicate
higher levels of Q0.

Comparison of LES and analytical model results

Figure A3. Normalized analytical growth, s*, curves (grey) as a function of the turbulent diffusivity, k̃T , and mixing depth, L (a). Arrows indicate the
movement from an unheated case to higher surface heating, Q0, cases for a given twind. The mixing depth and turbulent diffusivity from the LES are
shown in (b). Lines connect the cases with the same twind. Dashed lines indicate the critical turbulent diffusivity, kc, and the critical depth, hc.
Symbols depict individual values of twind: star, 0.001 Pa; diamond, 0.01 Pa; circle, 0.02 Pa; left-pointing pointer, 0.04 Pa; right-pointing pointer,
0.06 Pa; triangle, 0.08 Pa; square, 0.10 Pa. Filled symbols correspond to phytoplankton cell concentration growth.
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In this section, we compare the calculated mixing depth and phytoplankton growth rate results from the LES and analytical model to
understand any model biases.

The values of the mixing depth from the analytical model and the
LES are shown in Figure A1. The analytical model underpredicts
the mixing depth for the unheated cases and slightly overpredicts
the mixing depth for the heated cases. This is because the coefficient
C1 in Equation (16) tended to be higher than the chosen value for the

Appendix

Numerical simulations of the competition between wind-driven mixing and surface heating

The turbulent diffusivity and mixing depth diagnosed directly
from the LES with hL ¼ 5 m (corresponding to hc ¼ 50 m) are
shown in Figure A3. Comparing Figure A3, it is clear that the
model significantly underpredicts L for the cases with Q0 ¼ 0.
However, the turbulent diffusivity from the analytical model
matches the turbulent diffusivity diagnosed from the LES more
closely. The coefficients for the analytical model were selected to
predict the eddy diffusivity more accurately than the mixing
depth. Additionally, there is more disagreement in the normalized
eddy diffusivity profiles for the unheated cases than the heated
cases. Therefore, it is also expected that there would be more agreement between the analytical model and LES eddy diffusivities for the
heated cases. Following the series with Q0 ¼ 0 in Figure A3 from
high to low windstress, growth does not begin when the critical turbulence threshold is crossed. The LES also demonstrates that phytoplankton growth occurs when the mixing depth is less than the
critical depth. To see this trajectory, we add a special twind ¼
0.001 Pa wind-only case to this figure.
The results shown are for cases with hc ¼ 50 m. However, the
results are qualitatively similar for the cases with hc ¼ 100 m. By
comparing Figures 10 and 11, we see that higher values of windstress
are needed to suppress growth for deeper critical depths. The analytical model and LES results for the cases with hc ¼ 100 m also show
that phytoplankton growth occurs when the mixing depth is less
than the critical depth.
Handling editor: Shubha Sathyendranath
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wind-only cases. Rather than using distinct values of the coefficients
in the heated and unheated cases, we chose a combination of C1 and
C2 that led to the smallest standard deviation in the normalized eddy
diffusivity profiles across all cases.
Figure A2 shows a comparison of the growth rates from the analytical model and the LES. Overall, the analytical model captures the
growth rate inferred from the LES well, although there are some differences, notably in the unheated case with twind ¼ 0.01 Pa. For this
case, the model predicts significant phytoplankton growth, but the
LES shows weak decay for the period examined, although the
growth rates are small in magnitude in both models. The overprediction of the growth rates from the analytical model when Q0 ¼ 0
appears to be due to an underestimate in the mixing depth for these
cases.
Figure A3 shows contours of the normalized growth rate from the
analytical model (s*) as a function of kT and L for the cases with
hL ¼ 5 m (corresponding to hc ¼ 50 m). The critical turbulent diffusivity and critical depth thresholds are depicted as dashed lines.
Symbols indicate the values of the turbulent diffusivity and
mixing depth calculated for the analytical model with values of Q
and twind corresponding to each LES run. Arrows indicate the direction of increasing surface heat flux, Q0, for a constant windstress,
twind. When following along a series with twind ¼ 0.08 or 0.1 Pa,
and increasing the surface heat flux, the trajectory crosses the s* ¼ 0
contour when the mixing depth is very close to the critical depth.
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Discussions on the controls initiating the onset of the phytoplankton spring bloom in particular in the North Atlantic have since Sverdrup been
dominated by the role of physical and biological drivers. Undoubtedly, these drivers play an important role in phytoplankton dynamics and thus the
onset of the spring bloom. However, they neglect the cells ability to modify vital rates in response to changes in the external environment. In this
study, we use a non-hydrostatic convection model coupled to an Individual-Based-Model to simulate changes phytoplankton cells during the transition from winter conditions as driven by convective mixing, and the onset of thermal stratiﬁcation resulting in the spring bloom. The comparison
between a simulation using a standard ﬁxed rate approach in line with the original Sverdrup hypothesis and a simulation parameterized to include
variable respiration and sinking rates showed that the latter approach was able to capture the observed phytoplankton concentration during deep
convective mixing, the timing and magnitude of the spring bloom as well as simulating realistic physiological rates. In contrast, the model employing
ﬁxed rate parameterizations could only replicate ﬁeld observations when employing unrealistic parameter values. These results highlight the
necessity to consider not only the physical and biological external controls determining phytoplankton dynamics but also the cells ability to
modify critical physiological rates in response to external constraints. Understanding these adaptive qualities will be of increasing importance
in the future as species assemblages and physical controls change with changing climate.
Keywords: cell sinking, dark respiration, deep convection, phytoplankton spring bloom.

Introduction
The onset of the North Atlantic phytoplankton spring bloom has
received a significant amount of attention due in part its influence
on the dynamics of higher trophic levels (Houde, 2008) and its
role for the biological carbon pump (Sanders et al., 2014). The
“Critical-Depth-Hypothesis” (Sverdrup, 1953) with its foundations
in the works of Gran and Braarud (1935) and Riley (1946) has served
as the starting point for predicting the onset of the spring bloom. It
has been widely discussed, criticized, and extended based on
increased understanding of the role of abiotic and biotic mechanisms. For example, Eilertsen et al. (1995) based on the role of light
on phytoplankton proposed photoperiod control as a driving mechanism for the onset of the spring bloom. Moreover, the “CriticalTurbulence-Hypothesis” (Huisman et al., 1999) predicts bloom

conditions based on turbulent diffusivity, light-limited growth,
and mixed-layer depth. Following this mechanism, low levels of turbulent diffusivity are not able to counteract cell sinking, while high
levels of turbulence mix cells out of the euphotic zone. At an intermediate level, sinking is balanced by turbulent mixing, retaining
the cells in the euphotic zone where they receive sufficient light
to generate a surface phytoplankton bloom. The “ConvectionShutdown-Hypothesis” (Ferrari et al., 2014) builds upon earlier
findings by Townsend et al. (1994) and Taylor and Ferrari (2011a)
and suggested that the shutdown of winter convective mixing could
serve as a better indicator for the onset of the spring bloom
than the mixed-layer depth, the basis of the “Critical-DepthHypothesis”. This approach has subsequently been interpreted
as an extension of Huisman’s “Critical-Turbulence-Hypothesis”
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buoyancy (Acuña et al., 2010) via active regulation of inorganic
(Anderson and Sweeney, 1977) and organic material (Boyd and
Gradmann, 2002). Buoyancy regulation and hence the sinking
rate of phytoplankton cells has been related to growth (Waite
et al., 1992; Brookes and Ganf, 2001). Fast growing cells typically
are found to show lower sinking rates than cells growing under conditions of limiting light (Waite et al., 1992), nutrients (Bienfang
et al., 1982) or iron (Waite and Nodder, 2001), independent of
cell size. These observations suggest that growth conditions are
more important in controlling cell sinking than cell size (Bienfang
et al., 1982; Peperzak and Colijn, 2003).
To assess the importance of the cells ability to modify dark respiration and sinking, we developed and employed an IndividualBased-Model (IBM) for phytoplankton cells. IBM models have
proven to be a useful tool for understanding the growth dynamics
of phytoplankton cells (Hellweger and Kianirad, 2007). One of the
advantages of the Lagrangian approach relative to the Eulerian approach is that an individual particle can be followed through
space and time. Thus, the individual history of one particle cannot
only be stored for analysis, but particle properties can depend on
the “life history” as well as the abiotic and biotic constraints impacting on the individual. In this study, using a non-hydrostatic convection model (CM) coupled to a Lagrangian IBM, we investigate the
effect of the cells natural ability to adjust their respiration and
sinking in relation to changes in environmental conditions over
the course of the onset of the spring bloom.

Material and methods
Non-hydrostatic convection model
The non-hydrostatic CM utilized has been employed in several
studies (Kämpf and Backhaus, 1998; Backhaus et al., 1999; Wehde
and Backhaus, 2000; Wehde et al., 2001; Große et al., 2014) and is
set on an isotropic, equidistant grid. The model uses Boussinesqequations for an incompressible fluid to describe a 2.5 dimensional
ocean slice. The ocean slice itself is two dimensional (x,z); however,
fluxes are calculated for all three dimensions (x,y,z). The equations
for conservation of movement are as follows:
∂U
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where U, V, and W are the velocity components for the three dimensions (x,y,z). The variable P denotes the non-hydrostatic part of the
pressure, g represents the gravity, vt the eddy viscosity, r′ the reduced
density, and r0 represents the reference density. The variables f and
f 8 are the complete Coriolis parameters. The turbulent eddy viscosity (vt) is parameterized by the zero-order turbulence closure by
Kochergin (1987). The numerical stability is ensured by the CFL stability criteria with a physical time steps for advection of temperature,
salinity, and momentum set to a maximum of 1 min.
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(Behrenfeld and Boss, 2014). Furthermore, processes such as frontal
systems (Taylor and Ferrari, 2011b) and vertical processes
(Mahadevan et al., 2012) can play an important role in creating
stratification and thus initiating surface blooms without a change
in net surface heat flux. All of these mechanisms infer physical controls as the primary cause of the rapid increase in surface chlorophyll
observed in early spring. A more biologically based interpretation of
the controls on the spring bloom has been presented by Behrenfeld
(2010). The “Disturbance-Recovery-Hypothesis” suggesting that
phytoplankton blooming is predominately controlled by biological
interaction, namely the release of grazing pressure due to dilution of
microzooplankton grazers (Landry and Hassett, 1982; Behrenfeld
and Boss, 2014).
Given the multiple and interrelated mechanisms acting to influence the phytoplankton community, it is unlikely that one dominant
mechanism, biological or physical in nature controls phytoplankton
growth and the onset of the spring bloom. More likely, these dynamics
are controlled by an interplay between the aforementioned mechanisms with one or the other dominating spatially and or temporally
and leading to the heterogeneous manifestation of the bloom as
seen in satellite (Lindemann and St John, 2014).
An omission in the discussion to date has been the basic physiological ability of phytoplankton to modify their vital rates relative to
their external conditions. The Critical-Depth-Hypothesis (Sverdrup,
1953) assumes a constant respiration rate, encompassing grazing,
sinking and cell respiration, independent of depth and the diurnal
cycle. This does not reflect the cells ability to modify critical rates
such as respiration and sinking, which potentially lead to a change
in the critical depth (Smetacek and Passow, 1990).
Cell respiration is a highly variable internal process influenced
by environmental conditions such as temperature (Verity, 1982),
nutrients (Laws and Bannister, 1980), and light (Falkowski and
Owens, 1980) as well as cellular growth. Light-limited low growth
rates can induce a reduction of metabolic rates and thus dark respiration (Jochem, 1999). Based on laboratory studies, Falkowski and
Owens (1980) determined that for cells acclimatized to a specific
light level, the ratio of maximum production and dark respiration
remained the same over a wide variety of light intensities suggesting
that the maximum growth and respiration rates can be equally
affected by light. This observation was supported in subsequent
studies, e.g. Cosper (1982), Verity (1982), Langdon (1988), and
Sakshaug et al. (1989).
However, in the North Atlantic during winter, within the deep
convective layer, cells can be exposed to rapidly changing light
levels, thus not conforming to the assumption of constant light
or a steady state. Investigations on short-term dark respiration
responses to changing light conditions have shown that dark respiration increases rapidly with photosynthesis (Weger et al., 1989). As
light declines, photosynthesis declines commensurate with the
reduction in light; however, dark respiration does not react instantaneously but decreased gradually to a minimum (Weger et al., 1989;
Xue et al., 1996). This decoupling of photosynthesis and respiration
results in proportionally higher rates of respiration after light exposure (Falkowski et al., 1985).
Phytoplankton cells have been observed to exhibit a wide range of
different sinking rates, from several meters per day (Smayda, 1970)
to positive buoyancy (Acuña et al., 2010). For cells of similar shape
and density, the sinking speed can be estimated using Stokes law
(Miklasz and Denny, 2010). However, density is influenced by the
species-specific cell composition and growth phase. Cells can maintain density levels close to neutral buoyancy, or even achieve positive
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The equations of conservation for temperature (T ) and salinity
(S) are:
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where dET /∂t and dEs /∂t are the thermal and saline sea surface
forcing, respectively. The variables KT and KS are the eddy diffusivities for heat and salt, respectively, and are set equal to the eddy
viscosity (vt).
The thermal surface forcing changes according to
(6)

where csw is the specific heat of seawater. The variable Qnet denotes
the net surface heat flux calculated by
Qnet = DQlw + Qsw + Qlat + Qnses ,

(7)

where △Qlw is the difference between the atmospheric long-wave
radiation and the long-wave radiation from the sea surface, Qsw is
the incoming short wave radiation, Qlat is the latent heat flux, and
Qsens is the sensible heat flux.
Light intensity (I) in the water column at depth (z) is described by
−(ke +s)z

I(z) = I0 × exp

(8)

,

where I0 is the incoming radiation at the sea surface, z is the depth, ke is
the extinction coefficient due to turbidity, and s the self-shading of
phytoplankton estimated by
s = kphy C,

(9)

where kphy, the extinction coefficient of phytoplankton, is 0.03 (Große
et al., 2014) and C is the phytoplankton concentration in
(mmol C m23).
For further details of the physical model, see Kämpf and
Backhaus (1998) and Wehde and Backhaus (2000). Deviating
from the older versions of this model, this version uses the equation
of state proposed by McDougall et al. (2003), which uses potential
temperature instead of the in situ temperature (UNESCO, 1981).

The biological IBM consists of Lagrangian tracers depicting phytoplankton cells of indefinite biomass within the ocean slice where the
biological time step is set to 5 min.
Phytoplankton growth during winter and early spring in the
North Atlantic is not believed to be nutrient limited, therefore it
does not account for nutrient limitation. Grazing is not accounted
for explicitly, but it is parameterized by a biomass-dependent mortality rate (m). All biological parameter values are given in Table 1.

Cell growth
Net phytoplankton concentration depends on the cells growth rate
m, the cells sinking rate v, and advection and diffusion in the three
dimensions:
DC ∂C
∂C
=
− ∇ · (UC) + ∇ · (vt ∇C) − v
+ mC,
Dt
∂t
∂z

(10)

where U ¼ (U,V,W ). The growth rate is estimated by

m = PC − r − m,

(11)

where PC is the photosynthesis, r is the respiration, and m is the
mortality.
Photosynthesis is calculated according to:



achl I uC
C
PC = Pmax
,
1 − exp − C
Pmax

(12)

C
where Pmax
is the maximum specific photosynthesis rate, a chl is the
initial slope of the function, and uC is the chlorophyll-to-carbon
ratio. Changes in chlorophyll are described following Geider et al.
(1997):

dChl
= rchl PC C − rChl,
dt

(13)

where r chl is the biosynthesis of chlorophyll according to


rchl = uCm


PC
,
achl I uC

(14)

where uCm is the maximum chlorophyll-to-carbon ratio.

Table 1. Biological model parameters and scaling coefﬁcients.
Description
Maximum speciﬁc carbon ﬁxation rate
Chl-speciﬁc initial slope of PI curve
Maximum Chl-to-carbon ratio
Cost of biosynthesis
Mortality rate
Speciﬁc respiration reduction in dark
Maintenance cost
Maximum sinking velocity
Sinking rate scaling coefﬁcient
a

Symbol
Pcmax
a chl
uchl
m
Z
m
ar
r0
v max
av

Value
3
0.5
0.05
0.23
0.05
0.0455
0.02
6.8
4.15

Unit
d21
1025 gC m22 (gChl mmol photons)21
gChl (gC)21
gC (gC)21
d21
h21
gC (gC)21
m d21
–

Source
Geider et al. (1998)
Geider et al. (1997)
Cloern et al. (1995)
Geider et al. (1998)
Wehde et al. (2001)
Weger et al. (1989)
Geider and Osborne (1989)
Smayda (1970)a
Waite et al. (1992)

Only considering alive cells.
The values for the speciﬁc respiration reduction in the dark and the sinking rate scaling coefﬁcient were extracted from Weger et al. (1989) and Waite et al.
(1992), respectively.
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Cell respiration
In this model, cell respiration rate consists of maintenance metabolism (r 0) and the cost of biosynthesis which, under the influence of
light, is proportionally related to photosynthesis. However, when
photosynthesis ceases, biosynthesis does not stop immediately,
but decays over time (e.g. Walter et al., 2015). Weger et al. (1989)
investigated short-term acclimation of phytoplankton dark respiration to variable light conditions. While the shutdown of light led
to a gradual decrease of respiratory loss, moving from dark to
light conditions showed an almost instantaneous return of high respiration rates. Here, the respiration rate is modelled accounting for
these dynamics through:
(15)

where the upper term represents respiration in light with z being
the cost of biosynthesis. The second expresses the decrease of respiration in the dark, where ar is the rate of decrease with time, which
was extracted from Weger et al. (1989).

Cell sinking
The sinking rate of each cell is modelled based on the concept of
Waite et al. (1992), who coupled the sinking rate to the overall metabolic state of the cell. They found that when cells were transferred
from light into darkness, their sinking rate could be described as a
negative function of their respiration rate.
The sinking rate can therefore be described by the maximum
sinking velocity vmax and a scaling factor (av) of the relative respiration (r′ ), which was extracted from Waite et al. (1992):
v ′

v = vmax −a r ,

Model simulations
To demonstrate the effect of the cells ability to modify rates of both
sinking and respiration, we compared the model simulation, using
the variable parameterizations for respiration and sinking as
described above, to simulations using fixed values. Other than
employing the variable parameterizations, both the fixed value
simulations and the adaptive simulation are identical. The values
used in the simulations with fixed parameter values were chosen
to encompass the range of values found in the adaptive simulation.
These fixed values were 0.02, 0.135, 0.25, and 0.47 for the daily
average carbon-specific respiration (d21) and 0, 2.25, 4.5, and 6.8
sinking (m d21), respectively. We compared the adaptive run to
runs with each of the 4 × 4 combinations of these fixed respiration
and sinking rates. The outputs of these fixed value simulations and
the respective fixed parameter combinations are presented in
Figure 5.

Results
The beginning of the simulation is characterized by a negative
net surface heat flux (Figure 1a), with minimal values of ca.
2350 W m22. This led to strong convective mixing as indicated
by the turbulent kinetic energy (TKE) (Figure 1b). The initial

(16)

where
r′ =

r
.
C + r0
zPmax

(17)

Model setup and initial conditions
The model was set up to simulate conditions at Ocean Weather
Station Mike (OWM) (668N 028E), the same station where the
observations by Sverdrup (1953) were used to develop the
Critical-Depth-Hypothesis. Three hourly meteorological forcing
for the period was obtained from the Norwegian Meteorological
Office (METNO) and was used for the simulation from 5 April to
10 May 1997 (yearday 95 –130) with the first 5 d considered as
spin-up. The simulation was initialized with vertical profiles from
Ocean Weathership Mike. This period was chosen since it encompassed the period from pre-bloom conditions with typical deep convective mixing to stratified conditions with shallow wind-driven
mixing towards the end of the simulation. Here (and in the following) we refer to deep convection as convection that is not driven by
nocturnal cooling, but extends over a longer period, hence leading
to deeper convective mixing. The simulation was not continued
throughout the full spring bloom as our assumptions (e.g. no nutrient limitation) would be invalid. Field observations of the further
development of the spring bloom after our simulation period
showed the maximum chlorophyll concentration occurred on

Figure 1. Physical water properties as predicted by the
non-hydrostatic CM over the course of the simulation at Ocean
Weathership Mike. (a) Simulated net surface heat ﬂux (W m22).
(b) Hovmöller diagram showing simulated water column TKE
(cm2 s21) on a log scale. (c) Simulated temperature within the water
column (8C). The black line indicates the estimated mixed-layer depth.
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6P + r 0
r = max
ar ,
r × exp

23 May (yearday 143) with values of over 3 mg Chl m23 (Niehoff
et al., 1999).
In our study, Lagrangian tracers (20 000 particles) were randomly distributed from 10 to 400 m depth at the beginning of the simulation. The model domain was set to 1000 × 1500 m with a grid size
of 5 × 5 m.
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Figure 2. Integrated chlorophyll at Ocean Weathership Mike over the
course of the simulation. The solid lines show chlorophyll integrated
over the upper 100 m. Grey dots are observations of 100 m integrated
chlorophyll. The dashed line shows chlorophyll integrated over the
mixed-layer depth and hence over the varying convective layer depth.

Figure 3. Phytoplankton properties simulated by the non-hydrostatic
CM over the course of the simulation at Ocean Weathership Mike.
Hovmöller diagrams show the (a) carbon-speciﬁc respiration rate
(d21), (b) sinking rate (m d21), and (c) phytoplankton concentration
(mg C m23).

Adaptive simulations
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The simulated biomass and dynamics of the winter phytoplankton
community using the adaptive parameterization compares well
with the published 100 m integrated values of Irigoien et al.
(1998) and Niehoff et al. (1999), showing an increase in biomass
of 200% (Figure 2) over the period of the simulation.
Until the onset of stratification, the integrated chlorophyll over
the mixed layer showed a decreasing trend (Figure 2). The onset
of stratification was marked by a short lived drop in mixed-layer
integrated phytoplankton biomass after which the mixed-layer integrated phytoplankton concentration started to increase similar to
that of the 100 m integrated chlorophyll. The drop can be attributed
to cells being “left behind” below the now stratifying mixed layer,
thus reducing the integrated biomass due to a decrease in the
water column depth now defining as the mixed layer.
Depending on their position within the water column, the phytoplankton “particles” were either retained within the mixed layer or
where “detrained” (Behrenfeld and Boss, 2014) into deeper waters as

has been suggested earlier by Evans and Parslow (1985). Our simulations illustrate that during deep convective mixing all tracers are
generally homogeneously distributed throughout the mixed layer
(Figure 3c). However, occasionally increased production occurred
in agreement with the Critical-Turbulence-Hypothesis (Huisman
et al., 1999) leading to an increased phytoplankton biomass near
the surface. This biomass was however subsequently quickly
mixed throughout the convective mixed layer (CML) as result of
an increase in turbulent mixing.
A reduction in net surface heat flux after 28 April (yearday 118)
(Figure 1a) led to reduced cooling of surface water and thus to a reduction in convection depth. Thereafter, primary production in the
upper 50 m increased with reduced mixing towards the end of
the simulation (Figure 3c). The simulated chlorophyll-to-carbon
ratio varied between 0.05 and 0.018 with surface values being the
lowest, in particular toward the end of the simulation. These
values are at the higher end of the range of values reported in the literature (Cloern et al., 1995; Geider et al., 1997), which is however not
surprising given the overall low light levels. Dark respiration generally followed the same pattern as primary production. However,
because the increase in production did not occur instantaneously,
it showed a wider spread over time and space (Figure 3a). Within
the euphotic zone, defined as 1% of surface light level, the ratio of
integrated daily carbon-specific gross production and integrated
daily carbon-specific respiration rate varied in between 28 and
39% (Figure 4), which compares well with value reported in the literature. Geider (1992) summarized several earlier measurements on
phytoplankton respiration finding a range of 26– 65% carbon being
respired over 24 h. Laws and Bannister (1980) found night losses in
between 10 and 20% of daytime production and a more theoretical
approach (Marra and Barber, 2004) yielded values of 35 –40% of
daily respiratory losses.

period of strong mixing was followed by a reduction in net surface
heat loss (2100– 70 W m22) causing a reduction in convective
mixing, followed by a stabilization of the water column (5 May,
yearday 125) as indicated by the temperature profile (Figure 1c).
This resulted in changes in the mixed-layer depth, defined here as
the depth range over which the temperature deviates by ,0.28C
from 10 m below the surface. This value is on the lower range of
values commonly used to define the MLD (de Boyer Montégut
et al., 2004). The temperature within the surface layer (6.3 –
6.58C) as predicted by the model compares well with observations
and the onset of stratification was captured by the model both
with regard to the timing (5 May, yearday 125) and stratification
depth (50 m) (Irigoien et al., 1998).
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Sinking rates were lowest at the surface during this period with
rates as low as 0.13 m d21. Generally, sinking rates increased with
depth and were highest below the mixed layer reaching v max of
6.8 m d21 (Figure 3b).

Adaptive vs. ﬁxed parameterizations
We compared the adaptive run to runs with different combinations
of fixed respiration and sinking rates (Figure 5). In general, changes
in respiration rates had a bigger influence on phytoplankton biomass
than sinking rates. Runs with respiration set to the minimum value
(r 0 ¼ 0.02 d21) systematically overestimated the phytoplankton
biomass regardless of the sinking rate applied. Runs using respiration rates of 0.25 and 0.47 d21 always underestimated phytoplankton concentrations. In the runs using a fixed respiration rate of
0.135 d21, the simulated phytoplankton concentration showed a
much better fit with observations (Figure 5).
The impact of the sinking rate on phytoplankton biomass was
more pronounced towards the end of the simulations, despite
remaining less important than the respiration rate. In these simulations, using fixed rates, the ratio of daily carbon-specific gross production to respiration within the euphotic zone varied in between
0.09 and 0.15 d21 (Figure 4) which is lower than the lowest values
than the values reported in the literature.

Discussion
Phytoplankton biomass
Traditionally, it has been assumed that the peak integrated phytoplankton biomass is associated with the spring bloom. During
this period, cells experience sufficient light for growth due to a

Individual physiology of phytoplankton growth
The ability of a phytoplankton cell to react to changing environmental conditions, although a key determinant of biomass production
and community structure has received little attention in relation
to the onset of the spring bloom.
For an individual cell, the internal growth is dependent upon
nutrients, the photosynthetically active radiation for growth and
the loss terms such as sinking and respiration, which become proportionally more important under conditions of low growth
(Sakshaug et al., 1991).

Sinking
Phytoplankton sinking rates are highly variable and depend on
species, cell shape, life stage, growth condition, and particle aggregation (Smayda, 1970; Miklasz and Denny, 2010). Sinking velocities of
phytoplankton cells rarely exceed a few tens of meters per day, while
actively growing cells have been shown to have much lower sinking
velocities and can even achieve positive buoyancy (Moore and
Villareal, 1996; Acuña et al., 2010). In a convective regime vertical,
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Figure 4. Simulated ratio of daily average respiration rate to daily gross
production rate. The thick black line indicates the result as simulated by
the adaptive model. The thick gray line indicates the result as simulated
using a ﬁxed speciﬁc respiration rate of 0.135 d21 and a sinking rate of
4.5 m d21. The shaded area indicates that the range of values reported
in the literature. Vertical lines indicate that limits of range reported by
Laws and Bannister (1980) (dash-dotted), Geider (1992) (dashed), and
Marra and Barber (2004) (dotted).

reduced mixing depth while not under the influence of nutrient
limitation, that is, the classical critical-depth model (Sverdrup,
1953). However, the concept of “phyto-convection” (Backhaus
et al., 1999) suggests that deep convective mixing can sustain a
homogenously distributed viable phytoplankton biomass within
the deep winter mixing zone on the same order of magnitude as
during the spring bloom (Backhaus et al., 2003). In our simulation,
phytoplankton cells are generally homogenously distributed
during deep convection which was closely followed by the onset of
stratification and an increase in surface phytoplankton biomass
(Figure 3c). However, before the onset of stratification around
25 April, a reduction in surface cooling resulted in a net surface heat
flux of around zero (Figure 1a). During this period, no change in
mixed-layer depth was observed a minor increase in phytoplankton
surface concentration occurred (Figure 3c). Similar dynamics have
been observed in the North Atlantic (Townsend et al., 1992) and
support the hypothesis that the shutdown of deep convective
mixing is a better indicator for growth conditions than the hydrostatic vertical water column profile (Townsend et al., 1994; Taylor
and Ferrari, 2011a). This pulse of productivity also indicates that
the cells contained in an actively mixed layer represent the potentially photosynthetic active phytoplankton. Phytoplankton biomass
within the deep CML was observed by Backhaus et al. (2003) to be
similar to estimates of biomass occurring during the spring
bloom. Our model shows similar dynamics with the total standing
stock over the CML being on the same order as that after the onset
of stratification (Figure 2). Hence, the upper 100 m, a traditional
approach for estimating integrated biomass, has the potential to
underestimate the standing stock during winter.
Given these observations, the question then arises as to the
mechanisms allowing phytoplankton cells to survive and maintain
a viable phytoplankton stock in a deep mixed layer where they
spend a large period below the euphotic zone. Over the course of
winter, the release from micro-zooplankton grazing pressure has
been suggested to compensate for the reduction in light exposure
as the mixed layer deepens (Behrenfeld and Boss, 2014). Our
model does not include an explicit representation of zooplankton
grazing pressure; hence, we were not able to address this question.
However, the adaptive simulation showed a good fit with field observations without a detailed representation of grazing, suggesting that
physiological acclimation could play an equally important role.
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Figure 5. Simulated 100 m integrated chlorophyll at Ocean Weathership Mike using different combinations of ﬁxed values for carbon-speciﬁc
respiration rate (0.02, 0.135, 0.35, 0.47 d21) and ﬁxed sinking rates (0.0, 2.25, 4.5, 6.8 m d21). The grey dots indicated measured values.

velocities can be approximately several hundred meters per day
(Marshall and Schott, 1999; D’Asaro, 2008) thus greatly exceeding
sinking rates. Nevertheless, sinking can remain an important
aspect, since cells may still sink out at the bottom of the mixed, especially during periods of reduced winter deep convection which
is of varying depth and temporal duration (Marshall and Schott,
1999). This is captured in our simulation (Figure 1b). Hence, cells
can experience periods without convective mixing, causing
increased sinking, and increased detrainment of cells at the base of
the convective layer. Convective layer deepening, due to stronger
winds and cooling, can lead to an entrainment of previous “lost”

cells back into the CML depending on the interaction between
sinking rate and convective mixing. For example, D’Asaro (2008)
found that the maximum sinking velocity for cells to be successfully
re-incorporated into the CML to be 7 m d21. In this study, lower
sinking rates (0.13–3.7 m d21) were recorded near the surface,
generally staying below 2 m d21.
Towards the end of the simulation when environmental conditions became more favourable for growth and stratification had
commenced, sinking rates in the upper 50 m ranged between 0.13
and 1.1 m d21 (Figure 3b). Sinking rates below the mixed-layer
depth remained relatively constant at the maximum of 6.8 m d21.
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Dark respiration
Dark respiration can be highly variable and is known to change with
growth and physiological condition of the cell (Waite et al., 1992;
Jochem, 1999). In the classical critical-depth model (Sverdrup,
1953) however, as in most models, it is treated as a constant, potentially leading to significant errors (Smetacek and Passow, 1990).
As growth during winter is normally limited by light due to
shorter photoperiod and deeper mixing, dark respiration holds
the potential to be an important physiology component, impacting
on the onset of the spring bloom as well as the winter stock.
Using variable respiration rates, the model estimated higher
values of respiration closer to the surface (Figure 3a), where cells
exhibit positive growth rates. This is in agreement with our mechanistic understanding of dark respiration (Falkowski and Owens, 1980;
Jochem, 1999) and with the reported ratios of respiration to gross
growth (Laws and Bannister, 1980; Geider, 1992; Marra and
Barber, 2004).
A reduction of the respiratory losses with depth can allow cells to
prolong the availability of energetic reserves and thus survival in the
dark. During winter in a deep convective layer, this can be an important survival strategy (McMinn and Martin, 2013), potentially
playing an important role in determining the seed population for
the spring bloom (Backhaus et al., 1999).

Fixed vs. ﬂexible parameterizations
In this study, we contrasted simulations with variable respiration
and sinking rates with those using fixed values to highlight the
potential importance of the cells response to environmental conditions. Usually in our simulations, comparisons of fixed respiration
and sinking rates over the range of values encompassed by our
flexible parameterizations were unable to reproduce the observed
concentrations (Figure 5). Applying a specific respiration rate of
0.135 d21 showed a similarly good fit to observations. However,
this fixed respiration rate, when expressed as respiration in percentage loss per gross growth (Figure 4) is below the value reported for
growing cells (Laws and Bannister, 1980; Geider, 1992; Marra and
Barber, 2004). Conversely, the adaptive model was able to simulate
a realistic gross growth to respiration ratio (Figure 4). This resulted
in higher respiration rates near the surface, which needed to be compensated by lower respiration rates at depth (Figure 3a) to achieve
similar biomass to the observations (Figure 2). Thus, to reproduce
the observed concentrations, the model required employing fixed
parameter values of respiration not substantiated in the literature.
This indicates that during the winter and the spring transition

period acclimation of physiological rates can be an important
process to sustain the phytoplankton community.

Conclusion
In this study, we showed, using a Lagrangian phytoplankton IBM
which allowed cells to modify physiological rates, that plasticity of
physiological rates can play in important role for the persistence
and composition of the North Atlantic phytoplankton community.
When using variable respiration and sinking rates, the model was
able to capture the observed phytoplankton concentration during
deep convective mixing and the timing and magnitude of the
onset of the spring bloom (Figure 2), while simulating realistic
physiological rates. In contrast, the model with fixed rates was
only able to produce the observations when employing unrealistic
parameter values. These results highlight the importance of considering variable parameterization in modelling approaches and
suggest that the cells ability to adjust physiological rates to environmental conditions may play an important role in the onset of
classical phytoplankton spring bloom. The adaptive model was
able to maintain a viable phytoplankton biomass over the convective
layer during winter similar to that observed by Backhaus et al.
(2003), with potentially important implications for the carbon
budget. Furthermore, minor phytoplankton surface blooms
during winter occurred in the absence of stratification due to a reduction in deep convective mixing. Similar features have been
observed in the North Atlantic (Townsend et al., 1992) supporting
the hypothesis that active mixing can be more important in controlling growth (Taylor and Ferrari, 2011a) than the hydrostatic conditions employed in the classical critical-depth model (Sverdrup,
1953).
Clearly, the biophysical environment sets the boundaries on
phytoplankton dynamics and thus plays a central role in phytoplankton community dynamics. However, an organisms ability to
acclimatize to these constraints cannot be neglected, as it allows
the organism to find loopholes to escape these controls (Chisholm,
1992). To gain a more realistic understanding of phytoplankton dynamics, the interplay between physical and biological controls
needs to be merged with advances in our understanding of the
physiologically determined adaptive capacities of phytoplankton
cells.
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Große, F., Lindemann, C., Pätsch, J., and Backhaus, J. O. 2014. The influence of winter convection on primary production: a parameterisation using a hydrostatic three-dimensional biogeochemical
model. Journal of Marine Systems, Elsevier BV, in press.
Hellweger, F. L., and Kianirad, E. 2007. Individual-based modeling of
phytoplankton: evaluating approaches for applying the cell quota
model. Journal of Theoretical Biology, 249: 554– 565.
Houde, E. D. 2008. Emerging from Hjort’s Shadow. Journal of
Northwest Atlantic Fishery Science, 41: 53– 70.
Huisman, J., van Oostveen, P., and Weissing, F. 1999. Critical depth and
critical turbulence: two different mechanisms for the development
of phytoplankton blooms. Limnology and Oceanography, 44:
1781– 1787.
Irigoien, X., Head, R., Klenke, U., Meyer-Harms, B., Harbour, D.,
Niehoff, B., Hirche, H., et al. 1998. A high frequency time series at
weathership M, Norwegian Sea, during the 1997 spring bloom:
feeding of adult female Calanus finmarchicus. Marine Ecology
Progress Series, 172: 127– 137.
Jochem, F. 1999. Dark survival strategies in marine phytoplankton
assessed by cytometric measurement of metabolic activity with
fluorescein diacetate. Marine Biology, 135: 721– 728.
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Phytoplankton growth and biomass accumulation vary spatially and temporally in the Ross Sea, largely as a function of ice concentrations, vertical
mixing depths, and iron concentrations. To assess the role of vertical mixing in bloom initiation, we used a high-resolution numerical model to
estimate changes in mixed layer depths from October 1 through early December, the period where phytoplankton growth begins and biomass
accumulates, and estimate critical depths for this period. Mixed layers in October ranged from the complete water column (.600 m) to ca.
200 m; over a 60-day period, the mixed layers decreased on average by 70%. Estimated critical depths were exceeded in October, but would
allow growth to proceed in late October due to shoaling of mixed layer depths, consistent with the known onset of the spring bloom in the
Ross Sea. We also analysed a series of stations sampled near the Ross Ice Shelf during January 2012. Mean vertical proﬁles for the stations indicated
deep vertical mixing; mixed layer depths averaged 60 m and ranged up to 96 m. Chlorophyll concentrations within the mixed layer averaged
6.60 mg l21, and the pigment contributions were dominated by Phaeocystis antarctica. We suggest that this mesoscale region near the ice shelf
is elevated in phytoplankton biomass due to frequent mixing events that redistribute biomass to depth and replenish nutrients, which in turn
are utilized by an assemblage capable of utilizing low mean irradiance levels. Thus, the deep mixed layers and high biomass concentrations represent
growth over long periods under reduced mixing punctuated by short periods of deeper vertical mixing that redistribute biomass. Water column
vertical mixing and phytoplankton biomass in the Ross Sea are consistent with the critical depth concept as originally proposed by Sverdrup.
Keywords: biomass, chlorophyll, irradiance, phytoplankton, Ross Sea, vertical mixing.

Introduction
Southern Ocean phytoplankton experience exceptionally large
variations in physical forcing variables, such as irradiance, vertical
water column stratification, and nutrient supply, and also have relatively low growth rates due to low temperatures. The classical concepts formalized by Sverdrup (1953) have long been applied to
Southern Ocean phytoplankton (Mitchell and Holm-Hansen,
1991; Nelson and Smith, 1991), in that it has largely been assumed
that vertical mixing is deep in winter, and mixed layers shoal as
less saline water from ice melt and heat from increased solar irradiance in spring increases vertical stratification in spring and summer.
These concepts have been questioned by Behrenfeld (2010), who
suggested that blooms in the North Atlantic were regulated by the
tight coupling between grazers and phytoplankton, as well as the

dilution effect due to increased vertical mixing in winter. This
“dilution-recoupling” hypothesis was further supported by drifter
data from the North Atlantic (Boss and Behrenfeld, 2010).
Mahadevan et al. (2012) suggested that eddy-derived mesoscale variations in mixed layer depths provided a mosaic of environments in
which phytoplankton growth proceeded, and thus generated a
bloom in spring that preceded one derived from temperatureinduced stratification. Behrenfeld (2010) largely used satellite data
to support his argument, as there are few direct observations collected during the onset of spring blooms in any environment. This
is especially true in the Southern Ocean and its most southerly
seas, such as the Ross Sea, where thick ice cover makes it difficult
for ships to sample during the winter–spring transition.
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(Dinniman et al., 2003, 2011). The circulation model uses a 5-km
horizontal grid spacing with 24 terrain-following vertical layers,
and its domain extends from 67.58S to under the Ross Ice Shelf.
The model includes a dynamic sea ice model (Budgell, 2005) that
prognostically calculates sea ice concentration and thickness

Figure 1. Modelled spatial distributions of the depth of mixing (m) in
the Ross Sea from (a) October 1 and (b) November 27.

Material and methods
Numerical model
The numerical model uses an implementation of the Regional
Ocean Modeling System (Haidvogel et al., 2008) for the Ross Sea

Figure 2. Modelled changes in the mixed layer depth between
October 1 and November 27.
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Assessments of the role of irradiance on phytoplankton growth
have shown the importance of vertical mixing in the Southern
Ocean. Mitchell and Holm-Hansen (1991) suggested that mixed
layers .40 m precluded phytoplankton growth and accumulation in the West Antarctic Peninsula; Nelson and Smith (1991)
calculated critical depths for the Ross Sea and concluded that the
critical depth concept indeed was applicable in describing phytoplankton growth and biomass accumulation. Smith et al. (2000)
combined data from a series of cruises with a large range of mixed
layer depths (some with mixed layers .600 m) and confirmed the
conclusion of Mitchell and Holm-Hansen (1991) that growth was
largely restricted to locations where mixed layers were ,40 m.
This was strong circumstantial evidence of the validity of the critical
depth concept, but none of these studies sampled during early
spring or conducted a time series of plankton development.
Hence, while a relationship between vertical mixing and phytoplankton was established, a complete test of the Sverdrup concepts
was lacking.
The Ross Sea is a heterogeneous system that becomes nearly completely ice covered in winter, with ice growing to ca. 1 m in thickness.
There are regions near the coast, such as in Terra Nova Bay and near
the central Ross Ice Shelf, where intense winds blow ice away from
the coast and reduce ice concentrations in small areas. These areas
continue to produce ice due to the very low air temperatures (ca.
2608C); ice formation results in brine rejection, the sinking of
which in turn drives deep vertical mixing. The spatial extent of such
mixing is, however, unknown. Indeed, very few observations on the
water column are available for the winter and early spring period,
given the difficulty of gaining access to the region at that time.
The waters close to the Ross Ice Shelf are different from those over
much of the rest of the continental shelf, in that they often exhibit
deep mixed layers throughout the year. They also are the sites of
large blooms of the haptophyte Phaeocystis antarctica (El-Sayed
et al., 1983). In other parts of the Ross Sea, P. antarctica blooms
appear early in spring (ca. late October; Smith and Gordon, 1997)
and reach very high biomass (up to 15 mg l21 chlorophyll) by
mid-December, after which the colonial forms disappear rapidly
from the water column (Smith et al., 2011). After Phaeocystis
biomass is reduced, diatoms often grow, occasionally reaching
chlorophyll concentrations that are equal to those of the primary
Phaeocystis bloom (Smith et al., 2006, 2011). The presence of
Phaeocystis near the ice shelf is unusual, but also is quite predictable.
We present data from two sets of experiments. The first is the
result of a model of Ross Sea circulation (Dinniman et al., 2003,
2011) that accurately represents the essential physical processes on
the continental shelf at a resolution that is relevant to phytoplankton
growth and accumulation. The second is a set of measurements
taken near the Ross Ice Shelf where deep mixed layers were detected
along with enhanced concentrations of phytoplankton biomass. We
use both of these to suggest that the concepts developed by Sverdrup
(1953) indeed are applicable to the Ross Sea (and by extension, to
much of the Southern Ocean), and to suggest a mechanism by
which extensive accumulations of phytoplankton biomass can
accumulate in the deep mixed layer despite the likely irradiance
limitation.
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(Stern et al., 2013) and accurately depicts circulation, shelf-water
formation, and ice distribution (Dinniman et al., 2007, 2011;
Smith et al., 2014a). Winds and air temperatures were taken every
6 h from the ERA-Interim (Dee et al., 2011). The model also simulates the mechanical and thermodynamic interactions between the
Ross Ice Shelf and the waters below (Holland and Jenkins, 1999;
Dinniman et al., 2011). Ocean tides are included. Mixed layers
were derived from October 1 through November 27 at 2-week intervals. Mixed layers are defined by a change in st of 0.01 kg m23 from a
stable surface layer (Thompson and Fine, 2003), as were observational mixed layers (see below).

W. O. Smith and R. M. Jones
submarine) were measured using BioSpherical Instruments
quantum sensors. Water was collected from 12 depths in the upper
150 m for nutrients, phytoplankton biomass (chlorophyll a,

Observations

Figure 4. Vertical distribution of density (st) and ﬂuorescence in the
entire water column (z ¼ 561 m) at St. 12 (occupied on 27 October
1996; 78.028S, 175.918E) within 20 km of the Ross Ice Shelf.

Figure 3. Modelled density distributions from the coast of Victoria
Land to 1808 along 778S on (a) October 1 and (b) November 27. The
mixed layer depth is indicated by
the solid black line. Critical depths in
October were 27 m, assuming an Eo of 5 mol photons m22 d21and
a KPAR ¼ 0.048 m21, and in late November equalled 218 m, when Eo
was assumed to increase to 40 mol photons m22 d21.

Figure 5. Distribution of density (st) along 778S on 16– 17 November
2006 (Smith et al., 2013). Mixed layer depths indicated by triangles and
solid line.
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Observations in the Ross Sea were collected as part of Processes
Regulating Iron Supply at the Mesoscale (PRISM) in January–
February 2012 from the RVIB Nathaniel B. Palmer cruise NBP12-01.
Hydrographic information was obtained using a Seabird 911+
CTD that was fitted with a WETLabs fluorometer and SeaTech transmissometer. Mixed layer depths were determined as with the model;
that is, changes in st from the stable surface layer (generally from
10 m) of 0.01 kg m23 (Thompson and Fine, 2003; Sedwick et al.,
2011; Smith et al., 2011, 2013). Kaufman et al. (2014) compared a
number of independent methods of determining mixed layer
depths and found no substantial difference among them, and also
used a 0.01 kg m23 threshold. Irradiance data (both surface and
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Table 1. Calculated critical depths [from Equation (1)] and
measured euphotic zone (1% isolume) depths, mixed layer depths,
and mean mixed layer chlorophyll concentrations for PRISM stations
located near the Ross Ice Shelf.
Mixed
Station
layer depth
number
(m)
57
39
58
45
59
42
60
91
61
51
62
47
63
54
64
70
65
93
66
58
67
36
68
96
69
79
70
54
71
47
Mean + SD 60.1 + 20.5

Euphotic
zone depth
(m)
28
25
29
29
30
29
25
25
26
26
31
30
29
28
31
28.1 + 2.15

Mixed layer
chlorophyll
Critical
concentration
depth (m) (mg L21)
32
8.71
29
8.22
33
5.67
33
6.00
35
7.38
33
4.97
29
7.79
29
6.26
30
5.81
30
6.24
36
3.53
35
6.41
33
8.69
32
8.30
36
5.07
32.2 + 2.47 6.60 + 1.53

Surface irradiance assumed to be 20 mol photons m2 2 d2 1.

Table 2. Mean and SD of oceanographic variables at stations near
the Ross Ice Shelf (n ¼ 15).
Variable
Mixed layer depth (m)
Euphotic zone depth (m)
Nitrate concentration (mM)
Silicic acid concentration (mM)
Chlorophyll a concentration (mg l21)
POC concentration (mmol l21)

Mean + SD
60.1 + 20.5
28.1 + 2.15
18.1 + 1.38
72.1 + 1.55
6.60 + 1.53
35.1 + 7.83

particulate organic carbon (POC) and nitrogen, pigment, and biogenic silica concentrations; only chlorophyll a data are used in this
analysis), and phytoplankton composition using Teflon-coated, external closure Niskin bottles. Methods for the determination of all
variables are described in detail elsewhere (DiTullio and Smith,
1996; Gardner et al., 2000; Smith et al., 2006).
Critical depths (Zc) were calculated using a reformulation of the
Sverdrup (1953) equation (Nelson and Smith, 1991) or


Zc =

E0
,
3.78KPAR

(1)
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Figure 6. Location of the stations occupied near the Ross Ice Shelf in January 2012 during NBP12-01. White square in inset shows the location of the
PRISM ice shelf stations.
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Results
Model and supporting observations
Modelled mixed layers in the Ross Sea are spatially variable and are
a function of the magnitude and duration of brine rejection from
the pack ice. For example, near the Ross Ice Shelf where southerly
winds blow off the shelf and advect the pack ice to the north, new
ice is continually generated in the polynya, and brine is continuously released, driving extremely deep mixing (Figure 1). Deep
mixing also occurs over the shallow banks that parallel the coast
of Victoria Land; conversely, lesser mixing occurs in the troughs
where warmer water enters onto the shelf from the Ross Gyre.
Changes in mixed layer depth over this 8-week period were large,
and most areas had mixed layers that shoaled by 100 m or more,
except in areas where pack ice remained (Figure 2). The modelled
distribution of density along 778S demonstrates the large temporal
changes in mixed layer depths (Figure 3). Critical depths along this
transect, assuming a constant irradiance, are shallower than the
mixed layer depths in early October, but largely greater than the
mixed layers in late November. Specifically, if a daily irradiance
of 5 mol photons m22 d21 and chlorophyll concentrations of
,0.1 mg l21 are assumed in early October, critical depths equal
27 m [derived from Equation (1)]; when daily integrated irradiance increases by late November and approaches 40 mol

Figure 7. Vertical distribution of density, ﬂuorescence, and optical transmission of two stations (a: St. 58 and b: St. 60) occupied during NBP12-01.
Solid squares represent extracted chlorophyll concentrations, and solid circles represent POC concentrations.
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where E0 is the surface photosynthetically active radiation (PAR)
integrated over 24 h, KPAR is the diffuse attenuation coefficient of
PAR, and 3.78 is a combination of constants and conversion
factors. Equation (1) was derived from the original Sverdrup
(1953) formulation, but with slight changes with regard to photocompensation depths and irradiance units. Specifically, Nelson
and Smith (1991) used water column PAR values to avoid the
assumptions of reflectance and differential absorption of wavelengths, and used more recent estimates of photocompensation
depths from temperate regions.
The variable KPAR was estimated as the slope of the line determined by regressing the natural logarithm of PAR values with
depth, and the depth of the euphotic zone (1% of surface irradiance)
calculated from KPAR. Since the ship never was at a single location for
24 h, we estimated the minimum and maximum integrated irradiance values by fitting observed values for a clear sky at solar noon
and local midnight to a sinusoidal function and a 24-h photoperiod
(Hiscock et al., 2003). We estimated that clouds reduced incident
irradiance by 50%, although cloud-cover reductions can range
30 –97%.

W. O. Smith and R. M. Jones
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Table 3. Dependence of estimated critical depths on surface
irradiance.
Integrated daily surface irradiance
(mol photons m22 d21)
5
10
15
20
25
30
40
50
60
80

Calculated critical depths (m)
8.0
16.1
24.1
32.2
40.2
48.3
64.3
80.4
96.5
128

Critical depths calculated assuming a euphotic depth of 28 m and a KPAR of
0.164 m21, values similar to those measured during NBP12-01.

Observations near the Ross Ice Shelf
Water columns near the Ross Ice Shelf (Figure 6) were characterized
by deep mixed layers and large phytoplankton biomass. Mixed layer
depths for the 15 PRISM stations near the ice shelf averaged 60.1 +
20.5 m (Table 1); surface nitrate concentrations at these stations
averaged 18.1 mM. Mean euphotic zone depths and silicic acid,
chlorophyll, and POC concentrations were 28.1 m, 72.1 mM,
6.60 mg l21, and 35.1 mmol l21 (Table 2). Numerically, the phytoplankton assemblages were dominated by Phaeocystis antarctica, a
condition also observed some 35 years earlier by El-Sayed et al.
(1983).
Two stations (Sts 58 and 60), both similar in distance from the ice
shelf, can be contrasted with respect to vertical density structure,
fluorescence, optical transmission, and distributions of nitrate,
chlorophyll, and POC (Figure 7). The mixed layer of St. 58
(Zmix ¼ 45 m) was slightly less than the mean for all stations
(60.1 m; Table 1), and exhibited not only large phytoplankton
biomass within the mixed layer, but also substantial concentrations
below, which extended to 150 m. Optical transmission values supported the same conclusion of a large biomass through the upper
150 m. The depth of the euphotic zone was 25 m. St. 60 exhibited
a deeper Zmix (96 m), with large biomass accumulations within
the mixed layer and below (again, through 150 m), as indicated by
the large fluorescence and transmission values. St. 60’s euphotic
depth was 29 m.
Calculated critical depths strongly suggested that growth during
sampling was largely limited by irradiance (Table 1); that is, critical
depths were shallower in all cases than the mixed layer depths. We
recognize that Sverdrup’s original contribution was designed to
predict the onset of a bloom rather than growth under high
biomass conditions, but estimates of critical depths emphasize the
primary role of irradiance in both growth initiation, biomass accumulation, and growth limitation. Critical depth estimates are highly
dependent on integrated daily irradiance estimates (Table 3), which
can vary greatly over space and time. Much of our sampling near the
ice shelf was conducted under very cloudy skies, with substantial
snow and strong 
winds. Our estimates of critical depths (Table 1)
assumed a daily
Eo of approximately half the maximum clear
sky irradiance, but if the meteorological conditions that were
encountered during sampling continued for 24 h or more, integrated irradiance would likely be substantially less, resulting in
even more modest critical depths. Similarly, since spring conditions

Figure 8. Relationship of mixed layer depth (Zmix) and mean chlorophyll
concentration in the mixed layer from (a) six cruises from 2000 to 2006 in
the Ross Sea and (b) PRISM (both ice-shelf and non-ice-shelf stations).
Included in both is the relationship determined by Mitchell and
Holm-Hansen (1991), and in (b) the power relationship of PRISM
; R 2 ¼ 0.31, p , 0.001).
non-ice-shelf stations (CHL = 30.4Z−0.65
m

often are extremely cloudy,
reduced by far .50%.



Eo values in spring would likely be

Discussion
Although there are no data from the Southern Ocean to directly test
Sverdrup’s (1953) hypothesis, the Ross Sea appears to be an excellent
region where these concepts can be verified. Our model results show
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photons m22 d21 (but again with chlorophyll concentrations
,0.1 mg l21), critical depths exceed 200 m. As such, the model
results and estimated critical depths are consistent with Sverdrup’s
(1953) original hypothesis.
Only limited numbers of oceanographic investigations have
sampled the Ross Sea polynya in late winter or early spring. One
station (at 78.028S, 175.918E) near the ice shelf was sampled on
27 October 1997 (http://usjgofs.whoi.edu/jg/dir/jgofs/southern/
nbp96_4A/; Figure 4), and it showed a deep mixed layer (.400 m)
with no enhanced phytoplankton biomass. Other stations during
the same cruise near 76.58S showed that mixed layers reached completely to the shelf floor. Another series of stations were completed
from 16 to 17 November 2006 (Figure 5; Smith et al., 2013), where
mixed layers ranged from 58 to 112 m and where chlorophyll levels
were .1 mg l21. Thus, the limited observations in late winter–
early spring support the modelled mixed layer depths, as well as the
progression of reduced mixed layers associated with increasing phytoplankton biomass within the winter–spring transition.

1958

regulation of phytoplankton biomass (Figure 8a). Mitchell and
Holm-Hansen (1991) also emphasized that the duration of stratification was important to allow growth to proceed in a highirradiance environment and permit biomass to accumulate. As
such, loss terms from the surface mixed layer are important, and
the stations where elevated biomass is observed in mixed layers
deeper than 40 m may reflect a reduced loss rate. Data from the
Ross Sea demonstrating substantial chlorophyll in deeper mixed
layers suggest that these large accumulations may result from
reduced loss rates when compared with the west Antarctic
Peninsula. Conversely, there are many stations where shallow
mixed layers support relatively low chlorophyll concentrations,
and we suggest that these represent locations that have had stratification for substantial periods of time and the biomass levels have
been reduced due to losses (grazing, sinking) and reduced growth
rates from iron limitation (Sedwick et al., 2011).
Data from the PRISM cruise, and specifically from the ice shelf stations (Figure 8b), are also markedly different from the relationship
developed by Mitchell and Holm-Hansen (1991). Specifically, there
are a substantial number of stations that exhibit elevated chlorophyll
concentrations in mixed layers deeper than 40 m. This is especially
true of the ice shelf stations, where there are extremely high chlorophyll concentrations that are nearly independent of mixed layer
depth (Figure 8b). Based on our analysis of critical and euphotic
depths, it is unlikely that these large biomass levels are the direct
result of growth at depths below the euphotic zone. Such large concentrations of phytoplankton must have a different mechanism of
generation.

Figure 9. Schematic diagram of the generation of high biomass, deep mixing stations. Numbers indicate periods within the spring bloom: 1—initial,
spring condition with deep mixing and low biomass; 2—generation of elevated biomass under relatively quiescent, stratiﬁed conditions; 3—
redistribution of biomass and salt/heat during a wind event; 4—further growth and accumulation of biomass under quiescent, stratiﬁed
conditions; and 5—redistribution of biomass and salt/heat during a wind event. Scales on axes are approximate.
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that for most of the continental shelf, mixed layers are very deep in
winter and spring (driven by ice formation and brine rejection); furthermore, estimated critical depths for early spring (ca. 27 m assuming a euphotic depth of 95 m and 5 mol photons m22 d21) remain
far less that the mixed layer depths (Figure 3). As solar radiation
increases seasonally and mixed layers become shallower, critical
depths become deeper (ca. 211 m) and exceed the mixed layer
depths. The critical depth concept appears completely consistent
with phytoplankton temporal patterns observed in the past
(Smith et al., 2014b) and predicts the onset of growth (in late
October; Smith and Gordon, 1997) well.
The role of vertical mixing and irradiance limitation has long
been recognized as a dominant factor in controlling the annual
productivity of the Southern Ocean (Smith et al., 2014b). This
remains true even with the realization that iron concentrations are
exceptionally low throughout much of the Antarctic realm, even
on continental shelves (Sedwick et al., 2011). Mitchell and HolmHansen (1991) emphasized the importance of vertical mixing and
suggested that mixed layers .40 m effectively precluded phytoplankton growth and biomass accumulation, a conclusion also supported by extensive data from the Ross Sea collected in the 1990s
(Smith et al., 2000). Many additional investigations have been completed in the past 15 years, and those suggest that the absolute depth
of mixing is indeed important in regulating biomass, but that some
environments support an elevated biomass in mixed layers up to
60 m (Figure 8a). Regardless of the absolute depth of mixing, the
inverse relationship between mixing and chlorophyll concentration
remains, emphasizing the importance of irradiance on the

W. O. Smith and R. M. Jones
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We suggest the following as a means of accumulation of such
large phytoplankton standing stocks (Figure 9): extensive growth
during periods of significant water column stratification, followed
by biomass redistribution by mixing induced by wind events, followed by further restratification of the surface water column, and
followed by another redistribution of biomass during an intense
wind event. Therefore, the growth/redistribution events would be
driven by the timescales of local wind events. Furthermore, these
blooms would be largely confined to the region near the ice shelf,
as they are frequently the location of katabatic winds that blow off
the continent over water. These katabatic winds likely only blow
for ca. 20 km from the ice shelf, thus restricting the spatial extent
of these blooms. Phytoplankton are dominated by the colonial haptophyte Phaeocystis antarctica, a species that is known to acclimate to
low irradiances (Kropuenske et al., 2009) and thrive in more deeply
mixed water columns. It has also been suggested that the growth of
P. antarctica becomes iron limited at the end of December in much
of the Ross Sea (Smith et al., 2000); however, the deep vertical
mixing near the ice shelf, coupled with ice shelf iron inputs, likely
precludes any iron limitation and allows mesoscale blooms to continue throughout summer.
In summary, phytoplankton growth in the Ross Sea in spring is
clearly controlled by low irradiance levels imposed by surface pack
ice and deep vertical mixing. While no data are available to directly
test Sverdrup’s (1953) critical depth hypothesis, model results are
consistent with previous observations and confirm the validity of
the classical paradigm in the Southern Ocean. An unusual region
near the ice shelf is also irradiance limited, but the timescales of
mixing likely allow for the development of a deeply mixed surface
layer that maintains an elevated, though irradiance limited, phytoplankton biomass. Thus, irradiance can play a critical role in regulating phytoplankton growth in the Ross Sea at a variety of time
and space scales, and the region would be an excellent location for
an explicit observational test of Sverdrup’s hypothesis.
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Since publication, the Sverdrup hypothesis, that phytoplankton are uniformly distributed within the ocean mixed layer and bloom once the ocean
warms and stratiﬁes in spring, has been the conventional explanation of subpolar phytoplankton spring bloom initiation. Recent studies have
sought to differentiate between the actively mixing section of the upper ocean and the uniform-density mixed layer, arguing, as Sverdrup
implied, that decreases in active mixing drive the spring bloom. In this study, we use in situ data to investigate the characteristics and depth of
active mixing in both buoyancy- and wind-driven regimes and explore the idea that the shift from buoyancy-driven to wind-driven mixing in
the late winter or early spring creates the conditions necessary for blooms to begin. We identify the bloom initiation based on net rates of
biomass accumulation and relate changes in the depth of active mixing to changes in biomass depth proﬁles. These analyses support the idea
that decreases in the depth of active mixing, a result of the transition from buoyancy-driven to wind-driven mixing, control the timing of the
spring bloom.
Keywords: Lagrangian ﬂoats, North Atlantic Bloom experiment, Ocean turbulence, phytoplankton, spring bloom, Sverdrup hypothesis.

Introduction
The timing of the subpolar spring phytoplankton bloom has long
been of interest to oceanographers due to its impact on carbon
export (Stramska et al., 1995; Sabine et al., 2004; Lutz et al., 2007)
and upper trophic level species recruitment (Platt et al., 2003;
Edwards and Richardson, 2004; Koeller et al., 2009). In his
seminal 1953 paper, Harald Sverdrup hypothesized that because
phytoplankton are uniformly distributed within the ocean mixed
layer, the spring shoaling of this mixed layer increases available
light to a level at which the phytoplankton population can grow
(Sverdrup, 1953). While Sverdrup defined the term “mixed layer”
as the section of the water column exhibiting both active turbulence
and homogenous density, contemporary studies in support of the
Sverdrup Hypothesis have generally used density-based criteria
only to define the mixed layer (e.g. Follows and Dutkiewicz, 2001;
Siegel et al., 2002; Henson et al., 2009), and have linked the timing
of the spring bloom to ocean surface warming (Follows and
Dutkiewicz, 2001; Henson et al., 2006). More recent work has
focused on the possibility that decreases in active turbulence
within the mixed layer, rather than decreases in the mixed layer
# International

itself, create the conditions necessary for bloom onset (Huisman
et al., 1999; Chiswell, 2011; Taylor and Ferrari, 2011; Chiswell
et al., 2013). This decrease has been attributed to the shutdown of
turbulent convection after heat fluxes become positive (Taylor
and Ferrari, 2011) and also to decreases in the local wind strength
(Chiswell, 2011; Chiswell et al., 2013). Because phytoplankton
blooms that occur when the ocean mixed layer is deep encounter
reduced barriers to sinking and thus export higher amounts of
carbon than blooms that occur in shallow mixed layers (Stramska
et al., 1995), this distinction has important consequences for the
marine carbon cycle.
Other recent work has focused on localized increases in water
column stratification by means other than warming as a driver of
blooms. Specifically, it has been suggested that lateral density gradients are converted to vertical density gradients by submesoscale
eddies within the mixed layer, and that this increase in stratification
can initiate blooms (Mahadevan et al., 2012). Finally, while contemporary bloom phenology studies typically use surface chlorophyll
from satellite data to examine the phytoplankton seasonal cycle
(Platt et al., 2009; Cole et al., 2012; Racault et al., 2012; Sapiano
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et al., 2012). By assuming that these Lagrangian floats simulate the
trajectories of particles within the upper ocean (Harcourt et al.,
2002; D’Asaro, 2008), we use their vertical paths to observe the
strength and depth of active mixing in the ocean in buoyancy-driven
and wind-driven mixing environments. To answer the third question, we examine changes in depth-integrated biomass using biological data collected during a subpolar spring bloom as part of
the North Atlantic Bloom 2008 experiment.

Data and methods
Data
Float data
We utilize data from two field programmes. The Labrador Sea
Deep Convection Experiment (Krahmann et al., 2003) deployed
25 Lagrangian floats during winters of 1997/1998 in the
Labrador Sea (52 – 568W, 56 – 598N). Floats drifted for 2
months, recording temperature and pressure at 5 min intervals,
and position at 4 h intervals (see Steffen and D’Asaro, 2002 for
further details on float mechanics and experiment design). We
additionally use data from 36 PALACE floats (Davis et al., 1992;
Lavender et al., 2000), also deployed during the Labrador Sea
Experiment, which parked at varying depths in the Labrador Sea
(400, 700, and 1500 m) and periodically surfaced to record temperature and salinity profiles.
In the North Atlantic Bloom 2008 Experiment (NAB08), one
Lagrangian float was deployed during the months of April and
May 2008 in the subpolar North Atlantic south of Iceland (58.5 –
62.58N, 18– 288W) (Fennel et al., 2011; Mahadevan et al., 2012).
This float alternated between drifting within the mixed layer, profiling, and autoballasting. During all modes, the float recorded
temperature, salinity, and position data every 50 –60 s. In both
Lagrangian float experiments, the floats were designed to be neutrally buoyant through adjustable compressibility and high drag
(D’Asaro et al., 1996; D’Asaro, 2003).

Glider data
The NAB08 experiment deployed four Seagliders (Eriksen et al.,
2001) on paths following the Lagrangian float. The Seagliders continuously profiled the upper ocean, collecting approximately four
profiles per day between 0 and 1000 m. The Seagliders measured
temperature, salinity, and pressure, as well as chlorophyll a fluorescence, and backscatter at 700 nm wavelength calibrated to shipbased observations (see Briggs et al., 2011 for further details on
the Seaglider instrumentation). Consistent with previous work on
the NAB08 data (e.g. Briggs et al., 2011; Cetinic et al., 2012), we
use both the chlorophyll a fluorescence and backscatter at 700 nm
(bbp(700)) as proxies for phytoplankton biomass (Behrenfeld
et al., 2005).
To facilitate comparison between derived physical variables (e.g.
mixed layer depths) and derived biological variables (e.g. net
biomass accumulation rates), we process the physical (temperature,
salinity, density) and biological (chlorophyll fluorescence and bbp
(700)) observations from the gliders using the same methods.
Following Briggs et al. (2011), we process the data by first smoothing
the profiles using sequential five-point running median filters and
seven-point running mean filters. For ease of comparison with
surface forcing data, which has a 1-d temporal resolution, and to
highlight variability in biomass and density at the scale of the
water column, we average the data into 1-d, 10-m bins, then smooth
with 2-d, 50-m running means to further filter out submesoscale
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et al., 2012; Brody et al., 2013), a series of studies (Behrenfeld, 2010;
Boss and Behrenfeld, 2010; Behrenfeld et al., 2013) has drawn attention to the fact that the original work by Sverdrup focused on the rate
of net biomass accumulation within the water column. The use of
this metric has led to an alternative hypothesis regarding the phytoplankton seasonal cycle (Behrenfeld, 2010; Boss and Behrenfeld,
2010; Behrenfeld et al., 2013): positive net accumulation rates are
driven by the deepening of the mixed layer in winter, dilution of
the plankton population, and consequent decreases in zooplankton
grazing pressure.
Brody and Lozier (2014) (hereafter BL14) investigated several
proposed drivers of the subpolar spring bloom in the North
Atlantic: shoaling seasonal mixed layers (Follows and Dutkiewicz,
2001; Siegel et al., 2002; Henson et al., 2009), the onset of positive
heat fluxes (Taylor and Ferrari, 2011), and decreases in wind
strength (Chiswell, 2011; Chiswell et al., 2013). BL14 compared
these mechanisms to a new framework for the North Atlantic
bloom initiation: that blooms begin when the dominant mixing
length scale (Lmix), or depth of active mixing, in the upper ocean
decreases. BL14 found that decreases in Lmix are a better predictor
of bloom initiation than decreases in the mixed layer depth, the
onset of positive heat fluxes, or decreases in wind strength. They
also found that decreases in Lmix generally occur after the shift
from buoyancy-driven to wind-driven mixing in the upper ocean,
likely because strongly negative surface buoyancy fluxes generate
larger, more coherent vertical eddies compared with those generated by wind forcing, which then reduce the light exposure of
phytoplankton within the upper ocean. Essentially, BL14 clarified
and expanded upon the light-limitation-based explanation of
bloom initiation described in the Sverdrup hypothesis by estimating a depth of turbulent mixing that differs at times from the
density-defined mixed-layer depth, and providing a mechanism
for bloom initiation that does not depend on the onset of positive
heat fluxes (net ocean surface warming).
The BL14 framework was tested using satellite data to identify the
spring bloom and surface reanalysis data to estimate mixing length
scales, thus leaving open questions regarding how well the Lmix
model estimates the depth of active mixing, and whether the shift
from buoyancy-driven to wind-driven mixing causes the active
mixing depth to shoal. In situ datasets provide a unique opportunity
to more closely examine the BL14 framework by allowing for the
estimation of mixing from measurements in the upper ocean
rather than relying on information from surface forcing fields.
Specifically, we use in situ data to (i) assess whether surface
forcing data can be used to accurately estimate the depth of Lmix
under different conditions; (ii) further characterize differences
and similarities in buoyancy-driven and wind-driven mixing to determine whether and how buoyancy forcing drives deeper mixing
than wind forcing; and (iii) investigate whether decreases in Lmix
precede the initiation of the spring bloom, as measured using
depth-resolved biomass records.
To answer the first two questions, we employ data from autonomous Lagrangian floats. Because these floats are designed to be
neutrally buoyant (D’Asaro et al., 1996), they can follow the threedimensional motions of water parcels and have been used to
examine turbulence within the upper ocean during a variety of
mixing regimes. For this study, we use data from the Labrador Sea
Experiment (Krahmann et al., 2003), when deep convection drove
turbulent mixing (Steffen and D’Asaro, 2002), and from the
North Atlantic Bloom 2008 experiment (Fennel et al., 2011),
during which mixing was primarily wind-driven (Mahadevan
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variability (Briggs et al., 2011). We then average daily data from all
gliders.

Surface forcing data

Upper-ocean vertical velocities
Observed
For both Lagrangian float datasets (Labrador Sea and NAB08), we
calculate vertical velocities, w, at each time step using centred differencing of the depth and time records. We calculate turbulent vertical
 . Because we focus on changes in vertical
velocities using w′ = w − w
 is comvelocities at the timescale of phytoplankton growth (days) w
puted as a daily mean. For the NAB08 data, we additionally calculate
the dailyrms-vertical
velocity, wrms, for n daily measurements using


 )2 /n. In the Labrador Sea Experiment,
wrms =
(wn − w
Lagrangian floats were placed below the mixed layer in fall, and
were entrained into the mixed layer as surface cooling strengthened
and mixing deepened (Steffen and D’Asaro, 2002); we therefore
exclude data collected before the entrainment of the floats into the
convective layer (approximately the first half of the 1998 float
records, as seen in Steffen and D’Asaro, 2002, figures 6 and 7) and
after heat fluxes became positive (after 8 March for 1997, after 2
March for 1998) to ensure that upper-ocean mixing was buoyancydriven during the period of analysis. Given these two conditions, no
data from the 1998 floats were used in our analysis. For the NAB08
experiment, to ensure that we are examining wind-driven mixing,
we exclude the period of the record during which heat fluxes were
negative (before Day 13) for the analysis in Figure 2c. However,
we use the entire NAB08 float depth record in to calculate wrms in
Figure 3b.

Mixed layer depth, H, and buoyancy frequency (N 2)
For both the Labrador Sea and NAB08 experiments, we calculate H
using a density difference from the surface criteria, or density
threshold. Because many different density thresholds have been
used in previous studies to calculate mixed layer depths (see
Holte and Talley, 2009 for a review), we choose two thresholds,
0.03 and 0.125 kg m23, to ensure that our findings are not sensitive
to the choice of mixed layer depth definition. Mixed layer depths
calculated with the 0.03 and 0.125 kg m23 density thresholds are
comparable with mixed layer depths calculated using the Holte
and Talley (2009) density algorithm and a density gradient
method (Figure 1), so our results using these two thresholds are
likely insensitive to the method for determining the mixed layer
depth. We use the PALACE floats to calculate daily mixed layer
depths during the Labrador Sea experiment, with the surface
density taken from the 13-m PALACE measurement. We average
all H measurements derived from PALACE profiles recorded
within the temporal and spatial range of the Lagrangian floats to
create a mixed layer depth time series for the segment of the
Lagrangian float record used in this study. Because 23 February
and 5 March did not contain reliable PALACE profiles, we estimate
H on those dates by the average of the surrounding days. For the
NAB08 experiment, we use the binned daily density profiles from

Estimated
We estimate the wind-driven vertical velocity, w*, from 10-m
2
wind speeds (U10), using w∗2 = ra /rw CD U10
, derived from the
definition of windstress, where ra and rw are the densities of the
air and the surface water, respectively, and CD is the drag coefficient, calculated as a function of wind speed (Hersbach, 2011).
We estimate buoyancy-driven vertical velocity, wb, during
periods of negative heat flux, using the relationship, verified in laboratory (Deardorff and Willis, 1985; Fernando et al., 1991), field

Figure 1. Mixed layer depths (H) calculated using the 0.03 and
0.125 kg m23 density difference criteria (H03 and H125) compared with
mixed layer depths calculated using the Holte – Talley density
algorithm (HDA; Holte and Talley, 2009) and a maximum density
gradient method, also from Holte and Talley (2009), HDG, all calculated
over the period of the North Atlantic Bloom 2008 experiment.

Downloaded from http://icesjms.oxfordjournals.org/ at Fiskeridirektoratet. Biblioteket. on July 28, 2015

We use three surface forcing products containing both winds
and heat fluxes: Objectively Analyzed Air-Sea Fluxes (OAFlux)
(Yu and Weller, 2007; oaflux.whoi.edu), NCEP-NCAR reanalysis
2 (Kanamitsu et al., 2002; http://www.esrl.noaa.gov/psd), and
ECMWF-ERA-Interim daily fields (data-portal.ecmwf.int). All
heat flux and wind products are at daily resolution, with spatial resolution varying from 0.75 to 2.68. We also use one wind-only product
from the NOAA WaveWatch III hindcast data (http://polar.ncep
.noaa.gov/waves), which is available at a higher spatial and temporal
resolution (0.58, 3-h resolution). Finally, we use photosynthetically
available radiation (PAR) obtained from 9-km, 8-d SeaWiFS
data, via the Giovanni data portal (http://disc.sci.gsfc.nasa.gov/
giovanni/). We obtained all surface forcing data for the period
of the NAB08 experiment. Because the daily averaged distance
between the float and the averaged position of the four Seagliders
(maximum distance of 1.18; mean distance of 0.418) is comparable
with both the spatial resolution of the surface forcing data and the
distance between any two gliders on a given day (maximum distance
of 2.38; mean distance of 0.498), we linearly interpolate the gridded
values of the surface forcing data to the position of the Lagrangian
float.

(Steffen and D’Asaro, 2002), and modelling (Deardorff, 1972;
Molemaker and Dijkstra, 1997) studies, between wb and surface
buoyancy forcing (Bo). Steffen and D’Asaro (2002) tested several
models relating wb and B0 and found the best predictive skill
with the model wb = a(HBo )1/3 + wo , where H is the mixedlayer depth and a and wo are empirical constants. Following
Steffen and D’Asaro (2002), we calculated a and wo using a
linear fit of (HBo)1/3 onto wrms to obtain values of a ¼ 0.46 and
wo ¼ 0.009.

1964
the glider records to calculate H, determining the surface density
from the top bin (0–10 m).
We calculate the daily average N 2 for the NAB08 data over the
maximum daily depth of the NAB08 Lagrangian float using the
GSW MATLAB oceanographic toolbox (McDougall and Barker,
2011) and the binned glider temperature and salinity profiles.

Active mixing depth, Lmix

We then use the r record to identify the period of the spring
bloom captured in the NAB08 record. Several methods exist to
define the initiation of the subpolar spring phytoplankton bloom,
and the selection of the method can depend on the question being
asked (Brody et al., 2013). To capture the start of a seasonal,
rather than transient, bloom, we define the bloom as the period of
sustained positive rates of biomass accumulation (Brody and
Lozier, 2014), meaning that r calculated either with chlorophyll
fluorescence or bbp(700) cannot be negative for .1 consecutive
day during the bloom period. Therefore, we set the bloom initiation
date to occur immediately after the last instance in which r is
negative for two consecutive days, and the bloom termination
date to occur immediately before r again becomes negative for
two consecutive days.
Uncertainty in the calculation of r comes the fact that the 0.415
threshold PAR value was derived from measurements in the tropical
Pacific Ocean, and thus likely represents a shallow estimate of
the threshold isolume for subpolar phytoplankton (Boss and
Behrenfeld, 2010). However, because the threshold isolume is only
used in the r calculation once the mixed layer depth has become
very shallow, this uncertainty only affects the end of the r record.
We compared the threshold isolume with the euphotic depth (zeu)
and found very small differences between the two depths (see
Figure 4). Additionally, r calculated with zeu only differs from r calculated with z415 after Day 33 of the NAB08 record, within 1 day of
the bloom termination, and only differs in magnitude, rather than
sign. The choice of z415 to calculate r therefore has no effect on the
date of the bloom initiation and termination.

Results
Assessment of estimated Lmix

Phytoplankton accumulation rates (r) and bloom period
We use both the daily chlorophyll fluorescence and bbp(700) profiles from the binned and processed NAB08 Seaglider data to calculate phytoplankton net accumulation rates, r, from the daily biomass
rate of change (Behrenfeld, 2010; Boss and Behrenfeld, 2010;
Behrenfeld et al., 2013). Briefly, the definition of r we use accounts
for phytoplankton growth occurring below the surface of the
ocean and at times occurring deeper than the mixed layer depth
by using three criteria for r. When mixed layers are deep and constant or deepening, r is calculated from biomass integrated to the
depth of the mixed layer, consistent with the original Sverdrup hypothesis. When mixed layers are shallow, r is calculated from
biomass integrated to the depth of a threshold isolume, above
which phytoplankton have sufficient light to grow, to account for
phytoplankton growth below a shallow mixed layer. Finally, when
mixed layers are deep but shoaling, r is calculated from biomass
averaged within the mixed layer, to exclude the portion of the phytoplankton population being detrained from the mixed layer and thus
no longer actively growing. Further details can be found in Boss and
Behrenfeld (2010).
We use H03 to calculate r: r calculated with H125 shows qualitatively similar patterns, but with slightly more variability in terms
of whether r is positive or negative on any given day. We calculate
the depth of the threshold isolume (z415) as z415 = log(0.415/
0.98PAR)(zeu / log(0.01)) (Boss and Behrenfeld, 2010), where
0.415 mol quanta m22 d21 is the lowest PAR value that can support
phytoplankton growth (Letelier et al., 2004), and zeu is the depth
of the euphotic layer, calculated using surface chlorophyll concentrations (Morel et al., 2007).

We first use Lagrangian float paths to assess the BL14 estimate of the
active mixing layer (Lmix) during buoyancy-driven mixing, where
Lmix is equal to the mixed layer depth, H, and wind-driven mixing,
where Lmix is equal to the Ekman depth, LEK. In both cases, we use
the daily maximum depth recorded by the Lagrangian floats
(Dmax) to estimate the depth of the active mixing layer from the
float data. Although these datasets were collected at different times
and at different locations in the subpolar North Atlantic, they each
provide an example of what mixing might look like under buoyancydriven and wind-driven conditions.
In the wind-driven case (the NAB08 record after 17 April,
Figure 2a), we find a close correspondence between Dmax and LEK,
except a short period centered around May 14 (shaded area in
Figure 2a; with generally high r 2 values (r 2 ¼ 0.66 over the nonshaded portion of the record) and low root mean square differences,
(rmsd) between Dmax and LEK (22.2 m, compared with an average
Dmax of 48.7 m and a range in Dmax over the float record of 150.0 m.)
In the buoyancy-driven case (the 1997 Labrador Sea record over
20 February to 7 March, Figure 2b), Dmax is of comparable magnitude with H, but only when H is defined using the 0.03 kg m23
density difference criterion. Again, the rmsd between H and Dmax
is small (279 m) compared with the average depth of Dmax
(635 m) and range over the period and floats (754 m). The correlation between Dmax and H on any given day is low (r 2 ¼ 0.024),
but because H is calculated using density profiles from PALACE
floats, which are close to, but not at, the position of the
Lagrangian floats, Dmax is averaged from several Lagrangian float
records, and the Labrador Sea record is relatively short and does
not record large changes in Dmax or H, this low correlation can be
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We calculate Lmix for the NAB08 period using the method outlined
in BL14 for each of the three surface forcing products, and for each of
the two mixed layer depth definitions, creating a total of six Lmix
estimates. We define Lmix for three cases. In Case 1, where buoyancydriven mixing dominates, Lmix is equal to the mixed layer depth
(Taylor and Ferrari, 2011), H. In Case 2, where wind-driven
mixing dominates in the presence of weak buoyancy forcing, Lmix
is equal to the Ekman length scale (Denman and Gargett, 1983;
Wang and Huang, 2003), LEK. To calculate LEK, we use
LEK = g(w∗ )/f , where f is the Coriolis parameter (1.27 ×
1024 s21) and g is an empirical constant, for which we use a value
of 0.5 (Wang and Huang, 2003). Finally, in Case 3, where winddriven mixing dominates in the presence of strongly positive buoyancy forcing, Lmix is equal to the Ozmidov length scale (Denman and
Gargett, 1983; Riley and Lelong, 2000), LOZ = (2p)e1/2 N −3/2 ,
where e is the rate of turbulent kinetic energy dissipation and is
equal to w∗3 /kz at depth z, where k ¼ 0.41 is the Von Kármán constant. We base the transition between these cases on the relative
strengths of wind and buoyancy forcing, as parameterized by the
magnitude of the Obukhov length scale, LOB = −w∗3 /kBo , where
Bo is the surface buoyancy flux and is directly proportional to the
surface heat flux (Phillips, 1977; Taylor and Ferrari, 2011).
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expected. Nonetheless, in both the wind-driven and buoyancydriven case, we find support for the BL14 estimation of the active
mixing depth.

Comparison of buoyancy- and wind-driven mixing
We next explore whether the large difference between the depth of
the active mixing layer in the buoyancy-driven and the wind-driven
mixing regimes (Figure 2a and b) is accompanied by differences in
the magnitude of the vertical velocities, and the size of coherent vertical motions. The distributions of the magnitude of turbulent
vertical velocity measurements, |w′ | (Figure 2c), in the two experiments show that floats in the buoyancy-driven mixing environment
have a higher mean |w′ | (0.016 m s21 compared with 0.010 m s21)

and a larger variance (1.97 × 1024 m s21 compared with 1.26 ×
1024 m s21).
The distributions of the coherent vertical motions, i.e. the magnitude of the vertical distance travelled by a float before changing
directions, for both the buoyancy-driven and wind-driven mixing
environments (Figure 2d), show that in the buoyancy-driven case,
the floats more frequently record large vertical motions. In this
case, the variance of the buoyancy-driven distribution is several
orders of magnitude greater than the wind-driven distribution
(8.82 × 1023 vs. 4.28 × 1025 m). The mean of the buoyancy-driven
vertical motions is also much greater (47.8 vs. 2.81 m). For both
the distributions of |w| and the coherent vertical motions,
Kolmogorov–Smirnov tests (Massey, 1951) show that the distributions of the NAB08 and Lab Sea data are significantly different at the
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Figure 2. (a) Daily maximum depths attained by the NAB08 ﬂoat (Dmax), compared with the Ekman depth (LEK). Grey shading is as in Figure 3c.
(b) Daily maximum depths averaged over the four Lab Sea ﬂoats with complete records (Floats 8, 12, 16, and 21) (Dmax), compared with the mixed
layer depths H03 and H125. The grey shading denotes the daily minimum/maximum of Dmax out of the four ﬂoats. (c) Normalized distributions of
the magnitude of ﬂoat vertical velocities for the Labrador Sea and NAB08 data. Distributions were created using bin sizes of 0.005, ranging from
0 to 0.115 m s21, with open boundaries. (d) Normalized distributions of the magnitude of coherent vertical motions recorded by the ﬂoats.
Distributions were created using bin sizes of 5, ranging from 0 to 300 m, with open boundaries. For all distributions in (c, d), the Labrador Sea
distribution is composed of the four Labrador Sea ﬂoats shown in (b).
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95% confidence level. These comparisons support the idea that
the deep active mixing layers observed in the buoyancy-driven
mixing environment result from large coherent convective cells, in
contrast to the smaller motions that characterize the wind-driven
regime.

Analysis of Lmix and bloom initiation
The NAB08 record provides the opportunity to examine changes in
turbulent vertical velocities and the depth of Lmix before and during
the initiation of a subpolar spring bloom. The bloom initiation date
occurs on Day 12 of the NAB08 record (16 April, Figure 3a),
approximately 2 d before heat fluxes become positive (Figure 3a).
This timing is consistent with the analysis of Mahadevan et al.

S. R. Brody and M. S. Lozier
(2012), who approximated the NAB08 bloom initiation date from
the biomass record, and with BL14, who found positive satellitederived chlorophyll rates of change in the subpolar North Atlantic
to occur when heat fluxes were weakening but still negative.
As noted in Mahadevan et al. (2012), and as seen at other study
sites (D’Asaro, 2003), daily rms-vertical velocities calculated from
the Lagrangian float data (wrms) and turbulent vertical velocities calculated from wind stress (w*) are generally in very good agreement
(Figure 3b), indicating the dominance of wind-driven mixing
during the bloom initiation. However, this correspondence is
weak during approximately the first 9 d of the time series, before
the bloom initiation, when wrms is significantly larger than and
less correlated with w* as compared with the remainder of the
Downloaded from http://icesjms.oxfordjournals.org/ at Fiskeridirektoratet. Biblioteket. on July 28, 2015

Figure 3. (a) Daily rates of change (r) of depth-integrated chlorophyll ﬂuorescence and bbp(700) measured from NAB08 glider proﬁle data, plotted
with heat ﬂuxes averaged from the OAFLUX, NCEP-NCAR, and ECMWF-ERA products. The vertical green lines show the dates on which r becomes
consistently positive (the bloom initiation) and negative (the bloom termination). The vertical black line shows the date on which the averaged heat
ﬂux time series becomes positive. (b) Turbulent vertical velocities calculated from the WaveWatch III windstress record, the daily averaged
buoyancy ﬂux record, and derived from rms daily averaged vertical ﬂoat velocities. (c) Lmix depth measurements shown calculated for all possible
combinations of the OAFLUX, NCEP-NCAR, and ECMWF-ERA heat ﬂux/wind products and mixed layer depth deﬁnitions, then averaged for H03
and H125. Marker colours refer to the case (1, 2, or 3) of Lmix at each day, averaged for the Lmix measurements calculated from all three surface forcing
products. The H03 and H125 are also shown as the non-markered solid and dashed lines.
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Table 1. Correlation (r 2) and difference (rmsd) information for
wind-estimated and buoyancy-estimated vertical velocities
compared with the observed vertical velocities (wrms) for different
segments of the NAB08 record.
w*
wb
a

Days 1 –9
0.51, 0.0078
0.24, 0.0058

Days 10 –14
0.97, 0.0029
0.14, 0.0107

Days 10 –52
0.82, 0.0032
NA

The ﬁrst number in each box denotes the r 2 value for each velocity and time
segment; the second number denotes the rmsd value (units ms21).
b
There is no value for buoyancy-estimated vertical velocities during Days
10–52 because buoyancy-estimated velocities are only computed when heat
ﬂuxes are negative.

bloom. During the same period, mixed layers generally remain
very deep, and do not show the same pronounced shoaling seen in
the Lmix record (Figure 3c).
During most of the remainder of the bloom period, the close
correspondence between w* and wrms (Figure 3b), the relatively
weak heat fluxes (Figure 3a), the strong agreement between the
float-derived Dmax and estimated LEK (Figure 3a), and the weak
stratification (Figure 3b) indicate that Case 2 conditions prevail.
During the period of approximately 12 May through 18 May
(after the bloom termination, shaded area in Figure 3c), the overestimation of Dmax by LEK (Figure 2a), the slight overestimation of
wrms by w* (Figure 3b), and the relatively high stratification
(Figure 3b) indicate that Lmix is in Case 3, or stratified wind-driven
mixing. While Lmix calculated using H03 generally follows this
pattern, Lmix calculated using H125 transitions to Case 3 well
before 12 May, indicating that H03 is the more appropriate definition of the mixed layer depth for the calculation of Lmix in the
NAB08 location and period.
The depth-resolved NAB08 glider data provide additional evidence that the phytoplankton bloom initiation corresponds to the
shoaling of Lmix, rather than to the shoaling of the mixed layer.
We compare Lmix calculated using H03 with both H03 and with the
depths of the euphotic depth and threshold isolume (zeu, z415),
again using depth-time profiles of both chlorophyll fluorescence
and bbp(700) as proxies for phytoplankton biomass (Figure 4).
Before the initiation of the spring bloom, H and Lmix are equal
and very deep. Phytoplankton biomass, as measured by both chlorophyll fluorescence (Figure 4a) and bbp(700) (Figure 4b), is distributed fairly evenly over the top 300–400 m of the water column. At
this point, H03 and Lmix both approximate the bottom boundary
of biomass accumulation, as expected for pre-bloom, buoyancymixed conditions. At and directly after the bloom initiation date,
the chlorophyll fluorescence and bbp(700) depth profiles noticeably
increase in concentration within the top 50 –100 m. Lmix, which has
shoaled considerably, generally tracks these horizons. Though H03
shoals during this period, it remains deeper than the highest concentrations of biomass.
As the bloom progresses and reaches its termination date,
chlorophyll fluorescence and bbp(700) concentrations are approximately uniform and high within the top 50 – 150 m of the
record (Figure 4). While Lmix and H03 intermittently shoal above
these concentration horizons, the euphotic depth and threshold
isolume begin to delineate the bottom boundary of significant
biomass growth and accumulation. The records during this
period also show evidence of sinking biomass, particularly in the
elevated bbp(700) concentrations after 1 May (dashed line in
Figure 4b) and in the chlorophyll fluorescence and bbp(700)
spike at 300 – 400 m on 9 May, which was analysed by Briggs
et al. (2011) for its role in carbon export. Because sinking
biomass creates a vertical profile that indicates increased concentration at depth, yet that concentration includes the non-growing
population, we place greater emphasis on the match between Lmix
and biomass at the beginning of the bloom.

Discussion
In this study, we used in situ data to further examine the
light-limitation-based mechanisms for subpolar bloom initiation
first formalized by the Sverdrup Hypothesis. Specifically, we examined the idea that phytoplankton are uniformly mixed to the depth
of the dominant mixing length scale, or active mixing depth (Lmix),
which shoals during the transition from buoyancy- to wind-driven
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NAB08 record (Table 1). This period coincides with a period of relatively strong loss of heat to the atmosphere (Figure 3a); thus, buoyancy forcing is potentially playing a role in the turbulent mixing
during this time. We estimate buoyancy-driven vertical velocities
(wb) for the entire period of negative heat fluxes (the first 14 d of
the float record, Figure 3b). Because of the lower spatial resolution
of the heat flux data when compared with the wind data, and because
of the additional uncertainty introduced by the glider-derived
mixed layer depths in the calculation of wb, we expect generally
lower correlations between wb and wrms than between w* and
wrms. However, we do see that during the first 9 d of the record,
the correlation between wb and wrms is higher than during the
bloom initiation (Days 10 –14), when heat fluxes are weak, while
the correlation between w* and wrms is higher during Days 10– 14
than Days 1 –9 (Table 1). The rmsd between wb and wrms is also
lower during the first 9 d of the record compared with the rmsd
between w* and wrms during this period (Table 1). These patterns
support the hypothesis that mixing is not wind-driven, and may
be buoyancy-driven, before the bloom initiation.
A shift from buoyancy-driven to wind-driven mixing occurring 3
d before the start of the bloom would be consistent with the bloom
initiation framework developed in BL14. Moreover, the average
stratification over the portion of the water column in which the
Lagrangian float travels stays very low until well after the bloom
initiation (Figure 3b), also consistent with the BL14 idea that the
bloom begins during Case 2 mixing (wind-driven mixing in unstratified conditions). We note, however, that the relatively short period
during which heat fluxes were strongly negative and stratification
was low, as well as the small number of days in which heat fluxes
were weakly negative, precludes a definitive assessment of the
drivers of mixing before the bloom.
The hypothesis that a shift from buoyancy-driven to winddriven mixing creates the conditions in which a bloom can begin
rests on the assumption that this shift decreases the depth of
active mixing. The model for this active mixing depth, Lmix, contains
different parameterizations for buoyancy-driven mixing (Case 1,
Lmix ¼ H) and wind-driven mixing (Case 2, Lmix ¼ LEK). We next
examine whether Lmix calculated over the period of the NAB08
record transitions from Case 1 to Case 2 synchronously with the
observed shift in the wrms record from wb-correlated with
w*-correlated, and, if so, whether this transition causes Lmix to
shoal. All Lmix estimates show a clear shift from Case 1 to Case 2 coincident with bloom initiation (Figure 3c) and with the beginning of
increased correspondence between w* and wrms (Figure 3b). This
shift from Case 1 to Case 2 is accompanied by a large decrease in
Lmix, consistent with the idea that such a decrease leads to an increase
in light availability for phytoplankton and thus drives the spring
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mixing, thus alleviating light limitation and prompting a bloom.
This idea is consistent with previous observations made of blooms
occurring when heat fluxes are negative (Mahadevan et al., 2012)
and when the water column is unstratified (Townsend et al., 1992).
We first examined whether the BL14 estimation of Lmix from
surface forcing data accurately estimates the depth of active
mixing in buoyancy- and wind-driven mixing regimes. According
to the BL14 framework, Lmix should be equal to the mixed-layer
depth, H, during buoyancy-driven mixing and equal to the
Ekman depth, LEK, during wind-driven mixing. We found that the
daily maximum depths attained by the Lagrangian floats in these
regimes are consistent with H03 for buoyancy-driven regimes and
with LEK for wind-driven regimes (Figure 2a and b).
A further investigation of the wind-driven record in the context
of the spring bloom shows that the daily maximum float depth corresponds very closely to LEK, or Case 2 mixing, during the initiation
and duration of the bloom (17 April – 9 May). The daily maximum
depths then become more shallow than LEK for a brief period after
the bloom termination (12 May–18 May), indicating a shift to

Case 3 mixing. This shift is also seen in the relatively high heat
fluxes (Figure 3a), low observed turbulent vertical velocities
(Figure 3b), and high stratification (Figure 3b) at this time. That
this shift is mirrored in the Lmix record, which briefly transitions
to Case 3 from Case 2 on these days (Figure 3c), provides further
support for Lmix as an estimator of the depth of active mixing.
We explored in more detail the differences and similarities
between buoyancy-driven and wind-driven mixing, as seen in
the Lagrangian float records. The deep maximum depths, high
vertical velocities, and large coherent vertical motions experienced
by floats in the buoyancy-driven environment, compared with
those in the wind-driven environment (Figure 2), support the
hypothesis that coherent convective cells within the mixed-layer
drive deeper mixing of particles when mixing is generated by buoyancy forcing.
Further, we found evidence to support the idea that mixing
transitions from buoyancy-driven to wind-driven in the NAB08
record shortly before the bloom begins. Wind-estimated turbulent
vertical velocities (w*) underestimate observed vertical velocities
(wrms) before the bloom initiation. During the same period, heat
fluxes are negative and the correspondence between wrms and
buoyancy-estimated velocities (wb) is relatively high (Table 1,
Figure 3b).
Finally, we find significant shoaling of Lmix to coincide with
both the increased synchrony between the wind-estimated and
observed vertical velocities and the beginning of the spring
bloom, in contrast to the density-defined mixed layer during this
period (Figure 3c). We find further evidence of this synchrony in
depth-resolved biomass time series (Figure 4), in which Lmix
better delineates the lower boundary of increased surface biomass
concentrations at the onset of the bloom than does the densitydefined mixed layer.
Our results thus support the underlying ideas of the Sverdrup
hypothesis—that phytoplankton are uniformly mixed to deep
depths in winter, with little available light, then begin to bloom in
spring as mixing weakens and the population concentrates in the
light-filled upper ocean. At the same time, we propose that decreases
in the dominant mixing length scales operating in the upper ocean
(Lmix), driven by the transition from buoyancy-driven to winddriven mixing, better predict the onset of the spring bloom than
the surface warming and consequent decreases in the densitydefined mixed layer typically attributed to the Sverdrup hypothesis.
Given that the Sverdrup hypothesis is predicated on the phytoplankton mixing depth shoaling above the critical depth (where
integrated phytoplankton photosynthesis equals integrated respiration) before the bloom, the critical depth during the NAB08 experiment might be located between 250 and 50 m, the approximate
depths of Lmix before and after it shoals.
We further note that at and after the bloom termination,
depth-resolved profiles show high concentrations of biomass
deeper than either the density-defined mixed layer or Lmix would
predict (Figure 4). It has been suggested that in stratified, high-light
conditions, phytoplankton grow to the depth of the euphotic zone,
deeper at these times than the depth of surface mixing (Behrenfeld,
2010; Boss and Behrenfeld, 2010). Our results confirm this idea, providing justification for integrating biomass to the depth of a threshold isolume to calculate rates of change during these periods
(Behrenfeld, 2010), as we do here to calculate r, and suggesting
that the highest phytoplankton growth does not occur within the
active mixing layer year-around. Additionally, our analysis makes
it apparent that, for both the Labrador Sea and NAB08 data, the
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Figure 4. Daily chlorophyll ﬂuorescence (a) and bbp(700)
concentration (b) depth-time records from the NAB08 glider data.
Both records are plotted on a log scale. In both plots, the time span
shown is the same as in Figure 3, the black vertical solid lines correspond
to the bloom initiation and termination dates shown as green lines in
Figure 3, and the black vertical dashed lines highlight the beginning of
apparent biomass sinking (1 May). The threshold isolume (z415) used to
calculate r and euphotic depth (zeu) are also shown.
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based theory for subpolar blooms raises the possibility that changes
in ocean-atmosphere forcing conditions on interannual to decadal
timescales, as they affect the timing of the transition from buoyancy
to wind-driven mixing, could affect the timing of the spring phytoplankton bloom in a predictable manner.
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mixed layer based on the 0.03 kg m23 density threshold, and by
extension the Holte-Talley algorithm mixed layer depth, is noticeably more appropriate for the active mixing depth estimation than
the 0.125 kg m23 threshold. While this may not be the case for all
datasets and regions, the mixed-layer depth definition used to calculate Lmix must always be chosen deliberately.
While our work provides evidence for the idea that the shift from
buoyancy-driven to wind-driven mixing, reflected in the shoaling of
Lmix, provides the necessary mechanism for bloom initiation at the
NAB08 site, recent studies have offered different explanations for
the subpolar spring bloom. Mahadevan et al. (2012) also used the
NAB08 data and, noting the appearance of a bloom before heat
fluxes became positive, used the record of shallow vs. deep stratification, as well as a numerical model, to propose that mixed-layer
eddies, arising from horizontal density gradients, drive stratification, and bloom initiation before the warming of the ocean
surface. We use the same in situ data, though with stratification measured over a different part of the water column, to propose that
changes in surface forcing and one-dimensional mixing alone are
sufficient to drive bloom initiation. However, perhaps both of
these proposed mechanisms could be at play at different times
and to different extents throughout the subpolar oceans in the
early spring. We note that the stratification signature observed by
Mahadevan et al. (2012) in the NAB08 record—a concurrent,
small increase in shallow and deep stratification while heat fluxes
are negative followed by a large increase in shallow stratification
only after heat fluxes become positive, is consistent with a stratification scenario that might be observed in the transition from Case 2
to Case 3 mixing in our formulation.
A theory of bloom initiation based on top-down control of
phytoplankton has also been proposed (Behrenfeld, 2010; Boss
and Behrenfeld, 2010; Behrenfeld et al., 2013): that deep
mixed-layers dilute plankton populations, reduce encounters
between zooplankton grazers and phytoplankton, and thus
promote growth in the integrated population. This theory has
been tested in situ as well, using data from an optical profiling
float released in the North Atlantic between 2004 and 2007
between 45 and 558N (Boss et al., 2008; Boss and Behrenfeld,
2010). However, two factors prevent a direct comparison with the
NAB08 data. First, this float profiled an area of the North Atlantic
5–108 southward of the NAB08 experiment site, where the
average PAR over the course of a year is significantly higher than
at the NAB08 site, and productivity patterns are indicative of the
transition zone between subtropical and subpolar waters, where
light limitation is not the sole driver of phytoplankton blooms
(Brody et al., 2013). Relatedly, the mixed layers recorded by that
float, determined using the 0.125 kg m23 density difference criterion, never exceeded 160 m, and usually stayed .100 m, vastly increasing the winter light exposure of the biomass in that area
compared with the biomass experiencing the 700 –800 m mixed
layers observed at the beginning of the NAB08 record. While it is
possible that, had the NAB08 experiment started during winter,
rather than at the beginning of April, it would have recorded
growth in the integrated population as mixed layers deepened, it
is equally possible that light limitation becomes a more important
factor than dilution and grazing in setting the timing of the phytoplankton bloom in areas of deep mixed layers and low winter PAR.
Thus, from available data, there is strong in situ evidence for
decreases in Lmix, driven by a shift from buoyancy-driven to winddriven mixing, as one of the primary drivers of the subpolar spring
phytoplankton bloom. This formulation of the light-limitation-
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The seasonal cycle of phytoplankton biomass in the Southern Ocean (SO) is characterized by a period of rapid accumulation, known as bloom, that
is typical of high-latitude regions. Recent studies have illustrated how spatial and temporal dynamics of blooms in the SO are more complex than in
other oceans. This complexity is likely related to differences in vertical mixing and the iron availability. In this work, we examine the sensitivity of
bloom dynamics to changes in vertical mixing and iron availability using a biogeochemical model. Under idealized physical forcing, we produce
seasonal cycles of phytoplankton for an ensemble of SO scenarios and we describe the bloom dynamics in terms of the net biomass accumulation
rate. Based on this metric, we deﬁne three crucial bloom phases: the onset, the climax, and the apex. For the ensemble of modelled blooms, onsets
always occur in winter and can be either bottom-up (increase in productivity) or top-down (decrease in grazing) controlled. Climaxes are mostly
found in spring and their magnitudes are bottom-up controlled. Apexes are always found in late spring and strongly top-down controlled. Our
results show that while a “strict” onset deﬁnition is consistent with a winter onset, the surface spring bloom is associated with the climax of
the integrated bloom. Furthermore, we demonstrate that onset phase can be distinguished from climax phase using appropriate bloom detection
methods based on surface satellite-based products. The ensemble of these results suggests that Sverdrup’s blooming conditions are not indicative of
the bloom onset but of the climax. We conclude that the recent bloom onset debate may partly be due to a confusion between what is deﬁned here
as the bloom onset and the climax, and that the SO observed complexity is due to the factors that control the climax.
Keywords: bloom onset, iron, Sverdrup, Southern Ocean.

Introduction
The Southern Ocean (SO) is the largest high-nutrient lowchlorophyll region in the world’s ocean. Its relatively low productivity has been attributed to a combination of iron scarcity (Martin
et al., 1990), elevated grazing, and light limitation (Boyd and
Ellwood, 2010). Despite these unfavourable biological growth conditions, large accumulations of phytoplankton biomass, or blooms,
are observed in surface waters each spring over wide areas of the SO
(Thomalla et al., 2011). The distribution of these blooms is very
patchy in space and time. Hot-spots of phytoplankton accumulation are mainly seen where sources of iron are significant, i.e. in
the lee of Islands (Moore and Abbott, 2000; Arrigo et al., 2008).
Additionally, the bloom onset dates are rather spread in time,
# International

from October to January (Thomalla et al., 2011), and do not show
a clear latitudinal pattern. This is unlike the pattern for North
Atlantic spring bloom which is zonal and propagates from South
to North (Siegel, 2002; Lévy et al., 2005). The variability of bloom
dynamics in the SO in terms of their amplitude, timing and location
has been mainly documented from ocean-colour observations
(Moore and Abbott, 2000; Arrigo et al., 2008; Thomalla et al.,
2011). However, the drivers of the observed variability remains
unclear. We hypothesize that patchy environmental conditions, involving zonally asymmetric mixed-layer distributions (Sallée et al.,
2010) combined with equally complex dissolved iron distributions
(Tagliabue et al., 2011, 2014) are mostly responsible for the complex
SO patterns.
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1. The bloom onset is when total biomass starts to accumulate.
2. The bloom climax occurs when the rate of biomass accumulation
is maximal. After this instant, accumulation of phytoplankton
continues but at a slower rate because ecosystem has yet started
its way to readjustment (i.e. to recoupling).
3. Finally, the bloom apex marks the peak in total biomass, i.e. the
time after which l . m (recoupling is actually achieved) and
accumulation starts decreasing.
Figure 1 illustrates these three phases associated with the time of
minimum integrated biomass (onset), of maximum slope of integrated biomass (climax), and of maximum integrated biomass
(apex). This distinction complements previous studies on bloom
dynamics that focused either exclusively on onset (Sverdrup,
1953; Behrenfeld, 2010) or on climax (Lozier et al., 2011; Ferrari
et al., 2014).
We address the question of bloom drivers in the SO in the framework of a numerical model. This model uses a state-of-the-art biogeochemical network (Aumont and Bopp, 2006) within a vertically
discretized 1D water column configuration where vertical mixing is
the main physical process. Aiming to examine the full range of SO
conditions, we perform statistical analyses using an ensemble of
1200 model simulations with distinct seasonal cycles of mixing-layer
depth, ferricline, and solar radiation. Bloom onset, climax, and apex
dates are diagnosed for each run in the ensemble. Simultaneously,
the distributions of variables such as iron supply, mixing-layer
depth, light, phytoplankton growth, and loss rates for each of the
three bloom phases are attributed to drivers. We investigate when
bottom-up or top-down controls prevailed. This model allows us
to test existing theories on bloom onset in an idealized and comprehensive framework, and to discuss them in the context of theSO.
Furthermore, the completeness of the model data allows us to
compare the onset and climax dates with the dates at which two different satellite-based bloom detection methods identify bloom initiation. These bloom detection methods are also compared with the
date of the bloom onset predicted by Sverdrup (1953)’s hypothesis
with the aim to evaluate at which point the validation (or refusal) of
this hypothesis is influenced by the bloom detection method.

Methods
Biogeochemical model
The model was set up to represent the Permanent Open Ocean Zone
(POOZ) of the SO, away from ice formation and melting, where
nitrate and silica do not limit productivity. Our goal in this study
is to untangle how the different phases of a bloom (onset, climax,
and apex) are controlled by their physical and biogeochemical environment. As such, we deliberately chose to reduce the complexity of
the problem by considering a 1D physical framework (e.g. lateral advection is neglected). Varying vertical diffusion reproduces seasonal
cycle of the mixing-layer depth. Along with this idealized physical
configuration, we model the associated biogeochemical activity
with the model PISCES (Aumont and Bopp, 2006). PISCES contains
24 biogeochemical tracers with five nutrients able to limit phytoplankton growth: nitrate, phosphate, ammonium, iron, and silicate.
The iron pool is explicitly modelled and controlled by a range of processes such as phytoplankton uptake, bacterial uptake, zooplankton,
and bacterial recycling, remineralization and scavenging. In addition, four living pools are represented: two phytoplankton size
classes (small and large) and two zooplankton size classes (microzooplankton and mesozooplankton). Large phytoplankton differs
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Our current understanding of phytoplankton bloom dynamics
mainly comes from works based on the North Atlantic. In this
region, the mixed-layer, nutrient, and atmospheric environment
are largely different from in the southern hemisphere. Historically,
the emergence of blooms in the North Atlantic has been related to
thinning of the ocean surface layer where turbulence is active (hereafter referred to as “turbulent or mixing-layer”, or XLD, to be distinguished from the usual “mixed-layer depth”, or MLD, which
represents the upper-layer where hydrographical properties are well
mixed; Franks, 2015). This thinning implied an increase of averaged
exposure of phytoplankton cells to light (Gran and Braarud, 1935;
Riley, 1942). Along with this bottom-up view, Sverdrup (1953) proposed that bloom would start when surface mixing-layer crosses a
critical depth above which integrated phytoplankton growth would
overcome phytoplankton losses (Siegel, 2002). It must be emphasized
to note that Sverdrup (1953)’s hypothesis (also known as the Critical
Depth hypothesis) is founded on the assumption that “within the top
layer the turbulence is strong enough to distribute the plankton
organisms evenly through the layer ”(Sverdrup, 1953). This assumption is crucial to understand the Critical Depth hypothesis as points
out that what matters for phytoplankton is the vertical profile of turbulent mixing, rather than the hydrographical properties of the water
column. Indeed, the relevant parameter for the Sverdrup (1953)’s hypothesis is the XLD rather than the MLD (Franks, 2015).
As an alternative to the bottom-up understanding of ocean
blooms, a top-down view has also appeared. This view proposes
that, in essence, the causes of phytoplankton concentrations cannot
be fully understood without considering the role of their main predator, zooplankton (Banse, 1994). The top-down hypothesis has gained
interest recently via a series of papers that challenged the prevailing
“bottom-up” paradigm (Behrenfeld and Boss, 2013). Using various
tools (satellite data: Behrenfeld, 2010; float data: Boss and
Behrenfeld, 2010; and model estimates: Behrenfeld et al., 2013), it
has been suggested that the North Atlantic spring bloom does not initiate in spring alongside thinning mixing-layers, but rather in winter
when mixing-layer is deepening. This winter initiation is consistent
with the hypothesis that dilution enables phytoplankton to better
escape their predators and accumulate biomass (Evans and
Parslow, 1985; Yoshie et al., 2003; Marra and Barber, 2004).
In this context, our primary objective is to examine the drivers of
phytoplankton blooms over the full range of SO environmental conditions. In particular, we examine how different environmental conditions (mixing-layer depth, ferricline, and solar radiation) result in
bottom-up or top-down control. To that end, we extend a framework in which the rate of net biomass accumulation (r) results
from a competition between growth (m) and loss (l ) of phytoplankton: r = m − l = (1/P)(dP/dt), with P the total biomass of phytoplankton present in the water column (Riley, 1942; Sverdrup,
1953; Behrenfeld, 2010). At equilibrium, phytoplankton growth
and loss are in balance and phytoplankton population remains
stable. This balance can be disturbed by a sudden change in iron
supply, light conditions, or stratification in isolation or in combination, which would then likely affect m and l in different ways
(Behrenfeld et al., 2013). Our overarching question is how such perturbations modify m and l at seasonal scale, and which term is the
most sensitive to a given perturbation and the most effective at
driving variations in r (i.e. phytoplankton population fluctuations).
One of the key aspects of our approach is that we examine three important phases in the annual cycle of blooms: the bloom onset,
climax, and apex. Using time evolution of r, we define these
bloom phases as follows:

J. Llort et al.

1973

Onset, intensification, and decline

from the small phytoplankton by higher requirements in iron and a
greater iron half-saturation constant. Grazing pressure on each
phytoplankton is also differentiated by size: microzooplankton
(Z) preferentially grazes small phytoplankton while mesozooplankton (M) preferentially grazes the larger phytoplankton but also
microzooplankton.
Prognostic equation for each phytoplankton group (i ¼ 1,2) is:


∂Pi
∂
∂Pi
kz
= mi Pi − g Z (Pi )Z − g M (Pi )M − mi Pi +
,
∂z
∂t
∂z

(1)

i = 1, 2,
where Pi is the phytoplankton biomass, mi is the growth rate, gi represents the grazing rate, and mi is the mortality rate. The last right hand
side term is the effect of vertical diffusion over biomass due to vertical mixing of intensity kz. The growth rate (mi) is computed as
follows:


−ai QChl
i PARi
Li ,
mi = mmax fi (T)h(z) 1 − exp
mmax fi (T)Li

i = 1, 2

(2)

where fi(T ) is the dependence of the growth rate with temperature
(Eppley, 1972), h(z) is a penalization term for deep mixing, PARi
is function of the shortwave radiation at the surface, ai is the

initial slope of the photosynthesis-irradiance curve, QChl
the
i
Chl:C quota for each phytoplankton, and Li is the nutrient limitation. Nutrients limitation in our set-up can only be due to Fe, so
Li ; LFe
i , where


LFe
i



QFe − QFe
= min 1, max 0, i Fe i,min
Qi,opt


.

(3)

Iron limitation is formulated following a Quota approach
(McCarthy, 1980; Droop, 1983) with the term QFe
i,opt allowing
luxury uptake (as in Buitenhuis, 2010). Grazing rate by zooplankton
is computed as a Michaelis –Menton parametrization with a phytoplankon feeding threshold (Aumont and Bopp, 2006). It can be
formulated as follows:
g Z (Pi ) = gm0,Z fZ (T)

Z
Kgraz

gZPi

F Z,Pi ,
+ Pi gZPi Pi thresh

(4)

where Z stands for both micro- and mesozooplankton, gm0,Z is the
maximum grazing rate at 08C, fZ (T) is a temperature-dependent
Z
is the corresponding half-saturation constant, gZPi
function, Kgraz
is the preference of each zooplankton for each phytoplankton, and
Z,Pi
Fthresh
is a function computing the corresponding feeding thresholds
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Figure 1. Seasonal cycle of the mixing depth (XLD; red line), integrated phytoplankton biomass (black line) and surface chlorophyll (green line) for
one of the modelled blooms. The red horizontal dashed line marks the depth of summer ferricline (ZFe ). The dates of the maximal and the minimal
depth (tXLDmax and tXLDmin , respectively) are indicated with a black arrow. The vertical grey solid line marks the date of the winter solstice (21 June)
while vertical grey dashed lines mark the three bloom stages: onset, climax, and apex. Blue arrows show the range of values sampXLDmin led for each
of the ﬁve physical parameters: maximal and minimal mixing dates (XLDmax and ), its corresponding dates (tXLDmax and tXLDmin ) and the summer
ferricline (ZFe ).

1974

integrated for 3 years, starting in austral summer (15 February),
with outputs saved at daily frequency. A repeating seasonal cycle
was reached after 2 years and results are based on the third year of
simulation. As an example, Figure 1 shows a complete seasonal
cycle of integrated biomass (black curve), surface Chl (green),
XLD (red), and summer ZFe, for one of these runs.

Ensemble runs
An ensemble of runs was performed by varying the XLD and summer
ZFe in the range of values found in the POOZ. Specifically, these XLD
and ZFe were modified based on the following variables:
(i) The winter maximal mixing depth (XLDmax)
(ii) The summer minimal mixing depth (XLDmin)
(iii) The date at which XLDmax was reached (tXLDmax)
(iv) The date at which XLDmin was reached (tXLDmin)
(v) The summer ferricline depth, ZFe

† A fall/winter phase of convection and progressive XLD
deepening.
† A spring phase where cessation of convection led to the thinning
of the XLD.
† A summer phase with a relatively shallow and constant XLD.
To ensure that the timing of these phases and the magnitude of the
XLD were relatively realistic, we used data estimates derived from
Argo data (Sallée et al., 2010). These data provided us with an estimate of the depth of the seasonal thermocline in the SO, which we
assumed to reflect the mixing depth. Sub-seasonal variability in
the XLD was not accounted for. For temperature and surface PAR,
we used a smoothed climatological seasonal cycle constructed
from observations (DFS3-ERA40; Broderau et al., 2008) averaged
over the 40 –608S latitudinal band.
The summer initial condition for dissolved Fe profile was constructed by assuming low concentrations (0.03 nMolFe/l) above
a prescribed ferricline depth (ZFe), and larger concentrations
(0.5 nMolFe/l) below. The depth of the ferricline for the initial condition iron profile is one of the parameters we varied in our set of
simulations. It is generally understood that the summer Fe profile
is set by a combination of remineralization, scavenging and physical
supplies by lateral sources. While remineralization and scavenging
are parametrized in PISCES, there remains a large degree of uncertainty in the parameterization. In addition, lateral supplies were not
explicitly accounted for. To overcome these issues and to allow the
model to reach a repeating and stationary seasonal cycle, the dissolved iron profile was restored towards its initial value at the end
of each summer.
Initial vertical profiles for macronutrient (i.e. nitrates, phosphates, and silicates) were constructed based on the winter mean
profiles collected during the KERFIX project (Jeandel et al., 1998).
This project aimed to monitor ocean-atmosphere CO2 and O2
exchanges and related processes with a time-series station (called
KERFIX station) located at 50840′ S–68825′ E, 60 miles southwest
of the Kerguelen Islands (SO). From January 1990 to March 1995,
regular monthly measurements of physical and biogeochemical
water properties were carried out at KERFIX station. As for iron,
macronutrients were restored to the initial profiles at the end of
each summer. Initial conditions for the four living compartments
were set to low values for the first year. The simulations were

The variables i –v were set based on a discrete set of observed values,
with equal weight given to each discrete value (see ranges in Figure 1,
blue arrows). The ranges for ZFe were established based on a recent
compilation of dissolved iron measurements (Tagliabue et al.,
2011), the ranges of values used to set XLD were based on .500
000 density profiles sampled in the SO by Argo floats data (Sallée
et al., 2010). Our choice of variables led to an ensemble of almost
1200 different scenarios that combine different values of the above
parameters i –v covering a wide range of XLD and ZFe observed in
the SO.
In our model, the amount of Fe injected at the surface each year
was not prescribed: Fe was entrained in the mixing layer during the
deepening phase. Thus, the Fe supply depended on the relative
depths of the ferricline and XLDmax (Figure 2). The relationship
between both variables was however non-linear, due to the effects
of consumption/remineralization by the biological community
and the rate of stratification/destratification. A peculiarity of the
SO is that the ferricline depth is often found below the maximum

Figure 2. Histogram of the total amount of Fe supplied to the 0– 50 m
surface layer as a function of the XLDmax and the summer ferricline
(colours).
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for each couple phyto/zoo. Encounter probability between grazers
and phytoplankton is not explicitly computed but results from the
volumetric concentration of the four biological compartments.
The model equations were computed on a regular vertical grid of
74 + 1 vertical levels (constant spacing of 7 m for the first 74 levels
and a last one of 500 m depth) and a time step of 20 min. The vertical
mixing coefficient (kz), temperature and surface photosynthetic
available radiation (PAR) were analytically prescribed every 6 h.
Vertical mixing coefficient were assumed to be constant and equal
to 1 m2 s21 within a surface mixing layer of depth XLD, and equal
to 1025 m2 s21 below. Hence, in this study, XLD was not calculated
but imposed through the kz vertical profile. The extremely
large value of kz within the XLD guaranteed that turbulence
was strong enough to homogeneously distribute phytoplankton
(i.e. Sverdrup, 1953s assumption). Following Lévy (2015), who
highlighted the need to represent the full seasonal cycle of the
XLD to study the bloom, we imposed an idealized seasonal cycle
of the XLD divided into three phases (red curve in Figure 1):
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winter mixed-layer depth (Tagliabue et al., 2014), implying some
regions permanently Fe-limited despite strong and deep winter
mixing. In our scenarios, this situation occurred when ZFe was
greater than XLDmax (Figure 2). Note that this is different from
other high-latitude productive regions such as the North Atlantic,
where nitrate is the main limiting nutrient. In the North Atlantic,
the depth of winter mixing and the convective nitrate supplies are
more tightly correlated than its SO counterpart (depth of winter
mixing and convective Fe supplies).

Bloom onset, climax, and apex
The bloom phenology was decomposed into three main events
defined by the rate of net biomass accumulation (r), which writes as:
1 dPint
,
Pint dt

H

with

Pint =

Pdz

(5)

0

where H is the depth of the water column. For simplicity, hereinafter
we will refer to P int as P. From the seasonal evolution of r, we defined
the bloom onset (total biomass starts to increase: Pmin , r = 0,
and r ′ . 0; hereafter all temporal derivatives are marked by a
prime, i.e. r ′ = ∂r/∂t); the bloom climax (the rate of accumulation
is maximum: r = rmax and r ′ = 0) and the bloom apex (bloom
peaks in total biomass: P = Pmax , r = 0 and r ′ , 0). See Figure 1
where the three steps are reported. We note here that r was computed
in our study from a total water column integral, which slightly differs
from what is done in Sverdrup (1953) or Behrenfeld (2010) where P
was integrated down to the base of the mixing layer. As Chiswell
(2013) pointed out, mixing layer integration of P might be misleading when the mixing layer restratifies as plankton is not conserved in
the XLD. Integrating over the whole water column overcomes the
discontinuity issue pointed out by Chiswell (2013).
Integrating Equation (1) and dividing all terms by P, r can be
written as the integrated balance between phytoplankton source
(i.e. growth rate, m) and sinks (i.e. grazing and mortality rates, g
and m, respectively):
r = m − g − m.

(6)

Hence, the evolution of modelled ecosystem in the water column
can be synthesized as:
r = m − l,

(7)

where m is the mean growth rate of the total depth integrated phytoplankton community, and l is the sum of grazing and mortality.

Bloom timing
In our set of experiments, the time of the deepest convection
(tXLDmax) can vary by up to 2 months between experiments, and
the time at which summer stratification is reached (tXLDmin) by
1 month (Figure 1). To account for this variability, the timing of
the different bloom phases was not only measured relatively to the
day of the year but also relatively to the phase of the physical
forcing (i.e. relative to the time of tXLDmin and tXLDmax). In this
sense, bloom phases before tXLDmax occurred in “winter”, when
the mixing layer is still deepening. Similarly, bloom phases occurring between tXLDmax and tXLDmin are occurred during the
spring thinning of the mixing layer.

Bottom-up vs. top-down control
In this paper, we aim at investigating whether the bloom seasonal
cycle is controlled by bottom-up or top-down processes. Here, we
detail how the relative intensity of m′ and l′ can be used to link
onset, climax, and apex to their bottom-up or top-down controls.
Onset (r ¼ 0, r ′ . 0) occurs when gains first overcome losses.
At onset integrated phytoplankton biomass is minimal and losses
are always decreasing. Under these circumstances, two possible
mechanisms can cause the bloom onset (Figure 3):
1. Growth regime: The growth rate has already started to increase
while the loss rate is still decreasing or stable. The growth
will then become larger than loss at some point leading to the
initiation of net biomass accumulation in the water column
(i.e. r . 0). The onset is controlled by the growth (i.e. light and
nutrients) and therefore is bottom-up driven. Analytically, this
regime can be expressed as:

m′ . 0, l′ ≤ 0 ⇒ r′ . 0.

(8)

2. Dilution regime: Growth and loss rate are decreasing due to nutrients depletion, low light conditions, and XLD deepening. The
latter causes the dilution of plankton (both, phyto- and
grazers) when increasing the volume of water in the mixing
layer. This process strongly decreases the prey –predator encounter probability causing a faster decrease on loss rate than on
growth rate. The grazing pressure relaxation allows phytoplankton ecosystem to start increasing. This regime is top-down controlled and it corresponds to bloom onset scenario described in
Marra and Barber (2004), Behrenfeld (2010), and Boss and
Behrenfeld (2010). It can be analytically expressed by
l′ , m′ , 0 ⇒ r ′ . 0.

(9)

Climax (r = rmax , r ′ = 0) marks the instant of the fastest population
increase. Consequently, climax is the inflection point in the seasonal
evolution of biomass:
r = rmax ⇒ r ′ = 0

where P′′ / r ′ .

(10)

From an ecosystem point of view, this means that the trend in loss
rate overcomes the trend in growth rate (l′ ≥ m′ ). Therefore, the
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r=

Figure 3. Diagram of the two mechanisms able to trigger the bloom in
winter. In growth (dashed), net accumulation (solid) and losses
(dotted) rates are represented for the (a) Growth Regime and (b) the
Dilution Regime. Losses rate is represented as negative (2l ) to illustrate
the balance r = m − l. The vertical grey line marks the date of onset at
which r becomes greater than zero.
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Bloom onset detection and Sverdrup’s hypothesis
With the aim to evaluate how onset and climax phases can be
detected using ocean-colour data, we applied two different bloom
detection methods to model outputs. Several bloom detection
methods exist in the literature and it has been shown that bloom detection dates can strongly differ depending on which method is
applied (Ji et al., 2010; Brody et al., 2013). Here we use two
methods, a surface biomass- (sP) and a surface chlorophyll(sChl) based methods, that have already been implemented in literature with ocean-colour data (Behrenfeld, 2010; Brody et al., 2013).
Despite these methods are designed to be applied with ocean-colour
data, in our case bloom detection dates are obtained from modelled
sP and sChl and compared to the actual onset and climax computed
from the full vertical profile. The two bloom detection methods are
defined as follows:
1. P*-method: date at which P∗′ . 0 Behrenfeld (2010), where:
P ≈ P∗ = sP × XLD while t , tXLDmax .

(11)

2. sChl-method: Date of maximal sChl” (Sallée et al., 2015)
The P*-method is based on a depth integrated view of the bloom: it
estimates the amount of biomass within the water column assuming
that phytoplankton is homogeneously mixed in the ocean upper
layer and that the amount of biomass below is negligible. Onset is
then detected when integrated biomass starts to increase. On the
other hand, the sChl-method is only based on the surface imprint
of the bloom and onset detection is based on the rate of change of
sChl. Interestingly, when used in the literature, the P*-method
resulted on bloom onset detected in winter (Behrenfeld, 2010)
while sChl-method detects bloom onsets mostly in spring (White
et al., 2009; Sallée et al., 2015).
A number of studies have addressed high-latitude blooms using
ocean-colour data with the aim to validate (or to reject) Sverdrup
(1953)’s hypothesis (Siegel, 2002; Behrenfeld, 2010; Chiswell,
2011). Here, we aim to quantify at which point the validation (or
refusal) of the Sverdrup (1953)’s hypothesis depends on the
bloom detection method implemented. We took advantage of the
model data completeness to compute the critical depth (Zc ) based
on the two main Sverdrup (1953)’s assumptions: strongly turbulent
surface layer and constant mortality (assumed to be the main loss
term in winter–early spring). The formal expression of Sverdrup

(1953) critical depth (as presented in Lévy, 2015)

aI0
(1 − e−kZc ) = m
kZc

(12)

can be approximated to
Zc ≈

 
1 m0
,
k m

(13)

where m0 is the phytoplankton growth rate at surface (i.e. m0 = aI0 ),
k is the light attenuation coefficient (in m21), and m is the
mortality rate. The variable Zc is computed at each time step using
the model outputs for m0 , m averaged from August to October
and a light attenuation coefficient of k ¼ 0.05 m21, constant
throughout the year (i.e. no phytoplankton shelf-shading; Lévy,
2015). Determining the date at which XLD = Zc for each modelled
bloom, we are able to investigate whether Sverdrup’s bloom conditions are satisfied or not for the two surface bloom detection
methods presented above (P*-method and sChl-method).

Results
Abrupt and smooth blooms
Two types of bloom phenology emerge from our 1200 runs ensemble: abrupt blooms, characterized by a sudden and very strong intensification of biomass accumulation, and smooth blooms,
which display a smoother biomass accumulation. In fact, there is a
continuous range of possible phenologies between these two
bloom types and, hence, no objective method that distinguishes
them. Nevertheless, as abrupt blooms reach, by definition, a
higher value of r at climax, the 20% of blooms with the largest
rmax were identified as abrupt, and the remaining 80% as smooth
in the following analysis. Importantly, these two types of SO
bloom phenologies are also identifiable from ocean-colour observations (Sallée et al., 2015).
For illustrative purpose, we will describe an example of an abrupt
and smooth bloom taken from our results (Figure 4). In the abrupt
case example (Figure 4a, c, and e), the XLD reaches 400 m in winter
and the summer ferricline is located at 150 m. This deep winter
mixing causes strong light limitation over 6 months of the
year (from May to October; yellow surface in Figure 4e).
Simultaneously, Fe limitation (red surface in Figure 4e) declines
as XLD becomes deeper than ZFe and entrains Fe to the surface.
The bloom onset occurs around 1 July and is followed by 2.5
months of a low and stable positive r during which the XLD continues to progressively deepen. We will refer to this period as
the plateau. Then, when tXLDmax is reached and the XLD starts shallowing, r rapidly increases until climax (rmax ) is reached on 20
October. In this scenario, the climax is an abrupt and strong peak
that occurs during the period of XLD restratification. This date
also marks the start of a large and rapid increase in both integrated
biomass (P) and surface chlorophyll (sChl) (black and green lines in
Figure 4a). Apex is reached 10 days after the climax (1 November)
associated to a rapid decline in r, which is driven by decreasing m
as Fe-limitation becomes important, as well as increasing losses
(l′ ≫ 0). Following apex, growth/loss equilibrium (r ≈ 0) is
re-established over the summer (i.e. grazers-prey recoupling).
This type of bloom is characteristic of high-latitude regions like
the North Atlantic and iron rich waters of the SO (Waniek, 2003).
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bloom climax marks the beginning of the recoupling process that
leads to the re-equilibrium of the system. Climax can be achieved
in two different ways: either m′ becoming negative due to nutrient
limitation (bottom-up control) or l′ becoming greater than m′
(top-down control).
Finally, apex (r ¼ 0, r ′ , 0) marks the actual time of recoupling,
when losses first equals gains. At apex, losses are always increasing
l′ . 0. Apex can be reached when growth is still increasing, and
biomass accumulation is stopped by grazers (i.e. l′ . m′ with
m′ . 0); we refer to this case as the top-down controlled. In the
bottom-up case, the apex is mainly due to change on the growth
rate trend (i.e. m′ , 0). This situation is often caused by the nutrients depletion in the mixing layer. We note that both top-down
and bottom-up controls can mutually act together. Our analysis
only points out the dominant process at play.

Onset, intensification, and decline

1977

In the smooth bloom case example (Figure 4b, d, and f), XLD
reaches 200 m in winter, with a long period of restratification (.2
months) and a relatively deep mixing during summer (65 m). The
variable ZFe is deeper than XLDmax , so mixing does not reach the
largest Fe stocks, which maintains a significant Fe limitation all yearround. As for abrupt bloom case, onset occurs in mid-June and is
followed by a plateau phase which lasts during XLD deepening. In
contrast to the abrupt bloom (Figure 4a, c, and e), the plateau has

a much smoother shape and, instead of switching to a high r
phase, is followed by a phase where r declines slowly. Climax is in
late-July, in the midst of the plateau and just before tXLDmax ; the
accumulation intensity at climax is almost four times lower than
smooth
for the abrupt bloom case (rmax
= 0.02 d−1 compared with
−1
abrupt
rmax = 0.075 d ). Restratification is not associated with an increase in accumulation, which is likely due to prevailing Fe limitation. The climax lead to the beginning of recoupling and apex is
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Figure 4. Seasonal cycle of the forcing XLD (red line) and model outputs of integrated biomass (black line) and surface chlorophyll (green line) for
(a) an abrupt bloom and (b) a smooth bloom. Summer ZFe is indicated by a horizontal red dashed line. The seasonal cycle of the accumulation rate
(r, black line), the growth rate (m, green line), and losses rate (l, blue line) for both runs are represented in panels (c) and (d). Losses rate is represented
as negative (2l ) to illustrate the balance r = m − l. Limitation due to Fe and light are shaded in red and yellow areas; orange areas stands for the
time at which both factors are limiting. Winter solstice date and XLDmax date are indicated by a vertical grey line. Onset, climax, and apex dates for
each run are marked by a light blue dashed line.

1978
reached after 2 months (around mid-September), associated to a
strong grazing pressure that overcomes the steady increase in
growth rate (at r = 0 : l′ . m′ . 0, Figure 4b– d). Overall, the temporal changes in r are much less pronounced than for the abrupt case
(Figure 4a– c) and the apex seems to arise from the long process of
re-equilibrium that begins just after the onset, due to maintained
top-down control. The variables P and sChl display a weak seasonal
cycle with maximal values between September and October. The
maximal value of sChl is reached just before Pmax , which in contrast
to the abrupt bloom case, has a broader and lower peak. This second
type of bloom are often observed in subtropical regions and low iron
concentration areas of the SO.

A remarkably consistent result over our 1200 simulations is that
in 100% of the situations that we have explored, the bloom
onset always occurs in winter, when the mixing layer is deepening
(Figure 5a). The median value of the onset date is 2 months before
tXLDmax and 4 months before tXLDmin . Abrupt blooms tend to

initiate earlier than smooth blooms, and the spread of the time of
initiation is wider for smooth blooms than for abrupt blooms.
As introduced above, these winter onsets can either be growth or
dilution driven. Here we assess each of the blooms in terms of the
rate of change in losses and growth (l′ and m′ , respectively) at the
time of onset (Figure 6). In this way, we can discriminate between
the bottom-up (increase in growth rate or Growth regime) and
top-down (decrease in grazing or Dilution regime) control.
Overall, across the 1200 scenarios of our study we find an equal distribution between Growth regimes (m′ . 0, red quadrant in
Figure 6) and Dilution regimes (m′ , 0, blue semi-quadrant in
Figure 6). No significant differences in the onset regime are found
for abrupt blooms (represented by triangles in Figure 6).
In terms of absolute timing, all onsets occurring after the winter
solstice are associated to Growth regimes and those occurring before
the winter solstice, to the Dilution regime (see colour bar in
Figure 6). Thus, in our simulations (and unlike the results of
Behrenfeld et al., 2013 in a model of the North Atlantic) dilution
is not always efficient enough to initiate the bloom. We found that
the efficiency of dilution at initiating the bloom is related to the
speed of destratification of the mixing layer. Dilution is efficient

Figure 5. Bloom onset, climax, and apex dates for each modelled bloom have been normalized by the corresponding tXLDmax (left column) and
tXLDmin (right column). In the ﬁgure, the histogram of the ensemble of modelled blooms representing: (a) the onset date normalized to the tXLDmax
date, (b) the onset date normalized to the tXLDmin date, (c) the climax date normalized to the tXLDmax date, (d) the climax date normalized to the
tXLDmin date, (e) the apex date normalized to the tXLDmax date and (f) the apex date normalized to the tXLDmin date. Median value is represented by
a vertical dashed line. Abrupt blooms distribution are in dark colour and smooth blooms distribution in light colour. Normalization allows to
identify the link the bloom phase with the dynamics of the XLD. For instance, independently of the absolute onset date, negative values represent
onsets occurring before tXLDmax (i.e. before the start of stratiﬁcation) while positive values indicate that bloom starts after tXLDmin (i.e. during
stratiﬁcation).
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when the destratification is strong enough to dilute predators, but
weak enough to retain favourable light conditions for phytoplankton. In our simulations, we find a threshold between dilution and
Growth regimes of at ≈2 m d21 (not shown). When the destratification rate is greater than ≈2 m d21, the decrease in losses due to
dilution is not strong enough to overcome the decrease in growth
and to cause the bloom to onset. In this case, the onset is delayed
until light conditions become more favourable (i.e. after winter solstice), switching to a Growth regime. Alternatively, when the destratification rate is less than ≈2 m d21 the opposite occurs, favouring
Dilution regime.

Figure 7. The climax intensity (or rmax ; in d−1 ) is represented in colour
as a function of the vertical iron supply and the reestratiﬁcation speed.
Circles stand for smooth blooms and triangles for abrupt blooms.
that the faster is the restratification of the surface layer, the larger is
the maximum accumulation rate (Figure 7), with the total Fe input
playing a secondary role. We note that for a given restratification
speed (except for the very low restratification, slower than 5 m d21),
rmax is tightly linked to the total Fe input in the surface layer. We interpret the tight relationship between rmax and the restratification as
an indication of bottom-up control: a rapid improvement in light
conditions leads to a parallel increase in growth rate (m), which
quickly translates into a rapid elevation of r, as grazers are not able
to respond at the same rate. The amount of Fe available in winter
thus works as a catalyst, allowing phytoplankton to take an optimal
benefit of the increase in light conditions.

Apex
Climax
After the bloom onset, biomass accumulation increases until it
reaches a maximum rate that we define as the climax (time of
r = rmax ). We note here that this date is different from the date of
maximal biomass stock: accumulation continues until r switches
back to a negative value. Instead, climax refers to the maximum increase rate of integrated biomass. In contrast to the bloom onset, for
the large majority of blooms (≈80%), climax is reached during the
phase of XLD retreat, i.e. after XLDmax (Figure 5c). The remaining
20% of blooms are characterized by a climax before or when the
mixing-layer reaches its maximum depth. However, all these
blooms with a climax before XLDmax are smooth blooms. Abrupt
blooms, associated with, by definition, a large (i.e. an “intense”
climax) have their climax occurring after XLDmax .
Interestingly, for all seasonal cycles analysed, we found the accumulation reaches its maximum before the surface layer re-stratifies
to its minimal value (Figure 5d). In summary, we find that in
80% of our simulation climax occurs during the spring stratification
(i.e. before tXLDmin and after tXLDmax ). In addition, climax associated with all the abrupt blooms occurs at the time where the
mixing layer reaches its minimal value (i.e. at tXLDmin and after
tXLDmax ; dark green in Figure 6c and d). These results suggest a relationship between climax date and intensity, and the surface layer
re-stratification period, which in turns points out the possible importance of light on biomass accumulation rate. Therefore, we find

The apex date is reached when loss rate first overcomes growth rate
(l = m) causing biomass accumulation to arrest (r ¼ 0). For 90% of
the scenarios we analysed, apex occurs after the mixing layer reaches
its maximum (median value 1.5 months later; Figure 5e). In addition, apex is reached, in .75% of bloom scenarios, before the date
of minimum mixing depth (median value 1 month before;
Figure 5f). However, apex for abrupt blooms occurs after tXLDmin
(hence also after tXLDmax ; Figure 5e and f). Such blooms can be
viewed as examples of “bloom and bust” dynamics occurring
during a rapid restratification that causes a sudden drop in r following the climax (compare Figure 5d and f; dark colours, or example
of Figure 4b).
By assessing the state of the ecosystem at the apex date, we can
better understand the processes leading to this stage. At apex, l′ is
always positive (Figure 8), which means grazing pressure is increasing. In contrast, m′ can be either positive (but necessarily lower than
l′ ) or negative (Figure 8). Over the ensemble of scenarios, 68% have
an increase in growth (m′ . 0) at the time of apex, and 32% have a
decrease in growth (m′ , 0) at the time of apex. However, l′ is always
greater than m′ (up to a factor 10 in some cases) indicating strong
top-down control for our entire suite of scenarios. The earliest
apex dates are always associated with m′ . 0 (Figure 8), while
after around day 260 ( mid-September), m′ can either be positive
or negative at recoupling. The highest loss rates (l′ . 100 d−1 ) are
always associated to abrupt blooms (see triangles in Figure 8).
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Figure 6. Growth and losses rate trends at the date of onset for the
ensemble of modelled blooms. Circles stand for smooth blooms and
triangles for abrupt blooms. Growth Regime quadrant (background red
shade) and Dilution regime semi-quadrant (background blue shade).
The absolute onset date (day of the year) is represented by coloured
symbols. Austral winter solstice date (21 of June, day of the year 172) is
marked with an arrow on the colour bar.

1980
Relating bloom phases and bloom detection methods
based on surface Chl
Many of the seasonal cycles generated by our model are characterized by a plateau phase, with positive, but weak and relatively

constant accumulation between onset and climax (see Section
Abrupt and smooth blooms and Figure 4). While in terms of
biomass accumulation, the bloom has definitely started (i.e. r),
there is little accumulation of chlorophyll at the ocean surface
(sChl; see examples in Figure 4, green dashed curve). Clearly, detecting bloom onset from surface chlorophyll observations would be
challenging in such cases. In this section, we aim to evaluate two
bloom detection methods that have been previously applied to
surface observations of Chl accumulation (e.g. Behrenfeld, 2010;
Brody et al., 2013), see what phase of the bloom they detect (onset
or climax) and if they comply to the critical depth hypothesis or
to the dilution/recoupling hypothesis.
The biomass-based bloom detection method (P*-method;
see Section Methods for details) detects dates that coincide, for
85% of blooms, to the onset computed from the full vertical profile
(Figure 9a). This result is not surprising given the model set-up: in
our model, the mixing layer is very strongly mixed, so we expect P
to be relatively constant over XLD and very weak below the mixing
layer (so P∗ ≈ P). The accuracy of the P*-method is therefore strongly
tied to the choice of the mixing depth over which P* is computed: it
must be a strongly mixed surface layer which is not always well
described by typical mixed-layer depth criterion (e.g. Taylor and
Ferrari, 2011). Arguably, P*-method will work better during the convective phase of the surface layer, when mixed-layer actively mixes.
The P*-method detects onset dates 2 months before the climax

Figure 9. The histogram of the ensemble of modelled blooms representing: (a) bloom detection date using P*-criterion normalized to the actual
onset date, (b) bloom detection date using sChl-criterion normalized to the actual onset date, (c) bloom detection date using P*-criterion
normalized to the actual climax date, (d) bloom detection date using sChl-criterion normalized to the actual climax date. Median value is
represented by a vertical dashed line. Abrupt blooms distribution are in dark colour and smooth blooms distribution in light colour.

Downloaded from http://icesjms.oxfordjournals.org/ at Fiskeridirektoratet. Biblioteket. on July 28, 2015

Figure 8. Growth and losses rate trends at the date of the apex for the
ensemble of modelled blooms. Circles stand for smooth blooms and
triangles for abrupt blooms. The absolute apex date (day of the year) is
represented by coloured symbols.
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(Figure 9b), in agreement with the typical time difference found
between onset and climax (Figure 5a and c). On the other hand, the
sChl-method detects dates that are only very weakly related to the
actual onsets in our model scenarios (Figure 9c). Onset dates
derived from this method are 1–4 months later than the actual
onset, with a median value of 2.5 months later. Interestingly, the
dates detected by sChl-method are more closely related to the
bloom climax (Figure 9d), with this bias even clearer for abrupt
blooms (dark green on Figure 9d).
From these results, we conclude that, usually, the P*-method is
reliable on detecting the bloom onset while the sChl-method
mainly detects the bloom climax.

Evaluating Sverdrup’s bloom conditions from space

Discussion
During the last 20 years, many studies based on SO bloom dynamics
have been conducted. Most of them rely on satellite ocean-colour
observations (Moore et al., 1999; Venables et al., 2007; Fauchereau
et al., 2011) except specific locations where mooring observations
have been sampled (Jeandel et al., 1998; Abbott et al., 2000;
Weeding and Trull, 2013), occasional oceanographic surveys
(Boyd et al., 2000; Pollard et al., 2007; Blain et al., 2007), and
recent datasets obtained by elephant seals equipped with CTD and
fluorescence sensors (Blain et al., 2013). While in situ observations
usually offer water column measurements, they are limited to specific regions and last for only a few weeks/months. In contrast,
satellite-based chlorophyll data provide substantial spatial and temporal coverage. However, they are limited to interpret bloom dynamics solely based on its surface imprint.
Satellite-based analysis of high-latitude bloom onset often relate
the increase of surface chlorophyll to the stratification of the mixed
layer in spring. From this temporal correlation, authors conclude
that alleviation of light limitation in the surface ocean layer is the
main bloom trigger (Nelson and Smith, 1991; Siegel, 2002). Such
results are based on the seminal concepts of Gran and Braarud
(1935) and Riley (1942) and theoretically supported by Sverdrup’s
hypothesis (Sverdrup, 1953). More recently, combined analyses
of satellite and model data identified onset based on its “strict”
definition: the date at which integrated gains overcome losses
(Behrenfeld, 2010). In this case, onset is systematically found in

Figure 10. The histogram of the ensemble of modelled blooms
representing: (a) bloom detection date using P*-criterion normalized
by the date at which Sverdrup’s conditions are satisﬁed, (b) bloom
detection date using sChl-criterion normalized by the date at which
Sverdrup’s conditions are satisﬁed. Median value is represented by a
vertical dashed line. Abrupt blooms distribution are in dark colour and
smooth blooms distribution in light colour.
winter presumably caused by a fast decrease on grazing pressure
during MLD deepening. This apparent inconsistency between the
two results is subject to much debate (Chiswell, 2011; Behrenfeld
and Boss, 2013; Ferrari et al., 2014).
Our results shed light on the current debate by describing the
bloom as a sequence of three distinct phases: an onset, a climax,
and an apex. While a “strict” onset definition is consistent with a
winter onset (in agreement with Behrenfeld, 2010; Behrenfeld
et al., 2013) the surface spring bloom is associated with the climax
of the integrated bloom, which is the rapid accumulation occurring
after the winter onset.
One advantage of using a model approach is that it allows us to
investigate the mechanisms that drive each of the bloom phases.
Interestingly, two possible winter bloom triggers have been identified: grazer-prey dilution and winter net growth (Figure 6). In addition, we find that dilution is only efficient when the destratification
of the mixing layer is not too fast. When destratification is rapid,
grazers are diluted, but the phytoplankton growth is reduced even
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A significant part of the recent works that contributed to the
bloom onset debate is based on ocean-colour data (Siegel, 2002;
Behrenfeld, 2010; Chiswell, 2011). However, some authors have
shown how bloom detection from ocean-colour data may be strongly influenced by the time-series data gaps (Cole et al., 2012) and specially by the detection method applied (Ji et al., 2010; Brody et al.,
2013). With the aim to evaluate at which point the choice on the detection method influence the validation or refusal of the Sverdrup
(1953)’s hypothesis, here used model data to compare the dates of
bloom detection with the bloom onset date predicted by the critical
depth hypothesis (Figure 10). Such a comparison was done in a
similar way as for bloom phases: normalizing the dates of detection
by the date at which XLD reaches the critical depth (i.e. XLD = Zc ).
This comparison shown that the P*-method detected dates 2 –
4.5 months before Sverdrup (1953)’s conditions were satisfied
(median value 3.6 months before; Figure 10a). Similarly, close
to 95% of the dates associated with sChl-method were before XLD
became shallower than Zc . However, for abrupt blooms, the dates
detected by the sChl-method were well distributed around the
XLD = Zc date (Figure 10b, black bars).

1982

of freedom and ease results interpretation. These simplifications
and assumptions must be taken into account when interpreting
the results. First of all, the seasonal cycle is modelled in a 1D water
column where lateral advection is not considered. Even if this may
have important consequences on nutrients/iron transport, our approach is supported by recent works on iron supply in the SO
(Tagliabue et al., 2011, 2014). Second, in our model vertical
mixing is assumed to be very strong and homogeneous from the
surface to a depth level (XLD) and very low below. This highly turbulent mixing layer is a reasonable assumption for the SO where
winds are generally strong and sustain efficient turbulent vertical
mixing. However, we did not address the sources of vertical
mixing and the possible sub-seasonal variations in mixing. We
note here that in the present study we analysed bloom in relation
to the mixing layer depth (XLD) which is not necessarily the same
as the mixed-layer depth. While Sverdrup (1953) referred to the seasonal thermocline (classically associated to the mixed layer), recent
studies have focused the interest on the upper-layer mixing (based
on the critical turbulence hypothesis of Huisman et al., 1999) and
the mechanisms able to reduce it: positive heat fluxes (Taylor and
Ferrari, 2011; Ferrari et al., 2014), wind reduction (Chiswell,
2011), or sub-mesoscale eddies (Lévy et al., 2001; Mahadevan
et al., 2012). In our study, we avoided such controversy by imposing
a very strong mixed upper-layer with no sub-seasonal variability.
In the real ocean (and especially in the SO), the phytoplankton
activity (and therefore, the bloom dynamics) is highly affected by
atmospheric and oceanic physical events ranging from synoptic
(Waniek, 2003) to sub-mesoscale (Swart et al., 2014) scales and
from day to week. Such events are arguably an important source
of variability when addressing the phytoplankton seasonal cycle
with ocean-colour satellite data.
The idealized seasonal cycle of XLD used in this study is based
on Argo observations and present three main phases during the
seasonal cycle: a deepening phase (autumn – winter), a quicker
shallowing phase (spring) and a transition phase (in summer)
between the shallowing and the deepening. This transition phase
present stable or slightly decreasing MLD (Sallée et al., 2010;
Figure 1c). However, the evolution of XLD throughout the seasonal cycle is actually more complex in the SO (e.g. Swart et al., 2014),
with short (i.e. sub-seasonal) and rapid (days to weeks) deepening/shallowing events. Such events are likely to influence the
integrated accumulation of phytoplankton and the dates at
which the onset, climax, and apex are reached. Among the three
phases, the climax is by far the most sensitive to rapid changes
on stratification (Figure 7). On the other hand, our results
suggest that sub-seasonal XLD variability may weakly affect the
onset and apex dates. The reason is that onset and apex controls
(grazers dilution or low net growth for the former, and grazing
pressure for the latter) are mainly related to the phytozooplankton
coupling which is much less sensitive to rapid ( day) changes in
mixing depth.
Finally, it must be emphasized to point out that in our set of
experiments the limiting nutrient was always dissolved iron while
is known that in Fe-rich water of the SO, diatoms can also be
limited by silicic acid (Boyd and Ellwood, 2010). We therefore
note that our results should not be extrapolated to any other location
or SO regions where main iron supply is not winter mixing (in the
lee of Island and shallow plateaus), where silicic acid is a limiting
factor, nor to higher latitudes (.708S) where the role of light
and ice seasonal cycle can be critical on the phytoplankton bloom
phenology.
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more strongly due to light limitation. In such cases, the winter onset
is delayed to later in the season, when light conditions improve following the winter solstice. Furthermore, the climax phase is clearly
bottom-up controlled and is the only phase of the bloom for
which we identified a significant role of iron (enhancing the speed
at which phytoplantkon accumulates). Finally, the date at which
net accumulation stops (i.e. the apex) is strongly top-down controlled (Figure 8). The complete recoupling and the thereafter readjustment is influenced by many complex biogeochemical
processes involving remineralization, aggregation of particles or
virus infection (Boyd et al., 2012). We want to stress here that any
given model, even if containing a significant level of complexity,
would be suspect in the representation of these processes, which
are still poorly understood. This is particularly true in the SO,
where the complex cycle of iron is involved.
To complement the idealized study on the bloom dynamics
and with the aim to evaluate our conclusions in satellite-based
studies, we showed that it is possible to differentiate onset and
climax phases using two different bloom detection methods
(Figure 9a and b). In Sallée et al. (2015), these two detection
methods have been used to estimate onset and climaxes dates
from ocean-colour data in the SO. However, it must be noted
here that (as discussed in Chiswell, 2013; Sallée et al., 2015)
the method proposed to detect the onset (P∗ = MLD × sP,
Behrenfeld, 2010) can only be successfully applied during winter
destratification if three conditions are satisfied: ocean-colour
satellite data are available in winter, the timing and magnitude of
MLD can be accurately estimated, and the MLD is actively mixed
(i.e. MLD ≈ XLD).
In the final part of this paper, we investigated at which point
bloom detection methods agree with critical depth hypothesis. To
do so, we computed the critical depth (Zc ) using model outputs
and we compared the date at which XLD crosses Zc to the dates of
bloom detection. Our results showed that Sverdrup (1953)’s blooming conditions coincided well with the dates detected by
sChl-method for the case of abrupt blooms (Figure 10b), and
hence with the climax phase (which was proven to be mainly
top-down driven; Figure 7). Altogether, our results suggest that
the top-down mechanisms identified by Gran and Braarud
(1935), Riley (1942), and Sverdrup (1953) are not indicative of
the bloom onset, but they are still crucial to bloom dynamics as
they presumably control the climax phase. We therefore suggest
that much of the debate regarding winter vs. spring onset mostly
results from confusions on the definition of the word “onset”. It
must be emphasized to note that what originally made blooms
such an attractive phenomenon was “the sudden appearance of an
enormous numbers of diatoms in early spring” (Bigelow, 1926).
Therefore, in our opinion, the key phase of the bloom is arguably
the climax, not the onset. Indeed, it is the bloom climax (and
its associated surface signal) what actually defines the observed
spatial heterogeneity of SO blooms (Thomalla et al., 2011).
We conclude then that the observed differences on spatial distribution of surface spring blooms between the North Atlantic and the
SO regions are indicative of differences on the factors that
control the climax phase; i.e. the XLD dynamics in spring and the
nutriment limitation (iron for the SO). This conclusion is coherent
with the fact that these two factors, and specially the coupling
between them, present unique characteristics in the SO (Tagliabue
et al., 2014).
Our results and conclusions are based on an idealized model
where strong assumptions were applied to minimize the degrees
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1

Sorbonne Universités (UPMC Univ.), UMR 7159, LOCEAN-IPSL Institute, F-75005 Paris, France
British Antarctic Survey, High Cross, Madingley Road, Cambridge CB30ET, UK
3
Department of Earth, Ocean and Ecological Sciences, School of Environmental Sciences, University of Liverpool, Liverpool, UK
2

*Corresponding author: e-mail: jbsallee@gmail.com
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In this study, we document the regional variations of bloom phenology in the Southern Ocean, based on a 13-year product of ocean colour measurements co-located with observation-based estimates of the mixed-layer depth. One key aspect of our work is to discriminate between mixed-layer
integrated blooms and surface blooms. By segregating blooms that occur before or after the winter solstice and blooms where integrated and
surface biomass increase together or display a lag, we deﬁne three dominating Southern Ocean bloom regimes. While the regime deﬁnitions
are solely based on bloom timing characteristics, the three regimes organize coherently in geographical space, and are associated with distinct dynamical regions of the Southern Ocean: the subtropics, the subantarctic, and the Antarctic Circumpolar Current region. All regimes have their
mixed-layer integrated onset between autumn and winter, when the daylength is short and the mixed layer actively mixes and deepens. We
discuss how these autumn– winter bloom onsets are controlled by either nutrient entrainment and/or reduction in prey-grazer encounter
rate. In addition to the autumn– winter biomass increase, the subantarctic regime has a signiﬁcant spring biomass growth associated with the
shutdown of turbulence when air– sea heat ﬂux switches from surface cooling to surface warming.
Keywords: bloom, chlorophyll, seasonal cycle, Southern Ocean.

Introduction
Satellite observations and studies based on in situ observations
have shown that phytoplankton distribution in the Southern
Ocean displays patchy regional variability (Figure 1a) and a wide
range of distinct seasonal cycle regimes (e.g. Moore and Abbott,
2002; Arrigo et al., 2008; Thomalla et al., 2011; Chiswell et al.,
2013; Frants et al., 2013; Carranza and Gille, 2015). While phytoplankton biomass and the associated primary productivity fluctuate
according to season (e.g. Arrigo et al., 2008) and location, the environmental conditions that drive these patterns are poorly understood. This hampers our ability to constrain how seasonality
might be modified in the future (e.g. Henson et al., 2013) and the
associated implications for Southern Ocean foodwebs and biogeochemical cycling.
A unique aspect of the Southern Ocean circulation is the presence
of a strong eastward, circumpolar current, the Antarctic Circumpolar
# International

Current (ACC). On the northern edge of the ACC, subtropical
gyres flow anticlockwise, and their intense and energetic western
boundary currents join the northern branches of the ACC in the
western Atlantic, Indian, and Pacific basins. The ACC and the
western boundary currents have a profound influence on the physical and biogeochemical characteristics of the Southern Ocean
(Rintoul et al., 2001). They form meridional dynamical barriers
(Sallée et al., 2008), which split the Southern Ocean into a
number of distinct zones. Four main zones can be described,
from north to south: the subtropical region, around 308S, characterized by stratified surface layers (Figure 1c), and relatively weak
wind and buoyancy forcing; the subantarctic region, directly
north of the ACC, which is characterized by very deep mixed
layers (Figure 1c), intense winds, large buoyancy forcing, and the
presence of the energetic western boundary currents; the ACC
region, characterized by the top-to-bottom and large circumpolar
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current; and the subpolar region, south of the ACC, characterized
by the seasonal presence of sea ice, and a relatively stratified surface
layer.
These dynamical zones of the Southern Ocean correspond to
specific biogeochemical regions (e.g. Longhurst et al., 1995). The
surface layers of the subtropical region have low macronutrient concentrations (Figure 1d), the subantarctic, ACC, and subpolar
regions are generally considered as macronutrient rich, iron-limited
regions (e.g. Martin et al., 1990; Boyd, 2002), although silicic acid is
notably much lower in the subantarctic region than the ACC (e.g.
Sarmiento et al., 2004). Another notable aspect of the subantarctic
zone is that it contains many continental sources of iron (Boyd
and Ellwood, 2010), with the presence of continental plateau and
many subantarctic islands, in the lee of the western boundary currents flowing eastward.
At present, it is not clear how the specific dynamical and biogeochemical regions of the Southern Ocean relate to the patchy phytoplankton distribution in the Southern Ocean (Figure 1; e.g.
Thomalla et al., 2011; Chiswell et al., 2013).
The aim of this study is to use a range of physical and biochemical
observational products to document the general chlorophyll bloom
patterns in the Southern Ocean, and link these patterns to the distinct dynamical and biogeochemical regions of the Southern
Ocean. Our aim of describing regional variability of the Southern
Ocean phytoplankton seasonal cycle falls within the more general
context of the mechanisms associated with the onset and duration
of phytoplankton blooms. These mechanisms remain much
debated despite decades of research (e.g. Sverdrup, 1953; Ryther
and Hulburt, 1960; Evans and Parslow, 1985; Townsend et al.,
1992; Huisman et al., 1999; Behrenfeld, 2010; Taylor and Ferrari,
2011a, b; Mahadevan et al., 2012; Ferrari et al., 2014). This debate
arises from the wide diversity, and often inter-related, factors that
control phytoplankton blooms, which range from physical (e.g.
solar irradiance and the intensity of surface layer mixing), biological

(e.g. growth or grazing rates), to chemical (e.g. availability or cycling
of nutrients) factors.
The founding conceptual model of bloom dynamics, which
arose in the first half of the last century, is the “critical depth”
theory (Gran and Braarud, 1935; Riley, 1946; Sverdrup, 1953),
which proposes that blooms should commence when the ocean
surface mixed-layer restratifies in spring. Recently, the extent to
which the mixed-layer depth (MLD) shallowing explains phytoplankton blooms has been questioned (e.g. Behrenfeld, 2010;
Taylor and Ferrari, 2011a, b; Chiswell et al., 2013). For instance,
several authors have proposed that surface layer turbulence (primarily driven by wind and air–sea buoyancy flux) is one of the
key factors for bloom onset (e.g. Huisman et al., 1999; Taylor and
Ferrari, 2011a, b; Chiswell et al., 2013). Other works have proposed
that blooms do not occur in spring, but instead in autumn or early
winter, which seems to invalidate the basis of the critical depth
theory (Behrenfeld, 2010; Boss and Behrenfeld, 2010). Instead, a
new framework, the “disturbance-recoupling” hypothesis, has
been proposed, which focuses on the balance between phytoplankton growth and grazing (Behrenfeld, 2010). Finally, some of the
confusion in our understanding of phytoplankton blooms might
arise from whether blooms are examined from the standpoint of
water-column integrated biomass, or from surface observations
(Llort et al., 2015).
After presenting the datasets and methods in the Material and
methods section, we introduce examples of chlorophyll seasonal
cycle in the Southern Ocean. An important point in our study is
that we seek to discriminate between water-column integrated
chlorophyll and surface chlorophyll by co-locating surface chlorophyll observations with physical observations of the water
column. One necessary assumption here is that chlorophyll is well
mixed in the mixed layer and that subsurface chlorophyll are relatively uncommon or small compared with mixed-layer imprint.
We demonstrate that Southern Ocean blooms can be grouped
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Figure 1. Climatological (a) annual mean of surface chlorophyll (Chlsurf ; mg m23); (b) winter (September) MLD from estimated from the
observational dataset; (c) annual mean mixed-layer integrated chlorophyll (ChlML; mg m22); and (d) annual mean surface nutrient concentration
(mmol kg21) from the World Ocean Atlas 2009. In (a – d), the three black lines represent the approximate climatological position of the three main
ACC branches, from south to north: Polar Front, subantarctic front, and northern branch of the subantarctic front following Sallée et al. (2008).
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into a number of distinct regimes based on their phenology. We then
discuss the seasonal cycle of each of these regimes, before finishing
with a discussion of our results.

Material and methods
Surface ocean colour product

Ocean interior
To investigate the role of ocean physics in driving phytoplankton
blooms, we co-located ocean temperature and salinity observations with the satellite-derived estimates of Chlsurf . To do this,
we utilize two different ocean interior datasets, as described
below.
First, defined as the “observational dataset”, we use in situ observations of temperature/salinity profiles from a combination of the
Argo float database and the ship-based Southern Ocean Data Base
(SODB; see http://woceSOatlas.tamu.edu for more information).
The Argo project contributes about half of the Southern Ocean profiles, fills the centre of ocean basins, and provides complete sampling
over the austral winter (Sallée et al., 2010). We use only profiles that
have passed the Argo real-time quality control, containing information on their position, date, pressure, temperature (T), and salinity
(S). Most Argo profiles sample T and S from the surface to 2000 m
depth every 10 days. From this database, we extract information
regarding the MLD. The advantage of this approach is that it
provides ocean observations at the time and location of the Chlsurf
concentration estimate from satellite. However, as the satellite
coverage is much greater than the in situ temperature/salinity coverage, this co-location procedure reduces the number of Chlsurf estimates available.
Second, defined as the “reanalysis dataset”, we use a statistical reanalysis of ocean observation: the EN3 product produced by the UK
Met-Office (http://www.metoffice.gov.uk/hadobs/en3/). The
EN3 product consists of objective analyses formed from ship and
Argo profile data. It provides monthly analysed fields of full-depth
temperature and salinity profiles on a 18 grid. While the data are

Water-column integrated chlorophyll
Although no observations of water-column integrated chlorophyll
exist at large scales, in this study, we quantify this via the combination of surface satellite estimates of Chlsurf and interior ocean structure. We assume that chlorophyll is well mixed above the
mixed-layer base, and that there is no chlorophyll below the
mixed-layer base. Under such assumptions, we quantify the watercolumn integrated chlorophyll, ChlML , as:
ChlML = H × Chlsurf ,

(1)

where H is the MLD. We note that our assumptions may be questioned in spring when the MLD rapidly shallows, as under such conditions, some chlorophyll may be left below the mixed-layer base
(e.g. Chiswell et al., 2013; Franks, 2015). One therefore needs to
be cautious of the interpretation of ChlML in spring.
We note that we assume here that Chlsurf and ChlML have the
same seasonal pattern as, respectively, the surface biomass content
and the mixed-layer integrated biomass content. In the Discussion
section, we discuss the extent to this is true by attempting to compute
the carbon concentration from Chlsurf , based on the chlorophyllto-carbon ratio, Chl:C (Cloern et al., 1995; Behrenfeld et al., 2002):
Chl : C = Chl : Cmin + [Chl : Cmax − Chl : Cmin ]e−3Ig , where Ig is
the mixed-layer integrated irradiance (in moles photons m22 h21;
calculation of Ig is described below, and is computed from NCEP
Climate Forcing System Reanalysis outputs; see the Atmospheric
fluxes section), Chl : Cmin = 0.004mgChl(mgC)−1 , and Chl :
Cmax = 0.013mgChl(mgC)−1 (Behrenfield, 2010). We show that
Chlsurf and C have very similar seasonal pattern.

Onset detection method
In this section, we describe the onset detection method that we apply
to both ChlML and Chlsurf time-series. Hereafter, ChlML -onset will
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Surface chlorophyll (Chlsurf ) over the Southern Ocean is investigated in this study. We define the Southern Ocean as the region
between the latitude 70 and 308S. Although remote sensing of
Southern Ocean chlorophyll concentrations is effective in detecting
large-scale chlorophyll bloom regime, the current algorithms for the
Sea-viewing Wide Field-of-view Sensor (SeaWiFS, algorithm
OC4v6), the Moderate Resolution Imaging Spectroradiometer
(MODIS-Aqua, algorithm OC3M), and GlobColour significantly
underestimate chlorophyll concentrations at high latitudes
(Johnson et al., 2013). Therefore, in this study, we use a new algorithm, specifically designed for the Southern Ocean that more accurately matches long-term in situ datasets (Johnson et al., 2013).
The new algorithm improves in situ vs. satellite chlorophyll coefficients of determination (R2) from 0.27 to 0.46, 0.26 to 0.51, and
0.25 to 0.27, for OC4v6, OC3M, and GlobColour, respectively,
while also addressing the underestimation problem. We also compared our results with the Globcolour dataset and found the definition of the regimes and their characteristics to be very similar, giving
us confidence in the broad reliability of our results. However, the absolute magnitudes of blooms are affected, and as the Johnson et al.
(2013) algorithm best matches observations, we decided to present
results using this algorithm. Overall, surface chlorophyll concentrations are available at a weekly resolution, at 9 km resolution,
between the years 1998 and 2010, when cloud coverage allows.

provided from 1950, we only used data from the year 2002
onward, when the objective analysis is constrained by Argo observations in the Southern Ocean. Although not independent (as EN3
assimilates Argo profiles), we compared mixed layer obtained
from direct Argo profiles and from EN3 profiles. The comparison
gives a correlation of 0.7, which gives us confidence that EN3 reanalysis is reasonable. We note that a careful evaluation of EN3
would involve re-running EN3 reanalysis, leaving some Argo profiles out, which is beyond the scope of this study.
MLD was extracted from individual profiles of the observational
dataset and the reanalysis dataset. We calculated the MLD with a
surface-density-difference criterion of Ds ≤ 0.03 kg m−3 (de
Boyer Montégut et al., 2004; Sallée et al., 2006). Sallée et al. (2006)
tested a number of methods and show that this particular criterion
is well adapted to find the base of the seasonal mixed layer in the
Southern Ocean.
Where possible, we used the “observational dataset” to estimate
MLD. However, when the analysis required the full length of the seasonal cycle (e.g. to reproduce the seasonal cycle of the mixed-layer
integrated chlorophyll, or to compute the initiation date of the
mixed-layer integrated chlorophyll), the “reanalysis dataset” was
used.
For collocating the observational and reanalysis datasets to
satellite-derived estimates of Chlsurf , we associated each Argo profiles or EN3 pixel to the closest (in space and time) pixel of ocean
colour (so the largest distance in time is 4 d, and the largest distance
in space is 6 km).

1988

Figure 2b in 2008). All automatic detection methods will have
such caveats and errors associated with it (Cole et al., 2012; Brody
et al., 2013). Cole et al. (2012) estimate the error on such automatic
detection method to 30 d in the Southern Ocean, which appears,
by eyes, as a correct order of magnitude on the specific examples
shown in Figure 2. We acknowledge that a definition “by eye”
would produce in many instances a more robust definition of
onset. However, our goal is to define an objective definition as
robust as possible that can consistently treat more than 1 million seasonal cycles and investigate general basin-scale phenomena. We
applied the same detection method on the ChlML time-series as an
estimate of the bloom ChlML -onset date. Similar to the Chlsurf
-onset date, we found the method reliable in detecting ChlML
-onset as the starting date of the increased ChlML season (Figure 2).

Atmospheric ﬂuxes
Atmospheric winds, buoyancy, and short-wave forcings are
obtained from NCEP Climate Forcing System Reanalysis (http://
cfs.ncep.noaa.gov/cfsr/). We used atmospheric fields from this
reanalysis for the year 1998–2010, consistent with surface chlorophyll dataset time frame. The winds of the reanalysis product are
strongly constrained by assimilation of satellite wind observation.
However, we note that buoyancy flux fields remain poorly known
in the Southern Ocean, and are only weakly constrained in atmospheric reanalysis efforts. These constraints are even weaker for
freshwater fluxes. We therefore approximate the buoyancy flux to
its heat component, which is less uncertain. Photosynthetically
active radiation (PAR) relates to solar irradiance (Ir ) following
PAR = 0.473 × Ir (Papaioannou et al., 1993). Mixed-layer integrated irradiance, Ig, is computed from downward short wave flux
(in W m22):
H
Ig =

I0 e−kz dz,

(2)

0

where I0 is the downward short wave flux at sea surface, k the attenuation coefficient in the surface layer, and H the MLD. Attenuation
coefficient depends on both water attenuation (kw ) and chlorophyll
self-shading attenuation (kchl ). In this paper, we use kw = 0.02 m−1
and kchl =0.0865 m−1 (e.g. Nelson and Smith, 1991).

Results
Southern Ocean bloom ChlML -onset and Chlsurf -onset dates are
estimated by a systematic method on more than 1 million seasonal
cycles based on satellite-derived surface Chlsurf co-located with estimates of MLD (see the Material and methods section). Two timeseries of ChlML and Chlsurf , and associated ChlML -onset and
Chlsurf -onset dates are presented in Figure 2. These examples are
chosen to represent two distinct regimes of blooms: one where
ChlML is in phase with Chlsurf (Figure 2a), and one where ChlML and
Chlsurf are slightly out of phase (Figure 2b).
The two time-series present a very marked seasonal cycle, with
Chlsurf increasing by 3 –5 times during the high activity season.
The surface bloom clearly stands out as the period during which
Chlsurf dramatically increases. Surface and mixed-layer integrated
chlorophyll blooms have been described as tightly linked to the seasonal cycle of the MLD (e.g. Sverdrup, 1953; Behrenfeld, 2010). We
therefore compare chlorophyll time-series with the collocated
mixed-layer time-series (from the reanalysis dataset; see the
Material and Methods section). The phasing between the
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refer to the date of onset detected on the ChlML time-series, and
Chlsurf -onset to the date of onset detected on the Chlsurf time-series.
An important challenge is to identify the date of the start of intensification of chlorophyll (either ChlML or Chlsurf ) in a manner
that can be efficiently and accurately applied to a large datasets.
Phenology studies currently use several methods to estimate the
timing of a phytoplankton bloom. Ji et al. (2010) identify three
broad categories of methods (see also Brody et al., 2013): threshold
method based on biomass; threshold method based on cumulative
chlorophyll content; and rate of change methods. Threshold
methods based on chlorophyll biomass define bloom initiation as
the time at which a given threshold is reached (e.g. Siegel et al.,
2002; Vargas et al., 2009; Thomalla et al., 2011; Cole et al., 2012;
Sapiano et al., 2012). Threshold methods based on cumulative
chlorophyll biomass identify a bloom as the time at which a cumulative summation of chlorophyll biomass crosses a threshold percentile of the total biomass (e.g. Greve et al., 2005; Mackas et al.,
2012). Finally, the rate of change methods estimate bloom initiation
from the point of most rapid increase on a chlorophyll time-series or
function fit to that time-series (e.g. Rolinski et al., 2007; White et al.,
2009).
Brody et al. (2013) investigated the differences between these
bloom detection methods. Their conclusion was that the first
group of methods (chlorophyll biomass threshold) can be strongly
biased for specific time-series and are well suited to investigating the
match or mismatch between phytoplankton and upper trophic
levels. The second group of methods (cumulative chlorophyll
biomass threshold) is also very sensitive to the date used for the
start of the time-series and thus cannot be implemented at the
basin scale using a globally fixed start date (Brody et al., 2013).
Finally, the third group of methods (rate of change) identifies
blooms when chlorophyll is increasing rapidly from the pre-bloom
minimum, while absolute biomass levels may still remain low. These
methods can be useful in examining the seasonal physical or biological mechanisms that create conditions in which a bloom can
occur (Brody et al., 2013).
Based on the analysis of Brody et al. (2013), we chose to apply a
rate of change method that we designed and tuned for our dataset. At
each grid-point of the chlorophyll dataset, a 13-year time-series
(1998– 2010) is extracted and linearly interpolated, and a fast
Fourier transform low-pass filter is applied to remove any highfrequency (,3 months) variability irrelevant to seasonal time-scale
and bloom onset. The bloom onset of one particular year is defined
as the maximum of the second derivative of Chl (Chltt ) in the time
window where the derivative of Chl (Chlt ) (i) is positive, and (ii)
contains a local maximum (here Chl is either ChlML or Chlsurf ). If
the bloom peak is below 1.2 times the seasonal minimum of Chl,
we do not consider a bloom to have occurred. Our definition
ensures that each defined onset is robust and exists as a bloom in
the dataset. Additional constraints are applied to avoid unrealistic
bloom detection: (i) the largest data-gap within the 4 months
centred on the defined onset must be smaller than 45 d; (ii) the integrated amount of chlorophyll accumulated within 6 months before
the onset must be ,25% of the total amount of chlorophyll
summed over the year, centred on the time of onset.
The Chlsurf -onset detection procedure nicely positions the
Chlsurf -onset date at the start of the high Chlsurf season (Figure 2).
We note however that in some instances, the detected Chlsurf
-onset seems to be a bit late (e.g. Figure 2a in 2006; Figure 2a in
2010) compare with other cases where Chlsurf -onset appears
detected in the very early days of the increasing season (e.g.
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Figure 2. Two examples of time-series of (green) Chla in two distinct regions: (a) in a subtropical zone characterized by subtropical gyre circulation,
at 32.48S – 179.68W; and (b) in a subantarctic zone, inﬂuence by the ACC dynamics, at 53.98S– 174.18W. Chla time-series is averaged over a region of
20 × 20 km centred on each location. For clarity, data are shown for 5 years, although the full time series are longer. Collocated (black) MLD and
(pink) mixed-layer integrated chlorophyll time-series are superimposed on each panel. For each seasonal cycles at each locations, green dots
indicate the Chlsurf -onset date and pink dots the ChlML -onset date detected by our automatic procedure (see text for details). ChlML is shown as
dashed line during the mixed-layer restratiﬁcation phase to remind the reader that our estimate of ChlML is questionable during this period (see text
for details).

1990

Southern Ocean regimes of surface bloom
Over the entire database of Southern Ocean, the ChlML -onset dates
organize around two main modes (Figure 3a). One mode, centred
on May, is associated with autumn blooms that have a ChlML -onset
before the winter solstice (21 June); the other mode, centred on
July, is associated with winter blooms that have a ChlML -onset after
the winter solstice. The winter solstice is a key date in the year as it corresponds to the date where incoming irradiance switches from declining to increasing (note, however, that one may argue that chlorophyll
cares about the mixed-layer integrated irradiance, which can be distinct to incoming irradiance). The modal structure in ChlML -onset
date could possibly be due to an unstable detection method picking
very early ChlML -onsets in some instances and late ChlML -onsets in
others (for instance, Figure 2 suggests that some ChlML -onsets are
detected slightly later than what we would have picked by eye). To
test the “stability” or “sensitivity” of the ChlML -onset detection procedure, we investigate the amount of accumulated chlorophyll at
ChlML -onset. The percentage of accumulated chlorophyll at ChlML
-onset is consistent over the entire database, with a clear and
unique mode centred on 12.6% (Figure 3c). This result gives us confidence that the ChlML -onset detection procedure is stable enough to
investigate bloom regimes in the Southern Ocean.
We then turn to the time-lag between ChlML -onset and Chlsurf
-onset over the entire database. Two very clear modes stand out,
with a group of blooms being characterized by almost parallel
ChlML -onset and Chlsurf -onset, and a second group characterized
by a lag of several months between Chlsurf -onset and ChlML -onset
(Figure 3b).
Based on these ChlML -onset and Chlsurf -onset histograms, we
define four Southern Ocean regimes: (regime 1) blooms with
ChlML -onset before the winter solstice, and nearly parallel Chlsurf
-onset (within 2 months); (regime 2a) blooms with ChlML -onset
before the winter solstice, and with a significant lag between
ChlML -onset and Chlsurf -onset (.2 months); (regime 2b) bloom
with ChlML -onset after the winter solstice, and with a long
time-lag between ChlML -onset and Chlsurf -onset (more than 2
months); and (regime 3) blooms with ChlML -onset after the
winter solstice, and nearly parallel Chlsurf -onset (within 2
months). Ultimately, we seek to segregate blooms that occur
before or after the winter solstice and blooms where integrated
and surface biomass increase together or display a lag. For simplicity,
in the remainder of this paper, we combine regime 2a and 2b, in a

single “regime 2” since the regime 2a, and 2b did not show phenology different enough to be especially highlighted (not shown;
regime 2 corresponds therefore to blooms with long time-lag
between ChlML -onset and Chlsurf -onset). We remind the reader
that we have, so far, made no assumption regarding geographic
location, yet are able to group Southern Ocean chlorophyll
blooms in three regimes. We now analyse the characteristics of
each of these regimes.
We find that the three bloom regimes defined above display a coherent geographical organization (Figure 4). Blooms of regime 1
occur in a narrow zonal band between 30 and 408S in the subtropics
(except for the central Pacific basin, 80 – 1608W, that appears as an
exception; Figure 4a) that are characterized by low surface nitrate
concentrations (Figure 1d). Blooms of regime 2 are concentrated
in the subantarctic region of the Southern Ocean: south of the
subtropical front region and directly north of the Antarctic
Circumpolar Fronts (Figure 4b). Finally, blooms of regime 3 are primarily associated with the fronts of the Antarctic Circumpolar
(ACC; Figure 4c). Given the coherent geographical distribution
associated with the three regimes, for convenience, we hereafter
refer to them as “subtropical regime” for regime 1, “subantarctic
regime” for regime 2, and “ACC regime” for regime 3. We note
however that there are no clear geographical boundaries between
the three regimes, which is consistent with the different blooms
being driven by multiple processes (defined by a range of parameters, e.g. gyres, ACC, deep mixed-layers, iron inputs, etc.)
rather than geographical bins.
The three regimes are associated with very distinct bloom characteristics. By definition, the subtropical regime has bloom ChlML
-onsets centred in autumn (i.e. April –June; Figure 3a). Similarly,
the ACC regime has bloom ChlML -onsets centred in winter (i.e.
July–August; Figure 3a). Subantarctic regime ChlML -onset dates
are mostly in autumn but some are in winter. All three regimes
have their ChlML -onset during the period of convection, when
air– sea heat fluxes are driving overturn of the surface layer (air–
sea heat flux approximately 2100 to 250 W m22 at ChlML -onset;
Figure 5a). In addition, the subantarctic and ACC regimes have their
ChlML -onset when surface irradiance is low (short wave
50 W m22 at ChlML -onset; Figure 5b), and daylight length is
short (9 h d21; Figure 5c).
Before investigating the details of the seasonal cycles, it is instructive to discuss the typical physical and biogeochemical conditions of the regions where each regime falls. Subtropical regimes
are located in the centre of subtropical gyres, which are characterized
by surface-depleted macronutrients and shallow winter mixedlayers (averaged MLDmax of 86 m and average surface nitrate
concentration of 0.7 mmol kg21; Table 1 and Figure 1c and d).
Therefore, we anticipate the availability of macronutrients will be
the major regulator of blooms in these regions. In contrast, subantarctic and ACC regimes are located in the region of very deep winter
mixed layers, much deeper than typical euphotic layers, and in
regions richer in macronutrients (averaged MLDmax of 258 and
246 m, respectively, and average surface nitrate concentration
of 11.8 and 11.9 mmol kg21; Table 1 and Figure 1c and d).
Subantarctic and ACC regions are also known as HNLC regions.
We therefore anticipate that these blooms will be governed by
light and iron availability.

Seasonal cycles
For each of the three bloom regimes, we compute the median seasonal cycle of mixed layer, ChlML and Chlsurf (Figure 6). To
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mixed-layer and the chlorophyll seasonal cycles appears consistent
for different years of a given location, but clearly varies depending
on the location (Figure 2). For instance, in Figure 2a, the surface
chlorophyll bloom is associated with a deepening of the mixed
layer, while in Figure 2b, the surface bloom is associated with a shallowing of the mixed layer. These two strikingly different regimes
recall the debate around autumn vs. spring blooms (Lévy et al.,
2005; Chiswell et al., 2013).
In the two example of Figure 2, we find that ChlML -onset and
Chlsurf -onset can either be almost instantaneous or separated by a
few months. We note that ChlML -onset is, here, always found
during the deepening phase of the mixed layer, i.e. when the
mixed layer actively convects, and where the assumption of a wellmixed chlorophyll profile in the mixed layer is the most robust. In
the following, we undertake a systematic analysis of bloom ChlML
-onset and Chlsurf -onset on the entire dataset to define specific
bloom regimes, and next, we describe the seasonal cycles associated
with each of the regimes.
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prevent the median from blurring ChlML -onset and the different
phases of the bloom, we reference all seasonal cycles to their
ChlML -onset date before averaging (see Supplementary material
for more details). Similarly, we compute the mean seasonal cycle
of air– sea heat flux, windstress, and downward short wave at
ocean surface. We discuss the median seasonal cycle of each
regime in turn, below.
The subtropical regime is marked by a ChlML -onset in autumn
when the mixed layer deepens (Figure 6a). In this region, the
ChlML -onset is parallel with the Chlsurf -onset. ChlML -onset occurs
in a convective mixed layer (negative heat flux; Figure 6d) and
when cycle of surface winds begins its seasonal increase. These characteristics rule out any control of ChlML -onset by a critical depth or
critical stratification and points to control by the entrainment of
macronutrients in the mixed layer associated with the deepening
of the mixed layer. We note that the subtropical region is characterized by very low macronutrient concentrations in the surface layer
(Table 1; Figure 1d), which supports the argument that the bloom

herein is limited by the availability of nutrients. In addition, we
note that the subtropical region is characterized by relatively
shallow mixed layers (MLDmax of 85 + 77 m; Table 1; Figure 1c),
so light availability is likely to play a minor role in regulating
blooms in this region. Although the ChlML -onset occurs at the seasonal minimum of mixed-layer integrated irradiance, the irradiance
at this time is notably much larger than for subantarctic and ACC
regimes (yellow lines in Figure 6d–f). The bloom in the subtropical
regime continues for the entire mixed-layer deepening period, and
weakens when the mixed layer reaches its maximum depth. Overall,
the bloom seen at surface remains in phase with the integrated
bloom over the year.
In contrast to the subtropical regime, the subantarctic regime is
not in regions of low surface nitrate (Table 1; Figure 1d). The subantarctic regime ChlML -onset occurs in autumn, when the mixed
layer starts destratifying (Figure 6b). Interestingly, the autumn –
winter increase in ChlML is not seen at surface (i.e. on Chlsurf ),
which suggests that the actual increase in chlorophyll biomass is
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Figure 3. Probability density function (PDF) of the distribution of (a) the day of year of ChlML -onset; (b) the time difference between ChlML -onset
and Chlsurf -onset; and (c) the percentage of accumulated chlorophyll at ChlML -onset. Grey bars show the PDF of the entire datasets. Smoothed PDF
of (black) the entire dataset, and of (blue) regime 1, (green) regime 2, are (pink) regime 3 are superimposed on (a) and (b). Dashed line in (a) refers to
the time of winter solstice. Dashed line in (c) denotes the median value of the distribution.
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diluted in the increasing volume of the surface layer associated with
mixed-layer deepening. ChlML -onsets in the subantarctic regime
occur at low irradiance and in convective mixed layers (Figure 6e
and f). When the mixed layer reaches its maximum depth in
winter, the increase in ChlML stops (see in August in Figure 6b),
and a second increase phase starts in early spring (star in
Figure 6b). This second phase of the bloom is associated with a
large surface signal (i.e. on Chlsurf ) and is associated with Chlsurf
-onset. It occurs during the restratification phase of the mixed
layer (Figure 6b) and when light conditions rapidly increase
(Figure 6e). The spring increase in ChlML in the subantarctic
regime is therefore consistent with a light control of the bloom.
However, this spring increase in ChlML , possibly light controlled,
can begin in very deep mixed layers (up to 400 – 600 m,
Figure 7a), which should rule out control by critical depth.
Interestingly, we find that subantarctic Chlsurf -onsets are associated with air– sea heat fluxes switching from surface cooling to
surface warming (Figures 6e and 7b).
Similar to the two other regimes, the ACC regime ChlML -onset
occurs during the destratification phase of the mixed layer
(Figure 6c). However, ACC regime blooms have their ChlML -onset

in winter, later in the year compared with the other regimes. We
note however that ChlML -onset of the ACC regime might be
biased too late in the year, due to a weak bloom initiation. As
such, one might say that ChlML -onset of ACC regime actually
occurs in autumn (as the other regimes). However, the important
point we wish to highlight is that the increase in integrated chlorophyll in autumn/winter in the ACC regime is, if anything, very low
(Figure 6b and c). Chlsurf even decreases during autumn months
(Figure 6b), suggesting that the autumnal growth is so low that it
cannot compensate for the dilution associated with the deepening
of the mixed-layer base. Then, in winter, when the MLD reaches
its seasonal maximum, a very large and sudden increase in ChlML
starts. In contrast to the subantarctic regime, the autumn –winter
increase in ChlML happens at the end of the MLD deepening
season, so the increase in integrated chlorophyll is not diluted in increasing volume of the surface layer. The chlorophyll increase signal
translates therefore very clearly on Chlsurf (Figure 6b). This winter
increase in ChlML and Chlsurf starts at low irradiance, in convective
mixed layers (Figures 6f and 7b) and in deep mixed layers (up to
200–300 m; Figure 7a). The bloom continues over in spring when
mixed layer restratifies and light condition improves.
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Figure 4. Geographical distribution of each bloom regime (see text for regime deﬁnition). The percentage of seasonal cycles associated with any
given regime is gridded in 2 × 28: (a) regime 1: subtropical blooms; (b) regime 2: subantarctic bloom; (c) regime 3: ACC blooms. In (a – c), the three
black lines represent the approximate climatological position of the three main ACC branches, from south to north: Polar Front, subantarctic front,
and northern branch of the subantarctic front following Sallée et al. (2008).
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Table 1. Climatological mean biogeochemical and physical surface
characteristics values in each of the three regimes.

MLDmax (m)
Nitrate (mmol
kg21)

Subtropical
regime
85.77 + 27.71
0.71 + 0.77

Subantarctic
regime
257.80 + 104.86
11.79 + 6.44

ACC regime
245.62 + 105.67
11.91 + 7.22

MLDmax refers to the climatological winter depth of mixed layer (from Argo;
Sallée et al., 2010). Nitrate are climatological mean surface values from World
Ocean Atlas. Averages are weighted by the geographical distribution of the
number of proﬁles for each regime.

Discussion
Overall, we find that all three regimes found in the present study
have their ChlML -onset in autumn –winter when the solar irradiance
is at its seasonal minimum, when daylight length is short, and
when mixed layer actively mixes. While the phenological differences
between the three regimes clearly standout in our observational
dataset, linking these differences to biological and physical control

is challenging from the available observations. The year-round biogeochemical water-column observations necessary to determine the
factors that control the different phases of the bloom are currently
not available. Nevertheless, we can speculate on the distinct controlling factors of each regime.
The subtropical regime is specific since it is located in a region of
much stronger nitrate limitation (Table 1; Figure 1d) and relatively
higher year-round light levels than the wider Southern Ocean. We
find that the ChlML -onset in the subtropical regime occurs as soon
as the mixed layer deepens in fall and entrains subsurface nitrate.
The bloom then reaches its apex (i.e. date of maximum ChlML )
when the MLD is maximal. While we cannot disentangle the potential roles of dilution and nutrients with our dataset, the strong degree
of nitrate limitation in this region implies this is most likely to be a
bloom controlled by nitrate entrainment. In that sense, the subtropical regime bloom ChlML -onsets can be considered to be in a
bottom-up regime.
In the subantarctic regime, the deepening of the mixed-layer in
autumn –winter dilutes the surface layer, which will reduce the preygrazer encounter rate. However, for a bloom to be efficiently
initiated by the reduction in the prey-grazer encounter rate, the
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Figure 5. Probability density function (PDF) of the distribution of (a) daylight length at the time of ChlML -onset (h); (b) surface irradiance at ChlML
-onset (W m22); and (c) the intensity of air –sea heat ﬂux at ChlML -onset (negative denotes an ocean cooling; W m22). Grey bars show the PDF of
the entire datasets. Smoothed PDF of (black) the entire dataset, and of (blue) regime 1, (green) regime 2, are (pink) regime 3 are superimposed.
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Figure 6. Median of all seasonal cycles falling in (a and d) subtropical regime; (b and e) subantarctic regime; (c and f) ACC regime. Before taking the
mean, all seasonal cycles are centred on their date of ChlML -onset. (a –c) show the seasonal cycles of: (plain green) surface Chla (mg m23); (dashed
green) associated surface carbon biomass (mg C); (pink) mixed-layer integrated chlorophyll, ChlML (mg m22); (black) MLD from collocated in situ
observation (m). Surface carbon biomass reads on the surface Chla axis, and has been multiplied by the following values to scale with Chla : (a) 0.0124;
(b) 0.0122; (c) 0.0098. (d – f) show the seasonal cycles of: (black) air – sea heat ﬂux (W m22); (purple) windstress (N m22); and (yellow) mixed-layer
averaged irradiance (W m22). In (a-c), green dots indicate the median Chlsurf -onset date and pink dots the median ChlML -onset date detected by
our automatic procedure (see text for details). ChlML is shown as a dotted line during the mixed-layer restratiﬁcation phase because our estimate of
ChlML is questionable during this period (see text for details). In (b), the black star on the ChlML curves denotes the time of Chlsurf -onset. Chlsurf
-onset and ChlML -onset are reported on all panels by the vertical grey dashed lines. In (a –c), grey shadings denote the 1 s.d. envelop around the
median value.
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system must at least be supporting some low levels of growth, or the
growth must decline slower than the reduction in loss associated
with the diminished prey-grazer encounter rate (e.g. Llort et al.,
2015). Again, this is difficult to assess, but we do observe a significant
autumnal accumulation of integrated chlorophyll, which suggests
some growth is occurring at the time of mixed layer deepening, or
that losses are reducing faster than growth. In addition, Chlsurf
remains constant in autumn (Figure 6b), while we know that the
mixed layer is deepening at this seasons, which is an evidence that
some growth must occur to balance the increase in the surface-layer
volume. Therefore, perhaps dilution, lowering prey-grazer encounter rate, may stimulate this bloom and that the autumn –winter
subantarctic regime bloom ChlML -onsets are a top-down controlled
regime.
The subantarctic regime is also noteworthy in that in contains a
spring increase in ChlML after the autumn – winter increase. This
spring increase translates into a large surface signal, and is therefore
associated with Chlsurf -onset. Interestingly, this spring increase in
ChlML can start in either deep or shallow mixed layers (Figure 7a).
However, for mixed layer deeper than 50 m or so, it consistently
starts when air–sea heat fluxes switch from cooling the surface
layer to warming (Figure 7b). Taylor and Ferrari (2011a, b) proposed that the date at which air– sea heat flux switches from
cooling to warming would be a good proxy for the date at which turbulence in the mixed layer would drop. Indeed, as mixed-layer turbulence ceases the degree of light limitation reduces (e.g. Huisman
et al., 1999). This improvement of the light environment associated
with a more stable mixed layer can explain spring ChlML increase in
this region. When mixed layers are very shallow (below 50 m or so),

light is not limiting, and spring increase starts earlier (in negative
air– sea heat fluxes).
In the ACC regime, the autumn – winter dilution is not able to
initiate the bloom. Instead, there is very little chlorophyll accumulation in autumn, suggestive of chronic limitation of growth
and ruling out a strong role for dilution (Llort et al., 2015). A
large integrated chlorophyll accumulation only starts when the
mixed layer reaches its winter maximum. In the absence of dilution, a plausible explanation is that strong iron limitation in the
ACC regime prevents the autumnal dilution from triggering the
bloom. It is only when the mixed layers reach deep iron reservoir
in winter that iron limitation is alleviated (e.g. Tagliabue et al.,
2014). In parallel, light conditions start to improve and we therefore speculate that the combination of light and iron initiates a
short and intense bottom-up controlled bloom in the ACC
regime.
An implication of our interpretation is that the subantarctic
regime is assumed to be less iron-limited than the ACC regime,
which allows for some autumnal growth (permitting therefore the
top-down controlled autumn –winter bloom) and permits the
spring secondary bloom not seen in the ACC. This may manifest
itself due to differences between the two regions in total iron
inputs or in iron recycling (Boyd et al., 2012; Tagliabue et al.,
2014). At present, we do not have enough observations of dissolved
iron, particularly at the times of seasonal transitions (Tagliabue
et al., 2012), nor do we have a broad enough understanding of the
seasonal patterns of iron limitation (e.g. Moore et al., 2013;
Tagliabue et al., 2014) to address this at basin scale and over the
full length of seasonal cycle. However, it is notable that the subantarctic regime contains the largest number of continental sources of
iron in the Southern Ocean (e.g. South America, Falkland Islands,
South Africa, Crozet Island, Tasmania, New Zealand; the only
notable exception being Kerguelen Island). This consistently translates into the presence of large blooms and maximum iron utilization in the subantarctic region, downstream of the major western
boundary currents flowing on the northern edge of the ACC, as estimated from satellite imagery (Figure 1a; e.g. Sokolov and Rintoul,
2007; Thomalla et al., 2011; Boyd et al., 2012).
Llort et al. (2015) found that onset identified from ChlML corresponded in more than 85% of cases to the bloom onset detected
from the actual water-column integrated biomass of their model
(see also Sverdrup, 1953; Behrenfeld et al., 2010). In addition, they
found that Chlsurf -onset is associated with the climax of the
bloom, which corresponds to the date of maximum integrated
chlorophyll increase. ChlML -onset and Chlsurf -onset, which we use
to describe bloom regimes, are therefore associated with two distinct
key dates of bloom phenology. As noted by Llort et al. (2015), some
confusion in our understanding of chlorophyll bloom might have
arisen from the use of the same word “onset” to ‘refer to either
ChlML -onset (e.g. Sverdrup, 1953; Behrenfeld et al., 2010) or
Chlsurf -onset (e.g. Lozier et al., 2011; Ferrari et al., 2014). Indeed,
our results clearly indicate that ChlML -onset and Chlsurf -onset
refer to different phases of the bloom with arguably distinct controlling factors (see also Llort et al., 2015).
One potential caveat in studying chlorophyll blooms from
surface estimate of Chlsurf is that an increase in Chlsurf can be produced by photoadaptation rather than an increase in biomass. To
test this, we computed the carbon concentration from Chlsurf
based on the chlorophyll-to-carbon ratio, Chl:C (e.g. Cloern et al.,
1995; Behrenfeld et al., 2002; see the Material and methods
section). We find that in all three regimes, the increase in surface
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Figure 7. (a) Box plot of the mixed layer depth at Chlsurf -onset for each
regime. (b) Air –sea heat ﬂux at Chlsurf -onset vs. MLD at Chlsurf -onset:
(plain curve) mean and (shading) standard deviation are shown for
each regime. In both panels, the colour refers to bloom regime: (blue)
subtropical regime; (green) subantarctic regime; and (pink) ACC
regime.

1995

1996

Conclusion
The bloom ChlML -onset and Chlsurf -onset in the Southern Ocean
have been estimated from satellite-derived products and
observation-based estimates of MLD. Our automatic procedure
was applied systematically over a large dataset, which allows us to illustrate basin scale regimes of bloom dynamics. The phenology of
phytoplankton blooms appears organized into three distinct
regimes when analysing ChlML -onset and Chlsurf -onset dates.
These regimes are associated with three specific geographic locations: (i) autumn ChlML -onset (i.e. before winter solstice) blooms
in a single phase (i.e. almost parallel Chlsurf -onset and ChlML
-onset) are found in the subtropics, (ii) autumn –winter blooms
with a second increase in spring (i.e. Chlsurf -onset and ChlML
-onset separated by a few months) are found in the subantarctic
zone (between the ACC and the subtropics), and (iii) winter
ChlML -onset (i.e. after winter solstice) blooms in a single phase
(i.e. almost parallel Chlsurf -onset and ChlML -onset) are found in
the ACC region. It is notable that these three regimes organize
themselves coherently in geographical space that is mostly zonal
(except the central Pacific basin, 80 –1608W, that appears as an exception for the subtropical regime, with almost no bloom in the
region; Figure 4). However, the subantarctic and ACC regimes
clearly follow the known meridional deviations and standing meanders of the ACC. Our findings suggest that the three regimes are
fundamentally controlled by distinct mixed-layer and nutrient characteristics.
In summary, we find that autumn –winter blooms in the subtropical and ACC regimes are bottom-up controlled, associated
with entrainment of nutrient (nitrate for the subtropical regime,
and iron for the ACC regime). The autumn bloom in the subantarctic regime is top-down controlled, associated with a reduction in

prey-grazer encounter when the mixed-layer destratifies. This subantarctic regime autumn bloom is followed by a bottom-up controlled spring bloom, associated with rapid light improvement in
the surface layer, which is caused by a reduction in surface-layer turbulence.

Supplementary data
Supplementary material is available at ICESJMS online version of
the manuscript.
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In the Southern Ocean, there is increasing evidence that seasonal to subseasonal temporal scales, and meso- to submesoscales play an important
role in understanding the sensitivity of ocean primary productivity to climate change. This drives the need for a high-resolution approach to resolving biogeochemical processes. In this study, 5.5 months of continuous, high-resolution (3 h, 2 km horizontal resolution) glider data from spring
to summer in the Atlantic Subantarctic Zone is used to investigate: (i) the mechanisms that drive bloom initiation and high growth rates in the
region and (ii) the seasonal evolution of water column production and respiration. Bloom initiation dates were analysed in the context of upper
ocean boundary layer physics highlighting sensitivities of different bloom detection methods to different environmental processes. Model results
show that in early spring (September to mid-November) increased rates of net community production (NCP) are strongly affected by meso- to
submesoscale features. In late spring/early summer (late-November to mid-December) seasonal shoaling of the mixed layer drives a more spatially
homogenous bloom with maximum rates of NCP and chlorophyll biomass. A comparison of biomass accumulation rates with a study in the North
Atlantic highlights the sensitivity of phytoplankton growth to ﬁne-scale dynamics and emphasizes the need to sample the ocean at high resolution
to accurately resolve phytoplankton phenology and improve our ability to estimate the sensitivity of the biological carbon pump to climate change.
Keywords: bloom initiation, glider, net community production, primary production, respiration, Subantarctic, sverdrup critical depth model.

Introduction
Phytoplankton blooms are ecological hot spots (Hjort, 1926;
Ryther, 1969; Chassot et al., 2010), such that their timing and location dictate the life cycles and migration patterns of many zooplankton grazers and fish larvae (Longhurst, 2007). Therefore, changes in
bloom phenology may have profound implications for higher
trophic levels (Platt et al., 2003; Edwards and Richardson, 2004;
Mackas et al., 2007; Koeller et al., 2009; Kahru et al., 2011). In addition, phytoplankton blooms play an important role in biogeochemical cycling as they result in substantial transport of organic material
from the surface waters to the oceans interior which contributes to
the oceans net annual uptake of CO2 (Takahashi et al., 2009).
Despite the importance of phytoplankton production and its
# International

relation to the biogenic flux of CO2 (Arrigo et al., 1998), particularly
in the Southern Ocean (3 PgC yr21, 33% of global organic carbon
flux; Schlitzer, 2002), our understanding of phytoplankton seasonal
distribution, rates of production, and carbon export remains poorly
constrained.
The conditions necessary for phytoplankton bloom development
and high growth rates in the Southern Ocean are the presence of a
favourable light environment (Sverdrup, 1953), Iron (Fe) availability
(Martin et al., 1990) and low grazing pressure relative to algal growth
rates (Smetacek and Passow 1990; Sakshaug et al., 1991; Boyd et al.,
1999; Boyd, 2002; Dandonneau et al., 2004; Arrigo et al., 2008). It is
the seasonal cycle that sets much of the environmental variability in
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1953). Recent studies have challenged this explanation however,
proposing instead that bloom initiation is driven by (i) eddyinduced stratification that shoals the MLD to create a favourable
light environment before seasonal warming (Mahadevan et al.,
2012); (ii) the stratification-onset model where convective overturning shuts down in spring, decreasing the depth of mixing
(despite a still deep seasonal MLD) allowing phytoplankton
blooms to form in shallow near-surface layers that deepen with
the onset of thermal stratification (Chiswell, 2011; Chiswell et al.,
2013); (iii) a shutdown of turbulent convective mixing when net
heat fluxes become positive, increasing the residence times of phytoplankton in the euphotic zone (Taylor and Ferrari, 2011); (iv) a
decrease in the dominant mixing length scales when negative heat
fluxes weaken and shift the mixing mechanism from convection to
wind, allowing phytoplankton to gain sufficient light exposure to
bloom (Brody and Lozier, 2014); and (v) the disturbance-recovery hypothesis, where physical dilution during winter mixed layer deepening
decreases grazing pressure driving subtle imbalances between phytoplankton division and loss rates allowing positive biomass accumulation to result in a bloom (Behrenfeld, 2010; Boss and Behrenfeld, 2010;
Behrenfeld et al., 2013). In this study, we use 5.5 months of continuous,
high-resolution glider data (3 h, 2 km horizontal resolution) from
spring to summer in the Atlantic Subantarctic Zone (SAZ) to investigate; (i) the phytoplankton spring bloom initiation and time-scale
sensitivity in the region and (ii) the seasonal evolution of water
column production and respiration.
Conventionally, using surface chlorophyll time series from satellite, bloom initiation dates have been estimated based on threshold
criteria (e.g. Siegel et al., 2002) or based on fitting a model to the data
and estimating the phenological metrics from the model equations
(e.g. Platt et al., 2009). These methods may allow for the detection of
one to two phytoplankton blooms per year (e.g. Sapiano et al., 2012;
Ardyna et al., 2014; González Taboada and Anadón, 2014; Racault
et al., 2015). Here, we apply a number of these methods to glidersurface chlorophyll time series and for the first time, using glider vertical profile data, to mixed layer integrated chlorophyll. Specifically,
bloom initiation dates were identified by implementing five different
methods of detection, four of which have previously been applied to
in situ and ocean-colour remote-sensing datasets to investigate phytoplankton phenological variability. The methods include a median
threshold criterion approach (e.g. Siegel et al., 2002), a cumulative
sum approach (Brody et al., 2013), a rate of change method
(Wiltshire et al., 2008; Brody et al., 2013); and a cumulative sum of
anomalies approach (Racault et al., 2015). In addition, we developed
a novel method of bloom detection based on the cumulative sum of
anomalies of mixed layer phytoplankton growth rates.
The bloom initiation dates identified by the different mathematical methods of detection and regions of high growth rates were analysed in the context of upper ocean boundary layer physics. Such
analysis is important to enhance our understanding of how
blooms (and different detection methods), may relate to the underlying physical changes occurring in the environment.
Furthermore, the bloom initiation dates estimated using the
different methods in conjunction with ancillary glider data,
allowed us to implement a PP model (Platt et al., 1980; Platt and
Sathyendranath, 1993), and to compute Sverdrup’s critical depth
model, generating the first time series of glider-estimated rates of
PP, respiration and net community production (NCP). Another
possible method (worth noting but not used in this study) of attaining NCP (and community losses) is the bio-optical method of
Claustre et al. (2008), which analyses the diel cycle of particulate
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these factors and as such ascribes the growing conditions that phytoplankton are exposed to over an annual cycle. The seasonal cycle is
also a mode of variability that couples the physical mechanisms of
climate forcing to ecosystem response in production, diversity, and
carbon export (Monteiro et al., 2011). An understanding of the seasonal evolution of phytoplankton production can thus provide a sensitive index of climate variability through their dependence on
physical processes that transport nutrients and control the exposure
of phytoplankton to sunlight (Sommer and Lengfellner, 2008;
Henson et al., 2009; Lavigne et al., 2013).
In addition to the importance of the seasonal cycle in characterizing phytoplankton phenology, submesoscale features (baroclinic
instabilities from enhanced lateral density gradients; 1 –10 km in
size) have been shown to account for up to 50% of the variance
observed in primary production (PP) estimates (Lévy et al., 2001;
Glover et al., 2008). At similar spatial scales, variance in vertical velocity (which modulates nutrient supply and carbon export) shows a
tenfold increase when numerical simulation resolutions increase
from 6 to 1 km (Klein et al., 2008). If researchers are to accurately
predict the seasonal timing of phytoplankton blooms forced by
climate forecast models and improve our understanding of the sensitivities of the biological carbon pump to changes in climate forcing
factors (both needed for predicting long-term trends), the Southern
Ocean ecosystem has to be investigated at the appropriate scales that
link the physical drivers to the biogeochemistry (Lévy et al., 2001; Le
Quéré et al., 2007; Klein et al., 2008; Doney et al., 2009; Thomalla
et al., 2011; Racault et al., 2012; Joubert et al., 2014; Swart et al.,
2014; Carranza and Gille, 2015). These include the temporal scales
extending from seasonal to subseasonal and the spatial scale
ranging from the mesoscale to the submesoscale.
To date, analyses of open ocean phytoplankton phenology have
mostly relied on observations made by Continuous Plankton
Recorders (Edwards and Richardson, 2004; Racault et al., 2014;
Raitsos et al., 2014), a limited number of open ocean stations with
continuous long-term time series (e.g. Hawaii Ocean Time series
and Bermuda Atlantic Time Series) (Johnson and Howd, 2000;
Brix et al., 2004), and satellite-measured chlorophyll data (e.g.
Siegel et al., 2002; Henson et al., 2006; Platt et al., 2009; Zhai et al.,
2011; Thomalla et al., 2011; D’Ortenzio et al., 2012; Sapiano et al.,
2012; González Taboada and Anadón, 2014; Racault et al., 2014).
The high-sampling frequency and large spatial and temporal coverage gained with satellite observations are clear. However, remotely
detected water-leaving radiances emanate from only the first
optical ocean layer and require some assumptions to be made
about their representativeness of the vertical structure of the water
column. Autonomous platforms (e.g. floats and gliders) on the
other hand are able to profile the water column (0 –1000 m) and
characterize the vertical structure at the relevant time scales (subseasonal to seasonal) and spatial scales (meso- to submesoscale) that
are necessary to link physical forcing mechanisms of climate
drivers to biogeochemical responses. Given their growing importance in the trajectory of ocean ecosystem research, it must be
emphasized that we maximize the output from these multi-sensor
platforms to improve our understanding of regional contrasts in
the timing of the onset and evolution of phytoplankton blooms.
The formation of phytoplankton blooms has traditionally been
defined with Sverdrup’s critical depth model where the mixed
layer shoals above a critical light depth due to warming associated
with enhanced seasonal radiation. This allows phytoplankton to
reside within increasingly shallow depths where they experience
higher light levels, and, as a result, begin to bloom (Sverdrup,
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organic carbon (POC) from high-frequency measurements of beam
attenuation (or backscattering). The variable PP reflects the total
amount of carbon fixed during photosynthesis while NCP,
calculated as the difference between production and respiration,
is used to define the trophic balance of a biological community
and to characterize its “potential for organic export” (Hansell and
Carlson, 1998). Together, estimates of these variables from highresolution glider datasets provide important insights into the
carbon cycle and allows us to assess the biogeochemical responses
(in production and export potential) to physical forcing mechanisms
at the required time and space scales for informing climate response
research.

Data and methods
An autonomous Seaglider (SG573) was deployed in the Southeast
Atlantic Ocean in the central SAZ region of the Southern Ocean at
42.48S, 9.98W (Figure 1) as part of the Southern Ocean Seasonal

Cycle Experiment (SOSCEx; Swart et al., 2014). The aim of
SOSCEx was to improve our understanding of the links between
climate drivers, ecosystem productivity, and climate feedbacks in
the Southern Ocean by investigating physical forcing mechanisms
and biogeochemical responses at the relevant time (subseasonal to
seasonal) and space (meso- to submesoscale) scales (Swart et al.,
2012).
The glider was deployed on 20 September 2012 and retrieved on 15
February 2013 resulting in continuous sampling for 148 d (or 5.5
months) covering a total distance of 1537 km. The glider measured
a suite of parameters that include conductivity, temperature, pressure,
dissolved oxygen, fluorescence, photosynthetically active radiation
(PAR), and optical backscattering at two wavelengths (l ¼ 470 and
700). Each dive cycle of the glider took 5 h to complete and
covered an average horizontal distance of 2.8 km, rendering a temporal resolution of 2.5 h and spatial resolution of 1.4 km between profiles. This spatial resolution covers both meso- (10–200 km) and
submesoscale (1–10 km) ranges in the ocean. Data were transmitted

Figure 1. Mean satellite chlorophyll-a concentration (mg m23) (from GlobColour Case I water product: www.globcolour.info) for the temporal
period of SOSCEx (25 September 2012– 2015 February 2013) showing the trajectory of the glider. The mean ACC front locations for the period of
SOSCEx, as deﬁned using satellite altimetry, are plotted (magenta lines) from north to south: Subtropical Front, Subantarctic Front, and Antarctic
Polar Front. The bathymetry for the region is overlaid using black contours (500, 1000, 2000, and 3000 m isobaths). This ﬁgure is available in black
and white in print and in colour at ICES Journal of Marine Science online.
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Experimental set up and glider deployment
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0.00035 (m21) is a background value representing a global estimate
of backscattering by stable heterotrophic and detrital components of
the surface particle population (Behrenfeld et al., 2005), and 13 000
(mg C m22) is a scalar that has been shown to give satellite
chlorophyll-to-carbon ratio consistent with laboratory results and
an average phytoplankton contribution to total POC of 30%,
consistent with field estimates (Eppley, 1992; Durand et al., 2001;
Gundersen et al., 2001).

Glider datasets

Satellite-derived datasets

Glider fluorescence was dark corrected by subtracting the median
fluorescence value ,300 m. All daylight fluorescence profiles were
corrected for quenching using optical backscattering based on the
methods described in Sackmann et al. (2008). In the rare occasion
when backscattering was unavailable (due to intermittent sensor malfunction), fluorescence was corrected by extrapolating the maximum
fluorescence value within the mixed layer to the surface (Xing et al.,
2012). Glider fluorescence was converted to chlorophyll using the
manufacturer’s instrument-specific chlorophyll conversion factor
then adjusted with a statistically significant regression from 83
co-located glider chlorophyll and in situ chlorophyll samples
(slope ¼ 4.12, intercept ¼ 20.21, r 2 ¼ 0.66) (see Swart et al., 2014
for more detail). Integrated chlorophyll was obtained by integrating
chlorophyll (trapezoidal rule) from the surface to the mixed layer
depth (MLD); defined as the depth where the temperature difference
exceeds 0.28C in reference to the temperature at 10 m (DT10m ¼
0.28C) following the criterion of de Boyer Montégut (2004).
The instrument-specific dark count was subtracted from glider
PAR which was then divided by the scaling factor to get the
correct units (mE cm22 s21). An additional dark correction was
performed by subtracting an in situ dark count calculated from
the mean of all midnight profiles. Daily surface PAR was calculated
by fitting an exponential curve to the top 50 m of each midday PAR
profile and extrapolating it to the surface to get PAR at 0 m. The exponential fit similarly generated the vertical attenuation coefficient
of irradiance (kd).
Spikes were separated from raw backscattering (l ¼ 470 and
700) using a seven-point running median filter (Briggs et al.,
2011). Raw digital counts were converted into particulate backscattering (bbp) according to the following equation:

The satellite chlorophyll product was obtained from the ESA Ocean
Colour CCI (OC-CCI) project that merged chlorophyll data from
ocean-colour remote sensors’ MERIS (processed with Polymer
algorithm, Steinmetz et al., 2011), SeaWiFS, and MODIS (processed
with SeaDAS chlorophyll retrieval algorithm). Further information
about the project is available at http://www.esa-oceancolour-cci.
org. The description of the processing version 0.95 used in the
present analysis is presented in the Product User Guide at
http://www.esa-oceancolour-cci.org/?q=webfm_send/318. The
OC-CCI surface chlorophyll data were extracted at monthly resolution in the region covered by the glider transect (40.98S –43.78S,
118W–2.98W). Chlorophyll climatology was computed using
OC-CCI data from September 1997 to April 2013. The chlorophyll
annual cycle over the period from May 2012 to April 2013 (encompassing the timing of the glider deployment from September 2012 to
February 2013) was also computed. It can be noted that from May
2012–onwards, only MODIS ocean-colour satellite data were available and therefore were included in the OC-CCI product. This
product was used to visualize the annual cycle of chlorophyll with
respect to the glider and was not used in any of the model calculations.
Wind data were sourced from SeaWinds, a blended product from
observations of sea surface vector winds (at 10 m above sea level reference height) from multiple satellites microwave radiometers and
scatterometers (QuickSCAT), SSMIs, TMI, and AMSR-E (Zhang
et al., 2006, ftp://eclipse.ncdc.noaa.gov/pub/seawinds/) to produce
global 6-h, 0.258 resolution, and gridded fields. The Large and Pond
(1981) method was applied to convert the windspeed to a windstress
product. The windstress data were collocated with the gliders in
space and time using two-dimensional bilinear interpolation.
Heat flux data were sourced from the NCEP/DOE AMIP-II
Reanalysis-2 model where the 6-h mean of net incoming heat flux
was calculated as net downwards heat flux minus (net upwards +
latent + sensible heat flux) at the ocean surface (for more
details, see Kanamitsu et al., 2002). Heat flux data were collocated
with the gliders in space and time using two-dimensional bilinear
interpolation.

bbp = 2p xp [S(C − D) − bsw ],

(1)

where xp is equal to 1.1 and the factor used to convert bp (at a central
angle of 1178) into b1 (Boss and Pegau, 2001), S is the instrumentspecific scaling factor, C is the digital counts (l ¼ 470 and 700), D
is the dark counts, bsw is the volume scattering of pure water estimated
using the models of Zhang and Hu (2009) and Zhang et al. (2009),
and [S(C 2 D)] and [S(C 2 D)bsw] are the total and particle volume
scattering functions, b and bp, respectively (Dall’Olmo et al., 2009).
Remaining spikes in particulate backscattering were removed with
a threshold in shallow (bbp . 0.0048) and deep (bbp . 0.0025)
waters. Bad profiles with high mean backscattering (bbp . 0.001)
in deep water (.150 m) were identified and discarded.
Phytoplankton-specific carbon biomass (see Supplementary
Figure S1) was estimated from bbp according to Behrenfeld et al.
(2005):
Cphyto = 13 000 × (bbp − 0.00035),

(2)

where Cphyto is phytoplankton-specific carbon (mg C m23),

Bloom initiation detection methods
Four of the five bloom initiation detection methods listed below rely
on the median of the annual cycle of chlorophyll. Since the glider
dataset presented here only covers 5.5 months of the annual cycle,
a median calculated using the glider-chlorophyll time series measured during spring and summer only, would overestimate the
median value relative to that estimated from the entire annual
cycle. To circumvent this, a box of satellite surface chlorophyll
from OC-CCI time series was extracted spanning the spatial coverage of the glider transect and a full annual cycle coinciding with the
timing of the glider deployment (see description in Satellite-derived
datasets). Using these satellite chlorophyll data, the median of the
annual time series (May 2012–April 2013) was calculated and
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in real time via the Iridium satellite upon reaching the surface after
each dive. At the deployment and retrieval site of each glider, shipbased Conductivity Temperature Depth (CTD) cross-calibration
casts were carried out (all within 3 km and 4 h or each other) yielding
two independent inter-calibrations between glider and CTD sensors as
well as bottle samples of chlorophyll-a, salinity, and dissolved oxygen.
Glider data were interpolated onto a 6-h grid allowing extraction of
daily midday profiles which were used for models of production.

2003

High-resolution view of the spring bloom initiation
compared with the median of the glider sampling period
(September 2012 to February 2013). The comparison showed that
the satellite-chlorophyll median estimated from the annual time
series (12 months) was 10% lower than the satellite-chlorophyll
median estimated over the glider sampling period (5.5 months).
Hence, in the bloom detection methods described below, the gliderchlorophyll annual median threshold was approximated to
C̃annual = 0.9C̃5.5 ,

(3)

rates of change in the same direction were averaged over the
number of consecutive days. The cumulative sum of the anomalies
of the positive slopes highlights changes in trends in positive net
population growth rates of the glider time series, whereas the cumulative sum of the anomalies of the negative slopes shows adjustments
in trends of community losses. The bloom initiation date was
selected as the date of maximum change in positive daily growth
rates indicative of a regime shift towards a phase of positive net community growth (see Supplementary Figure S2i).

Primary production

Threshold method

Water column PP rates were calculated according to Platt et al.
(1980) and Platt and Sathyendranath (1993) using the following
equations:

The date of phytoplankton bloom initiation is estimated as the first
day that surface and MLD-integrated chlorophyll exceeds 5% of the
annual median. This threshold has been used successfully in previous studies based on ocean-colour remote sensing observations in
the North Atlantic (e.g. Siegel et al., 2002; Brody et al., 2013) and
in the Southern Ocean (Thomalla et al., 2011; Racault et al., 2012;
see Supplementary Figure S2a and b).

Cumulative sum method
The date of phytoplankton bloom initiation is estimated as the first
day that the cumulative summation of surface and MLD-integrated
chlorophyll exceeded 15% of the maximum cumulative sum of the
glider-chlorophyll time series. This method has been previously
applied to zooplankton time series (Greve et al., 2005) and to oceancolour remote sensing observations (Batten and Mackas, 2009;
Brody et al., 2013) (see Supplementary Figure S2c and d).

Rate of change method
The date of phytoplankton bloom initiation is estimated as the
day(s) on which the daily rate of change of surface and
MLD-integrated chlorophyll increased 15% above the annual
median rate of change and remained above this threshold for a
minimum of 8 d (Brody et al., 2013). The daily rate of change was
calculated as the daily difference in surface and MLD-integrated
chlorophyll. A 60-d filter was applied to the dataset to smooth the
time series and reduce noise (see Supplementary Figure S2e and f).

Cumulative sum of anomalies method
The date of phytoplankton bloom initiation is estimated as the day
of the largest step change in the cumulative sum of the anomalies of
surface and MLD-integrated chlorophyll (Racault et al., 2015). In
this method, a step change is observed when the trend in the cumulative sum of anomalies changes direction (from a decreasing trend
to an increasing trend). The timing of the change in direction indicates the date that the chlorophyll concentration in the time series is
equal to the median chlorophyll concentration of the annual time
series (see Supplementary Figure S2g and h).

Cumulative sum of anomalies of positive growth rates method
The date of phytoplankton bloom initiation is estimated as the day
of the largest step change in the cumulative sum of the anomalies of
positive daily rates of change in integrated chlorophyll. Net population growth rates can be calculated from two measures of biomass
separated by a period and were here calculated as the daily difference
or slope of MLD-integrated chlorophyll. Positive daily growth rates
(positive slopes) infer positive NCP, whereas negative growth rates
(negative slopes) infer net community loss. Consecutive daily

m

PP0 = Pmax × (1 − e/I0 /Pmax ),

(4)

where PP0 is PP in mg C m22 d21 at the surface, Pmax isthe assimilation
number defined as the height of the production–irradiance (P2I)
curve, / is the initial slope of the P2I curve, and I0m is daily PAR at
the surface. To convert midday PAR to daily PAR, surface midday
PAR was extrapolated over daylight hours by using maximum PAR
at midday and assuming zero PAR at sunrise and sunset (given the assumption of a constant gradient of light between sunrise and midday
and back to sunset). The parameters Pmax and / are estimated from
power law regression functions between Pmax and chlorophyll (R2 ¼
0.84) and between / and chlorophyll (R2 ¼ 0.76) based on a compilation of P2I incubation experiments from the Southern Ocean
(Dower and Lucas, 1993; Hiscock, 2004; Hiscock et al., 2008; E.A.
Kean, unpublished data) (see Supplementary Figure S3a and b).
The light adaptation parameter of the P–I curve Ik is defined by
the identity
Ik =

Pmax
.
/

(5)

Then, to generalize our results we normalized the surface irradiance
by calculating I∗m , the dimensionless daily surface irradiance
I∗m =

I0m
.
Ik

(6)

The dimensionless function f (I∗m ) for daily PP was solved analytically by Platt et al. (1980) as
f (I∗m ) = 0.7576 ln I∗d + 0.5256.

(7)

The values of f (I∗m ) from the above analytic solution were tabulated
for the range for 0.2 ≤ I∗m ≤ 20 by Platt and Sathyendranath (1993;
their Table A1).
The PP integrated over the entire water column PPwc
(mg C m22 d21) is calculated as follows:
PPwc = PP0 ×

f (I∗m )
,
kd

(8)

where kd is the vertical attenuation coefficient of irradiance calculated from an exponential fit to each midday glider PAR profile.
The variable PP integrated within the mixed layer PPmld
(mg C m22 d21) was calculated by subtracting PP estimated from
the bottom of the mixed layer to the lower end of the water column.
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where C̃annual is the annual glider-chlorophyll median value and
C̃5.5 is the 5.5 months glider-chlorophyll median value.

2004

S. J. Thomalla et al.
The integrated respiration in the mixed layer is

Phytoplankton-speciﬁc growth rate
Phytoplankton-specific growth rate, expressed in the time dimension (d21), was calculated by dividing PP integrated within the
euphotic depth PPwc with integrated phytoplankton carbon
biomass (POCint) (mg C m22) estimated from glider midday
phytoplankton-specific carbon (Cphyto) integrated from the
surface to the deeper of MLD and zeu (i.e. when zeu . zmld then
POCint is integrated from surface to zeu and vice versa), such that
PPwc
m=
.
POCint

(9)

Net community production and respiration

I(z) = I0 e−kd z ,

(10)

zmld

dz = R0 zmld .

(17)

0

The depth at which rates of integrated production and respiration
are equal is defined as the critical depth zcr:
PPzcr = Rzcr .

(18)

Sverdrup’s necessary condition for initiation of the phytoplankton
bloom is that integrated mixed layer production must compensate
for respiration such that net positive growth can occur. This
allows the critical depth to be defined as the depth where
1
R0
Ic
(1 − e−kd zcr ) =
= .
kd zcr
PP0 I0

(19)

According to Sverdrup’s hypothesis, at the time of the bloom
initiation, depth-integrated production compensates exactly for
respiration when the depth of the mixed layer zmld coincides with
the critical depth zcr. The variables in Equation (19) are now available to solve for Ic. From glider transect data, we can compute a
time series of critical depth zcr based on Equation (19) assuming
that Ic remains constant over time:
1
Ic
(1 − e−kd zcr ) − = 0.
kd zcr
I0

(20)

where I(z) is PAR at depth z, I0 is surface irradiance, and kd is the vertical attenuation coefficient of irradiance. Sverdrup’s critical depth
model assumes, at the start of the spring bloom, that PP is linearly
related to the level of PAR such that PP is described to decrease exponentially with depth:

All the variables are then available to solve for daily respiration along
the glider transect using Equation (15).
Finally, NCP is calculated as

PP(z) = / I(z) = / I0 e−kd z = PP0 ekd z ,

NCP = PPmld − Rmld .

(11)

where PP(z) is PP at depth z. Community respiration is assumed to
remain constant with depth:
R(z) = R0 ,

(12)

where R(z) is community respiration at depth z and R0 is community respiration at the surface. The minimum level of irradiance
required for production to compensate community respiration at
a particular depth is defined as community compensation irradiance Ic, which occurs at the compensation depth zc:
Ic = I0 e−kd zc .

(13)

At compensation depth zc production and respiration are equal:
R0 = PP0 e−kd zc .

(14)

Hence, Ic can be defined as
Ic =

I0 R0
.
PP0

(15)

The integrated production from the surface to zmld is
PPmld = PP0

zmld
0

e−kd z dz =

PP0
(1 − e−kzmld ).
kd

(16)

(21)

Biomass accumulation
The biomass accumulation rate of a phytoplankton population
(r) can be calculated from two measures of biomass separated
by a period (Dt ¼ t2 2 t1) according to Boss and Behrenfeld
(2010):
r=

ln(Chlmean 1 /Chlmean 0 )
Dt

(22)

if MLD is shoaling and MLD . zeu and
r=

ln(Chlint 1 /Chlint 0 )
,
Dt

(23)

in all other cases, where Chlint is daily midday chlorophyll integrated from the surface to the deeper of MLD and zeu. The variable Chlint is the daily midday mean chlorophyll concentration in
the mixed layer, and Dt ¼ 1 d.

Results and discussion
Bio-optical sensors on autonomous platforms (e.g. gliders and
floats) provide highly cost-effective measurements at the relevant
time (subseasonal to seasonal) and space scales (meso- to submesoscale) to link the physical forcing mechanisms associated with
climate change to ecosystem responses in primary productivity.
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With the rates of PP calculated as above, together with knowledge of
bloom initiation dates, MLD, and surface irradiance, we can resolve
the critical depth model of Sverdrup (1953). This model, which is
described step by step below, allows us to generate a compensation
irradiance for each bloom initiation date (see also Siegel et al., 2002)
and to output an ensemble of time series of daily rates of plankton
community respiration and NCP for the glider transect.
In the ocean water column, irradiance levels decrease exponentially with depth:

Rmld = R0

2005
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Surface layer physics and chlorophyll distribution
To illustrate the evolution of the biogeophysical data, we present
time-series measurements of temperature, ocean stratification
(using the Brunt-Väisälä frequency, BVF, also known as buoyancy
frequency), MLD, and chlorophyll (Figure 2a –c).
In spring (September—November), the upper ocean physical
structure is characterized by variable MLD ranging between 12
and 272 m (mean ¼ 80 + 52 m) (Figure 2a). The BVF shows that
variable MLD is associated with a weakly stratified upper layer
(BVF 0), which extends to the “seasonal” pycnocline (the depth
of the stratification maximum), found between 200 and 300 m
from September to October and between 50 and 150 m from
November to December (Figure 2b) (Swart et al., 2014). These episodic events of rapid MLD shoaling (.160 m d21) were synonymous with relatively short lived (1 week) increases in stratification
(1–2 × 1025 s22) that could not be explained by surface
warming-induced buoyancy increases (net heat flux was too weak
to initiate observed rates of stratification, .3 × 1025 s22 d21, see
Swart et al., 2014). These events were instead assigned to featuredriven stratification from slumping of the lateral density gradient
during periods of low windstress (Mahadevan et al., 2012; Swart
et al., 2014). In particular, the elevated doming of the pycnocline
and maximum stratification (.200 m) seen in the first 2 weeks of
the time series is related to the crossing of the centre of a cold-core
mesoscale cyclone (approximate diameter 200 km from satellite sea
surface height observations) (Swart et al., 2014). From the end of
November onwards, a consistent increase in stratification in the
upper 150 m is observed (Figures 2b and 4b) together with increasing surface temperatures and decreasing surface densities (see Swart
et al., 2014 their Figure 8a and b) that are believed to result from seasonal surface heating (Swart et al., 2014). At the end of November
(around 28 November), the surface mixed layer merges and
remains coupled with the deeper seasonal thermocline for the rest
of the time series. In summer, December to February, surface
waters undergo a consistent warming (Figure 2b) caused by
increased solar radiation and positive air-sea heat flux. During
these months, stratification in the upper 150 m increases continually as the gradient in the thermocline sharpens with the warming
surface waters (Figure 4b). The MLD becomes shallower (mean ¼
40 + 16 m) and shows relatively large variations at meso- to submesospatial scales and subseasonal time scales.
A comparison of the glider-surface chlorophyll with the satellite
chlorophyll time-series places the timing of the glider time series
into context of a full annual time series (Figure 3). Standard satellite
algorithms are known to underestimate chlorophyll-a concentrations by two to three times in the Southern Ocean (Mitchell and
Kahru, 2009; Kahru and Mitchell, 2010). Although the glider was
not able to sample the seasonal minimum in August, its outset in
late September captures the beginning of the spring bloom and
extends well into summer, following which a sustained bloom is
evident in the satellite chlorophyll concentrations that extend into
June (Figure 3). At the beginning of the transect (September–
October), chlorophyll is generally low (,0.4 mg m23), except for
an 7-d period from 6 to 13 October where higher chlorophyll concentrations (0.4 –0.5 mg m23) coincide with shallower MLDs
(15 m) (Figure 2c). On 2 November, shallow MLDs (20 m)
once again coincide with higher chlorophyll (.0.4 mg m23) this
time persisting and generally increasing with high-frequency variability into summer (December–February), where chlorophyll concentrations are considerably higher (.0.6 mg m23) and sustained
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Given the growing importance of autonomous platforms in the trajectory of Southern Ocean ecosystem understanding, it is necessary
that we maximize the value of these multi-sensor observations by
developing appropriate applications and interpretations. This
study shows how an 5.5-month high-resolution glider transect
in the SAZ can be used to characterize the biological seasonal
cycle through phytoplankton biomass distribution, phenological
metrics of bloom initiation as well as seasonal changes in PP, respiration, and NCP. To help us understand some of the environmental
drivers of these biological variables, the physical variables of MLD,
stratification, mean PAR in the mixed layer, mean daily net heat
flux, and surface windstress are concurrently investigated at high
space and time resolution during the sampling period from spring
through summer in the SAZ.
We are mindful that the not fully Lagrangian sampling nature
of the gliders raises the possibility that meso- to submesoscale features, crossed by the gliders could influence our interpretation of
the data as a Lagrangian time series. A study by Swart et al. (2014)
addressed this issue by investigating the variability of mixed layer
characteristics (MLD and stratification) between the glider data
presented in this study and a second glider that was simultaneously
sampling the SAZ. Their results (their Supplementary Figure S1)
showed temporal coherence in MLD between both gliders at
varying spatial separation scales (up to 213 km apart). These
results support the view that subseasonal MLD variability was primarily forced by synoptic-scale windforcing (and not submesoscale
features) particularly in the summer (MLD difference ,20 m).
Since the spatial scale of the dominant mode of variability in the
physics is synoptic (10’s to 1000’s of km) and the glider is sampling
at an 3 km spatial scale, the data during this period can be interpreted as quasi-Lagrangian.
However, weak stratification combined with the presence of
meso- to submesoscale features in spring (September–October)
resulted in a more variable influence of the windfield and accounts
for the greater MLD differences observed between the two gliders
(often .100 m) at the beginning of the time series. To investigate
this issue further, a continuous wavelet transform (CWT) of the
surface (mean in top 20 m) salinity, chlorophyll, and MLD time
series was used to investigate the dominant scales of variability
(Supplementary Figure S4a– c). The CWT of surface salinity, used
here as an indicator of water mass variations, shows that the dominant temporal scales of variability occur at periods .4 d (particularly
within the second half of the time series, .16 d) (Supplementary
Figure S4a). There is little evidence of mesoscale activity (2–4 d)
driving the variability with only one noteworthy feature observed
on Days 50 –70 in mid-October. On the contrary, variability in
surface chlorophyll is dominated by short period (,8 d) variability
(Supplementary Figure S4b) throughout the time series, which are
strongly linked to MLD variability (Supplementary Figure S4c) in
response to synoptic wind events as shown by Swart et al. (2014).
To summarize: (i) since the glider is resolving fine temporal (6 h)
and spatial (3 km) scales; (ii) since the primary scales of variability
observed in the physics are not feature-driven adjustments on the
meso- or submesoscale, except for some explicit examples in
spring (Swart et al., 2014), (iii) since MLD variability is driven
largely by large-scale synoptic wind events; then (iv) although
there may be instances where the observations are affected by
spatial aliasing the dominant signal of variability is considered to
be driven by temporal evolution at time scales resolved by the
glider sampling.
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through to the end of the transect. The distribution of chlorophyll is
discussed in more detail in Swart et al. (2014). This study expands on
this research by providing a stronger focus on interpreting PP, respiration, and NCP (in the sections below) in terms of the underlying
physical drivers, highlighting the important time scales of variability
that characterize the seasonal cycle.

Bloom initiation and time-scale sensitivity
The concept of a bloom is qualitatively agreed upon as a condition of
increased phytoplankton biomass (Behrenfeld and Boss, 2014)
however; blooms can result from rapid growth (Platt et al., 1991) or
can develop over long periods (Behrenfeld, 2010). Similarly, a bloom
can be short lived and intermittent or sustained over a growing
season. Although the onset of phytoplankton blooms has undergone
increasing research focus in the last decade (especially with the availability of continuous, high resolution and high frequency, repeat
remote-sensing chlorophyll time series), important debate remains
as to what processes are most important (and at which time scales)
for high growth rates that prompt bloom onset. In this study, five
methods (described in Section 2.6) were applied to both the glidersurface and MLD-integrated chlorophyll time series to estimate dates

of phytoplankton bloom onset and the community compensation
irradiance at the time of bloom initiation (Tables 1 and 2), which
was then used to initialize Sverdrup’s critical depth model (see
Methods). The motivation to estimate the bloom initiation dates
based on both surface and MLD-integrated time series was twofold:
(i) the analysis of surface chlorophyll can be compared with remotely
sensed observations and (ii) to examine and resolve subsurface dynamics using profile glider data, which is not possible when using only satellite remote-sensing measurements. On the occasions when the
estimated initiation dates fell within 3 d of each other, the dates were
“rounded-off”, and in the end, a total of six distinct bloom initiation
dates were identified from the two time series (Figures 4a and 1a).
Five of the six bloom initiation dates were estimated in spring
(from 28 September to 25 November) and one in early summer
(12 December). Given that it was only after the end of November
that there was sufficient heat flux to explain observed increases in
stratification, only the last two bloom initiations in the time series
(25 November and 12 December) would appear to strictly adhere
to Sverdrup’s critical depth hypothesis, where seasonal surface
heating is considered the primary driver of shallower mixed
layers, which then allows for biomass accumulation and high
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Figure 2. Sections for the glider time series from 25 September 2012 to 15 February 2013 of (a) chlorophyll-a concentration (mg m23),
(b) temperature (8C), and (c) Brunt-Väisälä frequency (s22) used as an index for stratiﬁcation. The MLD, where DT10m ¼ 0.2 8C, is overlaid in white.
This ﬁgure is available in black and white in print and in colour at ICES Journal of Marine Science online.
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Table 1. Bloom initiation dates and compensation irradiances (Ic) from ﬁve different bloom initiation detection methods applied to surface
chlorophyll and MLD-integrated chlorophyll time series.
Bloom initiation detection method
Threshold
Cumulative sum
Rate of change
Cumulative sum of anomalies
Cumulative sum of anomalies of
positive growth rates

Surface chlorophyll
17 November
06 November
29 September,
13 December
17 November

Ic (mE m22 s21)
1036
116
75, 280

MLD-integrated chlorophyll
26 September
15 October
18 November, 11 December

Ic (mE m22 s21)
36
51
445, 796

1036

08 November
24 –25 November

171
338

Table 2. When bloom initiations fell within 3 d of each other the dates were “rounded-off” to give six distinct bloom initiation dates identiﬁed
using both the surface and MLD-integrated chlorophyll time series.
Bloom initiation detection methods
Threshold (MLD), rate of change (surf)
Cumulative sum (MLD)
Cumulative sum (surf), cumulative sum of anomalies (MLD)
Threshold (surf), cumulative sum of anomalies (surf), rate of change (MLD)
Cumulative sum of anomalies of positive growth rates (MLD)
Rate of change (surf and MLD)

growth rates. The first four bloom initiation dates (28 September, 15
October, 7 November, and 17 November) on the other hand
are more likely explained by an extension of Sverdrup’s hypothesis,
where bloom initiation is invoked by a shoaling of the mixed
layer above a critical depth through feature-driven stratification
(Mahadevan et al., 2012), and to potential decreases in the dominant
mixing length scales (Brody and Lozier, 2014) as well as decreased
rates of turbulent mixing that allow phytoplankton to gain sufficient
light exposure to bloom even when seasonal mixed layers are deep
(Chiswell, 2011; Taylor and Ferrari, 2011; Chiswell et al., 2013).
Interestingly, none of the methods of bloom detection were sensitive to selecting the high chlorophyll region associated with the

Bloom Initiation dates
26 –29 September
15 October
06 –08 November
17 –18 November
24 –25 November
11 –13 December

Rounded off bloom
initiation dates
28 September
15 October
07 November
17 November
25 November
12 December

mesoscale feature-driven stratification (Mahadevan et al., 2012)
observed during the second week of October (Figure 2c). These
results suggest that the bloom detection methods implemented
here may be more sensitive to characterizing biological and physical
processes occurring on seasonal timescales. In addition, the mathematical procedures inherent in the methods themselves make
interpreting the bloom initiation dates in terms of the underlying
physical environment (observed at the time of the estimated bloom
initiation date) challenging. For example, both the threshold and cumulative sum methods of bloom detection depend on a percentage
biomass relative to a threshold criterion (e.g. median chlorophyll
concentration) and appear insensitive to subseasonal feature-driven
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Figure 3. Seasonal cycle of glider-surface chlorophyll (mg m23) and satellite surface chlorophyll (mg m23) multiplied by 3 to facilitate display on a
single axis. Dark grey solid line: glider 6 h surface chlorophyll time series; black dotted line: OC-CCI satellite surface chlorophyll data averaged over
the region 40.9 –43.78S, 11– 2.98W (encompassing the spatial coverage of the glider transect) for the period September 2012– September 2013
(coinciding with the timing of the glider deployment); light grey solid line: OC-CCI satellite surface chlorophyll climatology (September 1997– April
2013) averaged over the region 40.9– 43.78S, 11 –2.98W.
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Figure 4. Time series of (a) surface chlorophyll-a concentration (mg m23), (b) mean Brunt-Väisälä frequency (s22) in the top 100 m, (c) MLD (m),
where DT10m ¼ 0.28C, (d) mean PAR (mE cm22 s21) in the MLD, (e) net incoming heat ﬂux (W m22 d21), and (f) surface windstress (N m22).
Bloom initiation dates are overlaid as red stars. This ﬁgure is available in black and white in print and in colour at ICES Journal of Marine Science online.
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blooms, typical of highly variable systems, and can select multiple
blooms within a time series. It must be emphasized to note that although some of the bloom detection methods may not be sensitive
to detecting patchy blooms earlier in the season; these blooms can
make a major contribution to the regions seasonally integrated
phytoplankton biomass and can lead to a substantial overall increase
in carbon fixation (Mahadevan et al., 2012; Swart et al., 2014).
The bimodal nature of the spring bloom observed here (i.e.
spring blooming phase vs. summer sustaining phase; Swart et al.,
2014) is of particular scientific interest. It shows that the spatially
and temporally heterogeneous blooms in early spring (September
to mid-November) are controlled by subseasonal changes in the
physical forcing which do not maintain sufficient stability in the
structure of the water column to preserve positive growth rates
(Platt et al., 2003). Whereas, on seasonal timescales, it appears
that water column stability, driven by synoptic-scale shoaling of
the mixed layer through seasonal surface heating, is the most important factor controlling the accumulation of biomass and high
growth rates that are sustained into a prolonged growing period as
shown in the more spatially homogenous bloom observed late in
spring/early summer (late-November to mid-December).

Seasonal variability in primary production
In this study, the model of Platt et al. (1980) and Platt and
Sathyendranath (1993) is applied to the glider data to generate a
high-resolution transect of PP. This model describes phytoplankton
photosynthesis as a continuous function of available light based on
an initial linear response to light availability through to light saturating conditions. By definition, PP is the amount of photosynthetically fixed carbon available to the first heterotrophic level and, as
such, is a relevant metric for addressing environmental questions
ranging from trophic energy transfer to the influence of biological
processes on carbon cycling (Linderman, 1991). One of the most
important steps when implementing a PP model is the assignment
of the photosynthesis-irradiance parameters. In the present study,
these parameters were estimated based on empirical relationships
with chlorophyll concentration derived from in situ measurements.
This approach has been previously demonstrated for instance in the
Black Sea (Finenko et al., 2004). More advanced and complete
methods to estimate photosynthesis-irradiance parameters have
been developed that include: (i) empirical relationships between the
assimilation number and variables of light, temperature, and nutrients (Saux Picart et al., 2013) empirical relationships between the
assimilation number and variables of light, temperature, and chlorophyll concentration (Saux Picart et al., 2013); (ii) a nearest-neighbour
method that assigns the photosynthesis-parameters according to
chlorophyll concentration and surface temperature by searching a regional in situ database (Platt et al., 2008); and (iii) functional relationships between photosynthesis-irradiance parameters, environmental
variables, and phytoplankton community structure (Huot et al.,
2013). In the present study, the availability of concurrent in situ measurements of photosynthesis-irradiance parameters, environmental
and community structure variables were limited and it was not possible to implement the latter two methods. However, it is anticipated
that a refined estimation of the photosynthesis-irradiance parameters
would help to reduce the uncertainty of glider estimates of phytoplankton PP by up to 20% (Platt et al., 1995).
Relatively low rates of PP (150 mg C m22 d21) were generally
observed in early spring (September through October) (Figure 6)
likely driven by limited light availability (,0.02 mE cm22 s21,
Figure 4d) in a predominantly deep mixed layer (.100 m,
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adjustments in biomass observed in this high-resolution glider time
series both. Similarly, both the cumulative sum of anomalies
methods that select the most evident regime shift in the time
series is likely to be insensitive to intermittent patchy blooms associated with feature-driven adjustments in stratification seen early in
the season. Rather, these methods are designed for identifying the
start of the sustained growing period which can be used as a key ecological indicator to characterize marine ecosystems and are specifically not sensitive to sporadic and patchy blooms, typical of highly
variable systems, that if included, create a high standard deviation
around the bloom initiation date and can make it difficult to systematically monitor the state of the ecosystem.
On the other hand, the rate of change method of detecting a
bloom, which is able to select multiple initiation dates within a
time series (provided the selection criteria are met), is likely to be
sensitive to mesoscale feature-driven blooms such as the one evidenced here (second week of October). However, Supplementary
data, Figure S2e shows that despite consistently higher surface
chlorophyll concentrations (0.4 mg l21) associated with the eddydriven stratification and MLD shoaling in the second week of
October, the most rapid rate of change of surface chlorophyll (indicative of phytoplankton growth) was evidenced earlier in the time
series over the 10 d transitioning September to October, where
chlorophyll concentrations increase from 0.2 to 0.4 mg l21.
Hence, the rate of change method selects 28 September as the
bloom initiation date and not the high chlorophyll region associated
with the mesoscale feature in the second week of October. This highlights the point that population growth rates (the change in biomass
with time) can be high even if biomass is low and vice versa. This can
occur in many ways, first, high cell division rates can drive high
growth rates even if phytoplankton biomass is low (but increasing),
or population growth rates can increase independent of phytoplankton division rates if there is a reduction in losses (e.g. a decrease
in grazing through dilution associated with MLD deepening
Behrenfeld and Boss, 2014). Similarly, in high biomass areas, high
phytoplankton division rates can be equally matched by high
grazing rates to result in low population growth rates. Although
MLDs are deep, this particular bloom (28 September) is associated
with an MLD shoaling (Figure 4c) and high rates of PP (Figure 6),
suggesting that increased division rates (and not a reduction in
grazing) are responsible for the increased rates of population
growth observed over this period. Finally, the newly developed
bloom detection method (cumulative sum of anomalies of positive
growth rates) appears to provide a robust approach to identifying
the bloom initiation that is associated with a regime shift towards
a phase of positive net community growth. This was in fact the
only method which selected a date that coincides with the date of
transition from the spring blooming phase to summer sustained
phase described by Swart et al. (2014).
To summarize, the concurrent examination of mathematically
defined timings of initiation together with changes occurring in
the physical environment highlights different time-scale sensitivities of the different bloom detection methods. More specifically,
each method appears prone to detect more subtle or more persistent
changes in the chlorophyll time series, occurring in response to different physical processes. Statistical methods (e.g. threshold and cumulative sum) appear not to be sensitive to sporadic blooms
observed in the glider time series and hence these methods may
perform better when characterizing the phenology of marine ecosystems by identifying the start of sustained growing periods. The rate
of change method on the other hand appears sensitive to patchy
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culminating in a sustained summer bloom (.2.5 months longer
than that found in the Polar Frontal Zone). These findings have
more recently been corroborated in a study by Carranza and Gille
(2015) that uses correlation analysis between chlorophyll, MLD,
and temperature in the Southern Ocean to conclude that transient
MLD deepening through wind mixing (from storms ,10 d) leads
to nutrient entrainment to support enhanced chlorophyll observed
through summer (particularly in the SAZ). The sustained high PP
rates observed by the glider in summer with high subseasonal variability (4–6 d) supports the hypothesis of a mechanism of subseasonal
Fe and light supply through MLD fluctuations in the SAZ that occur at
time scales appropriate for phytoplankton growth.

Seasonal respiration and net community production
Understanding the nature of the trophic balance between oceanic
production and respiration is key to predicting how climate
change will affect air-sea CO2 flux. Although estimates of PP have
been extensively investigated over the last 30 years, estimates of
loss rates are extremely difficult to measure and knowledge of community respiration and NCP is still relatively limited (del Giorgio
and Duarte, 2002; Robinson and Williams, 2005; Robinson,
2008). A key question when trying to understand the global
carbon cycle is whether regions of the ocean are a net source or
sink of carbon. This will depend on the production of organic
matter relative to their decomposition due to biological respiration
(del Giorgio and Duarte, 2002). The difference between photosynthesis and respiration in the euphotic zone is set by the export term.
Only a small fraction of organic matter produced during PP is
exported to depth and sequestered away from the atmosphere for
hundreds of thousands of years (Henson et al., 2011), the bulk of
organic matter being produced is instead remineralized in the
upper ocean through biological respiration (Ducklow, 1995).
NCP is a measure of the metabolic balance between PP and the
sum of auto- and heterotrophic respiration. At steady-state or
over large spatial and temporal scales, NCP is equivalent to new production (Cassar et al., 2011). Since storage of organic carbon in the
mixed layer is modest with respect to production (Ducklow et al.,
2007), NCP can provide an estimate of the net amount of carbon
removed from the atmosphere via the biological pump (Falkowski
et al., 2003; Stanley et al., 2010; Huang et al., 2012). Sverdrup’s
NCP model assumes that phytoplankton are homogenously
mixed throughout the upper mixed layer, that specific losses are
constant with depth, and that specific growth rates are proportional
to the amount of light in the water column. This means that as light
increases with seasonal increases in PAR, the critical depth will
deepen while the opposite is true for when losses increase, for
example, increased grazing following a bloom will cause the critical
depth to shoal (Supplementary Figure S6). Sverdrup’s model was
applied to satellite-derived data by Siegel et al. (2002) and Henson
et al. (2006) in the North Atlantic and Lavigne et al. (2013) in the
Mediterranean Sea to estimate a time series of the critical depth.
Their results verified the critical depth model and showed that the
spring bloom did not start while the MLD was deeper than the critical depth, highlighting the essential requirement for phytoplankton
to receive, on average, a minimum critical light level to bloom.
Sverdrup’s necessary condition for a bloom initiation is that integrated mixed layer production must compensate for respiration
such that net positive growth occurs when the mixed layer is shallower than a critical depth. In other words, at the time of bloom initiation, the mixed layer depth must coincide with the critical depth.
Despite the following: (i) that the mathematical methods of
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Figure 4c) associated with low rates of surface warming, which are
consistent with early spring solar radiation and low air-sea heat exchange (Figure 4e). In the first week of October, a slight increase in
PP (200 mg C m22 d21) was apparent in association with a coldcore mesoscale eddy (see Swart et al., 2014). Higher PP values were
found towards the centre of the eddy where MLDs were deep
(150 m) (Figure 4c) and chlorophyll concentrations low
(0.3 mg l21) (Figure 4a). Phytoplankton growth in deep mixed
layers has been shown to be possible when the full mixed layer is
not actively mixing due to a reduction in turbulent mixing
(Huisman et al., 1999; Chiswell, 2011; Taylor and Ferrari, 2011).
On crossing the edge of the eddy, an increase in stratification
(Figures 2b and 4b) is characterized by considerably shallower
MLDs (Figure 4c) hypothesized to be driven by water mass layering
or slumping of the sharper lateral density gradients. Similar conditions were observed by Mahadevan et al. (2012) in the North
Atlantic, who showed that mixed layer eddies may initiate blooms
earlier in the season than surface heating alone. In our study,
increased rates of PP were not particularly evident in association
with the eddy-driven stratification and MLD shoaling (Figure 4b
and c, respectively) despite increased concentrations of chlorophyll
biomass (Figure 2c).
At the end of October/beginning of November a dramatic shoaling
of the MLD for 10 d from 100 to 25 m (Figure 2c), driven by a combination of decreased windstress (Figure 2f), increased heating
(Figure4e) andresultantrelaxation ofthe lateral buoyancy gradient associated with wind-front dynamics (Mahadevan et al., 2012; Swart et al.,
2014), accounts for the stark contrast between MLD-integrated PP
(50 mg C m22 d21) and water column PP (250 mg C m22 d21)
(Figure 6). The drop in MLD-integrated PP is a consequence of
the loss of chlorophyll from the mixed layer through rapid shoaling
(100 to 20 m in 4 h). However, this chlorophyll is still viable
and remained within the euphotic zone actively photosynthesizing
and contributing to the observed increase in water columnintegrated PP, reaching values of up to 250 mg C m22 d21
(Figure 6). Both MLD- and water column-integrated PP rates continued to increase during the month of November until mid-December,
with high sub-seasonal variability, reaching a maximum of
500 mg C m22 d21 in mid-December. This increasing trend in PP
(Figure 6) is associated with an increase in heat flux (Figure 4e), stratification (Figure 4b), a shoaling of the mixed layer (Figure 4c) consistent with the progression from spring into summer and results in
increased concentrations of chlorophyll from 0.5 mg l21 at the beginning of November to maximum surface concentrations of
1.2 mg l21 in mid-December (Figures 2c and 4a).
Towards the end of the time series in summer, integrated PP rates
fluctuated rapidly (4–6 d) between 200 and 400 mg m22 d21
from mid-December to mid-January and between 100 and
200 m22 d21 from mid-January to mid-February. In a study by
Swart et al. (2014) on the same glider dataset, enhanced stratification
in summer was shown to prevent significant deepening of the MLD
(to .80 m), which remained highly variable at subseasonal time
scales, fluctuating around a threshold of 40 m. These MLD variations were shown to be driven by the combined effect of elevated
windstress from synoptic (4- to 9-d) storm events that deepened
the MLD, followed by rapid shoaling during quiescent periods
driven by buoyancy forcing from strong horizontal density gradients
associated with meso- and submesoscale features. Their study, together with a study by Joubert et al. (2014), proposed that this mechanism was responsible for maintaining the balance between iron and
light supply at appropriate time scales for phytoplankton growth
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detecting blooms do not necessarily reflect in situ physical drivers of
the growing conditions that phytoplankton is exposed to on the day
and (ii) that reduced turbulence (Chiswell, 2011; Taylor and Ferrari
et al., 2011; Chiswell et al., 2013) and reduced mixing length scales
(Brody and Lozier, 2014) can contribute to spring blooms even
when seasonal mixed layers are deep; we initiate Sverdrup’s critical
depth model using all bloom initiations dates defined by the five
methods (Table 1). As such we imply that all bloom initiations
reflect Sverdrup conditions where the MLD is at a depth critical
for net positive growth. Although not necessarily true, doing so
allows us to determine a range of community compensation irradiances and hence to model an ensemble of time series of daily respiration and NCP along the glider time series (Supplementary
Figure S5a and b) (see Methods). This approach also allows us to investigate the sensitivity of Sverdrup’s model to different compensation irradiance levels and hence to different methods of bloom
detection (Figure 5a).
Including all bloom dates to initiate the model, as opposed to
selecting only the ones where MLDs were presumed to be shallow
enough to adhere to Sverdrup’s critical depth criteria, prevents
any subjective bias, increases the possible range of calculated respiration rates and provides a more robust calculation of mean rates of
NCP for the time series. In addition, inclusion of all bloom initiation
dates to generate a standard mean error (Figure 3b and c) highlights
periods in the time series when standard mean errors are low and
confidence levels in the interpretation of the community as net heterotrophic (negative NCP) or net autotrophic (positive NCP) are
increased. The single time series of respiration and NCP generated
from the 25 November bloom initiation (selected using the cumulative sum of anomalies of positive growth rates method developed
by the authors) is however included in the figures and discussion as
the authors feel that this date best represents Sverdrup conditions
(seasonal MLD , Zcr driven by seasonal warming) (Figure 3b and
c). Interestingly, the compensation irradiance generated by this
bloom initiation (338 mE cm22 s21) is close to the mean Ic from
all bloom initiation dates (398 mE cm22 s21) accounting for the
strong similarity observed between the respiration and NCP time
series generated from the 25 November bloom and the mean of
all-time series discussed below (Figure 6 b and c).
Bloom detection dates that generate high-compensation irradiances (e.g. 11 December and 17 November) result in a time
series with lower mean NCP (2144 and 2253 mg C m22 d21, respectively) and a much greater range of variability distributed
toward more negative NCP (Figure 5a; Supplementary Figure S5b
and c). Lower compensation irradiances on the other hand
(e.g. 26 September, 29 September, and 15 October) showed higher
mean NCP (183–200 mg C m22 d21) with a low range of variability that extends more towards positive NCP (Figure 5a;
Supplementary Figure S5b and c). It is noteworthy that the compensation irradiances generated from the different bloom initiation
dates are not driven by seasonal progression (i.e. decreasing Ic is
not chronological) nor necessarily by the choice of bloom detection
method (e.g. different methods can select similar bloom initiation
dates (11 December and 13 December) with very different compensation irradiances (280 and 796 mE m22 s21) and hence mean NCP
(2144 and 2253 mg C m22 d21). Rather, compensation irradiance is sensitive to conditions experienced at the time of the selected
bloom onset. A high Ic indicates that phytoplankton cells require a
high minimum irradiance level to compensate for community respiration while the opposite is true for low Ic. High-compensation
irradiances (associated with more variable and more negative
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Figure 5. (a) Sensitivity of Sverdrup modelled NCP (mg C m22 d21) to
the range of compensation irradiances (mE m22 s21) generated from
the different bloom initiation dates (depicted in the legend), which
have been selected from the various bloom detection methods. The
mean NCP for each time series initiated with a different bloom initiation
date appears as a black star. Figures (b) and (c) sensitivity of Ic
(mE m22 s21) (colour bar) to changes in surface PAR (mE m22 s21)
(size of the circles), NPPwc (mg C m22 d21) (y-axis), surface chlorophyll
(mg m23) (x-axis b) and MLD (m) (x-axis c).
rates of NCP) were generated when bloom initiation dates coincided
with shallow mixed layers, high surface PAR, high chlorophyll concentrations, and high rates of PP, while the opposite was true for
low Ic (Figure 5b and c).
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To allow comparison of compensation irradiances generated in
this study with those from the literature, midday Ic (mE m22 s21)
was converted to daily rates (E m22 d21) by assuming a constant
gradient of change between maximum Ic at midday and zero Ic at
sunrise and sunset (6 a.m. and 6 p.m., respectively). Daily compensation irradiances in this study ranged from 0.06 to 1.86 E m22 d21,
which is comparable with Ic values found in the literature (0.02 –
3.5 E m22 d21) (Table 3). Bloom detection methods that selected

Table 3. Comparison of compensation irradiance (Ic) levels from this
study with those from the literature.

a

Method
Laboratory cultures
In situ
In situ
In situ
Sverdrup model
Sverdrup model
Sverdrup model

Ic (E m22 d21)
0.1 –3.0
3.5
0.2 –0.4
0.02 –0.09
0.96 –1.75
1.56 –3.23
0.06 –1.86

Phytoplankton compensation irradiance as opposed to community
compensation irradiance.

Figure 6. Time series of (a) modelled NPP (mg C m22 d21) (Platt et al., 1980; Platt and Sathyendranath, 1993) integrated over the MLD (PPmld)
solid black line and the water column (PPwc) dashed grey line, (b) modelled respiration (mg C m22 d21) (Sverdrup 1953), from the mean of all-time
series (solid line) with standard mean error (shaded area), time-series initiated with bloom initiation on 25 November (dashed line) (c) same as for
(c) but for NCP (mg C m22 d21), and (d) f-ratio approximation of the export efﬁciency (PP/mean NCP) (solid line).
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Study
Langdon (1988)a
Riley (1957)
Marra (2004) (@ 50 m)a
Marra (2004) (@ 150 m)a
Siegel et al. (2002) (zonal median)
Henson et al. (2006) (zonal means)
This study

initiation dates early in the time series (when mixed layers were
deep and surface PAR was low) tended to have low Ic, suggesting
that the presence of phytoplankton communities adapted to
low irradiance levels (Marra, 2004).
Model results show very high mean respiration rates
(400 mg C m22 d21) and low mean NCP (2600 mg C m22 d21)
(Figures 6 and 7) at the start of the glider transect in late September coincident with negative net heat flux (2100 W m22 d21), weakly stratified waters (BVF ¼ 0), and consequently deep MLDs (.150 m) with
low mean PAR (,0.01 mE cm22 s21) (see Figure 2b–e). Respiration
rates decrease rapidly into the first week of October (450–
150 mg C m22 d21) coincident with an increase in NCP ( 2600–
0 mg C m22 d21) despite deep MLDs (150 m) at the centre of the
cold-core eddy identified by Swart et al. (2014). A study by Zhai et al.
(2008) (on the continental shelf of Nova Scotia) showed normalized
respiration rates that decreased by 50% during the spring bloom supposedly driven by lower respiration rates in the typically diatom dominated spring bloom community. Respiration rates fluctuate
200 mg C m22 d21 for the next 3 weeks of October and do not
return to September rates despite deep MLD fluctuations to
.250 m. The lack of a strong relationship between MLD and respiration in early spring highlights the complex role of multiple drivers
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the region to take up atmospheric carbon and facilitates an efficient
biological carbon pump in the SAZ. Maximum rates of NCP
observed in summer (max ¼ 361 mg C m22 d21) are lower than
those measured by Joubert et al. (2014) in the Atlantic SAZ
(max ¼ 686 mg C m22 d21) and Cassar et al. (2011) in the
Australian SAZ (max ¼ 1286 mg C m22 d21) based on O2/Ar
measurements converted to carbon using the photosynthetic quotient of Laws (1991) (Table 4). However, summertime rates of
NCP are similar to 15N new production estimates in the
Australian SAZ (95–318 mg C m22 d21) by Sambrotto and Mace
(2000) and the South Atlantic SAZ (365 mg C m22 d21) by
Joubert et al. (2011) (Table 4).
The trend in increasing NCP (Figure 6c) appears related to
improved light availability for photosynthesis through a combination of reduced turbulent mixing, lateral density gradient adjustments (slumping), which together with increased seasonal heat
flux, favour shallower mixed layers, increased stratification and
high but variable mean PAR in the MLD (Figure 2b– f). This combination of physical controls likely drives the observed increase in
net primary production (NPP) and surface chlorophyll through a
combination of available bloom theories (e.g. critical depth, critical
turbulence, and eddy-driven stratification; see Section 4.2) which
pose greater light exposure as the principal driver of positive community production (Sverdrup, 1953; Chiswell, 2011; Taylor and
Ferrari, 2011; Mahadevan et al., 2012, Brody and Lozier et al.,
2014). In addition to light availability, a study by Cassar et al.
(2011) in the SAZ south of Australia highlighted the requirements
for sufficient iron to support positive rates of NCP (from O2/Ar
ratio). Their results showed that in shallow mixed layers (,50 m),
NCP was positively correlated with phytoplankton variable fluorescence as a physiological indicator of iron limitation stress. These
results highlight the dependence of positive NCP on both iron
and light availability in the SAZ and suggest that the observed
rates of NCP measured here were the result of sufficient light and
Fe favouring net community growth.
According to Swart et al. (2014), the 28 November marks the date
that separates the glider transect into the spring bloom initiation
phase and the summer sustained bloom phase. The separation of
the time series was identified by a difference in the mechanisms
driving a shallower thermocline and increased stratification in
summer (warming through solar radiation and air-sea heat exchange) vs. spring (meso- to submesoscale eddies and fronts).
Maximum rates of NCP were observed from the end of November
continually increasing to a maximum of 300 mg C m22 d21 in
mid-December consistent with maximum rates of PP and surface
chlorophyll concentrations (Figures 6 and 2c, respectively). Given
that the shoaling of the mixed layer at this point in the time series

Table 4. Comparison of NCP and f-ratio results from this study with new production (from 15N), NCP (from O2/Ar ratio), and f-ratio results
from the literature in the SAZ from spring through to late summer.
Paper
This study
This study
Savoye et al. (2004)
Sambrotto and Mace (2000)
Joubert et al. (2014)
Cassar et al. (2011)
Elskens (2002)
Joubert et al. (2011)
Thomalla et al. (2011)

Region
South Atlantic SAZ
South Atlantic SAZ
Australian SAZ
Australian SAZ
South Atlantic SAZ
Australian SAZ
Australian SAZ
South Atlantic SAZ
South Indian SAZ

Season
Spring
Summer
Spring
Summer
Summer
Summer
Summer
Late summer
Late Summer

Method
Sverdrup
Sverdrup
15
N
15
N
O2/Ar
O2/Ar
15
N
15
N
15
N

NCP/new production (mg C m22 d21)
2357 to 198
2369 to 361
60 to 84
95 to 318
2145 to 686
0 to 1286
49 + 18
365
62 to 81

f-ratio
0.1 + 0.9
0.4 + 0.5
0.5 + 0.3
0.1 + 0.1

0.3 + 0.1
0.5
0.1 + 0.03
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of community respiration within the mixed layer, which include phytoplankton and zooplankton respiration (Sverdrup, 1953), plankton
maintenance, dark respiration, mico- and macrozooplankton
grazing, parasitism, excretion, and sedimentation losses (Platt et al.,
1991; Zhai et al., 2008).
On crossing through the edge of the cold-core cyclone on the
second week of October, the mixed layer shoals (50 + 25 m),
causing a peak in mean light in the MLD (Figure 2d) that drives
an increase in specific growth rates (Figure 7), which is not evidenced in NCP (Figure 6c) due to high respiration (possibly due
to zooplankton grazing) (Figure 6b). Although rates of NCP for
the rest of October are higher than in September, they remain predominantly negative (2300 to 0 mg C m22 d21). Ocean domains
where respiration in the photic layer exceeds PP are net heterotrophic and have the potential to be net source regions of CO2 to the atmosphere. Respiration within a community is distributed between
autotrophic plankton respiration, as that part of PP not available
to the rest of the community, while the distribution of heterotrophic
respiration is dominated by bacterioplankton and provides insight
into ecosystem function (Robinson and Williams, 2005). Net heterotrophy in early spring requires an organic carbon subsidy to
fuel the associated respiration (Williams et al., 2013), possibly
through excess production during summer and accumulation of
dissolved organic carbon via microbial recycling.
On the cross over into November, there is a prolonged period of
reduced windstress (28 October–03 November) (Figure 4f),
which likely results in water masses of different lateral densities
to interleave and adjust the upper ocean buoyancy term (Swart
et al., 2014). This leads to coincidental increased stratification
(Figure 4b) and an intense shoaling of the mixed layer to 25 m,
which is maintained for 10 d (Figure 4c). These features result
in an increase in mean PAR in the mixed layer (Figure 4d) that
fuels PP (Figure 6a), which together with reduced respiration
(Figure 6b) allows for persistent rates of positive NCP to occur
(Figure 6c). Rates of NCP during November (mean ¼ 74 mg C
m22 d21) compare well with spring (30 October– 14 December)
new production estimates (converted to carbon using Redfield stoichiometry) in the SAZ south of Australia (60–84 mg C m22 d21)
measured by Savoye et al. (2004) (Table 4). Despite high respiration
rates for much of November (potentially related to deep MLDs and
increased grazing response to available biomass), NCP continues to
increase to the end of November (25 November) where positive
community production persists (Figure 6c). This date marks the
point of transition to net autotrophy, where rates of mixed layer
photosynthesis are greater than respiration and the potential to
export organic carbon from the upper mixed layer is increased.
This prolonged period of net autotrophy increases the capacity of
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is the result of seasonal warming (Swart et al., 2014), it is likely that
Sverdrup’s critical depth hypothesis (Sverdrup, 1953) plays a
primary role in driving the observed positive rates of NCP at the
end of November. Furthermore, it appears that the method of
bloom detection that is developed by the authors in this paper
(the cumulative sum of anomalies of positive growth rates,
Section 2.6.5), which identifies the 25 November as a bloom initiation, is sensitive to Sverdrup’s hypothesis of synoptic adjustments
to the mixed layer through seasonal-induced heating. A comparison
of the respiration and NCP time series produced from the mean of
the bloom initiation dates with that of the 25 November (Figure 6b
and c) shows higher variability in the 25 November initiated time
series when compared with the mean but a very similar range and
distribution pattern.
From mid-December to the end of the time series, there is a reduction in mean PAR in the mixed layer despite continued increase
in stratification and shallow mixed layers (mean ¼ 40 m), which is
likely the result of self-shading evidenced in high surface chlorophyll
concentrations (Figures 2c and 4a). In addition, grazing is known to
increases after a blooming period (Zhai et al., 2008, 2010), which together with the consumption of nutrients (Chiswell, 2011),
enhanced sinking rates, bacterial activity, and viral infection (Platt

et al., 1991; Llewellyn et al., 2008; Pommier et al., 2008) are the
likely cause of decreased NCP observed in January/February compared with mid-December. Nonetheless, highly variable but generally positive rates of NCP are evident throughout January and
February implying a sufficient Fe source to support net autotrophy
well into summer (Cassar et al., 2011). The studies of Swart et al.
(2014) and Joubert et al. (2014) propose a subseasonal Fe supply
from below the mixed layer driven by alternating states of
synoptic-scale MLD deepening (from 4- to 9-d storm events) that
leads to an entrainment of Fe, followed by restratification, allowing
rapid growth in an iron replete, high light environment. The consequence of which is highly variable rates of production and respiration at the same subseasonal time scales as the wind events that
drive the MLD deepening (increased respiration relative to production). Consequent NCP fluctuations between positive and negative
200 mg C m22 d21 are observed for much of January. Avery limited
separation in time is thus observed between net autotrophic and net
heterotrophic phases during January. This is clearly evident in the
MLD deepening events (50 –80 m), which exceed the critical
depth (Supplementary Figure S6) and coincide with peaks in respiration (300–400 mg C m22 d21). In February, despite a likely shoaling of the critical depth through reduced mean PAR and increased
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Figure 7. Time series of (a) speciﬁc growth rate (m) (d21) (NPP/MLD-integrated POC) and (b) biomass accumulation rate (r) (d21) calculated
according to Boss and Behrenfeld (2010) [Equations (22) and (23)]. The black solid line is r calculated from the glider daily (midday) time series with
bloom initiation dates as red stars overlaid, the light grey line is r calculated from the glider 6 h time series and the starred dotted line is r calculated
with a 5-d subsampled time series smoothed with a four-point box ﬁlter to facilitate direct comparison with results from Boss and Behrenfeld
(2010). This ﬁgure is available in black and white in print and in colour at ICES Journal of Marine Science online.

High-resolution view of the spring bloom initiation
grazing rates (Chiswell, 2011), a reduction in the extent of the MLD
deepening events (50 m) (driven by increased stratification;
Figure 4b) likely accounts for the less elaborate fluctuations
observed in respiration and NCP rates that remain positive
(MLD , critical depth) through February. The compact relationship between NCP and MLD highlights the important role that
stratification plays in regulating NCP and enhancing export production. This has important implications when interpreting climate
models that suggest an increase in stratification and alteration of
the MLD in the Southern Ocean through increased freshening and
an increase in atmosphere to ocean heat fluxes (Boyd, 2002).

Export ratio

Comparison of Sverdrup’s model and the
dilution-recoupling hypothesis
The definition of a bloom initiation presented by Sverdrup is similar
to those proposed by Taylor and Ferrari (2011), Chiswell (2011),
and Mahadevan et al. (2012), whereby positive heat fluxes, a shutdown in turbulence and eddy-induced stratification, respectively,
reduce the depth of the mixed layer or depth of mixing, such that
the exposure of phytoplankton to light is increased, favouring production, and subsequent biomass accumulation.
These definitions of a phytoplankton bloom are different
fromthe one described by Behrenfeld (2010), who defines the
bloom initiation according to the time when phytoplankton
population net growth rate (r) becomes positive (see also Boss
and Behrenfeld, 2010; Behrenfeld et al., 2013). According to
Behrenfeld (2010), the bloom initiation in the North Atlantic
occurs in mid-winter when light levels are minimal, near-surface
mixing is deepest, and phytoplankton-specific division rates (m)
are declining. Hence, the dilution-recoupling hypothesis proposed
by Behrenfeld (2010) de-emphasizes the role of light availability
demonstrated in the critical depth model proposed by Sverdrup
(1953), by instead suggesting a greater role in the balance between
phytoplankton growth and loss rates through grazing. According
to Behrenfeld (2010), positive accumulation rates are primarily
driven by a reduction in predator–prey interactions (i.e. a reduction
in population loss terms through physical dilution when mixed
layers deepen) that allow for biomass accumulation to begin in

early winter, before the onset of mixed layer shoaling (Behrenfeld,
2010; Boss and Behrenfeld, 2010; Behrenfeld et al., 2013; Behrenfeld
and Boss, 2014). The dilution-recoupling hypothesis allows for
winter phytoplankton population accumulation rates comparable
with those observed in spring, with changes in phytoplankton
biomass remaining largely independent of phytoplankton-specific
growth rates.
In the studies by Behrenfeld (2010) and Behrenfeld et al. (2013),
the biomass accumulation rates r calculated from satellite in the
North Atlantic appear one to several orders of magnitude smaller
(r , 0.05 d21) than specific growth rates m (,0.8 d21). Despite differences in the methods to calculate specific growth rates based on
satellite NPP estimates from Vertically Generalized Production
Model in Behrenfeld and Falkowski (1997) compared with glider
NPP estimates in this study based on Platt et al. (1980) and Platt
and Sathyendranath (1993), specific growth rates were within a
similar order of magnitude (m , 0.6 d21) (Figure 7a). Since
biomass accumulation rates result from the difference between specific growth and loss rates (r ¼m 2 l), the extremely low values of r
(,0.05 d21) observed by Behrenfeld (2010), meant that growth m
and loss rates l had to be nearly identical with each other so that a
bloom (positive r) became the consequence of very subtle imbalances between two larger opposing rates (m and l ).
In this study, net biomass accumulation rates (r) (as calculated by
Boss and Behrenfeld, 2010, Equations (22) and (23)) (Figure 7b)
and specific growth rates (m) (Equation (9)) (Figure 7a) were
plotted for the glider time series. Figure 7a and b shows rates of r
that range over an order of magnitude higher in this study
(20.5 – 1 d21) than when Boss and Behrenfeld (2010) calculated r
for the North Atlantic (20.02 –0.06 d21) and generally higher
than our specific growth rates (m) (as opposed to several orders of
magnitude smaller).
Although it is theoretically impossible for r to be larger than m
(since r ¼m 2 l ), a comparison of their co-located trends in distribution with respect to the bloom initiation dates (Figure 7a) shows
that all bloom initiation dates fell over the period where m was positive and generally increasing (from 0.03 to 0.3 d21). Although
three of the bloom initiation dates were associated with a positive
r (28 September, 15 October, and 07 November), the remaining
three fell over periods of negative r (Figure 7b) implying that community loss rates were greater than growth rates, conditions that
cannot theoretically support a bloom. These results are perhaps
not surprising when one considers that the most the bloom detection methods are designed to select a period of increasing biomass
that results from coincident increases in specific growth rates,
whereas the dilution-recoupling hypothesis selects a bloom as the
period when r becomes positive coincident with maximum mixed
layer depths in winter (before our glider sampling). What is
however surprising (over and above the difference in magnitude)
is the lack of evidence of a seasonal cycle in r in the 5.5-month
glider time series [which shows similar fluctuations about zero (+
or 2 0.5 d21) at high frequency (5 d) over the entire time
series], compared with the distinct seasonal signal observed in the
North Atlantic. In other words, for these dataset, there is no tendency for r to consistently change over the season in response to
the mixed layer as is shown in the North Atlantic where r tends to
decrease (from max to min) in spring and increase (from min
to zero) through summer becoming positive in winter when
mixed layers are deepest.
The primary cause of the differences in magnitude and seasonality of r in the two datasets is likely due to the sensitivity of the
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The combination of NCP and PP data yields information on how
tightly the system is recycling carbon. Previous studies have indicated that exportable production and the export efficiency (the
f-ratio, defined by Eppley and Peterson, 1979) as the relative importance of new vs. regenerated production), can be regulated by a wide
range of properties that includes temperature (Laws et al., 2000),
community structure (Ducklow et al., 2001), light (Hannon et al.,
2001), and availability of nutrients (Pollard et al., 2009). Since
NCP approximates carbon export production (Falkowski et al.,
2003; Huang et al., 2012), dividing PP by NCP along the glider transect gives an approximation of the export efficiency of the system
over the time series (Figure 6d). Given the oftentimes heterotrophic
conditions observed at the beginning of the time series, it is not surprising that f-ratios are lower in spring (mean ¼ 0.1 + 0.9) than in
summer (mean ¼ 0.4 + 0.5) (Table 4). f-ratio estimates compare
favourably with those measured in many other studies in the SAZ
(using 15N new production) which range from 0.1 to 0.5 form
spring through to late summer (Sambrotto and Mace, 2000;
Elskens, 2002; Savoye, 2004; Joubert et al., 2011; Thomalla et al.,
2011) (Table 4). These results imply that the SAZ is a relatively efficient system exporting 40% of its summer time production.

2015

2016

Further comparison of Sverdrup’s model and the dilutionrecoupling hypothesis would require a full seasonal cycle of highresolution profile deployments to include the maximum winter
mixed layer extents. This research campaign is currently planned
in the third SOSCEx III to commence in the SAZ in the austral
winter of 2015. Finally, the implementation of the approach
described by Zhai et al. (2010) to calculate net change in phytoplankton biomass in the mixed layer will also be an important
task to help us further our understanding of the difference
between mixed layer depth-integrated phytoplankton growth and
total phytoplankton loss by respiration, mortality, grazing,
sinking, and effects of advection and mixing.

Summary and conclusion
Surface ocean ecosystems and their associated carbon production and export are a basic part of the global carbon cycle.
Understanding these processes is a daunting challenge since
marine ecosystems are governed by complex interactions among
living organisms, nutrients, and physical properties. This complexity drives the need for a high-resolution approach to resolving biogeochemical processes. Autonomous gliders and floats are proving
to be an ideal platform for addressing this challenge. This study
derives new information from glider data that enhances our understanding of the Subantarctic ecosystem and the importance of
fine-scale dynamics in characterizing phytoplankton phenology.
In summary, this study shows how high-resolution glider data can
be used to identify phenological indicators of bloom initiation, to
model PP, to resolve Sverdrup’s critical depth model, and finally
to compute biomass accumulation and specific growth rates for
comparison with current literature.
The timing of phytoplankton bloom initiation was estimated
using five different methods of detection applied to glider-surface
and MLD-integrated chlorophyll. One of these methods is based
on the cumulative sum of anomalies of phytoplankton growth
rates which is to our knowledge a novel method of bloom detection.
This method identifies 25 November as the bloom initiation date
marking the most evident transition in the trend of positive daily
growth rates. This date coincides with the shoaling of the mixed
layer driven by seasonal-induced heating and is consistent with
Sverdrup’s critical depth hypothesis. The first four bloom initiation
dates on the other hand were estimated to occur before MLD shoaling from seasonal heating and are instead thought to relate to shoaling of the MLD via feature induced stratification (Mahadevan et al.,
2012; Swart et al., 2014) in addition to contributions from increased
light exposure through decreased turbulence (Chiswell, 2011;
Taylor and Ferrari, 2011; Chiswell et al., 2013) and a decrease in
the dominant mixing length scales (Brody and Lozier 2014).
All bloom initiations in this study were associated with an increase in biomass resulting from coincident increases in specific
growth rates driven primarily by increased light availability and in
agreement with Sverdrup conditions. The different estimates of
bloom initiation were used to run Sverdrup’s critical depth model
to determine mean (+SE) daily respiration and NCP rates along
the glider time series. Model results show that for the spatially and
temporally heterogeneous blooms in early spring (September to
mid-November), increased rates of NCP are strongly affected by
meso- to submesoscale eddies and fronts, which drive vertical stratification and enhance light availability 1 –2 months earlier than what
would be expected by positive net heat flux alone (Mahadevan et al.,
2012). In addition, enhanced light availability through reduced
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variability of chlorophyll to fine-scale dynamics. Satellite measurements of chlorophyll in Behrenfeld (2010) were averaged in time
over 8 d and in space over large-scale 12.58 latitude × 108 longitude
bins, “chosen to minimize the influence of advection between eightday periods while maintaining a sense of spatial variability in phytoplankton seasonal properties”. Similarly, in Boss and Behrenfeld
(2010), the 5-d temporal sampling of the float dataset was filtered
with a four-point box car filter, “chosen to minimize the effects of
the mesoscale variance band” (which had a 20-d decorrelation
scale). This temporal and spatial averaging removes the dominant
signal of the interaction of synoptic and seasonal scale forcing
with the meso- and submeso-spatial scales that drives the observed
variability in chlorophyll. The effect of this is a smoothing of the
chlorophyll time series removing the influence of small-scale
variability and short-term events. As such, the difference between
observational time-points when divided by Dt to get daily rates of
change in biomass, results in very low rates of biomass accumulation
(r , 0.03 and r , 0.06 d21 in Behrenfeld (2010) and Boss and
Behrenfeld (2010), respectively). A similar treatment of the glider
time series to Boss and Behrenfeld (2010) before calculating r
(i.e. 5-d subsampling to recreate the float time series smoothed
with a four-point box filter) renders biomass accumulation rates
in the same range of variability (r , 0.1 d21) as those measured
by Boss and Behrenfeld (2010) (Figure 7b).
An advantage of the unique, high-frequency sampling of the
glider is that it allows us to resolve fine spatial and temporal scales
of variability. When r is calculated from daily glider chlorophyll,
the results show rates of biomass accumulation that are ten times
higher (r , 1 d21) than the 5-d subsampled 20-d filtered time
series (r , 0.1 d21) (Figure 7b). Since the glider is not Lagrangian
but moves 12 –15 km in 24 h, it can be argued that the high
biomass accumulation rates (calculated here from daily midday
chlorophyll) were influenced by spatial aliasing and not the result
of phytoplankton growth, i.e. in 24 h the glider could have moved
into a new water mass with a different chlorophyll concentration
driving a large change in biomass with time. A comparison of r
(Figure 6b) with mean salinity in the top 100 m (as a proxy for mesoscale features) (Supplementary Figure S7) clearly shows that the
time scales of variability in r (5 d) cannot be driven by the time
scales of mesoscale variability observed in salinity (several weeks).
Where smaller submesoscale spatial variability playing a large role
in modulating the amplitude of variability of daily r, one would
expect a greater range of variability in calculations of r using daily
sampling relative to 6 h sampling (since the glider only moves
3 km in 6 h which is within submesoscale spatial variability). To
test this, r (calculated from daily midday chlorophyll) was compared
with r [calculated from a 6-h resolved time series (with midday zeu
interpolated)] (Figure 7b). These results show that (apart from relatively few instances) the range of variability of the daily sampled time
series of r is the same as or greater than the 6 h time series of r
(Figure 7b). Hence, submesoscale spatial aliasing is not playing a
primary role in driving the observed rates of change in phytoplankton biomass. Rather, changes in biomass can be interpreted as the
result of intrinsic variability in growth and loss rates of the phytoplankton community in response to environmental forcing (see
also Supplementary Figure S4a– c and additional discussion
Results and Discussion). These results highlight the importance of
fine scales in driving system-scale variability and the need to
sample at the relevant scales if we wish to accurately resolve daily
rates of change and characterize the seasonal cycle.
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High-resolution view of the spring bloom initiation

Supplementary data
Supplementary material is available at the ICESJMS online version
of the manuscript.
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chlorophyll data and Stéphane Saux Picart for technical support.
This work was partially funded by the European Commission
7th framework programme through the GreenSeas Collaborative
Project (265294 FP7-ENV-2010). This work was supported by
CSIR’s Parliamentary Grant funding (SNA2011112600001) and NRFSANAP grants (SNA2011120800004 and SNA14071475720). We
thank both the South African Maritime Safety Authority (SAMSA)
the South African National Antarctic Programme (SANAP), the
captain and officers of the MV SA Agulhas, and the RV SA Agulhas
II for the successful completion of the research voyages pertaining to
SOSCEx. We acknowledge the dedication and professionalism
shown by oceanographic engineers, Derek Needham and André
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mixing attributed either to a switch from negative to positive
ocean-atmosphere heat fluxes (Taylor and Ferrari et al., 2011) or
lowered windstress (Chiswell, 2011; Chiswell et al., 2013) likely contributes to increased rates of NCP observed in spring. Seasonal
shoaling of the MLD at the end of November drives a more spatially
homogenous bloom observed late in spring/early summer
(late-November to mid-December) where maximum rates of NCP
and chlorophyll are observed, following which a slight decrease in
NCP is likely driven by increased grazing, nutrient consumption,
and reduced PAR from self-shading. Highly variable NCP in
summer is driven by subseasonal storms that alter the depth of the
mixed layer thus regulating iron and light requirements at appropriate time scales for sustained net autotrophy well into summer
(mid-February and beyond) in accordance with recent research
(Joubert et al., 2014; Swart et al., 2014; Carranza and Gille., 2015).
A comparison of the biomass accumulation rates (r) derived
from the high-resolution glider time series with those calculated
from a smoothed float dataset by Boss and Behrenfeld (2010) highlights the sensitivity of phytoplankton growth to fine-scale dynamics. These results emphasize the need to sample the ocean at time and
space scales relevant to ecosystem dynamics and phytoplankton
growth if we wish to accurately resolve phytoplankton phenology
and improve our ability to estimate the sensitivity of the biological
carbon pump to climate change.
The observations presented in this research provides valuable
insight into the sensitivity of the seasonal cycle of NCP and associated organic export potential in the SAZ due to surface boundary
layer physics. Therefore, long-term changes in the characteristics of
mixing (synoptic-scale storms) and buoyancy forcing will strongly
impact the effectiveness of the Southern Ocean biological carbon
pump. This study highlights the need for future research and
climate models to resolve both meso- to submesoscale and subseasonal processes to accurately reflect the phenology of the phytoplankton community and understand the sensitivity of ocean
productivity to climate change.
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We review bio-optical and physical data from three mooring experiments, the Marine Light – Mixed Layers programme in spring 1989 and 1991 in
the Iceland Basin (598N/218W), and the Forced Upper Ocean Dynamics Experiment in the central Arabian Sea from October 1994 to 1995 (15.58N/
61.58E). In the Iceland Basin, from mid-April to mid-June in 1989, chlorophyll-a concentrations are sensitive to small changes in stratiﬁcation, with
intermittent increases early in the record. The spring increase occurs after 20 May, coincident with persistent water column stratiﬁcation. In 1991,
the bloom occurs 2 weeks earlier than in 1989, with a background of strong short-term and diurnal variability in mixed layer depth and minimal
horizontal advection. In the Arabian Sea, the mixing response to the northeast and southwest monsoons, plus the response to mesoscale eddies,
produces four blooms over the annual cycle. The mixed layer depth in the Arabian Sea never exceeds the euphotic zone, allowing interactions
between phytoplankton and grazer populations to become important. For all three mooring experiments, change in water column stratiﬁcation
is key in producing phytoplankton blooms.
Keywords: Arabian Sea, critical depth, North Atlantic, spring bloom, Sverdrup, zooplankton grazing.

Introduction
There has been a resurgence of interest in Sverdrup’s (1953) critical
depth hypothesis in recent years (e.g. Behrenfeld, 2010; Chiswell,
2011; Taylor and Ferrari, 2011), as exemplified by a special session
at a recent Ocean Sciences Meeting (February 2014) and by this
issue of the Journal of Marine Science. The most recent contributions
indicate an ongoing interest in what has been called “one of the
largest transient events on the planet” (Gillis, 1991): the North
Atlantic spring bloom is the rapid increase in phytoplankton
biomass that occurs in spring months because of the interacting conditions of high nutrients and the seasonal increasing solar irradiance.
There are few datasets that can be used to understand the
initiation of the North Atlantic spring bloom. In situ data on hydrographic structure and biological response are sparse or non-existent
# International

for winter or early spring, before seasonal restratification of the
water column. Here, we reanalyse observational data from two
moorings deployed in 1989 and in 1991 in the Iceland Basin
(598N/218W) (Figure 1a) that help illuminate the causes of the initiation of the North Atlantic spring bloom. We also use data from the
Forced Upper Ocean Dynamics Experiment in the Arabian Sea in
1994–1995 (15.58N and 61.58E; Figure 1b). The Arabian Sea is a
monsoon-dominated regime, with two energetic surface forcing
seasons, and unlike the North Atlantic, has near-constant surface irradiance over the year and a more modest seasonal temperature
range (20–308C). In these respects, the Arabian Sea serves as a
useful contrast to the North Atlantic. The moorings recorded
both physical (e.g. irradiance and temperature) and biological
(e.g. chlorophyll-a) properties at high temporal resolution

Council for the Exploration of the Sea 2015. All rights reserved.
For Permissions, please email: journals.permissions@oup.com

Downloaded from http://icesjms.oxfordjournals.org/ at Fiskeridirektoratet. Biblioteket. on July 28, 2015

Phytoplankton bloom phenomena in the North Atlantic Ocean
and Arabian Sea

2022

J. F. Marra et al.
Table 1. Array of relevant instrumentation on the three moorings,
MLML89, MLML91 (Iceland Basin), and the Forced Upper Ocean
Dynamics Experiment in the Arabian Sea. ‘Meas’ refers to
measurement type.
Relevant measurements in upper 250 m
MLML89
Depth
2
10
30
50
90
110
150
200
250

Meas
Temp
MVMS
MVMS
MVMS
MVMS
Temp
Temp
Temp
Temp
Temp
Temp
Temp
Temp
Temp

Arabian Sea
Depth
2
10
30
50
70
80
102
118
150
166
182
198
214
230

Meas
Temp
Temp
MVMS
Temp
Temp
Temp
Temp
MVMS
Temp
Temp
Temp
Temp
Temp
MVMS
Temp
MVMS
Temp
Temp
Temp
Temp
Temp
Temp
Temp
Temp

Depth
1.5
5
10
15
20
25
30
35
40
45
50
55
60
65
72.5
80
90
100
125
150
175
200
225
250

MVMS, Multivariate Moored Sensor; temp, temperature sensor package.

Figure 1. (a) Site of the Marine Light—Mixed Layers (“ML – ML”)
mooring experiments in 1989 and 1991. (b) Map showing the site
of the Forced Upper Ocean Dynamics Experiment in 1994– 1995.
The mooring data come from the marker designated as “WHOI” at
15.58N/61.58E [see Rudnick et al. (1997)].
(minutes and hours), allowing the covariability between physical
and biological properties to be examined as the structure of the
water column evolved from late winter to spring.

Data sources
Marine Light– Mixed Layers, 1989, Iceland Basin
The first Marine Light–Mixed Layers (ML–ML) mooring experiment
took place in spring, 1989 (hereafter, “MLML89”; much of the data are
publicly available, with assistance from the authors, at http://www.
ldeo.columbia.edu/research/biology-paleo-environment/bioinfo).
The mooring was deployed from 15 April (year day, or yd, 105) to 10
June (yd 161). Details of the mooring design, instrumentation, sensor

calibration, and methods can be found in Stramska and Dickey (1992)
and Dickey et al. (1994). Multivariate Moored Sensors (MVMSs;
Dickey et al., 1994) were put at 10, 30, 50, 90, 150, and 250 m. (See
Table 1 for the array of sensors relevant to the data discussed.
Sensors at 70 and 110 m failed, and are not included in the analysis.)
Bio-optical observations at these depths included chlorophyll-a fluorescence, beam attenuation coefficient, and photosynthetic active radiation (PAR). Temperature and current velocities were measured at
these same depths; salinity was measured only at 10 and 250 m.
Meteorological data were collected at a surface buoy. We do not
have data for all these variables for the full deployment period; but
overall, the data retrievals were good.

Marine Light2Mixed Layers, 1991, Iceland Basin
The mooring for MLML91 collected data from 30 April (yd 120)
until 6 September (yd 249), although we consider only data
through yd 155. For MLML91, MVMSs were deployed at 10, 30,
50, 70, and 90 m. Temperature sensors were placed approximately
every 20 m, starting at the surface, to 250 m (Table 1). Key references
for background, methods, instrumentation, and mooring design are
Plueddemann et al. (1993, 1995), Stramska et al. (1995), and Weller
et al. (1990).

Forced Upper Ocean Dynamics Experiment, 1994–1995,
Arabian Sea
The mooring for the Arabian Sea was similar in design to that
deployed in MLML91, with MVMS units deployed at 10, 35, 65,
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and 80 m, and temperature sensors placed at depth intervals of
5 –10 m throughout the upper 250 m (Table 1). The mooring discussed here (Figure 1b) was at the central point of an array of five
moorings, also part of the Forced Upper Ocean Dynamics
Experiment. There were two deployments of 6 months each, the
first from 16 October 1994 to 21 April 1995, and the second from
23 April to 25 October 1995. Key references for this programme
are Rudnick et al. (1997), Dickey et al. (1998), Kinkade et al.
(2001), and Weller et al. (2002).

mixing event (0–150 m) around May 18 (yd138). By yd145, the
water column becomes stratified and remains so for the remainder
of the record. Winds and windstress were highly variable throughout the time-series; the mixing event during May 18 –May 20 (yd
138–140) was associated with the windstress event [see Dickey
et al. (1994)].
The chlorophyll-a record (Figure 2b) essentially follows the temperature in character. There are early periods of vertical stratification
where chlorophyll-a increases at all depths except the deepest (150
and 250 m), followed by a brief periods where chlorophyll values
are nearly uniform. After this, the spring increase is almost completely
confined to the shallowest three depths, 10, 30, and 50 m, with the
values at 10 m exceeding for a short time, 3 mg chlorophyll-a l21.
The increases in near-surface chlorophyll-a near the end of the
record (late May, early June, where June 1 is yd 152) come at the
expense of chlorophyll-a deeper in the water column, an example
of self-shading of the population [see Marra (2004)].
Contour plots are always an interpretation. The two episodic
stratification events are best viewed with time-series plots of data
from each of the depths to span the period covering both events

Results
MLML89
The time evolution of the temperature and chlorophyll-a distributions from the various sampled depths are shown in Figure 2.
Temperature (Figure 2a) is marked by periods of intermittent stratification and isothermal layers, culminating in spring restratification
beginning about yd140 (May 20), and remains so for the remainder
of the record.
There are periods of stratification early in the series (April to
early May), followed by a few days where the sensors recorded
nearly uniform temperatures, suggesting vertical mixing. The
water column then begins to restratify, punctuated by a shallow

Figure 2. Contour plots of (a) temperature (8C) and (b) chlorophyll-a
(mg l21) for the MLML89 mooring experiment. There are no data from
110 m for chlorophyll-a. Time is presented as calendar dates (mm/dd)
in (a) and as yd in (b).

Figure 3. Time-series from individual depths for mid-April to mid-May
in Figure 2 with (a) temperature (8C) and (b) chlorophyll-a (mg l21).
The data have been smoothed, for clarity. The unsmoothed data are
shown in Marra (2004).
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Figure 4. Daily PAR in the water column. E(0)2 is calculated as the
intercept from the linear regression of ln PAR (z).

MLML91
The experiment in 1991 shows similar temperature variability, but
very different biological behaviour than in 1989 (Figure 5). We
had the benefit of extensive sampling from shipboard that we did
not have in MLML89, and that allowed phytoplankton and zooplankton species to be identified.
Compared with 1989, the major chlorophyll-a increase over
the water column occurred much earlier in 1991, and during the incipient stratification from yd125 to yd140 (May 5 –20). The first
stage of the bloom was interrupted by a storm (yd128 –130,
May 8 –10), as recorded at the mooring’s surface meteorological
sensors (Plueddemann et al., 1995). Shipboard observations
during two ML– ML cruises, covering the period May 7 –24
[see Marra et al. (1995)], identified the bloom occurring then
as Phaeocystis pouchetii, an unusual occurrence south of Iceland.
After a major storm on May 22 (yd142), with .70 knot
(35 m s21) winds, the Phaeocystis bloom was no longer observed.

Figure 5. Contour plots of (a) temperature (8C) and (b) chlorophyll-a
(mg l21) for the MLML91 spring data. There is more detail in the
temperature plot because of the higher sampling resolution with
depth. Depths for temperature sensors begin at the surface, then with
20 m spacing until 310 m. Depths for chlorophyll-a sensors are 10, 30,
50, 70, and 90 m. Time is presented as calendar dates (mm/dd) in (a)
and as yd in (b).

Downloaded from http://icesjms.oxfordjournals.org/ at Fiskeridirektoratet. Biblioteket. on July 28, 2015

(Figure 3). In both instances, the water column becomes progressively warmer at all depths, and subsequently becomes more
uniform in temperature, producing near-isothermal conditions as
a function of depth. For the first event, the water column becomes
increasingly stratified until yd113 (April 23), after which vertical
mixing occurs to 50 m, followed by a near-isothermal water
column over the full range of observed depths (10–250 m) by
April 28. Chlorophyll-a concentrations (Figure 3b) increase coincident with stratification of the upper ocean at April 17 down to 90 m,
then declines as the upper 50 m become isothermal, with roughly
constant levels (within +0.1 mg chlorophyll-a l21) by April 28,
from 10 to 150 m. Following this episode, chlorophyll-a at the shallowest three depths (10, 30, and 50 m) increases until the next time
the water column mixes in mid-May.
It is likely that the increases in chlorophyll-a in the near-surface
records (10, 30, and 50 m) are from phytoplankton growth.
Certainly, estimates of the increase in chlorophyll-a, of about a
doubling per day, are reasonable. Deeper than this the evidence is
less clear. As the water column becomes isothermal, chlorophyll-a
concentration at all depths declines except the two deepest depths
(150 and 250 m), perhaps because concentrations at these depths increase as a result of mixing from above. Integrated over 10 –250 m,
however, chlorophyll-a declines by 30% from April 24 to 29 (data
not shown). The increases shown for the 150 and 250 m depths
are not enough to compensate for the losses shallower in the water
column. The integrals may be inaccurate because of the limited
depth resolution, because chlorophyll had been mixed deeper
than our deepest sensor (250 m), or else because local currents
(which were otherwise relatively weak during this period: Dickey
et al., 1994) play a role in the variability. [Unfortunately, satellite altimetry data are unavailable for the period of our experiment, and
satellite sea surface temperatures are not sufficiently resolved to
identify mesoscale features. See Dickey et al. (1994).] The water
column becomes isothermal over all depths by April 28 (yd118),
and chlorophyll-a does as well. Nevertheless, temperature differences of less than a few tenths of a degree between adjacent instruments allow an increase chlorophyll-a concentrations by a factor
of two during the first half of the record.
Daily PAR in the water column is shown in Figure 4. It is fairly
constant at 20 –30 mol photons m22 d21 until the wind event
(May 18 –May 20), and declines thereafter as the bloom develops.
Daily-averaged net heat flux is also relatively constant over the
course of the experiment [see Dickey et al. (1994)].

J. F. Marra et al.
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The water column quickly stratified under clear skies (total daily irradiance of 60 mol photons m22 d21: Marra et al., 1995), and
diatoms and copepods appeared in the surface layers (Cowles and
Fessenden, 1995). Chlorophyll-a levels had declined by nearly an
order of magnitude after the storm, and recovered only partially
thereafter. At this time, nitrate concentrations in the upper water
column ranged from 6 to 8 mM (Marra et al., 1995); therefore, nutrients were likely not a factor in the development of the bloom.

surface. In neither case, however, does the mixing extend to great
depth, never reaching .100 m, and perhaps never exceeding the
euphotic zone (Barber et al., 2001). The biological response to the
southwest monsoon was greater than for the northeast monsoon,
but for reasons that are not clear (Barber et al., 2001).
Perhaps enhanced activity at the mesoscale, associated with the
southwest monsoon, provides a source of nutrients (Keen et al.,
1997) to support the greater productivity during the southwest
monsoon. Fischer et al. (2002), using data from the array of five
moorings and data from Sea Soar tows, show that cool and
nutrient-rich waters are brought from the coastal upwelling
regime out to the central mooring. In autumn of 1994, there is evidence of two mesoscale eddies at the mooring location (Figure 6a),
one when the mooring was first deployed, and the second about a
month later. In these cases, the increase in chlorophyll-a is associated with relatively shallow mixed layers, and the strong temperature contrast with depth suggests an enhanced nutrient supply that
supports surface productivity. Over the year, there are four episodes
of phytoplankton increases observed in the Arabian Sea, two occurring as a result of each of the monsoon periods, and two associated
with the passage of mesoscale eddies in autumn of 1994.

Forced Upper Ocean Dynamics Experiment,
Arabian Sea, 1994– 1995
The Arabian Sea mooring experiment extended an entire year, from
October 1994 to 1995. The seasonal cycle is dominated by monsoons, with within-season effects from mesoscale eddies. The
moored observations captured both the northeast (December
1994–February 1995) and southwest (June–August 1995) monsoons. The seasonal cycle in the vertical structure of temperature
and areal chlorophyll-a (Figure 6) is reported in Kinkade et al.
(2001), compiled from both mooring and shipboard data. This is
the most complete description of the physical setting and biological
response determined for the Arabian Sea. In the one-dimensional
sense, convective cooling occurs during the northeast monsoon,
as the winds from Asia blow over the northern Arabian Sea
(Fischer et al., 2002). The result is vertical, convective, mixing resulting in deepening the mixed layer. In contrast, the mixing during the
southwest monsoon is mechanical, and caused by windstress at the

Figure 6. (a) Contour plot of temperature overlain with areal
chlorophyll-a (Ctot, mg m22) from the mooring (open circles) and
from shipboard hydrographic casts (ﬁlled circles), and (b) mixed layer
depth. Mixed layer depths were estimated as a temperature difference
of 0.18C from the surface temperature.

Discussion
Sverdrup’s (1953) critical depth hypothesis is a mathematical derivation of ideas presented earlier by Gran and Braarud (1935) and
Riley (1942). These earlier authors recognized that since autotrophic respiration (R) was, perhaps, 20% of gross production (G), the
phytoplankton cells could be mixed to five times the depth of the
compensation irradiance (i.e. where G ¼ R) without incurring a
population decline [see Mills (1989)]. Conceptually, this is sound.
The balance between net production by phytoplankton and the vertical mixing that they are subject to, should determine the fate of
phytoplankton populations in a variety of environments. This is
especially so in the late-winter North Atlantic where Sverdrup
(1953) tested his ideas. The North Atlantic, unlike many other
ocean regimes, convectively mixes during winter, producing
mixed layers .600 m deep (Robinson et al., 1979; Monterey and
Levitus, 1997), and in effect, resetting the seasonal production cycle.
The critical depth hypothesis has achieved wide acceptance, becoming a core tenet of biological oceanography, but it has had few, if
any, actual tests. Later, there were critiques. Smetacek and Passow
(1990) note that actual critical depths may exceed winter mixing
depths, anyway, and further that phytoplankton communities are
capable of overwintering [see, e.g., Backhaus et al. (2003)]. They
also remind that stratification occurs from the surface, and that
there are difficulties in accounting for other losses (e.g. zooplankton
grazing). They conclude that the critical depth hypothesis serves a
little practical value. Behrenfeld (2010) takes a similar position,
noting that there is significant biomass during winter in the boreal
North Atlantic, and highlighting the balance between growth and
grazing. This balance would be disrupted by seasonal restratification
in favour of a spring bloom. Behrenfeld’s (2010) evidence, however,
comes from satellite ocean colour estimates of chlorophyll-a, which
can be subject to error during winter at high latitudes, and carry no
information on vertical structure.
While we do not have winter data, our records for the North
Atlantic are from before the seasonal restratification of the water
column, and indicate the initiation of the spring bloom. We
cannot provide a direct test of the critical depth hypothesis;
however, we can point to factors that are important for bloom initiation. For the Arabian Sea, we show how mixed layer dynamics
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affect chlorophyll-a for a situation where the mixed layer never
exceeds the critical depth.

North Atlantic

Zcr =

E(0)
.
(k · Ec)

Here, Zcr is the critical depth, E(0) is the solar irradiance penetrating
the surface, k is the vertical diffuse attenuation coefficient for
PAR, and Ec the compensation irradiance. The 1989 observations
show that E(0) is 20 –30 mol photons m22 d21 (Figure 4), with
a vertical diffuse attenuation coefficient of 0.06 m21. Marra
(2004) has estimated that Ec for the data from 1989 is 0.1–
0.3 mol photons m22 d21 based on the time and depth changes in
chlorophyll-a at the height of the bloom. If we assume a surface irradiance of 10 mol photons m22 d21 to represent times earlier in
the year than our observations, then the critical depth will have a
calculated range from 600 to 1600 m. This depth range is large,
but comparable to, or greater than, prior estimates of the late-winter
mixed layer depths (Monterey and Levitus, 1997; see also Smetacek
and Passow, 1990). The depth range also suggests that the critical
depth will be greater than the mixed layer depth for the observations
in MLML89 and MLML91. As the season progresses, and E(0)
increases, the critical depth will increase accordingly. We do
not have data for the late-winter population of phytoplankton;
however, it is unlikely that the balance between photosynthesis

Arabian Sea
In the Arabian Sea, unlike in the North Atlantic, there is not a dominant annual cycle. Incoming shortwave radiation, expressed as
PAR, averages 30 + 5 mol photons m22 d21 over the year, with
summertime values dropping significantly below that because of
cloudiness (Marra et al., 1998; Weller et al., 1998). Sea surface temperature lacks a summer peak, instead showing cooling during both
summer and winter (Weller et al., 1998) from the effects of the two
monsoons. The Arabian Sea, like most other ocean areas, also has
mesoscale variability and advective transports that are at times significant contributors to local water column properties. Like many
tropical areas (e.g. Lukas and Lindstrom, 1991), vertical mixing in
the Arabian Sea does not extend deeper than 100 m (Dickey et al.,
1998; Weller et al., 2002). Because of these attributes, we can
expect that biological interactions, most prominently zooplankton
grazing on phytoplankton, will be relevant to the dynamics in the
Arabian Sea.
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For both the 1989 and 1991 programmes, the moorings provide a
good realization of the temporal dynamics of bloom development
for the Iceland Basin in the North Atlantic. Dickey et al. (1994)
note that current velocities during the restratification period were
weak and barotropic. For the 1991 experiment, Plueddemann
et al. (1995) show that the spring evolution of the temperature structure in the upper water column could successfully be simulated by a
one-dimensional mixed layer model. Thus, for 1989 and 1991, we
conclude that we observed the temporal evolution of the spring
bloom.
It is clear from the time-series observations of temperature and
chlorophyll-a that stratification of the water column instigated the
bloom. In 1989, there are two early, incipient episodes of stratification that elicit a chlorophyll-a response, followed by vertical mixing
(isothermal periods). When the water column becomes persistently
stratified, chlorophyll-a increases in the top 150 m. In both 1989 and
1991, there are periods of weak stratification interspersed with water
column mixing, the result of wind events (1989) or major storms
(1991), with the stratified periods associated with strong increases
in chlorophyll-a. The timing of the blooms in 1989 and 1991 are
within two weeks of each other. The seasonal restratification
(Figures 2 and 5) begins at yd135–140 (May 15 –20) in 1989, and
yd140–143 (May 20 –23) in 1991. Stramska and Dickey (1993)
have pointed out that chlorophyll-a is very sensitive to water
column stratification. A vertical difference of a few tenths of a
degree celsius within the top layers is enough to stabilize the
surface layers and thereby allow increases in chlorophyll-a.
Similarly, mixing those top layers disperses the chlorophyll-a.
We can try to interpret our data using the critical depth idea, to
make an inference as to what happens earlier in the season (before
our observations), and whether it is a useful guide for the initiation
of the bloom. We use a simplification of Sverdrup’s (1953) equation,
presented in Lalli and Parsons (1993), whereby

and respiration, as suggested by Sverdrup (1953), is a primary
factor to the initiation of the bloom.
Thus, we conclude that seasonal restratification of the water
column drives the change in chlorophyll-a concentration in
surface waters from midwinter lows to spring highs. The change
in stratification may be episodic, and the spring bloom may therefore proceed episodically, and be spatially heterogeneous. We recognize that there are other processes at work that we cannot account for
with our dataset. For example, perhaps there is advection of more
stratified water past the mooring. However, 1D models (Stramska
and Dickey, 1994; Plueddemann et al., 1995; Stramska et al., 1995)
support the notion that air– sea interaction processes could
explain the change in water stratification that we observe.
Recently, Mahadevan et al. (2012) suggest that mixed layer “slumping” produces stratification that can affect the timing of spring
bloom. Our data do not contradict that assessment. Our data
support the view that it is a decrease in mixing intensity followed
by the development of water column stratification that is the
driver for the changes in chlorophyll-a concentration observed.
Another control on biomass (although not on physiology) is
grazing. Sverdrup (1953) considered this as a significant loss term
in his analysis of spring bloom, and it has been considered so in subsequent treatments (e.g. Platt et al., 1991; Behrenfeld, 2010).
Behrenfeld (2010) regards grazing as a strong control of overwintering phytoplankton populations in the North Atlantic. Although we
do not have the appropriate measurements to assess the impact of
grazing for the 1989 dataset, there are shipboard observations for
the MLML91 experiment, for the period of May 17 –24 (yd137 –
144). During the Phaeocystis bloom, there are few mesozooplankton, but they become abundant after the seasonal stratification,
after May 23 (Cowles and Fessenden, 1995). Despite that abundance, these authors calculate that the grazing impact by copepods
after 23 May is 5% of primary production. The impact of grazing
by microzooplankton is higher, but as well, only after the onset of
persistent stratification (Gifford et al., 1995). To be sure, there are
no data earlier in the season than this, but the sequence suggests
that grazing only becomes important after the bloom is established,
and plays little role in the initial stages. Finally, incubation estimates
of primary production (14C assimilation and DO2) are roughly
comparable to changes in in situ biomass, calculated from diurnal
changes in beam attenuation (Marra et al., 1995). This is further
evidence that grazing is not a large loss process during the spring
bloom in the North Atlantic.
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One way to ascertain the importance of grazing is to compare
photosynthetic carbon assimilation in incubations (Barber et al.,
2001) with the variability of chlorophyll-a from the moored fluorometers (Figure 6a). The largest change in in situ chlorophyll-a
occurs with the southwest monsoon. The data are scattered
towards the end of the monsoon period, but the realized increase in chlorophyll-a from July to September (90 d) is 0.3 –
0.5 mg m22 d21. Assuming a (high) carbon : chlorophyll-a ratio
of 100, this daily increase amounts to 30 –50 mg C m22 d21,
about a factor of 20 smaller than the daily photosynthetic carbon assimilation measured during the southwest monsoon (Barber et al.,
2001). Still, zooplankton grazing does not completely regulate
phytoplankton biomass in the Arabian Sea; biomass variations are
observed. The argument made by Marra and Barber (2005) and
also by Marra and Moore (2009) is that the monsoons affect more
strongly micrograzer populations than the phytoplankton, since
the phytoplankton are not mixed to depths greater than their capacity for positive production. Thus, in the Arabian Sea, we have a
situation where vertical mixing may apply more to heterotrophs
than autotrophs.
In conclusion, our observations from moorings in the Iceland
Basin (1989 and 1991) support the idea that water column stratification is the trigger for the spring phytoplankton bloom in the
North Atlantic. Before the observed spring increase, calculations
of the critical depth suggest that the phytoplanktons are capable
of maintaining themselves through winter, with perhaps small episodic increases of biomass with transient stratification events. The
Arabian Sea serves as a useful contrast to the North Atlantic, in
that vertical mixing does not extend beneath the euphotic zone
(and certainly not to a critical depth). Thus, for the Arabian Sea, vertical mixing affects grazer populations to a greater extent than the
phytoplankton.
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The annual phytoplankton bloom is a key event in pelagic ecosystems. Variability in the timing, or phenology, of these blooms affects ecosystem
dynamics with implications for carbon export efﬁciency and food availability for higher trophic levels. Furthermore, interannual variability in phytoplankton bloom timing may be used to monitor changes in the pelagic ecosystem that are either naturally or anthropogenically forced. The onset of
the spring bloom has traditionally been thought to be controlled by the restratiﬁcation of the water column and shoaling of the mixed layer, as
encapsulated in Sverdrup’s critical depth hypothesis. However, this has been challenged by recent studies which have put forward different
mechanisms. For example, the critical turbulence hypothesis attributes bloom initiation to a reduction in turbulent mixing associated with the
onset of positive net heat ﬂuxes (NHFs). To date, the majority of studies on bloom initiation mechanisms have concentrated on North Atlantic
datasets leaving their validity in other subpolar regions unknown. Here, we use chlorophyll output from a model that assimilates satellite
ocean colour data to calculate bloom initiation timing and examine the basin-wide drivers of spatial and interannual variability. We ﬁnd that
the date that the NHF turns positive is a stronger predictor for the date of bloom initiation, both spatially and interannually, across the North
Atlantic than changes in the mixed layer depth. However, results obtained from the North Paciﬁc and Southern Ocean show no such basinwide coherency. The lack of consistency in the response of the subpolar basins indicates that other drivers are likely responsible for variability
in bloom initiation. This disparity between basins suggests that the North Atlantic bloom initiation processes are unique and therefore that
this region may not be a suitable model for a global, theoretical understanding of the mechanisms leading to the onset of the spring bloom.
Keywords: bloom initiation, critical depth, critical turbulence, phytoplankton phenology.

Introduction
Phenology is the study of the timing of periodic biological events,
such as the annual phytoplankton bloom, and has led to a number
of ecological and biogeochemical insights. For example, the timing
of greatest food availability is important for grazers in addition to
food abundance as summarized in the match–mismatch hypothesis
(Cushing, 1990). This hypothesis states that interannual variability in
the timing of the bloom results in years where the bloom coincides
with larval hatching (a match) and years when their timing is not synchronous (mismatch). This affects larval survival and recruitment
rates of several commercially important species (Cushing, 1990;
# International

Platt et al., 2003; Fuentes-Yaco et al., 2007; Koeller et al., 2009;
Kristiansen et al., 2011). Furthermore, phytoplankton seasonality
has impacts on the magnitude and efficiency of carbon export. The
bloom duration has been linked to carbon export efficiency with
short, but highly productive, blooms producing less refractory material (Lutz et al., 2007), though exporting larger quantities of organic
carbon (Eppley and Peterson, 1979; Francois et al., 2002).
The expected subpolar ocean response to climate change is stronger stratification of the water column, occurring earlier in the year
and breaking down later (Sarmiento et al., 2004). Based on this prediction, primary production in subpolar regions is expected to
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when the mixed layer is at its maximum depth, when phytoplankton
and grazers are sufficiently diluted so encounter rates are minimal and
growth can overcome grazing losses (Behrenfeld, 2010; Boss and
Behrenfeld, 2010). On smaller spatial scales, eddies have been
observed to play a role in starting the spring bloom by restratifying
the water column in spring, earlier and more quickly than by solar
heating alone (Mahadevan et al., 2012).
Significantly, all these hypotheses were developed using observations from the North Atlantic. However, each of the subpolar basins
present their own character and are hydrodynamically different
from each other; the North Atlantic has very deep winter mixed
layers, the North Pacific has a permanent halocline and is iron
limited, as is the Southern Ocean. Thus, although the theories discussed above are mechanisms that may be present across all the
basins, there may not be a single globally consistent mechanism
for bloom initiation. This begs the question of whether the dominant mechanism for bloom initiation is the same everywhere, or if our
view of spring bloom initiation is skewed by the dominance of
studies focused on the North Atlantic.
This study aims to use satellite-derived chlorophyll data and
output from a data-assimilating model to quantify variability in
the date of bloom initiation in the subpolar North Atlantic, North
Pacific, and Southern Oceans. The bloom initiation dates will be
used to identify dominant, basin-wide drivers of variability in the
onset of the bloom and to assess if bloom timing responds to interannual variability in forcing in a similar manner. In this way, we will
address the question, “How typical is the North Atlantic?”

Data and methods
Datasets
Bloom initiation timing was calculated from a satellite-derived
chlorophyll dataset, GlobColour, and from the output of the
NASA Ocean Biogeochemistry Model (NOBM). Both bloom
metric datasets were regridded to 1 × 18 grid to match the physical
datasets. The GlobColour dataset was available at 1 × 18 resolution
and as 8 d composites and was downloaded from http://globcolour.
info. It combines data from three ocean colour sensors: SeaWiFS,
MODIS, and MERIS. Data covering the period 2002– 2009 are
used here as all three sensors were operational over this period
and to match the availability of the other datasets being used.
GlobColour is reported to perform better than the individual
sensors when compared with the SeaWiFS Bio-optical Archive
and Storage System (SeaBASS) database, an in situ dataset used
for comparison with remote sensing products (Durand, 2007).
For GlobColour chlorophyll, the match up statistics with in situ
data are similar to SeaWiFS with an root mean square log error of
30% (SeaWiFS: 31%) and a coefficient of determination of 0.73
(SeaWiFS: 0.76; Gregg and Casey, 2004; Durand, 2007). However,
GlobColour improves coverage in both space and time, since it
includes three datasets (Durand, 2007).
NOBM is a dynamic plankton ecosystem model that assimilates
SeaWiFS data as surface chlorophyll. The ability of NOBM to reproduce seasonal blooms in chlorophyll was assessed by Cole et al.
(2012). NOBM shows high fidelity to seasonal characteristics, although absolute concentrations of chlorophyll can be slightly different (Cole et al., 2012). This means that while the magnitude of
the bloom in NOBM may be different from that recorded by
SeaWiFS, the timing of the bloom remains the same in both datasets.
Since the bloom timing is based on the relative change in chlorophyll
concentration, accuracy in the timing rather than the magnitude is
of greater consequence for this study.
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increase as the longer period of stratification extends the growing
season with blooms starting earlier and ending later (Doney,
2006). In contrast, productivity in the subtropics is expected to decrease as nutrient limitation will be more severe and longer lasting.
Thus, bloom timing metrics can be used as additional monitoring
indicators to detect changes in the pelagic ecosystem (Platt et al.,
2009). However, before trying to predict these changes we must
first understand the drivers of contemporary interannual variability.
Several recent studies have related the observed variability in
bloom initiation to annual, seasonal, or shorter term means in a
physical parameter. In the North Atlantic, bloom initiation is
reported to vary by 2 –3 weeks relative to the mean and has been
related to the winter mean net heat flux (NHF) and windspeed
(Henson et al., 2006) as well as the windspeed during the bloom
(Ueyama and Monger, 2005). Variability in initiation timing has
also been linked to large-scale climate indices such as the North
Atlantic Oscillation (Henson et al., 2009; Zhai et al., 2013). In the
Arctic, bloom initiation has been related to the timing of sea ice
melt, changes in which have driven an advance in bloom timing
of 50 d since 1997 (Kahru et al., 2011).
In the North Pacific, several drivers of bloom timing variability
have been identified. Sasaoka et al. (2011) found bloom initiation
varied by 5 weeks in the coastal subpolar North Pacific and was
related to the winter Southern Oscillation Index. In El Niño years
(negative SOI), sea surface temperature (SST) in these regions is
warmer than average consistent with earlier stratification and alleviated light limitation resulting in an earlier bloom. Conversely, in
open ocean regions of the North Pacific blooms occurred earlier
in La Niña years when SST was cooler, mixing stronger, and iron
and nutrient entrainment greater. Additionally, bloom timing variability has been linked to large-scale climate indices such as the
Pacific Decadal Oscillation and changes in SST and mixed layer
depth (MLD; Sasaoka et al., 2011; Chiba et al., 2012).
Bloom initiation variability in the Southern Ocean has only recently been examined, and seasonal and intraseasonal variability
in MLD, heat fluxes, and iron supply have been identified as potential drivers (Thomalla et al., 2011). Other regions have been shown
to be more variable, especially boundary regions between subpolar
and subtropical gyres. In these areas, bloom initiation dates vary by
20 weeks in the North Atlantic (Henson et al., 2009) and Southern
Ocean (Thomalla et al., 2011).
Studying the drivers of variability in bloom initiation may also
provide insights into the mechanisms that lead to the onset of the
spring bloom in the first place. Additionally, using interannual variability in the timing of the bloom is likely to be a stronger test of theories of bloom initiation than using a single year, which may have
experienced anomalous conditions. Currently, there are several theories concerning the conditions that cause the bloom to start in subpolar regions. The critical depth hypothesis states that the bloom
starts when the MLD shoals to a point where the average irradiance
in the mixed layer is high enough for net growth to occur in the phytoplankton population (i.e. photosynthesis . respiration; Sverdrup,
1953). An extension of this, the critical turbulence hypothesis states
that blooms may start when mixed layers are still very deep, if the
rate of near surface vertical mixing has reduced sufficiently. This
means that phytoplankton are no longer rapidly mixed out of the
euphotic zone and are able to accumulate and grow in the near
surface (Huisman et al., 1999; Taylor and Ferrari, 2011). Turbulent
mixing may be reduced through an increase in the heat flux into
the ocean or a reduction in windspeed. A further theory is the
dilution-recoupling hypothesis, which states that the bloom starts
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PARML =


PAR0
(1 − e−KD ),
KD

(1)

where PAR0 is the surface photosynthetically available irradiance,

k the attenuation coefficient (KdPAR), and D the depth of the mixed
layer as described above.
Subpolar regions were identified using correlations between the
chlorophyll and MLD climatological annual cycles at each pixel (as
in Henson et al., 2009). Pixels poleward of 408N/S with a negative
correlation (shallower MLD associated with higher chlorophyll)
were defined as being subpolar. Pixels without a strong seasonal
cycle, defined as having a coefficient of variation (CV 2 variance/
mean) value of 0.35 or lower, were excluded from the analysis
(Cole et al., 2012). Defining the subpolar regions was necessary as
some subtropical regions have a strong seasonal cycle but the
mechanisms underlying it are different from subpolar blooms.

Timing of bloom initiation
The initiation date was defined as the date on which the chlorophyll
concentration exceeded a threshold value more than 5% of the
annual median. This criterion has been frequently used previously
to define the bloom initiation date (Siegel et al., 2002; Henson
et al., 2009; Racault et al., 2012; Brody et al., 2013). As January is
not always an appropriate date from which to start a “bloom year”
(e.g. in the southern hemisphere), the date of the peak (defined as
the date of the maximum chlorophyll value in each year) was used
as a reference point and the date of bloom initiation is found in the
preceding 6 months. The bloom initiation was found by searching
backwards in time from the peak identifying the last datum before
the threshold value was exceeded. The bloom initiation date was calculated for each year at each pixel in the North Atlantic, North Pacific,
and Southern Ocean.

Physical timing metrics
Many of the previous studies discussed in the introduction that
address bloom initiation processes focus on seasonal or annual
means in parameters such as MLD, NHF, or windspeed. Here, the
focus will be on the relationships between interannual variability
in bloom initiation and the timing of a change in the physical environment (e.g. timing of MLD shoaling). Strong correlations between
the interannual variability in bloom timing and physical forcing
may lead to alternative insights into the mechanisms that control
bloom initiation.
A suite of physical timing metrics (see Table 1 for definitions)
were devised based on extant theories. The timing metrics were calculated for each year at each pixel. In the Southern Ocean, timeseries were adjusted to run from July to June before calculating
the metric dates to match the seasonal chlorophyll cycle.

Table 1. Description of physical metrics.
Metric name
Maximum MLD

Deﬁnition
Date on which the maximum (deepest) MLD value occurs

MLD shoaling

The date of steepest gradient in MLD (i.e. becoming shallower) which occurred
between the maximum and minimum MLD
The date on which the NHF became positive was deﬁned as the date it ﬁrst
exceeds zero for at least 16 d (two consecutive time-steps)
The date the gradient in PARML became positive. This must occur between the
beginning of the annual cycle and the date of the peak value of PARML
The date of largest increase in PARML between the beginning of the annual cycle
and the maximum PARML value
Date on which the MLD becomes shallower than the euphotic depth (deﬁne as
1% of surface irradiance) for at least 16 d (two time-steps). This served as a
proxy for the MLD crossing the critical depth and light levels ceasing to be
limiting

NHF turns positive
PARML starts to increase
Fastest rise in PARML
MLD becomes shallower than
euphotic depth (MLD , Zeu)

Reference
Behrenfeld (2010), Boss and
Behrenfeld (2010)
Sverdrup (1953)
Huisman et al. (1999),
Taylor and Ferrari (2011)

Sverdrup (1953)
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The analysis was performed on both the GlobColour and NOBM
chlorophyll datasets. The GlobColour dataset extends further
towards the poles giving wider global coverage and spans more
years (2002– 2009) than NOBM (2002–2007). However, NOBM
is used here to more accurately determine interannual variability
in bloom timing (as it is a gap-free dataset vs. the satellite-derived
GlobColour which has missing data), as well as to provide a
second estimate and thus improve the robustness of this study.
The chlorophyll output from NOBM has previously been used to
quantify the impact of missing data in the satellite record on the
accuracy of bloom initiation and peak dates (Cole et al., 2012).
Cole et al. (2012) found that missing data resulted in errors of
30 d in bloom initiation timing further justifying the use of
NOBM output in this analysis. All the physical datasets used were
observational and were used in conjunction with bloom timing
dates from both GlobColour and NOBM.
The physical parameters considered were NHF, MLD, and mean
mixed layer photosynthetically active radiation (PARML). The
NHF data were downloaded from the WHOI OAflux project
website (http://oaflux.whoi.edu) as a 1 × 18 dataset and with daily
temporal resolution, which was averaged to 8 d to match the chlorophyll data. The MLD was calculated from a global dataset of regularly
gridded temperature and salinity profiles, obtained from the Coriolis
project (http://www.coriolis.eu.org). These profiles were collected
from ARGO floats, expendable bathythermographs, conductivity
temperature and depth, profiles and moorings. These were available
on a 1/10 by 1/108 grid but were regridded to 1 × 18 to match the
other datasets. Density was calculated from the regridded profiles
and the MLD was defined as the depth at which the density had
increased by 0.03 kg m23 relative to a reference depth of 10 m to
avoid diurnal effects. PAR data were downloaded from the MODIS
ocean colour webpage (http://oceancolor.gsfc.nasa.gov) as 8 d composites and were regridded to a spatial resolution of 1 × 18. The attenuation coefficient at 490 nm was obtained from the GlobColour
webpage and is derived from the chlorophyll concentrations
(Barrot, 2010). This was converted to KdPAR (attenuation coefficient
for all PAR wavelengths) using the conversion detailed in Morel et al.
(2007). The mean irradiance in the mixed layer was calculated using
Equation (1).
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Results
Generally, the date of bloom initiation in all three basins becomes
progressively later towards the poles (Figure 1). In the North
Atlantic, blooms initiate during February– March at 40 –458N
progressing to initiation dates in May, June, and July at higher latitudes. In the North Pacific, although on average blooms occur later
at higher latitudes, blooms are seen to initiate earlier (April/May)
near the coast progressing to later blooms offshore (June/July). In
the Southern Ocean, bloom timing gets progressively later
towards the pole, with blooms starting in August/September at
408S and January/February south of 658S.
As an example of the degree to which the timing of the bloom and
physical metrics coincide, average time-series from the North Atlantic
(45–808N 260 to 08E), North Pacific (50–708N 2120 to 1208E),
and Southern Ocean (280 to2508N 2180 to 1808E) are shown in
Figure 2. Broadly speaking, bloom initiation occurred just after the
NHF turns positive, the MLD was shoaling and PARML was increasing
in all three basins except for the Southern Ocean. There are clear differences in the variability of the physical parameters between the three
basins though the NHF annual cycle was fairly similar between the
three basins ranging from 2200 to 200 W m22. The largest interbasin differences were seen in the maximum depth reached by the
mixed layer. In the North Atlantic, the mean maximum MLD
varied between 150 and 200 m was 50 m at its deepest in the
North Pacific and 110 m in the Southern Ocean. The maximum

Figure 1. Map of the mean date of bloom initiation (2002 – 2009) in (a) the North Atlantic, (b) Southern Ocean, and (c) the North Paciﬁc. Each map
show the location of the boxes used to calculate interannual anomalies in the date of bloom initiation. Each box is 108 longitude by 108 latitude.
White regions bounded by the black contour are regions of low seasonality. Other white regions are areas of permanent sea ice cover. A colour
version of this ﬁgure is available online.
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From the annual cycle of MLD the dates of maximum MLD and
MLD shoaling were calculated. From the NHF annual cycle, the date
the NHF became positive was calculated. This latter metric is a proxy
for a change from winter convection to less turbulent conditions
(Taylor and Ferrari, 2011). The dates of interest from the annual
cycle of PARML include the date PARML starts to increase and the
date of fastest rise in PARML. These are proxies for when light levels
become favourable for growth and when light is most rapidly becoming less limiting. Additionally, the depth of the euphotic zone, defined
as the depth at which 1% of the surface PAR still remained, was calculated. This was used to calculate the date on which the MLD became
shallower than the euphotic zone depth as another proxy for the alleviation of light limitation.
Latitudinal means of the physical and bloom timing metrics were
calculated for each degree of latitude across the three basins. In addition, each ocean basin was split into a number of 108 longitude by 108
latitude boxes, for which interannual anomalies in the physical and
bloom metric dates were calculated (Figure 1). The size of these
boxes was chosen to filter out mesoscale features and to focus on
large-scale variability. Averaging the metric dates over these large
boxes also removes the effect of temporal autocorrelation on the correlations. Similarly, the effect of spatial autocorrelation is reduced for
the correlations of the latitudinal means due to the coarse resolution
averaging used. For all basins, the anomalies in bloom and physical
metric dates were approximately normally distributed.
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Discussion
Drivers of variability in bloom initiation

Figure 2. Mean time-series (2002 – 2009) across the (a) North Atlantic,
(b) North Paciﬁc, and (c) Southern Ocean for GlobColour chlorophyll
(mg m23), NHF (W m22), MLD (m), and mean mixed layer irradiance
(W m22). The black vertical line represents the mean bloom initiation
date (years 2003 – 2009). The mean bloom initiation dates are
calculated from averaging the metric dates in each year across the basin
(i.e. they are not calculated from the chlorophyll time-series above).
A colour version of this ﬁgure is available online.
PARML was lowest in the Southern Ocean (15 W m22) but similar
in the North Atlantic and North Pacific (20–23 W m22).
The critical depth and critical turbulence hypothesis both indicate that if a physical timing event is a driver of spatial variability
in bloom timing then the two metrics are likely to occur at similar
times in a given year, though potentially with a lag, and have
similar latitudinal gradients (Figure 3; Table 2, see Supplementary

In the North Atlantic, the timing of bloom initiation coincides with
the period of increasing stratification and decreasing mixing as the
NHF becomes positive, the MLD shoals, and PARML increases
(Figure 2). This suggests that they may potentially be prominent
drivers for interannual variability in bloom initiation. This is supported by the synchronous timing and high correlation in the latitudinal progression of bloom initiation, NHF turning positive, MLD
shoaling, and the date the PARML starts to increase.
In comparison, bloom initiation in the North Pacific had neither
high correlation, nor synchronous timing with, any of the physical
timing metrics. However, it was moderately correlated and had synchronous timing, with the date the MLD becomes shallower than the
euphotic depth. This suggests that variability in the date of bloom
initiation is weakly driven by the alleviation of light limitation as
the MLD shoals and the surface irradiance increases as spring
progresses.
Similar to the North Atlantic, the date the NHF turns positive
and the PARML starts to increase are indicated as drivers of bloom
timing variability in the Southern Ocean. Though many of the
other metrics in the North Atlantic and Southern Ocean were moderately to highly correlated, not all had synchronous timing across
the whole basin.
It should be noted that at higher latitudes in the Southern Ocean
the uncertainty in bloom initiation date due to missing data was
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Figure S2 for plots of further physical metrics). In the North
Atlantic, the date of bloom initiation closely follows the progression
of the date the NHF turns positive and progresses polewards at a
similar rate (initiation: 5.72 km d21, NHF turns positive:
6.72 km d21) and they are strongly correlated (r ¼ 0.95). The
bloom initiation also has very similar timing to the date the ML irradiance starts to increase and the date of MLD shoaling. Both are
strongly correlated (r ¼ 0.87 and r ¼ 0.86, respectively). The
other physical timing metrics are also highly correlated with
bloom initiation (most have r ≥ 0.67 and are statistically significant;
Table 2) in the North Atlantic. However, in the North Pacific, the
metrics do not match well and are generally weakly correlated
(r ≤ 0.32), except the date at which the MLD becomes shallower
than the euphotic depth (r ¼ 0.52). In the Southern Ocean, the
date of bloom initiation has a similar progression to that of the date
the NHF turns positive, is highly correlated (r ¼ 0.98), and progresses
towards the pole at similar speeds (initiation: 22.54 km d21, NHF
turns positive: 22.53 km d21). Furthermore, the date the PAR
starts to rise is also highly correlated with bloom initiation and progresses at a similar speed (Table 2; r ¼ 0.98, speed ¼ 22.84 km d21).
On an interannual basis, mostly weak correlations are seen
between the interannual anomalies in bloom initiation and in
the physical timing metrics. However, a reasonable correlation
(r ¼ 0.61) is seen between interannual variability in the timing of
bloom initiation and the date at which the NHF turns positive in
the North Atlantic (Figure 4, Table 3, see Supplementary Figure
S3 for scatterplots of further physical metrics). Weak but significant
(p , 0.05) correlations with bloom initiation timing are also seen
with the date of maximum MLD (r ¼ 0.21) and MLD shoaling
(r ¼ 0.25), MLD . Zeu (r ¼ 0.29), and PAR starts to increase
(r ¼ 0.29) in the North Atlantic. No strong positive correlations
were seen in the North Pacific. The only significant, positive correlation seen in the Southern Ocean was with the date of NHF turning
positive but was very weak (,0.12).

2034

H. S. Cole et al.

Table 2. Correlation coefﬁcients and latitudinal speeds for bloom initiation and associated physical timing metrics in the subpolar basins
for GlobColour chlorophyll dataset
Bloom initiation
North Atlantic
Correlation coefﬁcientb
Latitudinal speed (km day21)c
North Paciﬁc
Correlation coefﬁcientb
Latitudinal speed (km d21)c
Southern Ocean
Correlation coefﬁcientb
Latitudinal speed (km day21)c
a

5.72

NHF positive
0.95*
6.72

26.47

0.08
3.53

22.54

0.98*
22.53

MLD max
0.72*
13.37
0.20
213.31
0.61*
23.84

MLD shoaling
0.86*
5.29

MLD < Zeua
0.67*
3.99

Fastest rise
in PARML

PARML starts
to increase

0.59*
5.05

0.87*
7.29

0.06
24.65

0.52
22.70

0.15
9.30

0.32
5.59

0.45*
23.53

0.90*
24.31

0.98*
25.77

0.98*
22.84

MLD , Zeu stands for the date the MLD becomes shallower than the euphotic depth.
An asterisk indicates correlation coefﬁcients which are statistically signiﬁcant at the 95% conﬁdence interval. Correlations were calculated between the bloom
initiation latitudinal mean date and the physical metric latitudinal mean date. Mean dates were calculated over the years 2002–2009 for GlobColour.
c
Latitudinal speeds were calculated by regressing the metric dates on latitude (latitude ¼ a + b × date) and then multiplying the linear coefﬁcient (b) by
111.19493 km/8latitude. Negative numbers indicate that bloom dates get earlier with more northerly latitudes.
b
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Figure 3. Latitudinal mean date for bloom initiation (black line with light grey shading) and the physical timing metrics [grey line with dark grey
shading (blue in online colour version)] (a– c) date of NHF becoming positive, (d – f) MLD shoaling, (g– i) PARML begins to increase for each of the
three subpolar basins. The light grey shaded area associated with the mean bloom initiation date represents the uncertainty in bloom initiation date
arising from missing data in the chlorophyll time-series from which bloom initiation is calculated (Cole et al., 2012). The dark grey (blue in online
colour version) shaded regions around the mean physical timing dates represent the variability (1 s.d.) in the physical timing metric dates at that
latitude. Pixels with shallow bathymetry (,200 m) or without a signiﬁcant seasonal cycle (coefﬁcient of variation ,0.35) were removed before
longitudinal averaging. The vertical axis in all panels is the average metric date (dd-mmm). A colour version of this ﬁgure is available online.
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Table 3. Correlation coefﬁcients between interannual variability in bloom initiation and physical timing metrics in the subpolar basinsa.
North Atlantic
North Paciﬁc
Southern Ocean

NHF positive
0.61*
0.12
0.12*

MLD max
0.21*
20.08
20.04

MLD shoaling
0.25*
20.28*
20.01

PARML starts to increase
0.29*
20.06
0.03

Fastest rise in PARML
0.03
0.04
0.02

MLD < Zeub
0.29*
20.18
20.03

a

An asterisk indicates correlation coefﬁcients which are statistically signiﬁcant at the 95% conﬁdence interval.
MLD , Zeu stands for the date the MLD becomes shallower than the euphotic depth.

b

high. However, uncertainty in the date may also arise from the definition used to calculate bloom initiation. The definition used here
for bloom initiation was found to be similar to other definitions of
bloom timing (Supplementary Figure S1).
Not all the metrics identified as strong drivers of spatial variability were strong drivers of interannual variability. The majority of the
physical timing metrics were only weakly correlated with interannual variability in bloom initiation, if at all. The strongest relationships were seen in the North Atlantic where the date that the NHF
turns positive was seen to be a strong predictor for the bloom initiation date (Figure 4). The date that the NHF turns positive explains
37% of the variability in bloom initiation date. In comparison, the
relationship between NHF turning positive and bloom initiation was

very weak in the North Pacific and Southern Ocean. The other metric
identified as a consistent driver of spatial variation in bloom initiation was the date PARML starts to rise in both the North Atlantic
and Southern Ocean. However, only a weak (if significant) relationship with interannual variability in bloom initiation was found in the
North Atlantic, whereas there was no relationship between these
metrics in the other two ocean basins. Other weak correlations
were seen with the date of MLD shoaling, maximum MLD, and
MLD , Zeu, though only in the North Atlantic.

Spatial vs. interannual variability in bloom onset
Interestingly, many of the dominant drivers of latitudinal variability are not found to be dominant drivers of interannual variability
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Figure 4. Scatterplots of interannual anomalies in bloom initiation date and associated physical metric (a – c) NHF turns positive, (d – f) MLD
shoals, and (g– i) PARML starts to increase, for subpolar regions: North Atlantic, North Paciﬁc, and Southern Ocean. Anomalies were calculated using
the 10 × 108 boxes shown in Figure 1; each box has 6 datapoints. Fitted lines are shown for statistically signiﬁcant correlations and are generated
using a type II regression which accounts for variability in both x and y parameters.
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Mechanisms for subpolar bloom initiation
Two of the main theories for bloom initiation are the critical depth
hypothesis (Sverdrup, 1953), for which MLD shoaling is a proxy,
and the critical turbulence hypothesis (Taylor and Ferrari, 2011),
for which NHF turning positive is a proxy. Both the date of NHF
turning positive and MLD shoaling were strongly related to
bloom initiation, in a latitudinal sense, in the North Atlantic. This
was also seen in the Southern Ocean though the date of MLD shoaling showed a weaker relationship than in the North Atlantic.
However, only the North Atlantic shows a basin-wide interannual

relationship between the NHF turning positive and bloom initiation. This nevertheless suggests that the critical turbulence hypothesis is a better description of the processes that lead to a bloom than
the critical depth hypothesis, at least for the North Atlantic.
To investigate the role of MLD and NHF in bloom initiation
further, the conditions in the North Atlantic at the time of bloom initiation were examined in more detail (Figure 5 and Table 4). The
median conditions in the North Atlantic when blooms started were
a low and positive NHF (31 W m22), a relatively shallow MLD

Table 4. Conditions at bloom initiation for the North Atlantic,
North Paciﬁc, and Southern Oceansa.
North Atlantic
NHF
Min
2406.54
Max
219.84
Median
31.41
MAD
44.94
MLD
Min
10.09
Max
1 011.81
Median
80.04
MAD
50.38
Mean mixed layer PAR
Min
0.17
Max
37.52
Median
2.74
MAD
1.61

North Paciﬁc

Southern Ocean

2237.16
237.22
122.33
33.16

2421.80
284.09
47.40
57.18

10.01
172.03
20.67
8.08

10.59
690.88
58.42
32.73

0.78
38.67
10.68
4.91

0.19
39.77
4.61
2.79

a

Minimum, maximum, median, and median absolute difference (MAD) for
the NHF, MLD, and mean mixed layer PAR at bloom initiation in the three
subpolar basins. Median and MAD values were calculated from pixel values
weighted by area.

Figure 5. Conditions at bloom initiation for all pixels in the (a) subpolar North Atlantic, (b) North Paciﬁc, and (c) Southern Ocean showing the
relationship between NHF and MLD. Data are binned for plotting purposes with the colour bar indicating the number of pixels in each bin. Larger
numbers of pixels in a bin indicate a larger number of blooms initiation under these conditions. Note that the colour bar is on a log scale. A colour
version of this ﬁgure is available online.
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and even then not consistently across the basins. Similarly, in the
subpolar North Atlantic, Follows and Dutkiewicz (2002) found
that the relationships between proxies for mixing (e.g. bloom
period NHF and windspeed) were strongly correlated with
bloom period chlorophyll concentration spatially, but not on an
interannual basis. Follows and Dutkiewicz (2002) proposed that
this lack of correlation was due to a number of factors such as
changes in insolation, mesoscale variability, and grazing pressure
having a stronger influence on interannual variability in bloom
magnitude. Thus, the lack of an obviously dominant driver of
interannual variability in bloom initiation may be because a combination of variables is responsible but that each, individually, only
has a small influence on the initiation date or that noise in the
datasets used here obscure the interannual relationship. There
are many variables not included in this set of timing metrics, especially those representing ecological/biogeochemical processes such
as grazing or micronutrient availability which may also have an influence on the interannual variability in timing of bloom onset.
Alternatively, a lack of strong relationships in both spatial and
interannual variability may indicate that these physical timing
metrics are not drivers of bloom timing.
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for net growth is increased relative to if they were evenly distributed
throughout the ML. Conversely, some blooms initiated when
PARML was higher than average. This suggests that another limiting
factor delayed the start of the bloom since the mean mixed layer irradiance would not be expected to be limiting at these levels.
In the North Pacific, there is weak evidence supporting the critical
turbulence hypothesis. Interannual relationships between NHF
turning positive and bloom initiation are very weak and bloom initiation occurs in a small number (8%) of pixels when NHF is low and
positive (25 W m22) and the MLD still relatively deep (Figure 5b).
Furthermore, the median value of NHF at bloom initiation is much
higher than in the Atlantic (122 W m22), MLD much shallower
(21 m), and PARML much higher (11 W m22). This suggests
that for the majority of the basin the initiation of the bloom is
delayed compared with the North Atlantic, occurring later in the
season when ocean warming is more advanced, the MLD shallower
and as a result the PARML higher. This is supported by the higher
NHF values (.100 Wm22) and shallower MLD (,33 m) under
which the majority of blooms in the North Pacific occur (red pixels
in Figure 5b). Furthermore, this is reflected in the map of mean
bloom initiation dates in Figure 1.
In the Southern Ocean, the median values for NHF
(47 W m22), MLD (58 m), and PARML (5 W m22) at bloom
initiation were more similar to the North Atlantic values than the
North Pacific. This similarity was seen again in Figure 5c with evidence of some blooms (16%) initiating in deep mixed layers when
the NHF is low and positive (25 W m22). The largest concentration
of blooms (33%) occurs with MLD ranging from 80 to 200 m and
NHF ranging from 275 to 150 W m22. Similar to the North Atlantic,
there are many (29%) blooms that initiate in shallow MLD (30–
80 m) and positive NHF (0–200 W m22). These two bloom groups
form coherent patches in the Southern Ocean with the first group
dominating open ocean regions and the second marking the shelf
and the subpolar/subtropical boundary region. Though this
implies that the critical depth and critical turbulence hypotheses
may be applicable in different regions of the Southern Ocean,

Figure 6. Maps showing the correlation coefﬁcient in each 10 × 108 box between anomalies in the date of bloom initiation and date of NHF
turning positive (a – c) and MLD shoaling (d – f) for the North Atlantic, North Paciﬁc, and Southern Ocean. Boxes with a statistically signiﬁcant
correlation are indicated with the black dot. A colour version of this ﬁgure is available online.
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(80 m), and low PARML (3 W m22). In accordance with the critical turbulence hypothesis, a number of blooms (19%) were seen to
start in deep mixed layers (deeper than median value) but when the
NHF was low and positive (25 W m22) (Figure 5). Conversely,
19% of the blooms were also seen to start when MLDs were shallow
(shallower than median value) with NHF mostly ranging from 0 to
100 W m22. The greatest number of blooms (51%) occurs when
the NHF ranges from 50 to 150 W m22 and the MLD is between
40 and 240 m deep (the red pixels in Figure 5a). Additionally,
PARML at the start of the bloom was seen to range from very low
values, indicating deep MLD, to very high values when the MLD
was very shallow. Based on these results, it would seem that there is
evidence to support both the critical depth and critical turbulence hypotheses. However, though MLDs are shallow when the bloom starts
the NHF is also typically close to zero. This suggests that the critical
turbulence hypothesis could also be valid where both a reduction in
turbulence and MLD shoaling come together to initiate a bloom.
The distribution in PARML values allows further examination of
the critical depth hypothesis. The compensation irradiance is the irradiance at which photosynthesis is equal to respiration. Assuming
that at bloom initiation, the MLD is equal to the critical depth, the
mean mixed layer irradiance (PARML) will be equal to the community compensation irradiance, as this is the light level needed for
phytoplankton growth to overcome community losses and rapidly
increase phytoplankton standing stocks, according to the critical
depth hypothesis (Sverdrup, 1953).
The large range (0.17 –37.52 W m22) in PARML at bloom initiation across the North Atlantic suggests that the critical depth hypothesis is not a complete description of the conditions necessary
for initiating a bloom. This is because bloom initiation does not
seem to be dependent on the mean mixed layer irradiance reaching
a certain threshold level that is sufficient for net population growth
as bloom initiation occurs under a large range of PARML values.
Blooms starting in low PARML suggest that phytoplankton are not
necessarily mixed throughout the whole mixed layer, due to low turbulence mixing, so that their exposure to sufficient irradiance levels
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How typical is the North Atlantic?
Our results raise the question: why do the other basins behave differently from the North Atlantic? Several theories exist for the differences in bloom dynamics between the basins. The bloom in the
North Pacific occurs later in the year compared with the North
Atlantic. This has been previously reported and several hypotheses
have been proposed to explain this observation (Heinrich, 1962;
Miller, 1993; Fasham, 1995; Banse and English, 1999; Boyd and
Harrison, 1999). Some have focused on the role of grazing on
bloom development. The life history of the dominant copepod
species in the Pacific means that adults emerge from winter hibernation and immediately lay their eggs, ensuring that their larvae are
ready to feed once the bloom starts, whereas in the North Atlantic
the adult copepods need to feed on the bloom before being able to
lay eggs (Parsons and Lalli, 1988). The differences in the dominant
copepod between the basins results from a combination of environmental factors and the differences in phytoplankton production and
species composition (Parsons and Lalli, 1988). Alternatively, the elevated light levels resulting from the relatively shallow winter MLD in
the North Pacific may sustain primary production over winter. This
allows microzooplankton populations to be maintained at levels
high enough to graze down the bloom as soon as it starts (Evans
and Parslow, 1985; Fasham, 1995; Boyd and Harrison, 1999).
Another theory has suggested that iron limitation may play a role
in limiting phytoplankton growth in spring in both the North Pacific
and Southern Ocean. Both of these oceans are high nutrient-low
chlorophyll regions, and so processes that deliver iron to these
regions may dictate the start date of the bloom by increasing
growth rates to a point where phytoplankton can escape grazing
pressure (Landry et al., 1993; Banse and English, 1999).
The role of wind mixing has not been assessed here but is another
parameter that modulates turbulence and may also be a significant
driver of bloom timing. A reduction in windspeed may lead to a drop
in turbulent mixing and a shoaling MLD and has previously been
reported as a predictor for bloom onset around New Zealand and
in the Irminger Basin (Henson et al., 2006; Chiswell et al., 2013).
Finally, large differences in the physical environments in the
three basins have been observed here. For example, there is a
deeper winter MLD in the North Atlantic, although the NHF
annual cycle is broadly the same across the basins. The North
Atlantic is saltier than the North Pacific due to the northward advection of warm and salty water from the subtropics by the Atlantic
Meridional Overturning Circulation (Schmittner et al., 2005).

This makes it easier for cooling to overturn the water column,
giving a deeper MLD in the Atlantic.
The North Atlantic may in fact be a poor model system for theoretical understanding of bloom initiation. This is because the
North Atlantic results presented here identify the onset of positive
NHF as a basin wide driver of variability in bloom initiation
though a similar result is not seen in the North Pacific or
Southern Ocean. Furthermore, the timing of MLD shoaling was
uncorrelated in the North Pacific and Southern Ocean but showed
a weak relationship with bloom initiation timing in the North
Atlantic. Thus, it would seem that observations from the majority
of the world’s subpolar regions do not support either the critical turbulence or critical depth hypothesis and that the North Atlantic response may be unique. Further evaluation of the current theories on
bloom initiation in the North Pacific and Southern Ocean is needed
to properly explain the observed differences from the North
Atlantic. This could include the differences in the character of atmospheric forcing, underlying oceanographic conditions (e.g.
saltier vs. fresher), physical heterogeneity across the basins, seasonal
differences in micronutrient availability and in grazing pressure.
This may lead to a greater understanding of the mechanisms that
lead to the onset of the spring bloom.
To definitively identify the mechanisms that initiate the spring
bloom, in situ measurements of additional parameters (e.g. turbulence, nutrients, grazing rates) would be needed. Alternatively,
future work could examine the role of mechanisms in different
regions using appropriately validated, high resolution, free-running
models. Additionally, three-dimensional spatial scale processes at
the mesoscale may also influence bloom timing. For example, the
results of Mahadevan et al. (2012) demonstrate the role of frontal
slumping as a mechanism for restratifying the water column and initiating the bloom. Furthermore, the exact mechanisms for the survival of phytoplankton over winter are still not known in great detail
which, if examined further, may help to identify mechanisms for
bloom initiation. One such theory is that although phytoplankton
are convectively mixed down to great depths they are also returned
to the surface euphotic zone with sufficient frequency that production can be sustained over winter (Backhaus et al., 1999; Backhaus
et al., 2003). Alternatively, the mixed layer eddies observed by
Mahadevan et al. (2012) may sustain production in winter by intermittently stratifying some of the water column.

Limitations
This study has used global datasets of NHF and MLD but it is important to note that the datasets are not “equal” in their relationship
with the bloom timing metrics. The NHF dataset is measured synoptically from satellite and reanalysis products with each pixel
being an areal average. Conversely, the MLD was calculated from
sporadic, non-uniform point samples of temperature and salinity.
Thus, they cannot be easily ranked against each other because the
way the datasets are derived may result in a limit on the variability
that one dataset can show. Furthermore, since many of the physical
metrics are interdependent, it is difficult to separate out the effects of
just one on bloom timing. As the NHF starts to increase from its
winter minimum, the MLD begins to shoal as well because the reduction in cooling and mixing encourages restratification of the
water column (Huisman et al., 1999). The results here show that
the MLD shoaling occurs, on average, within +20 d of the NHF
turning positive. Thus, it is difficult to definitively say which mechanism, MLD shoaling or a reduction in mixing, starts the bloom.
In a comparison study of three different bloom timing metric
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neither the MLD shoaling nor NHF turning positive were strongly
correlated with interannual variability in the bloom initiation date.
Overall, the NHF turning positive is a stronger predictor for
the date of bloom initiation than the shoaling of the MLD but this
relationship is seen to dominate the whole basin only in the North
Atlantic. The strength of the relationship between NHF turning
positive and bloom initiation in the North Atlantic is again
obvious in its spatial pattern (mean correlation ¼ 0.60) (Figure 6)
where strong and significant positive correlations occur across the
basin. Conversely, there is no coherent pattern in the correlations
between the onset of positive NHF and bloom initiation in the
North Pacific. In the Southern Ocean, strong and significant positive
correlations occur in larger patches near the Antarctic landmass. In
all three basins, the correlations with the onset of positive NHF are
more likely to be stronger and positive than the correlations with the
shoaling of the MLD.
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definitions, Brody et al. (2013) demonstrated that all three gave
bloom initiation dates that were approximately synchronous with
the NHF turning positive. This suggests that our result is robust
(to some extent) to the choice of bloom metric definition, although
a slightly different period and different datasets are used here (note
that the range in bloom initiation date with latitude calculated in
this study from different metric definitions can be seen in
Supplementary Figure S1).

Conclusion

Supplementary data
Supplementary material is available at the ICESJMS online version
of the manuscript.

Acknowledgements
GlobColour data were provided by ACRI-ST GlobColour service,
supported by EU FP7 MyOcean & ESA GlobColour Projects,
using ESA ENVISAT MERIS data, NASA MODIS, and SeaWiFS
data. The NASA Ocean Biogeochemical Model output was obtained
using the Giovanni online data system, developed and maintained
by the NASA GES DISC. The temperature and salinity objective analysis datasets were provided by and made freely available by the
Coriolis project and programmes that contribute to it (http://
www.coriolis.eu.org). The global ocean net heat flux product was
made freely available by the WHOI OAFlux project (http://oaflux.
whoi.edu) funded by the NOAA Climate Observations and
Monitoring (COM) program. This work was funded by the UK
Natural Environment Research Council (NERC) as part of an
Ocean and Earth Science postgraduate research programme at the
University of Southampton (NE/I528626/1). In addition, this
work was supported by NERC National Capability funding for
SAH, APM, and AY.

References
Backhaus, J. O., Hegseth, E. N., Wehde, H., Irigoien, X., Hatten, K., and
Logemann, K. 2003. Convection and primary production in winter.
Marine Ecology Progress Series, 251: 1 – 14.
Backhaus, J. O., Wehde, H., Hegseth, E. N., and Kämpf, J. 1999.
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much weaker in the North Pacific and Southern Ocean though
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The critical depth concept was ﬁrst recognized by Gran and Braarud (1935). During summer, in the Bay of Fundy, they observed an unexpected no
bloom situation. Their interpretation was that high amounts of detritus of terrestrial origin caused too murky water and insufﬁcient light for the
tidally mixed phytoplankton. Almost 20 years later, this was elaborated by Sverdrup (1953) into a hypothesis for the initiation of the spring bloom in
the North Atlantic Water (NAW) masses. Since then, variations in mixed layer depth have been a key in phytoplankton modelling. As illustrated by
the study of Gran and Braarud, variation in the non-phytoplankton light attenuation coefﬁcient is also a key to understand phytoplankton bloom
conditions. Due to lack of accurate parameterizations, however, non-phytoplankton light attenuation is often assumed invariant in phytoplankton
modelling. Here, I report spatial variation in a proxy for the pre-bloom light attenuation in Norwegian Coastal Water (NCW). It is shown that this
variation can be partially accounted for by variations in salinity and dissolved oxygen. The light attenuation coefﬁcient at 440 nm increased by 0.041
and 0.032 m21 with drops in salinity and dissolved oxygen of 1PSU and 1 ml O2 l21, respectively. Consequences for the euphotic depth, Sverdrup
critical depth, and the nutricline depth are discussed. I conclude that phytoplankton modelling, particularly across coastal and oceanic waters, such
as NCW and NAW, needs to account for variations in the non-phytoplankton light attenuation and that salinity might be a useful proxy for regional
parameterizations.
Keywords: light attenuation, oxygen, phytoplankton modelling, proxy, salinity, water column.

Introduction
Sverdrup’s “critical depth” is commonly associated with the initiation of the spring bloom in clear oceanic water. This concept originated, however, from observations made in a murky inshore
location, the Bay of Fundy (Gran and Braarud, 1935). There, elevated non-phytoplankton light attenuation, in combination with
strong tidal mixing, was likely responsible for a no bloom situation
at a time when both nutrients and incoming irradiance were at
high levels (Figure 1). Based on a detailed study of phytoplankton
and hydrography in the Gulf of Maine and the Bay of Fundy, Gran
and Braarud (1935) concluded: “Although our material is insufficient for accurate calculations, we have come to the conclusion
that for these reasons the extraordinary turbulence and turbidity
conditions of the Bay of Fundy waters are the main factors for
# International

limiting their production of phytoplankton. No other explanation
could be found, as the surface waters at the least productive
seasons, as in June, contain a surplus of nutrient salts, and the zooplankton feeding upon the phytoplankton is not as rich in the Bay of
Fundy as in the gulf of Maine”. This reasoning was translated
(Sverdrup, 1953) into a mathematical expression for the critical
depth (Zcr) that has become a cornerstone, although questioned
by some (e.g. Behrenfeld, 2010), in biological oceanography:
Zcr
1 E0
=
,
1 − e−KZcr K Ec

(1)

where, in modern notation, K is the attenuation coefficient for
downwelling irradiance, E0 and Ec the average daily (24 h) irradiances, respectively, below the surface and at the compensation

Council for the Exploration of the Sea 2015.
This is an Open Access article distributed under the terms of the Creative Commons Attribution License (http://creativecommons.org/
licenses/by/4.0/), which permits unrestricted reuse, distribution, and reproduction in any medium, provided the original work is properly
cited.

Downloaded from http://icesjms.oxfordjournals.org/ at Institute of Marine Research on July 28, 2015

Sverdrup critical depth and the role of water clarity in
Norwegian Coastal Water

2042

D. L. Aksnes

depth, i.e. the depth where photosynthetic production equals “all”
losses, not just respiration, during a 24-h cycle (see clarification by
Chiswell, 2011). From Equation (1), we see that all coefficients in
the critical depth formulation are associated with light and that
the critical depth is particularly sensitive to variations in K. The frequently used phytoplankton bloom condition of Sverdrup (1953)
can be formulated: if there exists a thoroughly mixed top layer of
thickness D, D must be shallower than Zcr in order for a bloom to
develop.
Gran and Braarud (1935) noted that the high turbidity of the Bay
of Fundy was due to detritus washed out by rivers at the head of the
bay. They refer to an experiment on photosynthesis and respiration
indicating that the compensation depth (Zc) was not deeper than
10 m. If this depth, often equated with the euphotic depth, equals
1% light depth (i.e. Zc ¼ 2ln(0.01)/K ), it can be seen that K
must have been higher than 0.46 m21. This value indicates a critical
depth shallower than 50 m, and it seems plausible that the lack of
bloom in the Bay of Fundy indeed was in accordance with the critical
depth hypothesis, i.e. that the mixed layer depth was deeper than the
critical depth. Nevertheless, the observations of Gran and Braarud
(1935) emphasize that natural variations in the non-phytoplankton
light attenuation are critically important to phytoplankton bloom
conditions. Sverdrup (1953) chose an oceanic test location, at
Weather Ship M in the Norwegian Sea, with much higher water
clarity than the Bay of Fundy. One challenge with this location,
however, was the lack of observations of the pre-bloom light attenuation coefficient and Sverdrup had to assume values for this coefficient. Lack of accurate parameterizations of the non-phytoplankton
light attenuation coefficient is still a challenge in ecosystem modelling in general as well as in coastal and oceanic areas off Norway (e.g.
Schrum et al., 2006; Hjøllo et al., 2012; Samuelsen et al., 2014).
Here, I quantify variations in the pre-bloom light attenuation in
water masses along the coast of Norway (Table 1, Figure 2). These

water masses spanned salinities from 16.6 to 35.2. Norwegian
Coastal Water (NCW) is transported with the Norwegian Coastal
Current (NCC) from south to north (Figure 2) along the
Norwegian coast (Sætre, 2007). NCW, characterized by salinity
,34.5 (Sætre, 2007), forms a wedge between the coastline and the
North Atlantic Water (NAW, salinity .34.5). Both NCW and
NAW, which are located below the NCW, extend into the many
deep fjords situated along the Norwegian coast on its way towards
the Barents Sea. The freshwater content of the NCW originates
from the brackish Baltic Sea, the rivers entering the North Sea,
and drainage from Norway (Sætre, 2007). Many previous studies
have shown that Chromophoric Dissolved Organic Matter
(CDOM) of terrestrial origin is an important light absorber in the
Baltic Sea, Kattegat, Skagerrak, and Danish coastal waters. This
light absorption correlates negatively with salinity (e.g. Højerslev
et al., 1996; Stedmon et al., 2000; Kowalczuk et al., 2005), and as
also reviewed by Nelson and Siegel (2013), CDOM absorption
decreases linearly with increasing salinity if the mixing of offshore
and terrestrial end-member water masses is the only process affecting CDOM. Based on this concept, I estimate an empirical model
where salinity, but also dissolved oxygen (see below), serve as
proxy for the non-phytoplankton NCW light attenuation.

Methods
During the unproductive winter season, locations along the
Norwegian coast with bottom depth of several hundred meters
(Table 1) contain relatively small amounts of organic and inorganic
particles in the water column. Under these conditions, spectrophotometric measurements of light absorption in unfiltered samples have
been used as proxy for the light attenuation of downwelling irradiance
(Aksnes et al., 2009). A benefit is that measurements can be obtained
regardless of sunlight conditions and from large depths. All together,
375 measurements were obtained from 40 different locations along
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Figure 1. Birth of the critical depth concept. This concept originates from observations in the Bay of Fundy (Gran and Braarud, 1935), a location
with high non-phytoplankton light attenuation and consequently a critical depth that might have been shallower than 50 m (see text). Compared
with the Gulf of Maine, the Bay of Fundy was characterized by less stability (as indicated by st), high nutrients and low oxygen saturation (i.e. low
photosynthesis) throughout the water column. Gran and Braarud (1935) concluded that the phytoplankton in Bay of Fundy was limited by tidal
mixing below a shallow compensation depth caused by limited light penetration. The observations for Gulf of Maine and Bay of Fundy are from June
at station 24A and 37, respectively, and are taken from the tables in Gran and Braarud (1935).

2043

Sverdrup critical depth and the role of water clarity in NCW
Table 1. Sampling locations along the Norwegian coast in 2008.
Distance (km)
0
25
45
101
128
141
167
184
385
414
471
499
527
647
670
760
773
813
900
918
946
1013
1030
1071
1101
1143
1209
1243
1273
1289
1304
1413
1483
1642
1656
1743
1804
1867
1963
2055

Location
Bunnefjorden
Oslofjorden, Drøbak
Breiangen
Larvikfjorden
Frierfjorden
Eidangerfjorden, Brevik
Off Kragerø
Off Risør
Gansfjorden
Lysefjorden
Sandsfjorden
Nedstrandsfjorden
Boknafjorden
Hardangerfjorden, Tyssedal
Hardangerfjorden, Ullensvang
Fensfjorden
Masfjorden
Sognefjorden
Davikfjorden
Hundvikfjorden
Innvikfjorden
Vanylvsfjorden
Syvdsfjorden
Storfjorden 1
Storfjorden 2
Geirangerfjorden
Romsdalsfjorden
Langfjorden
Tingsvollfjorden
Freifjorden
Talgsjøen
Trondheimsfjorden
Beistadfjorden
Tosenfjorden
Bindalsfjorden
Vefsnfjorden
Ranafjorden
Glomfjorden
Follafjorden
Ofotfjorden

Date
9 November
8 November
8 November
7 November
7 November
7 November
7 November
6 November
12 November
13 November
13 November
13 November
13 November
15 November
15 November
20 November
20 November
21 November
24 November
24 November
24 November
25 November
26 November
26 November
26 November
26 November
29 November
30 November
1 December
1 December
2 December
3 December
4 December
16 December
15 December
14 December
13 December
11 December
8 December
10 December

Latitude (North)
59851.27
59838.38
59828.03
59800.75
59806.36
59801.33
58850.75
58844.26
58855.66
59800.20
59830.64
59818.73
59809.99
60807.29
60819.51
60845.70
60852.02
61808.52
61854.63
61852.22
61849.22
62808.09
62810.99
62824.73
62826.74
62805.48
62840.76
62843.55
62856.41
63801.03
63808.90
63837.24
63855.12
65810.19
65810.31
65851.52
66815.07
66849.10
67833.03
68816.34

Longitude (East)
10844.36
10837.50
10828.75
10803.71
9837.05
9844.81
9827.07
9815.34
5846.53
6816.54
6815.41
5856.80
5833.11
6832.87
6838.00
5814.44
5821.95
5849.92
5834.78
5855.21
6826.70
5820.99
5839.24
6826.19
6850.06
7803.88
7804.95
7845.27
8807.08
7850.80
7852.16
9846.97
11802.57
12837.81
12818.74
13810.52
13844.39
13837.05
14846.42
15850.72

Bottom depth (m)
73
194
196
117
89
107
131
183
242
454
422
691
574
150
353
594
471
1258
576
358
436
254
375
402
669
185
471
353
308
135
327
600
239
525
699
151
425
372
487
608

Distance is the approximate distances from station 1102.

the Norwegian coast (Table 1, Figure 2) between 588N and 688N
during a cruise with RV “Håkon Mosby” in the period from 6
November to 16 December 2008. This period of the year was
chosen to minimize the effect from phytoplankton on light attenuation. Depending on the bottom depth (Table 1), 6–12 water
samples were collected between the surface and 700-m depth with
rosette mounted Niskin water collectors attached to a CTD system
(Seabird SBE 911). Absorbance on the unfiltered water samples
(Aun) was measured at 400, 420, 440, 450, 460, 480, 500, and
550 nm with a spectrophotometer (UV/VIS Spectrometer Lambda
2, Perkin Elmer). Absorbance readings were made for four subsamples placed in a 10-cm quartz cuvette that was acclimatized to
room temperature. Distilled freshwater purified with a Millipore
Simplicity 185 Water Purification System was used as blank
control. As in studies of light absorption (e.g. Højerslev et al.,
1996), I calculated a quantity (in units of m21) from the absorbance
readings; aun (l) = 2.303Aun (l)/0.1, where l is the wavelength. I
fitted the exponential function, aun(l) ¼ Ce2kl, to the observations
by log-linear regression (Bricaud et al., 1981). Here, C is a constant

and k is the spectral slope factor. Throughout the present study,
I use aun at 440 nm, which was obtained by insertion of l ¼ 440 in
the estimated regression equations. This wavelength was chosen
because it is approximately the midpoint of the waveband peak that
most classes of algae have in their photosynthetic action spectrum
(Kirk, 2011). Similar to the attenuation of downwelling irradiance,
K, the aun measurements are affected by scattering and absorption
from potential particles, such as phytoplankton, as well as from dissolved matter of the water samples. Thus, below I avoid to use the
notation of absorption (a) and instead use Kp to emphasize that the
measurements are used as an “approximation” for the attenuation coefficient (K) for downwelling irradiance (at 440 nm), i.e. K ≈ Kp ¼
aun(440). This approximation ignores that K is an apparent optical
property that depends on the angular distribution of the underwater
light field. The ability of the proxy, Kp, to predict measured light
penetration is tested for a NAW and a NCW location (see below).
Dissolved oxygen was determined from the water samples by a
standard Winkler technique, and salinity was obtained from the
CTD system simultaneously with the collection of water. Water
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Station number
1102
1100
1099
1097
1095
1094
1092
1091
1103
1105
1110
1111
1112
1114
1115
1120
1123
1127
1128
1129
1130
1133
1141
1145
1146
1148
1151
1154
1157
1160
1162
1163
1166
1205
1202
1196
1191
1185
1175
1184

2044

D. L. Aksnes
Table 2. Symbols used in the text.
Aun
m21
mg m23

nm
m21
m21
m21
m21

KNAW

m21

Kloc

m21

KOxy¼0 m21

Figure 2. The Norwegian Atlantic Current (NWAC) transports saline
NAW into the Norwegian Sea, whereas the NCC transports less-saline
NCW northwards along the Norwegian coast. The shaded area
indicates the area covered by the stations listed in Table 1.

NAW
NCC
NCW
Oxy
ml l21
Oxymax ml l21

samples (100 ml) were also filtered through 0.45 mm Sartorius
filters, and the filters were frozen for later determination of Chl a
by the use of acetone extraction (Holm-Hansen et al., 1965).

Sal

Model used in estimation

areas. The present study includes hypoxic fjord basins and it is
hypothesized that bacterial degradation of particulate organic
matter produces local light attenuating DOM in proportion with
the removal of dissolved oxygen. Such relationship between light attenuation and AOU is parameterized as follows: for a water mass high
in dissolved oxygen (Oxy ¼ Oxymax), Kloc ¼ 0 is assumed. When
Oxy , Oxymax, Kloc is assumed to increase linearly with the decrease
in Oxy, i.e. Kloc ¼ (1 2 h)KOxy¼0, where h ¼ Oxy/Oxymax and
KOxy¼0 is the hypothetical non-phytoplankton light attenuation of
water without dissolved oxygen. Equation (3) then becomes:

The chlorophyll concentrations were generally low (see below), but
chlorophyll (Chl) will nevertheless affect the proxy for light attenuation Kp. I apply the following model:
Kp = Knon + f (Chl),

(2)

where Knon is the non-phytoplankton light attenuation and f (Chl)
the attenuation from algal cells (see Table 2 for a summary of symbols).
I assume that the water samples of NCW are a mixture of two
end-member water masses; oceanic water (NAW) and freshwater
(FW). Furthermore, it is assumed that Knon is determined by the
mixing ratio of the two water masses and the respective nonphytoplankton attenuations, KNAW and KFW, according to:
Knon = gKNAW + (1 − g)KFW + Kloc ,

(3)

where g and 1 2 g are the fractions of NAW and FW, respectively (as
given by salinity, see below). This model is similar to conservative
mixing of, e.g. CDOM of two end-member water masses, which
gives rise to a negative linear relationship between CDOM absorption and salinity (Aarup et al., 1996; Kowalczuk et al., 2003;
Stedmon and Markager, 2003; Nelson and Siegel, 2013). Equation
(3) is a simplification since the freshwater sources and their content
of persistent light attenuating substances are diverse and include
many different riverine inputs to the Baltic Sea, the North Sea, as
well as directly to the NCW. The third term of Equation (3), Kloc, is
introduced to reflect locally produced non-phytoplankton light attenuating substances from heterotrophic activity. Previous oceanic
(Yamashita and Tanoue, 2008; Nelson and Siegel, 2013) and fjord
(Aksnes et al., 2009) studies suggest that heterotrophic consumption
of dissolved oxygen, i.e. apparent oxygen utilization (AOU, Nelson
and Siegel, 2013), might serve as proxy for light absorption in some

Knon = gKNAW + (1 − g)KFW + (1 − h)KOxy=0 .

(4)

Estimation of model parameters
The salinity of the NAW end-member is set equal to the highest salinity (35.2) observed in the present study and the salinity of FWendmember is set to zero. Then, g ¼ Sal/35.2, where Sal is the salinity of
the water sample in question. Similarly, Oxymax is set equal to the
highest dissolved oxygen concentration in the dataset (7.1 ml l21)
and consequently h ¼ Oxy/7.1.
The water samples were collected during a period of presumably
low biological productivity (November and December), but Chl a
was present (average 0.23 and s.d. 0.49 mg m23) particularly in
the southernmost locations (see the “Results” section). Out of
the 375 samples, 324 contained concentrations less than
0.5 mg m23 and 26 samples had concentrations on the range 1 –
3.6 mg m23. The effect of chlorophyll on K is known to be nonlinear (Morel and Maritorena, 2001). To keep the number of parameters to be estimated low, however, I assume that the effect of
chlorophyll (Chl) on Kp is linear and Equation (2) becomes Kp ¼
Knon + k3Chl. Combination with Equation (4) and elimination of
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aun
Chl
FW
g
h
L
K
Kp
Knon
KFW

Observed light absorbance of unﬁltered water
samples
Light absorption of unﬁltered water samples
Concentration of chlorophyll a
Freshwater draining to NCW
Fraction of NAW in NCW (¼Sal/35.2)
¼ Oxy/7.1
Wavelength
Attenuation coefﬁcient for downwelling irradiance
Proxy for K [Kp ¼ aun(440)]
Non-chlorophyll light attenuation coefﬁcient
Non-chlorophyll light attenuation of the FW
source
Non-chlorophyll light attenuation of the NAW
source
Non-chlorophyll light attenuation of local
substances
Non-chlorophyll light attenuation associated with
no dissolved oxygen
North Atlantic Water
Norwegian Coastal Current
Norwegian Coastal Water
Dissolved oxygen concentration
The maximal dissolved oxygen in the dataset
(7.1 ml l21)
Salinity
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g and h by insertion of g ¼ Sal/ 35.2 and h ¼ Oxy/7.1 provide the
following model:
Kp = k0 + k1 Sal + k2 Oxy + k3 Chl,

(5a)

where k0, k1, and k2 are:
k0 = KFW + KOxy=0 ,

(5b)

KNAW − KFW
,
35.2

(5c)

−KOxy=0
.
7.1

(5d)

k1 =

k2 =

Observed and predicted light penetration in pre-bloom
NAW and NCW
Measurements of underwater irradiance (Trios RAMSES ACC
hyperspectral radiometer), salinity, dissolved oxygen, and fluorescence in NCW and NAW were available from two field studies. In
the first, measurements were taken at a coastal location (60.418N
5.108E, 9 February 2010) during a cruise with RV “H. Mosby”.
The second included measurements from a cruise with RV “G.O.
Sars” at a station in the Norwegian Sea (65.038N 0.518W, 7 May
2013). The observed light penetration was compared with that predicted from the proxy, Kp. Values for Kp as a function of depth were
obtained from Equation (5a) by use of observed depth distributions
of salinity, dissolved oxygen, and chlorophyll as input. The predicted irradiance, E, as a function of depth (z) was calculated:
z
E = E0 exp(−

Kp (s) ds).

(6)

0

Here, E0 is the irradiance just below the surface and s is an integration variable accounting for the observed non-uniform depth distributions of Kp (being a function of salinity, dissolved oxygen, and
chlorophyll).

Results
The variations in salinity, oxygen, and chlorophyll accounted for
62% (R ¼ 0.79) of the observed variation in the light attenuation
proxy, Kp, and the statistical effects of all three variables were significant (Figure 3 and Table 3). Increases of 0.041 + 0.003 and 0.032 +
0.004 m21 in Kp are associated with a 1 PSU drop in salinity and a
1 ml l21 drop in dissolved oxygen, respectively (Table 3). The estimated effect of chlorophyll corresponds to an increase of 0.073 +
0.011 m21 for an increase of 1 mg Chl a m23 (Table 3). The estimated non-phytoplankton light attenuation of the freshwater
source was KFW ¼ 1.47 + 0.05 m21. The corresponding value for
the North Atlantic source water was KNAW ¼ 0.03 + 0.07 m21.
Overall, the observed Kp tends to decrease with latitude and
depth (Figure 4), and this pattern is also well reflected by the
model predicted Kp (Figure 5a). Figure 5b –d illustrates how the predicted Kp is associated with variations in chlorophyll, salinity, and
dissolved oxygen, respectively. Except for the surface water of the
southernmost locations, chlorophyll concentrations were generally

Figure 3. Model predicted vs. observed Kp at 440 nm. The model
predictions are: Kp ¼ 1.70 + 0.073 Chl 2 0.041Sal 2 0.032Oxy, r ¼
0.79, p , 1025, n ¼ 375 (Table 3). Dotted lines represent 95% CI.

Table 3. Statistical effects of salinity, oxygen, and chlorophyll on Kp
(440 nm) estimated with multiple regression analysis according to
the model in Equation (5).
Coefﬁcient and unit
k0 m21
k1 m21(PSU) 21
k2 m21(ml O2 l21) 21
k3 m21(mg Chl a m23) 21
KOxy¼0 m21
KFW m21
KNAW m21

Estimates
1.70 + 0.09
20.041 + 0.003
20.032 + 0.004
0.073 + 0.011
0.23 + 0.03
1.47 + 0.05
0.03 + 0.07

b
20.62 + 0.04
20.27 + 0.03
0.27 + 0.04

All effects were statistically signiﬁcant (p , 1025). The multiple R was 0.79.
The b is the regression coefﬁcient that is obtained when all variables are
standardized to a mean of 0 and an s.d. of 1. This coefﬁcient compares the
relative contribution of each independent variable (salinity, dissolved oxygen,
and Chl a) in the prediction of Kp. The indicated uncertainties are + standard
error. The estimates are based on 375 records where the ranges of the
variables were Kp 0.03– 1.4 m21 (mean 0.18), salinity 16.6–35.2 (mean 33.4),
chlorophyll 0.0—3.6 mg Chl a m23 (mean 0.23), and dissolved oxygen 0.1 –
7.1 ml l21 (mean 5.21).

low and therefore accounted for a small part of the variations in Kp in
the model (Figure 5b). The variations in salinity accounted for the
largest variations in Kp (Figure 5c), except for some intermediate
and large depths where variations in oxygen, particularly in the
south, accounted for the largest part of the variations in Kp
(Figure 5d).
The derived model was verified by measurements obtained at an
NCW and an NAW location (Figure 6). Light penetrations, standardized as the fraction of observed irradiance at 2-m depth, are shown
in Figure 6a. The sensitivity of the radiometer allowed irradiance
measurements down to 80 m at the NCW location and to 170 m
in the clearer NAW location. Linear regression analysis on the
ln-transformed irradiances (not shown in Figure 6a) gave attenuation coefficients (K) of 0.182 m21 (s.e. ¼ 0.002, r 2 ¼ 0.99, n ¼
17) and 0.0600 m21 (s.e. ¼ 0.0007, r 2 ¼ 0.99, n ¼ 22) for the
NCW and the NAW location, respectively.
The light penetration [Equations (5) and (6)] predicted from the
observed distributions of salinity (Figure 6b), dissolved oxygen
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Estimates of k0, k1, k2, and k3 were obtained by fitting Equation (5a)
to the observations of Kp, Sal, Oxy, and Chl. This equation corresponds to a linear multiple regression model and the software
Statistica was applied. Estimates of KNAW, KFW, and KOxy¼0 were
obtained by solving Equations (5b) –(5d).
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Implications of variation in the non-phytoplankton light
attenuation of NCW
Figure 4. Observations of Kp at 440 nm as a function of latitude and
depth. One observation, Kp ¼ 1.38 m21 (Figure 3), is outside the scale
and not shown.
(Figure 6c), and fluorescence (Figure 6d) is shown by the lines in
Figure 6a. The average of the predicted attenuation coefficients
(i.e. Kp) are 0.185 and 0.064 m21 for NCW (0 –80 m) and NAW
(0– 170 m), respectively, which are close to the measured values.
The fluorescence measurements (Figure 6d) indicate chlorophyll
concentrations below 0.05 and 0.22 mg Chl a m23 at the NCW
and the NAW location, respectively. An estimate of the nonphytoplankton attenuation, Knon, is obtained by setting Chl ¼ 0
in Equation (5a):
Knon = 1.70 − 0.041Sal − 0.032Oxy.

(7)

This provides Knon values of 0.183 m21 and 0.054 for the NCW and
the NAW location, respectively.
The average salinity was 35.12 and 32.55 for NAW (upper 170 m)
and NCW (upper 80 m), respectively (Figure 6b). According to the
proxy model, 80% of the elevated Knon at the NCW location was
associated with the lower salinity, whereas the remaining 20% was
associated with lower dissolved oxygen at this location (Figure 6c).
The effect of chlorophyll on K has been estimated by Morel and
Maritorena (2001) and for 440 nm this effect corresponds to KChl ¼
0.11 Chl0.67. It should be noted that this expression also includes
effects of constituents other than chlorophyll like CDOM produced
by algal cells. Subtraction of this effect (insertion of average chlorophyll of the observed profiles in Figure 6d) from the measured
K values provides Knon values of 0.168 and 0.032 m21 for the
NCW and NAW location, respectively, which is lower than those
indicated by the proxy.

Discussion
The present study provides a model to estimate variations in the
non-phytoplankton light attenuation in coastal waters of Norway
in relation to the variations in salinity and dissolved oxygen.

If the depth of the euphotic zone is defined as the depth where 1% of
the surface light penetrates, the euphotic depth of NCW28 (i.e. salinity is 28) is 98 m shallower than in NAW35 (14 and112 m, respectively, Figure 7) for a water column devoid of chlorophyll and with a
dissolved oxygen concentration of 7 ml l21. According to the
assumptions underlying Figure 7 (see legend), the deepening of
the critical depth associated with a move from NCW28 to NAW35
is 427 m (from 61 to 488 m). Note, however, that the actual shoaling
in a bloom situation will also be affected by the phytoplankton
shading.
Elevated non-phytoplankton attenuation shoals the euphotic
zone and consequently also the phytoplankton and nutrient distributions (Urtizberea et al., 2013). This optical effect is strong and can
be quantified by the analytical expression for the steady-state nutricline depth (Zn); Zn ¼ 2ln(cK)/K [Equation (3) in Aksnes et al.,
2007], where c is a scaled quantity reflecting biological nutrient
uptake rate, vertical transport of the nutrient, and the actual definition of the nutrient concentration at Zn. For c ¼ 0.014 m (Figure 1
in Aksnes et al., 2007), nutricline depths corresponds to 16 and
182 m for the Knon values calculated for NCW28 and NAW35, respectively (Figure 7). This calculation is based solely on the
change in Knon and ignores the effect of phytoplankton self-shading.
Nevertheless, it illustrates that spatial variations in Knon are likely to
have large implications for the vertical distribution of nutrients in
NCW during the productive season.
The simple analytical sensitivity analysis in Figure 7 illustrates
that the largest variations (in meters) in euphotic depth, critical
depth, and nutricline depth are to be expected at salinity variations
in the upper range (i.e. between 34 and 35). This is in line with previous sensitivity analyses involving numerical ecosystem models
(e.g. Fasham et al., 1990; Urtizberea et al., 2013) showing that the
outcome of these models, particularly at small values of Knon (i.e.
close to pure water), is very sensitive to variation in Knon. This can
be illustrated by assumptions made by Sverdrup (1953). He
assumed values in the range 0.075 –0.10 m21 for his critical depth
estimates for the Norwegian Sea. A value of 0.05 m21, which
appears realistic for the NAW pre-bloom situation (see above), provides critical depths that are 50 –100% deeper than those indicated
by Sverdrup and will, for a given mixed layer depth, indicate earlier
spring bloom initiation than in Sverdrup (1953).
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Because the largest salinity variation is generally found in upper
water, salinity appears to be a useful proxy for Knon in the euphotic
zone. The largest variation in dissolved oxygen is normally found at
intermediate and large depths, i.e. where hypoxia is common, and
has been applied as proxy for the light conditions in the mesopelagic
zone (Aksnes et al., 2009). Salinity has previously been applied as
proxy for non-phytoplankton light attenuation in phytoplankton
modelling, e.g. in Florida shelf water (Walsh et al., 2003) and
in the Gulf of St Lawrence (Mei et al., 2010). These studies report
salinity coefficients, which corresponds to k1 ¼ 20.041 + 0.003
m21 PSU21 (Table 3), on the ranges 20.095 to 20.003 (for 443
nm) and 20.02995 to 20.01392 m21 PSU21 (for PAR). The
present study suggests that salinity also might be a useful proxy for
Knon in phytoplankton modelling in coastal waters of Norway.
Below, I discuss some implications of variation in Knon on the
euphotic depth, the critical depth, and the nutricline depth spanning
a salinity range from 28 to 35 (Figure 7).
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Figure 5. The model predicted Kp values at 440 nm [Equation (5a), estimated coefﬁcients in Table 3] as a function of latitude and depth (a), and
how much of these values that could be accounted for by chlorophyll (b), salinity (c), and dissolved oxygen (d).

Salinity as proxy for non-phytoplankton attenuation in
ecological modelling
According to Sarmiento and Gruber (2006) and Fujii et al. (2007),
most ecosystem models that have been developed to study the
ocean’s biogeochemical properties use simple formulations to describe light penetration. In such formulations (Sarmiento and
Gruber, 2006), K is often a function of the simulated phytoplankton
concentration added to the contribution from clear water (Kw) and
non-phytoplankton constituents (Kx), i.e. K ¼ Kw + Kx + kpP,
where kpP is the contribution from phytoplankton (Kw + Kx here

corresponds to Knon). The effect of pure water is often set close to
0.04 m21 for PAR, while, according to Sarmiento and Gruber
(2006), Kx is generally ignored. Some ecological modelling studies
do include the optical effects (and thereby Kx) of constituents
such as CDOM (Bissett et al., 1999; Fujii et al., 2007; Mouw et al.,
2012; Alver et al., 2014). A reason why the more advanced
bio-optical approaches are underrepresented in ecosystem models
is likely due to the difficulty and uncertainties in translating
model outputs accurately into optical properties. Given that there
exists a robust relationship between non-phytoplankton light
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Figure 6. Observed and model predicted light penetration (a) in NAW (65.038N 0.518W on 7 May 2013) and in NCW (60.418N 5.108W on 9
February 2010). Light penetration is given as a fraction; E(z)/E(2), where E(z) and E(2) are the observed downwelling irradiance at depth z and 2 m,
respectively. The model predicted light penetration was obtained by using Equation (5a) (estimated coefﬁcients in Table 3) and the observed
distributions of salinity (b), dissolved oxygen (c), and chlorophyll (d).

attenuation and salinity for certain areas (e.g. Walsh et al., 2003; Mei
et al., 2010), salinity proxies for non-phytoplankton attenuation are
likely to be useful. This is particularly true if assumption of invariant
Knon is the alternative. It should be noted, however, that there is no
universal relationship between the non-phytoplankton light attenuation and salinity and that Equation (7) has been derived specifically
for the pre-bloom situation in Norwegian coastal areas.

Latitudinal variations in non-phytoplankton light
attenuation
A large fraction (38%) of the variation in the light attenuation proxy
is not accounted for by the variations in salinity, oxygen, and chlorophyll (Table 3 and Figure 3). The measurements were obtained
between the surface and 700-m depth along a coastline that spans
2000 km (Table 1). Variation in attenuation properties of the
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terrestrial origin. Predictions based on climate change scenarios
suggest future increase in organic carbon in lakes and rivers in
Scandinavia (Larsen et al. 2011) and consequently to an increase in
the coefficient KFW of the mixing model. In that case, Knon increases
and is likely to cause shoaling and narrowing of NCW photic zones in
the coming years. In the words of Gran and Braarud (1935): “The
amount was so considerable that it seemed obvious that the detritus
essentially must lower the light supply of subsurface localities”.
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Sverdrup’s critical depth hypothesis, which has had an almost canonical status in biological oceanography, has recently been challenged as a universal explanation for the formation of oceanic spring blooms, and several alternative hypotheses have been proposed. Arguments pro and contra
alternative explanations have so far relied on theoretical considerations and purely observational data. In this paper, we propose that mesocosm
experiments with natural plankton communities could make important contributions to the resolution of the issue. We ﬁrst brieﬂy review the
foundations of the critical depth concept and derive an approximate relationship that relates optically scaled critical depth (¼“critical optical
depth”, i.e. the product of the light attenuation coefﬁcient and the critical depth) to light-dependent phytoplankton production in the mixed
surface layer. We describe how this relationship can be used to scale experimental mesocosms such that they reproduce ambient light conditions
of natural water columns from the surface down to the critical depth and beyond. We illustrate the power of the approach with a mesocosm study in
which we experimentally controlled the onset of the spring bloom of a lake plankton community through the manipulation of optically scaled
mixed-layer depth. This experiment may be the ﬁrst experimental demonstration of the critical depth principle acting on a natural plankton community. Compensation light intensity (¼minimum average mixed-layer light intensity required to trigger a bloom of the ambient plankton community) could be constrained to be somewhat above 3.2 moles PAR m22 d21, corresponding to a critical optical depth of 10.5. We compare these
numbers to estimates from marine systems and end with a discussion of how experiments could be designed to (i) more accurately determine the
critical depth in a given system and (ii) resolve among competing hypotheses for vernal bloom onset.
Keywords: compensation light intensity, critical optical depth, dimensional analysis, mesocosm experiment, phytoplankton spring bloom, scaling.

Introduction
Phytoplankton blooms are regular and often spectacular phenomena in many lakes, estuaries, coastal seas, and oceanic regions.
Most prominent is the spring bloom, which is an annual occurrence
in most freshwater and many marine systems above 458 latitude. It is
commonly believed that the spring bloom is triggered by a combination of biotic and abiotic factors creating an opportunity for phytoplankton to temporarily outgrow grazing losses. These factors
include an extended period of declining phytoplankton and grazer
densities during fall and winter, a nutrient pulse created by deep,
convective mixing of the water column during fall overturn, and a
subsequent increase in light availability in the mixed surface layer
caused by seasonally increasing surface irradiation and concomitant
# International

thermal stratification and shallowing of the surface layer. The above
components are widely agreed upon cornerstones of conceptual
models such as the Plankton Ecology Group model of seasonal
plankton succession in freshwater ecology and the critical depth
concept in biological oceanography (Sverdrup, 1953; Sommer
et al., 1986, 2012a; Siegel et al., 2002).
Phytoplankton spring blooms make large contributions to
annual primary and secondary production and to biogeochemical
processes such as the biological carbon pump (Körtzinger et al.,
2008; Chassot et al., 2010; Martin et al., 2011). Much effort has therefore been directed towards the study of spring blooms. In a recent
review, Behrenfeld and Boss (2014) highlight three mechanisms
that can trigger a spring bloom: (i) the critical depth hypothesis,
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In the context of this manuscript, we define a spring bloom as a
vernal increase in the volumetric density of phytoplankton in the
mixed surface layer, the depth zmix of which may vary over time
[note that this definition deviates from the area-based definition
used in the dilution-recoupling hypothesis (Behrenfeld, 2010)].
Sverdrup’s critical depth hypothesis for spring bloom initiation
builds on three explicit assumptions: (i) turbulent mixing is
strong enough to evenly distribute the plankton within the mixed
surface layer; (ii) phytoplankton growth within the mixed surface
layer is not limited by nutrients and is linearly dependent (with
slope a) on the ambient photon flux density I(z) of PAR at depth
z; (iii) the light attenuation coefficient K is constant within the
mixed surface layer. An obvious fourth, but implicit, assumption
is that a bloom can only develop when specific growth exceeds specific losses R. Losses were not specified by Sverdrup but must reasonably encompass all loss processes including density and mixing
depth-dependent processes such as grazing, sinking, and dilution
in a deepening mixed layer. Under these assumptions, the specific
rate of change of phytoplankton biomass density P in the mixed
surface layer is described by
1 dP
a
=
P dt zmix

zmix

I(z) dz − R = aImix − R,

(1)

0

where Imix = aI0 (1 − e−Kzmix )/(Kzmix ) is average PAR in the mixed
surface layer and I0 is incident PAR at the water surface, averaged
over a day–night cycle (see Table 1 for an overview of symbols,
units, and descriptions) . Sverdrup hypothesized that the phytoplankton net rate of change is negative under conditions of winter
mixing but would eventually turn positive (and initiate a bloom)
when incident radiation I0 increases and depth of the mixed
surface layer zmix becomes shallower as the season progresses.
From Equation (1) follows that initiation of a bloom (dP/dt . 0)
requires thatzmix /(1 − e−Kzmix ) ,aI0 /(KR), which during winter
mixing (when Kzmix is large and e−Kzmix approaches zero) is well
approximated by
zmix ≈ zcr ,

aI0
,
KR

(2)

Table 1. Deﬁnition of symbols used in model equations.
Commonly used
Symbol units
a
m2 (mol photons)21

Description
Speciﬁc growth coefﬁcient of
phytoplankton
Photosynthetically active radiation
(PAR)
Daily mean incident PAR at water
surface
Compensation irradiance
Daily mean PAR in mixed surface layer
Light attenuation coefﬁcient
Phytoplankton biomass density

I

mol photons m22 d21

I0

mol photons m22 d21

Ic
Imix
K
P

mol photons m22 d21
mol photons m22 d21
m21
g carbon m23 or
mg chl a m23
21
d
Daily mean speciﬁc loss rate of
phytoplankton
m
Depth below water surface
m
Critical depth
m
Depth of mixed surface layer

R
z
zcr
zmix
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which proposes that vertical mixing of the surface layer must stay
above a critical depth beyond which phytoplankton has negative
growth because of light limitation (Sverdrup, 1953); (ii) the critical
turbulence hypothesis, which proposes that surface blooms can be
triggered in the absence of significant vertical density gradients
when turbulent vertical transport is weak (Huisman et al., 1999;
Taylor and Ferrari, 2011), and (iii) the dilution-recoupling hypothesis, which proposes that winter mixing stays above the critical depth
and that the bloom onset is triggered during autumn and winter
mixing by a decrease in grazing pressure when phytoplankton
become diluted in the deepening mixed layer (Behrenfeld, 2010).
Although the critical depth hypothesis has had an almost canonical
status in biological oceanography for decades, recent studies have
cast doubt on its legitimacy as a universal explanation for the occurrence of oceanic spring blooms (Behrenfeld, 2010; Taylor and
Ferrari, 2011). The latter has spurred controversy that needs to be
resolved (Chiswell, 2011; Behrenfeld and Boss, 2014; Fischer et al.,
2014). In this paper, we propose that carefully designed experiments
can make important contributions to the resolution of this issue.
Oceanography has a long history of studying vernal phytoplankton blooms based on observation. Over recent decades, the geographical and temporal coverage of observation has reached
unprecedented levels with the advent of remote sensing from satellites (Behrenfeld et al., 2006; Henson et al., 2009; Boyce et al., 2010).
In combination with data-driven mathematical modelling of ocean
physics and mixed-layer climatology, this wealth of data has been
used to descriptively parameterize elements of the critical depth
hypothesis and/or to find support for alternative bloom explanations (Siegel et al., 2002; Behrenfeld, 2010; Taylor and Ferrari,
2011). Large-scale, high-resolution data and coupled biogeochemical-physical ocean models are clearly indispensable to the accurate
description of blooms and to the validation of potential mechanisms explaining their occurrence (or absence!). Yet, when it comes
to discriminating among competing ecological hypotheses,
nothing is more compelling than evidence from carefully designed
field experiments (Hairston, 1989). Although spring bloom formation has been studied experimentally at the community level in some
marine systems (e.g. Sommer et al., 2012b), to our knowledge, the
critical depth concept has not yet been explicitly addressed with
field experiments.
Irrespective of which hypothesis correctly describes the mechanisms underlying spring bloom formation, the “concept” of a critical
depth is clearly relevant to the resolution of the issue. It would therefore be extremely useful if the critical depth in a given field situation
could be experimentally determined. In this paper, we describe how
appropriately designed mesocosm experiments with ambient plankton communities can be used to accomplish this goal. We first briefly
review the foundations of the critical depth concept and derive an approximate relationship that relates optically scaled critical depth to
light-dependent phytoplankton production in the mixed surface
layer. We describe how this relationship can be used to scale experimental mesocosms such that they reproduce ambient light conditions
of natural water columns from the surface down to the critical depth
and beyond. We illustrate the power of the approach by briefly summarizing a decade of relevant experiments from our own lab and by
describing in detail a mesocosm study in which we experimentally
controlled the onset of the spring bloom through the manipulation
of optically scaled mixed-layer depth. We end with a discussion of
how experiments could be designed to most accurately measure the
critical depth as well as to resolve among alternative hypotheses for
vernal bloom onset.
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An experimental demonstration of the critical depth principle
where zcr is the critical depth, i.e. the maximum depth of the mixed
surface layer that allows for positive phytoplankton growth. Inequality
(2) can be rearranged and expressed in terms of an optically scaled,
dimensionless critical depth Kzcr as
Kzcr ,

aI0 I0
= ,
R
Ic

(3)

An experimental system of optically deep mesocosms
For over a decade, our lab has performed field experiments in which
we studied the influence of optically scaled mixed water column
depth on phytoplankton and zooplankton dynamics in mesocosms.
Common to most experiments were the following design features.
(i) The experiments were performed in Lake Brunnsee, a small,
deep, oligotrophic clear-water lake close to the University of
Munich’s Limnological Research Station at Seeon 90 km east of
Munich, Germany. Lake Brunnsee has a maximum depth of 19 m,
total phosphorus concentrations are year-round ,0.3 mM, while
concentrations of dissolved inorganic nitrogen and silicon exceed
70 mM each, and Secchi depth ranges from 7 to 15 m.
(ii) Mesocosms consisted of cylindrical plastic bags made from
transparent Tricoron (RKW Wasserburg, Germany). Mesocosms
had an inner diameter of 0.95 m, were sealed at the bottom but
open to the atmosphere (and thus exposed to direct sunlight), and
were suspended from a wooden frame attached to a raft such that
they extended 0.2 m above the lake surface (Figure 1). Mesocosms
were made optically deep by surrounding them with light absorbing
silage film. Depending on the pigmentation of the silage film the
light attenuation coefficient inside a mesocosm could range from
0.77 [white, slightly translucent silage film, Diehl et al. (2002)] to
1.3 m21 (black, opaque silage film, this study). For comparison,
the attenuation coefficient in the lake typically ranges from 0.25 to
0.45 m21.
(iii) At the beginning of each experiment, all mesocosms were
filled with 30 –50 mm filtered lake water containing the natural community of phyto- and microzooplankton but excluding crustaceans.
In some experiments, we deliberately excluded the latter group to
keep grazing pressure on phytoplankton low. In other experiments,

A glance on 10+ years of experimental manipulations of
mixed water column depth
Early experiments performed in the described mesocosm facility
focused on long-term (equilibrium) responses of late summer
phytoplankton communities to mixed water column depth. Very
generally, these experiments corroborate theoretical predictions
about the influence of mixed-layer depth on light vs. nutrient limitation of phytoplankton (Diehl, 2002; Huisman and Sommeijer,
2002; Berger et al., 2006; Jäger et al., 2010) and support oceanographic theory on the influence of mixed layer deepening in different oceanic regions (Le Quéré et al., 2003; Doney, 2006). Specifically,
we found that steady state phytoplankton biomass has a maximum
at an intermediate mixed-layer depth. Biomass decreases towards
both deeper mixed layers where light limitation becomes increasingly severe (as in high-latitude oceans during winter) and towards
shallower mixed layers where algal sinking losses and concurrent
nutrient depletion become increasingly important (as in tropical
oceans) (Diehl et al., 2002, 2005; Ptacnik et al. 2003).
The above experiments support a body of process oriented
theory that does not only explain equilibrium responses of phytoplankton to mixed-layer depth but is equally relevant to the formation of transient blooms. In subsequent experiments, we have
therefore focused on seasonal plankton dynamics under spring conditions. Because water columns are nutrient replete at the onset of
spring, phytoplankton concentrations during transient spring
peaks are predicted to be the higher the shallower the mixed layer
(i.e. at higher average mixed-layer PAR), except for extremely
shallow layers where sinking losses are so high as to very rapidly
deplete nutrients (Jäger et al., 2008a). In accordance with these predictions, spring peak heights of both phytoplankton and zooplankton were found to decrease over realistic ranges of increasing
mixed-layer depth (Berger et al., 2007, 2010, 2014). Also in accordance with theory (Jäger et al., 2008a; Peeters et al., 2013),
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where Ic is the compensation irradiance, i.e. the PAR intensity at which
production equals losses defined by aIc 2 R ¼ 0 (note that this differs
from the physiological definition of a compensation irradiance which
includes phytoplankton respiration as the only loss process). Equation
(3) contains three physical variables (I0, K, zmix) that are relatively easy
to measure (though different authors may use different operational
definition of zmix) and two biological variables (a and R, or their ratio
R/a ¼ Ic) that are notoriously difficult to constrain. Consequently,
empirical estimates of the compensation irradiance Ic differ by more
than an order of magnitude (Smetacek and Passow, 1990; Townsend
et al., 1992), which likely reflects both real spatial and temporal variation
in a and R but also an inability to accurately determine compensation
depth from purely observational data.
The concept of an optical depth is well established in phytoplankton ecology (Reynolds, 1984; Kirk, 1994). We emphasize it here
because extending it to the definition of a “critical optical depth”
(Kzcr, Equation 3) opens up for the possibility of determining critical depths experimentally by use of optically scaled mesocosms. In
the following sections, we first describe such an experimental system
that we have used for the manipulation of optical depth in several
field experiments and briefly highlight a few relevant results from
these studies.

we subsequently re-stocked mesocosms with crustacean grazers.
In most experiments, we fertilized mesocosms with an initial
pulse of 0.25 –1 mM inorganic phosphorus to mimic nutrient
replete spring conditions and/or accentuate response patterns.
(iv) The total vertical extent of a mesocosm could range from 1 to
15 m depending on the experiment. Depth of the mixed water
column inside a mesocosm was controlled by intermittently
blowing compressed air to the desired depth using battery driven
compressors. Depending on the question, we either mixed the
entire water column inside a mesocosm or only its upper part
(Figure 1, left panel).
(v) Mixing was highly effective but produced temperature differences between treatments differing in mixing depth (Diehl et al.,
2002), because more deeply mixed water columns extend deeper
into colder parts of the thermally stratified lake. To manipulate
mixed-layer depth independently of temperature, we surrounded
mesocosms by a large, permanently mixed outer bag (Figure 1).
Mesocosms suspended inside this destratified water bath have identical mixed-layer temperatures and exhibit negligible vertical temperature gradients in non-mixed parts of the water column (e.g.
Jäger et al., 2008a, b). Because the destratified water bath takes on
the average, depth integrated temperature of the surrounding stratified lake, water temperatures in shallow mixed layers differ between
mesocosms inside and outside the water bath. We exploited this in
several experiments in which we manipulated temperature independently of mixing depth (Figure 1, Berger et al., 2007, 2010,
2014, this study).
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phytoplankton grew faster and reached the peak of the spring bloom
earlier the shallower the mixed layer (Berger et al., 2007, 2010, 2014).

An experimental demonstration of the critical depth
principle
In this section, we describe a mesocosm study that explored the
effects of water temperature and the timing of stratification on
spring plankton dynamics by independently manipulating both
factors. Specifically, we cross-classified (i) early and late water
column stratification with (ii) ambient and reduced water temperature (Figures 1 and 2). Incidentally, this study provides an experimental demonstration of the critical depth principle and
illustrates how the optically scaled critical depth can be estimated
for a natural plankton community. Note, however, that estimation
of the optically scaled critical depth was not the primary purpose
of this experiment and that we would target the latter with a different
experimental approach (described in the “Discussion” section).
Below, we describe the experimental and analytical methods and
the observed treatment effects, with special emphasis on the
timing of the phytoplankton spring bloom and its quantitative relationship with mixed-layer light climate.

Methods
The experimental protocol followed the general recipe described
above. Below, we emphasize additional details that are specific to
this experiment. The mesocosm facility was set up in Lake
Brunnsee in April 2006 soon after ice-out. At this time, the phytoplankton community was dominated by small centric diatoms
(Cyclotella sp.) and cryptophytes (Rhodomonas minuta). On 16
April, when the lake had just started to thermally stratify, a total of
12 mesocosms (3 replicates per treatment) was filled with
ambient, 30 mm filtered lake water containing the natural community of microplankton but excluding larger mesozooplankton.
Mimicking natural recruitment from overwintering resting eggs,

Figure 2. Temporal development of (a) daily mean water temperature
in the mixed layers of the four different treatments and (b) of estimated
daily PAR. Shown are 3-d running means of incident PAR at the water
surface and of depth-averaged PAR [¼Imix in Equation (5)] in mixed
layers of 3- and 10-m depth, respectively. Dashed vertical lines indicate
the onset of “late” stratiﬁcation on day 22.
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Figure 1. Schematic drawing of the experimental set-up. Shown is one mesocosm of each treatment and the compressed air system used to mix the
mesocosms to the desired depths. The lake stratiﬁed thermally at 3– 4-m depth. “Ambient” mesocosms were placed directly in the lake. “Cold”
mesocosms were placed inside a well-mixed outer water bath with 38C colder water compared with the surface layer of the lake. “Early”
stratiﬁcation treatments were well mixed down to 3 m and stratiﬁed below from day 1 onward. “Late” stratiﬁcation treatments were well mixed
down to 10 m until day 21 and stratiﬁed at 3 m thereafter. Dots (symbolizing air bubbles) indicate the well-mixed water masses. Horizontal hatching
indicates the stratiﬁed deepwater.
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I0 = [0.2468 + 1.1924o/c − 0.43791924(o/c)2 ]Q

(4)

where I0 is incident PAR at the water surface (mol PAR m22 d21),
o the observed sunshine hours, c the sunshine hours under a clear
sky, and Q is incident PAR under a clear sky (Qin et al., 2012).
Values for c and Q for the latitude of Lake Brunnsee were obtained
from solar radiation tables assuming that 50% of solar radiation is
PAR and that PAR energy converts to photon flux density as
4.56 mmol photons s21 W21 (McCree, 1972). Monthly solar radiation sums calculated from Equation (4) consistently overestimated
incident radiation by a factor of 1.26 –1.29 compared with (spatially
interpolated) monthly global radiation sums for the geographical
location of Lake Brunnsee (available at www.dwd.de/WESTE).
We therefore corrected our estimates of daily PAR by a factor 1/
1.28. Incident PAR was converted to depth-averaged PAR in the
mixed layer Imix as
Imix = I0

1 − e−Kzmix
,
Kzmix

(5)

where optical mixed-layer depth Kzmix was 14.5 and 4.35 before and
after stratification, respectively. The time courses of incident PAR
and mixed-layer PAR are shown in Figure 2b.

Data analyses
We estimated the timing of the onset, peak, and end of the
phytoplankton spring bloom in each mesocosm by fitting a unimodal 6-parameter Weibull function to each chlorophyll a timeseries using the “cardidates” package in R (Rolinski et al., 2007;
R Development Core Team, 2014). The function allows for
non-zero baselines before the onset of the bloom and after its end
as well as for lagged and different slopes in the increasing and
decreasing sections (Figure 3). Neighbouring maxima were considered separate peaks only when the relative height of an intervening
pit was ,0.1 times the lower maximum. The beginning and end
of a bloom were determined separately for the periods before and
after the fitted peak (i.e. the left and right branch of the curve) as
the date of the 10% quantile of the area under the curve before the
maximum and the date of the 90% quantile of the area under the
curve after the maximum, respectively (Rolinski et al., 2007).
Effects of temperature (“ambient” and “cold”) and stratification
(“early” and “late”) treatments on the timing of the onset and the
peak of the bloom (as determined from the Weibull fits) were statistically analysed with two-factor analysis of variance (ANOVA) in R (R
Development Core Team, 2014). We also attempted to delineate a
bound to the compensation light intensity (Ic) by visually identifying
periods of zero phytoplankton net growth in each replicate and comparing them with concomitant estimates of average mixed-layer PAR.

Results
Phytoplankton dynamics
Similar to other experiments with stratified water columns (Berger
et al., 2010, 2014), water chemistry and phytoplankton indicated
that dynamics in the surface layer were unaffected by processes in
deeper water. We therefore report phytoplankton data only from
the mixed surface layer. The 6-parameter Weibull function gave a
very good to excellent fit to the chlorophyll a time-series (R 2 ≥
0.76, Figure 3). In “early” stratification treatments, phytoplankton
had a brief lag phase (likely caused by the initial disturbance of
pumping lake water into the mesocosms) but grew exponentially
within a week from the start of the experiment, reaching peak densities in weeks 3–4 (Figure 3, left panels). In contrast, chlorophyll
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mesocosms were stocked on 18, 24, and 30 April with small, equal aliquots of Daphnia hyalina (in total 0.3 ind. l21) that had been isolated
from the lake and pre-cultivated in the lab. Mesocosms extended
10 m below the water surface and were made optically deep by an
outer layer of light absorbing, black, opaque silage film. To enhance
the annual nutrient pulse following spring overturn, we fertilized all
mesocosms once with KH2PO4 to a total phosphorus concentration
of 0.8 mM P. Throughout the experiment, we logged water temperature in all mesocosms every 30 min at a depth of 15 cm.
A schematic drawing of the experimental set-up is given in
Figure 1. Before the start of the experiment, mesocosms were fully
mixed by intermittently blowing compressed air to their bottom
(5 min every 35 min). “Early” stratification was accomplished by
raising the outlet of compressed air from a depth of 10– 3 m on 18
April (day 1). “Late” stratification treatments were completely
mixed for another three weeks and stratified at 3 m on day 22
(Figure 1). On 3 May, we measured vertical profiles of PAR with a
spherical quantum sensor (LICOR LI-139SA) in all mesocosms
and calculated the light attenuation coefficient K as the slope of
linear regressions of log-transformed PAR against depth. In mesocosms that were close to starting conditions (2.3 mg chl a l21) K
was 1.3 m21, which yields values of optical mixed-layer depth
Kzmix of 13 before stratification and 3.9 thereafter. For comparison,
these values correspond to physical depths of 260 and 78 m, respectively, in water columns with a light attenuation coefficient of
0.05 m21, which is a typical value for the North Atlantic before
the onset of the spring bloom (Wroblewski, 1989; Henson, 2005).
The “ambient” temperature treatment consisted of mesocosms
that were freely suspended and thus exposed to the lake’s seasonal
temperature regime (Figure 2a). In contrast, mesocosms with
reduced temperature (hereafter “cold”) were placed inside a 12 m
deep, permanently mixed outer bag that served as a destratified
water bath. The latter took on the vertically averaged temperature
of the surrounding lake. Water temperatures in “cold” treatments
thus followed the seasonal temperature trajectory in the lake, but
once all mesocosms were stratified at 3 m, the mixed layers of the
“cold” treatments remained 38C colder than “ambient” mixed
layers throughout the rest of the experiment (Figure 2a).
The experiment was maintained for 84 d (until 10 July) to
allow for the typical seasonal sequence of a phytoplankton spring
bloom followed by a Daphnia peak and a clear-water phase
with low phytoplankton biomass. We sampled phytoplankton
and mesozooplankton twice weekly from the mixed surface layer
and, where applicable, at mid-depth from the stratified water
column below. Phytoplankton biomass was estimated as chlorophyll a concentration measured from in vivo fluorescence (TD
700, Turner Designs) of 250 mm filtered water immediately after
sampling. The abundance of mesozooplankton (almost exclusively
D. hyalina) was estimated from vertical hauls with a 55-mm plankton net. We also took vertical profiles of temperature, dissolved
oxygen, and alkalinity from the surface to 10-m depth about once
a week using a multiprobe LT1/T (WTW, Weilheim, Germany).
Knowledge of incident PAR is required to relate phytoplankton
dynamics to depth-averaged PAR in the mixed layer. Continuous
measurements of incident PAR are, however, not available for
Lake Brunnsee. We therefore estimated incident PAR for each day
of the experiment from daily sunshine hours recorded at Amerang
10 km to the west (www.dwd.de/WESTE) using the relationship
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concentrations remained constant during the first 3 weeks in the
“late” stratification treatments and did not start to increase until
the mesocosms were stratified on day 22 (Figure 3, right panels).
Chlorophyll concentrations in the “late” treatments peaked in
weeks 5–6. On average, the onset of the phytoplankton bloom
occurred 15 d earlier and the peak of the bloom occurred 12 d
earlier in “early” than in “late” stratification treatments (Figure 4;
ANOVA, effect of stratification timing, p ≤ 0.001). In “cold” treatments, the onset, but not the peak, of the bloom was slightly
delayed compared with “ambient” treatments (Figure 4; ANOVA,
effect of temperature, p ¼ 0.007 and p . 0.7, respectively).
At the time of the onset of the spring bloom, Daphnia densities
were still very low (,1 ind. l21) in all mesocosms. Average Daphnia
density before bloom onset was slightly higher in the treatment with
the earliest bloom onset (“ambient-early”, 0.55 ind. l21) than in the
remaining treatments (0.33 ind. l21; ANOVA, p ¼ 0.02). If grazing
had been significant, it should rather have delayed phytoplankton development, suggesting that the influence of grazing on bloom initiation was weak. Once phytoplankton blooms peaked (weeks 3–6),
Daphnia densities increased rapidly and subsequently reached own
peak densities .80 ind. l21 in weeks 7–10. The latter are likely responsible for the low chlorophyll levels during the second half of the
experiment (Figure 3). After the onset of stratification, very few
Daphnia were caught below the mixed surface layer. Further details
of the zooplankton dynamics will be described elsewhere.

Figure 4. Timing of (a) the onset and (b) the peak of the
phytoplankton spring bloom as estimated from the Weibull ﬁts in
Figure 3. Shown are means + 1 SE.

Phytoplankton growth in relation to the light and
temperature environment
Water temperature in the mixed surface layers of the “early” stratification treatments followed the temporal trends of incident PAR in
a dampened and time-lagged manner (Figure 2), fluctuating from
10.5 to 148C (“ambient early”) and from 9 to 10.58C (“cold
early”) during the period when the phytoplankton blooms occurred
(up to day 50). Due to a miscalculation, the outer bag surrounding
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Figure 3. Time course of phytoplankton biomass (as chlorophyll a concentration) in the mixed layers of individual “ambient” and “cold”
mesocosms that where stratiﬁed “early” (day 1, left panels) and “late” (day 22, right panels). Panels show data points (open squares), Weibull ﬁts
(solid lines), and R 2 values of the Weibull ﬁts. Filled circles indicate the estimated beginning, peak, and end of the bloom in each mesocosm. For
comparison, the date of late stratiﬁcation is indicated in all panels (dashed vertical lines). The period of deep mixing of the “late” stratiﬁcation
treatments is highlighted in grey.

An experimental demonstration of the critical depth principle

Discussion
Pelagic mesocosms provide a near natural environment in which
complex plankton communities can be maintained and manipulated for many weeks, while simultaneously enabling detailed monitoring of the pools and fluxes of the components under study
(Petersen et al., 2003). If properly designed and scaled, pelagic mesocosm experiments therefore allow strong inference on underlying
processes, scaling-up to larger ecosystems, and discrimination
among competing hypotheses (Petersen et al., 2009). Not surprisingly, the experimental study of plankton dynamics in mesocosms
has a long history in marine science (McAllister et al., 1961; Grice
et al., 1977; Davies et al., 1979; Banse, 1982). Yet, the use of mesocosms has been largely restricted to estuarine and sheltered ecosystems and has only very recently been added to the toolbox of
biological oceanography (Sommer et al., 2007; Riebesell et al., 2013).
Reasons for this absence are likely twofold. First, mesocosm
experiments in the open ocean pose severe technical and logistical
challenges. It is not until very recently that mesocosms have been
developed that withstand the mechanical strain exerted by waves
and currents in the open ocean (Riebesell et al., 2013). Moreover,
mesocosm experiments require continuous maintenance and frequent sampling and thus entail costly ship time if performed in
remote oceanic regions. Second, ocean stratification, productivity,
and biogeochemistry are all strongly affected by turbulent hydrodynamic forces acting at multiple spatial scales many times larger
than the enclosed systems under study (Falkowski et al., 1998;
McGillicuddy et al., 2007; Mahadevan et al., 2010). It may therefore
seem difficult to justify approaching large-scale phenomena such as

the North Atlantic spring bloom with costly experimentation on
enclosed, local communities. The latter is, however, in principle
no different from the general scaling issues inherent to all kinds of
mesocosm experiments, and methods such as dimensional analysis
are available to accommodate many of these issues (Perez et al.,
1977; Petersen and Hastings, 2001; Petersen and Englund, 2005).
For example, despite the complex, three-dimensional nature of
hydrodynamical forces in the ocean, the three hypotheses on mechanisms triggering vernal plankton blooms described in the introduction
do only include physical and biological structure in the “vertical” dimension (Behrenfeld and Boss, 2014). This means that principles of
vertical gradient compression (Petersen and Kemp, 2009) can be
applied to scale mesocosms that are used in experimental hypothesis
testing. We have already described how a deepwater light environment can be simulated in relatively shallow mesocosms and have
developed the concept of a “critical optical depth” from this
approach.
Our experimental estimate of the compensation light intensity Ic
of closely above 3.2 moles PAR m22 d21 for the plankton community of Lake Brunnsee in spring 2006 is similar to Riley’s (1957) classical estimate of 3.5 moles PAR m22 d21 for the Sargasso Sea
[recalculated by Siegel et al. (2002)] and consistent with a mesocosm
study in which an experimental doubling of the ambient
mixed-layer light dose from 2 to 4 moles PAR m22 d21 triggered
a bloom of a Baltic Sea plankton community (Sommer et al.,
2011). It is also within the range of local (18 by 18 grid cell) estimates
of Ic for the North Atlantic spring bloom in 1998–2000 calculated
from satellite data and oceanic climatologies (Figure 1d in Siegel
et al., 2002) but about a factor 2 –3 higher than regionally averaged
estimates (Siegel et al., 2002).
We emphasize that, compared with the many assumptions that
go into the estimation of local compensation light intensities from
satellite data, our experimentally determined estimates are likely
more reliable. In particular, the physical mixing depths and the
dates of the onset of the phytoplankton bloom could be almost
exactly determined in each experimental mesocosm. Yet, perhaps
our method overestimates the true compensation light intensity.
Incident radiation at the water surface was probably lower inside
than outside the mesocosms, because the opaque, black walls
extended 0.2 m above the water surface. Second, our vertical light
measurements did not take into account horizontal light gradients
inside the mesocosms. We attempted to measure PAR at a central location of the mesocosm cross section, where light levels are typically
appreciably higher than close to walls. Although we did not gather
data to quantify these biases, it would be easy to do so.
Although our mesocosm study may be the first experimental
demonstration of the critical depth principle acting on a natural
plankton community, a precise estimate of the critical optical
depth (and thus Ic) was not the primary goal of the study. To that
end, we would suggest a gradient design that covers a broad range
of optical depth treatments. The reason is that near the critical
optical depth phytoplankton biomass and net growth rate are very
low and thus difficult to measure with precision. Instead, because
the relationship between gross primary production and average
PAR in the mixed surface layer Imix is approximately linear at the
onset of a spring bloom (Equation 1), the compensation light intensity can be estimated as the x-axis intercept of a regression of experimentally determined phytoplankton net growth rates vs. Imix. We
illustrate this with a hypothetical example of a mesocosm experiment performed under conditions similar to the onset of the
North Atlantic spring bloom (Figure 5). In the example we
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the “cold” treatments was only mixed to a depth of 7 m (instead of
11 m). As a consequence, mixed layers in “cold early” treatments
(3 m deep from day 1 on) were 1– 1.58C warmer than in “cold
late” treatments (10 m deep until day 21) during the first 3 weeks
of the experiment, but quickly converged in temperature after the
latter were stratified at 3 m on day 22 (Figure 2a).
Although these early differences in temperature slightly confound
the interpretation of the phytoplankton growth data, it is obvious that
the large differences in timing of the onset and peak of the spring
bloom between “early” and “late” stratification treatments were
primarily related to differences in light climate (Figures 2b and 4).
In the “early” stratification treatments, estimated mean PAR in
the mixed surface layer (Imix) was 10.22 moles m22 d21 before the
onset of the bloom (days 1–8) but dropped to an average value of
5.12 moles m22 d21 during a period of overcast (days 9–12,
Figure 2b). Despite this temporary reduction in PAR, phytoplankton
in “early” stratification treatments grew fast during this period and
had doubled to tripled by day 15 (Figure 3). In contrast, phytoplankton did not show any net growth in “late” stratification treatments
before stratification. Average PAR during this initial period of deep
mixing was 3.2 moles m22 d21 (days 1–21) but shifted to a value
of 9.67 moles m22 d21 on the day of stratification (day 22), triggering
an almost instant net growth response (Figures 2b and 3).
Together, these data suggest that an average mixed-layer photon flux
density of 3.2 moles m22 d21 was insufficient to trigger a phytoplankton
bloom, whereas a photon flux density of 5.12 moles m22 d21 allowed
for rapid growth. The compensation light intensity (Ic) of the plankton
community of Lake Brunnsee in spring 2006 can thus be estimated to be
somewhat above 3.2 moles PAR m22 d21. Using an average incident
PAR value of 33.5 moles m22 d21 (the mean for April 2006), this
yields an estimate of the critical “optical” depth [Kzcr, Equation (3)] of
the Lake Brunnsee community of somewhat below 10.5 in 2006.
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assume that an increase in chlorophyll a from an initial value
of 0.1 mg m23 to a concentration of 0.3 mg m23 is required to
yield sufficient measurement precision. Note that, since specific
production and losses (and thus bloom timing, Figure 4a) depend
on temperature, one must ensure that the experimental Imix gradient
does not co-vary with temperature.
The approach described in Figure 5 is exact only if phytoplankton
net growth is exponential over the measurement period. This
requires two things. First, the measurement period should be
short enough that specific losses R remain approximately constant.
Perhaps counter-intuitively, measurements of net growth taken
at Imix much higher than Ic are therefore likely to be more reliable
than ones taken near Ic (because it takes very much longer to
reach measurable phytoplankton biomass changes at low light
levels, Figure 5). Second, negative feedback from self-shading
should be minimal over the measurement period. The latter condition is well met in experimentally compressed light gradients, where
background light attenuation can be easily tuned to be 1 –2 orders of

magnitude higher than the contribution of phytoplankton selfshading. Note, however, that self-shading is significant in clear
oceanic waters. In other circumstances, the absence of feedback
from self-shading may therefore be a limitation of experimentally
compressed light gradients. For example, if the longer-term
balance of phytoplankton production vs. grazing losses is a study
focus (as would be relevant to the dilution-recoupling hypothesis),
insignificant self-shading may artificially allow phytoplankton to
outgrow more slowly changing grazing losses.
Looking forward, we suggest that mesocosm experiments should
be performed that can simultaneously address two or more of the
competing hypotheses for vernal spring blooms proposed by
Behrenfeld and Boss (2014). For example, it should be feasible to
test the principal working of the dilution-recoupling hypothesis
with experiments in (optically scaled) mesocosms in which
autumnal deepening of a mixed surface layer into a deepwater
mass is simulated, followed by simulated vernal re-stratification.
Observed plankton dynamics could be related to the critical depth
hypothesis by using control treatments without re-stratification or
a gradient of re-stratification depth treatments. Similarly, it
should be feasible to assess the relative influences of critical depth
and critical turbulence mechanisms on plankton dynamics by
using appropriately scaled optical depth and turbulence treatments.
For example, a finely tunable mixing mechanism can in principle be
scaled to any compressed light gradient such as to realistically mimic
natural PAR fluctuations experienced by phytoplankters in different
turbulence regimes (Sanford, 1997; Petersen and Kemp, 2009).
To be quantitatively most relevant to plankton blooms in the open
ocean, mesocosm experiments could be conducted in coastal regions
that harbour near oceanic water and plankton communities [see
Stibor et al. (2004) and Thingstad et al. (2008) for examples from
western Norway and Svalbard]. It is, however, also conceivable to
design ship borne systems. Although the construction of on-board
plankton towers may appear daunting (and likely pose challenges
to the simulation of low turbulence regimes), vertical ocean gradients
can be approximated on board with sets of linked, discrete compartments representing different depth strata (Petersen and Kemp, 2009).
The latter could be seeded with water and plankton from relevant depths and exposed to depth-specific light and temperature
regimes, while exchange rates between neighbouring compartments
could be tuned to simulate different turbulence regimes. Clearly,
there is much room for creative, hypothesis-driven experimentation
in mesocosms in biological oceanography, and we expect that such experimentation will yield crucial insights into the causes and consequences of oceanic plankton dynamics.
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Jäger, C. G., Diehl, S., and Emans, M. 2010. Physical determinants of
phytoplankton production, algal stoichiometry, and vertical nutrient fluxes. American Naturalist, 175: E91– E104.
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Aim of this study was to expose phytoplankton to growth conditions simulating deep winter convection in the North Atlantic and thereby to assess
changes in physiology enabling their survival. Growth rate, biochemical composition, and photosynthetic activity of the diatom Thalassiosira weissﬂogii were determined under two different light scenarios over a temperature range of 5 –158C to simulate conditions experienced by cells during
winter deep convection. These metrics were examined under a low light scenario (20 mmol m22 s21, 12/12 h light/dark), and compared with a
scenario of short light pulses of a higher light intensity (120 mmol m22 s21, 2/22 h light/dark). Both experimental light conditions offered the same
daily light dose. No growth was observed at temperatures below 88C. Above 88C, growth rates were signiﬁcantly higher under low light conditions
compared with those of short pulsed light exposures, indicating a higher efﬁciency of light utilization. This could be related to (i) a higher content of
Chl a per cell in the low light trial and/or (ii) a more efﬁcient transfer of light energy into growth as indicated by constantly low carbohydrate levels.
In contrast, pulsed intense light led to an accumulation of carbohydrates, which were catabolized during the longer dark period for maintaining
metabolism. Light curves measured via Chl a ﬂuorescence indicated low light assimilation for the algae exposed to short pulsed light. We postulate
that our trial with short light pluses did not provide sufﬁcient light to reach full light saturation. In general, photosynthesis was more strongly
affected by temperature under pulsed light than under low light conditions. Our results indicate that model estimates of primary production
in relation to deep convection, which are based on average low light conditions, not considering vertical transportation of algae will lead to an
overestimation of in situ primary production.
Keywords: deep convection, diatoms, growth rate, light acclimation, temperature.

Introduction
The spring phytoplankton bloom of the northern North Atlantic is
one of the largest biological events on earth influencing biogeochemical cycles and the marine foodweb (Platt et al., 2003; Feng
et al., 2009). A common model for predicting the onset of a phytoplankton spring bloom is the “critical depth” model of Sverdrup
(1953). This model assumes that net primary production is only
possible when the mixed layer depth is shallower than a critical
mixing depth, where depth-integrated phytoplankton production
# International

equals the loss, for example, by respiration and grazing. Many
model and observational studies have supported Sverdrup’s hypothesis (Platt et al., 1991; Obata et al., 1996; Falkowski and
Raven, 1997). However, new observations (Townsend et al., 1992;
Backhaus et al., 2003; Behrenfeld, 2010) and modelling studies
(e.g. Huisman et al., 1999; Nagai et al., 2003; Ross et al., 2011;
Mahadevan et al., 2012) identify flaws in Sverdrup’s critical depth
model based on the development of a spring bloom before the
onset of stratification.
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cells is unclear with the effect of rising temperatures on the
growth rate under short light and long dark periods are present
unknown.
Short-term pulsed changes in light availability represent a challenge for estimating marine primary production with ecosystem
models, a process which is seldom implemented within these
models (Ross et al., 2011; Lindemann et al., 2015). However,
Lagrangian-based individual models can simulate the environmental conditions experienced by phytoplankton cells in the mixed layer
and thereby examine the potential importance of changes in light
intensity and duration (Woods et al., 2005).
With this background, and a clear need to better understand algal
physiology under the influence of exposure to short-term light
pulses, we conducted laboratory experiments using the marine
diatom Thalassiosira weissflogii as a model organism. The results
of the study we propose have the potential to improve primary production models for the testing of deep convection scenario’s in
relation to climate change.

Material and methods
Algae cultures
Non-axenic cultures of the diatom T. weissflogii (strain CCMP 1336)
were obtained from the Provasoli-Guillard National Centre for the
Culture of Marine Phytoplankton. Before the experiment, a stock
culture of algae was maintained in autoclaved, GF/F filtered and
f/2 (Guillard and Ryther, 1962) enriched North Sea water (salinity
32) at a temperature of 158C. Biolux neon lamps (Osram) were used
as a light source providing 160–180 mmol m22 s21 light over a 12/
12 h light/dark cycle. Algae were maintained under these conditions
for at least 3 weeks before the commencement of the experiments.
The stock cultures were continuously bubbled with filtered air to
minimize self-shading and sedimentation as well as to ensure a sufficient supply of CO2 and O2. Growth rate was determined during
the exponential growth phase.

Experimental set-up
Experiments were carried out under two different light scenarios
offering the same daily light dose, exposed in different light/dark
cycles and light intensity combinations. The two different light
scenarios were:
(i) a low light trial (labelled as LL for long exposure and low light
intensity) offering a light intensity of 20 mmol m22 s21 over
photoperiod of 12/12 h (light/dark) and
(ii) a short light trial (labelled as SH for short exposure and high
light intensity) with a light intensity of 120 mmol m22 s21
over a photoperiod of 2/22 h (light/dark).
The daily light dose in both trials was 0.86 mol m22 d21
[2.16 W m22 converted by the formula of Cloern et al. (1995)].
Osram Biolux lamps were used as the light source, with intensity
controlled by the distance of the sample from the lamps.
Both trials were run in a thermal gradient table (Thomas et al.,
1963) with a temperature gradient between 5.5 and 14.68C (5.5,
7.8, 10.1, 12.3, and 14.6 + 0.28C for LL) and 5 and 12.58C (4.9,
6.7, 8.5, 10.3, and 12.5 + 0.48C for SH). Three replicates were performed for each temperature. Algae from the initial stock culture
were diluted with autoclaved, GF/C filtered North Sea water
enriched with 0.5 ml f/2 stock solution per litre seawater to a final
concentration of 6000–10 000 cells ml21, and put into covered 1 l
glass beakers. The cultures were bubbled with filtered air to ensure

Downloaded from http://icesjms.oxfordjournals.org/ at Fiskeridirektoratet. Biblioteket. on July 28, 2015

One of the processes potentially influencing winter light conditions and thus winter production is the occurrence of deep convection (Backhaus et al., 2003). During deep convection, cells can be
transported to depths of several hundred metres before potentially
being returned to the surface (Marshall and Schott, 1999). Within
such a convective cell phytoplankton, cells are exposed to short
pulses of light and long periods of darkness (MacIntyre et al., 2000).
Individual-based model results suggest that phytoplankton cells
in a convective cell have the potential to frequently visit the euphotic
layer with a return rate of 1 –2 d (Backhaus et al., 1999, 2003;
D’Asaro, 2008). Furthermore, it has been suggested that neglecting
vertical mixing in an ecosystem model can lead to an overestimation
of primary production due to the effect of turbulence on the photoadaptive properties (Barkmann and Woods, 1996).
Typically, in the development of light parameterizations for
phytoplankton growth models, laboratory and field experiments
are carried out to determine growth rates under different light intensities (e.g. Falkowski and Owens, 1980; Cosper, 1982; Sakshaug and
Holm-Hansen, 1986) and temperatures (e.g. Berges et al., 2002) or a
combination of both factors (e.g. Fawley, 1984; Bouterfas et al.,
2002; Hammer et al., 2002). For the development of parameterizations for winter conditions, studies typically focus on acclimatization to low light (e.g. Post et al., 1984; Cullen and Lewis, 1988;
Anning et al., 2000) using light exposures of 8 h or more. These experimental set-ups allow algae to acclimatize to low light intensities,
for example, by increasing their Chl a content. During deep convection, phytoplankton may not have sufficient time to acclimatize to
the fluctuating light conditions, for example, by an increase in Chl
a concentration. Other acclimation processes such as the activation
of Rusisco can occur in time-scales from seconds to few minutes
(MacIntyre et al., 2000). Experiments with fluctuating light have
shown lower phytoplankton growth rates than under continuous irradiance with the same number of photons during light exposure
(Nicklisch, 1998; Shatwell et al., 2012). However, these experiments
were mainly carried out under daylength of 12 h. Interestingly, cellular resources, i.e. carbohydrate content, is affected by a change in
light availability due to mixing. The assumption is that more carbohydrates are necessary for the maintenance of the metabolism
during prolonged periods of darkness (Raven and Geider, 1988).
A second factor influencing winter phytoplankton growth is
temperature. Spring bloom development in the North Atlantic
has been related to the survival of the phytoplankton winter stock,
which was effected by winter temperatures (Wiltshire et al., 2008).
Temperature within the winter mixed layer is relatively constant
on a daily temporal scale, with temperature changing seasonally
due to the input of solar energy. Predictions for the North
Atlantic suggest an average sea surface temperature increase of
2–48C by 2100 due to climate change (Houghton et al., 2001).
It is well known that phytoplankton species have an optimum
growth temperature (e.g. Li, 1980). Up to this optimum, temperature increases led to higher enzymatic activity and photosynthesis
rate as well as nutrient uptake. These increases in vital rates, in
turn, lead to higher growth rates (Raven and Geider, 1988;
Falkowski and Raven, 1997). Furthermore, temperature increases
can also enhance the kinetics of activation and deactivation of the
photosynthetic apparatus and thus influence the acclimation potential (Davison, 1991). Conversely, an increase in temperature can
have a negative effect on dark survival of some diatom species
(Antia, 1976) and may lead to an increased dark respiration
(Verity, 1982; Lombard et al., 2009). The result of the interplay
between these processes on growth and survival of phytoplankton
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a homogeneous cell distribution within the beakers. Samples were
brought to experimental temperatures within 24 h.
For each light trial, two identical experiments were carried out. In
one experiment, all measurements were made at the end of the
photophase, whereas in the second experiment samples were
taken at the end of the scotophase. Triplicate samples for cell
counts were taken after 2, 4, and 6 d. Cell number samples were
always taken after 48 h. Aliquots of 30 ml were taken from each
beaker with a similar volume of medium added to maintain the
sample at a constant volume. Sample aliquots were fixed with
Lugol (final concentration of 1%) and measured within 3 d using
a Multisizer 3 (Coulter Counter). Cell number in each sample was
determined in triplicate. The specific growth rate was calculated
using the equation:
N2 /N1
,
t2 − t1

(1)

where m is the specific growth rate (d21) and N1 and N2 are cell
numbers at time 1 (t1) and time (t2), respectively. Chl a fluorescence
emission for each of the triplicates was measured using pulse
amplitude modulation (PAM) fluorometry with a Water PAM
(WALZ, Germany). As the two different light scenarios were never
tested simultaneously with algae coming from the same stock
culture, an additional experiment was carried out allowing a comparison of low and short light effects to validate the previous
results and exclude potential temporal effects. This experiment
was only carried out at 158C in a temperature-controlled chamber.
In every trial samples for cell number, biochemical analysis and
PAM fluorometry were taken from each replicate at the end of the
photo- and scotophases after 6 d of exposure to the experimental
conditions. Furthermore, an additional (third) SH experiment was
performed under comparable conditions. The aim of this experiment was to—by an increase in the number of samples—reduce
the range of variability of growth rates, and to extend the temperature
range examined to 5.6 and 14.68C, and to evaluate the direct comparison experiment. These experiments were carried out with algae
maintained under the same stock culture conditions as the earlier
trials.
For a more detailed view of the potential for short-term acclimation, PAM measurements were carried out during a light/dark cycle
of 5 h light and 7 h darkness at a light intensity of 120 mmol m22 s21
at three different temperatures (5, 10, and 158C). Algae came from
the same stock culture conditions than used for the main experiments and were acclimatized to different exposure temperatures
for 24 h in darkness. PAM measurements were carried out in timesteps between 5 min and 1 h over a period of 12 h.

Biochemistry
Samples for biochemical analyses were obtained either at the end of
the photo- or scotophase on the last day of the experiment (Day 6).
Duplicate samples of 70 ml volume were filtered onto precombusted Whatman GF/C filters and frozen at 2208C for Chl a
or 2808C for carbohydrate analyses. Chl a was extracted in 90%
acetone and analysed photometrically after Jeffrey and Humphrey
(1975).
Total carbohydrates were determined after Dubois et al. (1956)
and Herbert et al. (1971) Furan derivatives were formed by
adding 96% sulphuric acid to the sample and pentoses were converted to a-furfurylaldehyde, while hexoses are transformed to
5-(hydroxymethyl)-furfurol. These aldehydes react with phenol to

Chl a ﬂuorometry
Chl a fluorescence was measured with a Water PAM (WALZ,
Germany). A light saturation pulse was applied with .10 000
mmol photons m22 s21 for 0.8 s. Algae were dark adapted for
5 min before estimating rapid light curves (RLCs) and the
maximum quantum yield of the photosystem II (PSII) (Genty
et al., 1989) was determined:
Fv
Fm − Fo
=
,
Fm
Fm

(2)

where Fv is the difference of the maximum fluorescence (Fm) measured after a saturating light pulse and the minimum fluorescence
(Fo) emitted as a result of the measuring light only. Fv/Fm requires
dark adaptation. Whereas, the effective quantum yield of PSII:
′
′
′
FPSII = DF/Fm
= (Fm
− F)/Fm
requires light adaptation.
Immediately after Fv/Fm, a RLC was measured as described in
Cosgrove and Borowitzka (2006). Each treatment involved nine
consecutive, 30 s intervals of actinic light pulses of increasing intensity with an accompanying yield measurement at the end of each
actinic interval. Blue light emitting diodes provided the actinic
light at levels of 0, 86, 124, 190, 281, 399, 556, 922, and
1381 mmol photons m22 s21 of photosynthetically active radiation
(PAR) and the electron transport rate (ETR) was calculated as:
ETR = FPSII × PAR.

(3)

Empirical data for the establishment of photosynthesis (P) at every
measured light intensity were fitted to the function of Platt et al.
(1980) including photoinhibition and using a Marquardt –
Levenberg regression algorithm:
P = Ps (1 − e−(aEd/Ps ) × e−(bEd/Ps ) ),

(4)

where Ps is a scaling factor defined as the maximum potential rETR,
a is the initial slope of the RLC, Ed is the downwellig irradiance
(400–700 nm), and b characterizes photoinhibition.
The two main parameters of the RLC were determined using (i)
the maximum relative electron transport rate (rETRmax) and (ii) the
minimum saturating irradiance (Ek). rETRmax is the asymptote of
the curve and gives evidence of the ability of the photosystems to
utilize the absorbed light energy (Marshall et al., 2000). Ek is determined by the intercept a with the maximum photosynthetic rate
(Sakshaug et al., 1997). These parameters were estimated following
the equation (Ralph and Gademann, 2005):

rETRmax = Ps


b/a
a
b
,
a+b
a+b

Ek = rETRmax /a.

(5)
(6)

Data analysis and statistics
Growth rate was determined in triplicate, and Chl a and carbohydrates in duplicates measurements for every independent sample.
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m = ln

produce characteristically coloured products. Measurements of
carbohydrates were expressed as glucose equivalents. A D-(+)glucosemonohydrate solution was used as a primary standard and
samples were measured photometrically at 490 nm.
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under both light conditions. Above this temperature, growth rates
increased with increasing temperature under both light conditions
(Figure 1).
The temperature growth relation was described by a linear
model. For SH, the linear model had the best fit (r 2 ¼ 0.7524).
The LL treatment had a better fit for the linear model (r 2 ¼
0.9317); however, a three-parameter sigmoid curve had a best fit
(r 2 ¼ 0.9438). Due to Montagnes et al. (2003), we choose the
linear fitting for both trials. The slopes of the two regressions are
significantly different (p , 0.001), where the slope of the LL is
higher than that of the SH trial. These results were confirmed by
the statistical tests on the different temperature ranges (58C: 4.9–
5.68C; 88C: 6.7 –8.88C; 108C: 10.1– 10.68C, 128C: 12.1 –12.58C,
and 158C: 14.5 –14.78C). At all tested temperatures above 88C
growth rate was significantly higher under LL than under SH
conditions (p , 0.02).
The highest measured growth rates of 0.23 + 0.02 (LL) and
0.10 + 0.02 (SH) were determined at the highest tested temperature
(14.58C). Growth rates were determined after 48 h for each experiment. The measured growth rate do not give any information about
the time of the day when growth occurred.
For logistic reasons, all experiment had to be carried out consecutively. To exclude any stock cultural effects on the growth
rates, the effect of the different light conditions was directly compared in one follow up experiment at 158C. The results (shown separately in Figure 1) confirmed that growth rate was significantly
higher (p , 0.0001) under the LL than under SH conditions.

Results
Growth

Biochemical components

Two concurrent experiments were carried out to investigate the
impact of different light regimes (LL: long light exposure of low
light intensity and SH: short light exposure of higher light intensity)
on the growth of T. weissflogii at different temperatures (Figure 1). At
temperatures below 88C, growth rates were not different from zero

Chl a start values from the algae stock cultures used for the different
trials varied between 4.5 and 5.4 pg cell21 (shaded area in Figure 2a).
During the LL trial, the Chl a content per cell increased during the
experimental time of 6 d and was always higher than the initial
value. The Chl a content per cell during the SH trial remained in
the range of the initial values independent of temperature. At
every temperature ranges, the Chl a content under LL conditions
was significantly higher than under the comparable SH conditions,
for both determination times end of the photo- and scotophases,
with one exception (108C; after the scotophase). In the two light
trials, the Chl a content, measured at the end of the photo- or scotophases, was only significantly different at two temperatures
under LL conditions (10 and 128C).
Temperature had a significant effect on the Chl a content at the
end of the photophase of the SH trial. The lowest Chl a content
was found at the lowest temperature. The experiment directly comparing the light treatments at 158 substantiated that the Chl a
content per cell was significantly higher after the LL than SH
conditions.
The carbohydrate contents per cell under SH conditions measured at the end of the photophase were always higher than at the
end of the scotophase (maximum 0.94 pg cell21 at 6.78C at the
end of the photophase; minimum 0.33 + 0.06 at 58C at the end of
the scotophase; Figure 2b). During the LL trial, the values were constantly low (about 0.5 pg cell21) with no significant effect of sampling time (end of the photo- or scotophase) with one exception
at 108C. These results were substantiated by the direct comparison
experiment, where the carbohydrate content was also significantly
higher under SH conditions. Temperature had a significant effect
on the carbohydrate content at all tested treatments beside the
once measured at the end of the photophase of the SH trial.

Figure 1. Averaged growth rate of T. weissﬂogii under different
temperatures and light scenarios: 12/12 h light/dark cycles with
20 mmol m22 s21 (squares) and 2/22 h light/dark with
120 mmol m22 s21 (circles). White: measured at the end of the light
phase; black: end of the dark phase (ﬁrst experiment). Grey: second
experiment end of the light phase. Mean values with error bars of
standard deviation (n ¼ 3). Lines describe the linear model ﬁtting
the data.
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Mean values were determined and used for plotting and statistical
analysis. PAM data were determined only once for each replicate.
Data of all parameters were combined into temperature ranges
(58C range: 4.9 – 5.68C; 88C range: 6.7 –8.88C; 108C range: 10.1–
10.68C, 128C range: 12.1– 12.58C, and 158C range: 14.5 –14.78C)
and used for statistical analysis.
The growth rates from the two experiments (end the photo- and
scotophases) of each tested light condition were combined (n ¼ 6).
Chl a, carbohydrates, and PAM data were treated separately for each
experimental trial (n ¼ 3). Significance differences between the two
different light conditions (LL and SH) and each determination time
(end the photo- and scotophases) were tested for the defined temperature ranges using a one-way ANOVA. The effect of temperature
was tested using Spearman correlations. Data were assumed to be
significantly different at p , 0.05. Statistical analyses were carried
out using the SPSS 15.0 software.
To describe the correlation between growth rate and temperature, data were fitted to linear regression equation f ¼ y0 + a × x,
where y0 is the intercept and a is the slope of the curve, using
Sigma Plot 11. The slopes of the curves were compared using a t-test.
A potential temperature impact on the saturation curves of
rETRmax during the light period of the experiment exposing a
higher temporal resolution was determined using non-linear regression. Logistic models (for each temperature and for all temperatures
combined) were compared using a second-order Akaike’s information criterion (AIC, corrected for small sampling sizes).
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Chlorophyll a ﬂuorometry
The following metrics of phytoplankton photosynthetic status were
determined via Chl a fluorescence: the maximal quantum yield (Fv/
Fm, Figure 3a) and two different parameters inferred from RLCs:
rETRmax and Ek (Figure 3b and c). The algae stock cultures in
2011 did not differ significantly in their PAM parameters (Fv/Fm:
0.63 + 0.02 relative values, rETRmax: 58.2 + 4.4 relative values,
and Ek: 107 + 12 mmol m22 s21).
Parameters of the RLC from the direct comparison experiment
performed in 2012 were significantly different from start values
(p , 0.05) and can therefore not be compared directly with the
measurements of 2011.
During the LL trial, Fv/Fm values increased up to the highest
observed value of 0.73 + 0.01 at 14.78C (Figure 3a), whereas
during the SH experiment Fv/Fm never increased above the initial
value. All values measured during the LL were higher than during
the SH trial. But only at temperatures below 128C, the differences
were significant (p , 0.005).
Temperature had a significant effect on Fv/Fm during the SH trial
(p , 0.03). The value decreased with decreasing temperature especially at the end of the 22 h dark period. During this trial, we also
determined the lowest value of 0.35 + 0.03 at 58C. During the LL
trial, temperature only affected Fv/Fm measured at the end of the
photophase (p , 0.001). Differences between the Fv/Fm measured

Figure 3. Effect of temperature and light availability on PAM data.
Squares: 12/12 h light/dark cycles; 20 mmol m22 s21 and circles: 2/
22 h light/dark; 120 mmol m22 s21. Fv/Fm (a), rETRmax (b), and Ek (c) at
experimental Day 6. White: measured at the end of the light phase;
black: end of the dark phase. Mean values with error bars of standard
deviation (n ¼ 3). Lines (c) mark the experimental light intensity
(mmol m22 s21).

at the end of the photo- or the scotophase were only evident for the
SH trial at 58C.
rETRmax ranged between a maximum of 94.5 + 7.8 at 14.78C at
the end of the photophase under LL conditions and 4.6 + 0.8 at 58C
at the end of the scotophase under SH conditions (Figure 3b). RLCs
were more strongly influenced by the different light conditions than
Fv/Fm. rETRmax decreased during the scotophase. Under both light
conditions, at every tested temperature, rETRmax was significantly
higher at the end of the photo- than scotophase (LL: p , 0.01; SH:
p , 0.0001). Furthermore, all rETRmax values measured under LL
conditions were significantly higher than the corresponding SH data
(end of photo- p , 0.02 and scotophase p , 0.0001). Temperature
had a significant effect on rETRmax during SH (p , 0.02), but not
during LL, conditions. Delta rETRmax at the end of the photo- and
scotophases (of 40) was similar for both light scenarios.
rETRmax values of the two light scenarios of the “direct comparison” experiment were not significantly different. However, the value
at the end of the photo- and scotophases for each scenario was
significantly different.
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Figure 2. Cell components (pg cell21) under different temperatures
and light scenarios: Chl a (a) and carbohydrate (b). Squares: 12/12 h
light/dark cycles with 20 mmol m22 s21 and circles: 2/22 h light/dark
with 120 mmol m22 s21. White: measured at the end of the light phase;
black: end of the dark phase. Mean values with error bars of standard
deviation (n ¼ 3).
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Methodological issues
Due to logistics and equipment availability, each experiment had to
be carried out separately. To separate between treatment effects and
a potential bias of different start cultures, two additional

experiments were carried out. The complete SH experiment was
repeated at this time (with sampling only for growth rate at the
end of the photophase) plus an experiment to test the direct
effect of the two light treatments at one temperature. To account
for potential set-up effects, data from the “direct comparison”
experiment are always presented separately and were not used for
curve fitting of the temperature growth curve. These validation
experiments show that observed differences in growth rate and
biological composition were caused by light treatment and not by
differences in start conditions. Chl a fluorescence measurements
on the other hand deviated from the pattern observed in the previous experiments. Start values of the RLC parameters were higher
in later experiment and light conditions affected fluorescence
parameters less than in former.
Chl a fluorescence is generally a good tool for showing
photophysiological differences. Furthermore, many studies have
shown a high correlation with primary production (Morris and
Kromkamp, 2003, Goto et al., 2008), although this approach
cannot be used as a direct measure for primary production.

Discussion
Winter deep convection plays an important role in the seasonal dynamics of phytoplankton by maintaining a viable community in the
water column and thereby sustaining the spring seed population
while its retreat the pre-spring bloom particle fluxes seen in sediment traps (e.g. Honjo et al., 1988, D’Asaro, 2008). In our study,
we examined the effect of different light scenarios presumed to be
experienced by phytoplankton cells during deep winter convection
on phytoplankton growth and physiology. The basis for our experimental design comes from a model study of Lindeman et al. (2015)
who simulated an average exposure time of 2.1 h for cells experiencing deep convection in early spring in the North Atlantic with a
mixed layer depth of 500 m. The light conditions we tested included
a classical low light scenario (12/12 h light/dark cycle of
20 mmol m22 s21) assuming the retention of cells in a subsurface
chlorophyll a maximum layer and a scenario with short intervals
of higher light intensity (2/22 h light/dark of 120 mmol m22 s21)
simulating a simplified deep convection situation. Both scenarios
offered the same daily light dose of 0.86 mol m22 d21.
The temperature range of 5 –158C was chosen around the
observed winter temperature of 9.48C in the North Atlantic.

Growth rates

Figure 4. rETRmax over time in light and darkness (grey box) at three
different temperature (white: 58C; grey: 108C, and black: 158C).

In this study, above a critical temperature of 88C, growth rates of
T. weissflogii increased with increasing temperature under all experiential conditions. However, in the long exposure, low light trial (LL)
growth rates were always higher than those observed during the
short exposure high light trial (SH). Notably, all experimental conditions above 88C elicited a positive growth response in our experimental algae. The growth response was best fitted using a linear
model comparable to Eppley (1972) and Montagnes et al. (2003).
Although a sigmoid model would describe the biological processes
including a temperature limitation below 88C and an anticipated
maximal growth rate at a certain temperature. The maximum
growth rates obtained in our study (,0.23 d21) were below those
observed by Montagnes and Franklin (2001) for T. weissflogii
who observed growth rates of 0.5 –0.6 d21, when exposed at
50 mmol m22 s21 over a day/night cycle of 14/10 h at a temperature range of 12 –208C. Our temperature growth behaviour does
not show a clear temperature optimum under either light condition.
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Ek is rETRmax/a, where data of a are not shown. Comparable to
the results of rETRmax and Ek a was higher under LL than under
SH conditions, whereas during the LL trial delta at the end of the
photo- and scotophases was less extended than during the SH
trial. Treatment behaviour of a was comparable to the one of Ek.
Owing to the higher physiological relevance of Ek, we decided to
only show these values.
Ek values were always higher at the end of the photo- than at the
end of the scotophase. This effect was always significant for the
results of the SH trial (p , 0.008), but only significant at 108C
(p ¼ 0.003) and 158C (p ¼ 0.002) during the LL trial.
Temperature only had a significant effect on the Ek values at the
end of the scotophase of the SH trail.
The values described relative to the experimental light intensity
give important physiological information (experimental light intensities are marked as lines in Figure 3c). Under LL conditions,
Ek was always higher than the experimental light condition of
20 mmol m22 s22, with the lowest measured value of 87 +
27 mmol m22 s1 at the end of the scotophase. In contrast, at the
end of the long dark period of the SH trial, Ek was always lower
than the experimental light intensity of 120 mmol m22 s21
(between 29.8 + 5.1 and 90.1 + 8.8 mmol m22 s21).
The temporal evolution of rETRmax measured during a light/
dark cycle of 5 h light and 7 h darkness (Figure 4) was investigated
for three temperatures. All results show a continuous increase of
rETRmax from the beginning of the light phase. The increase was
stronger at higher temperatures. After 5 h of irradiance with a
light intensity of 120 mmol m22 s21, saturation was not reached
as indicated by the Ek values (results not shown). During the subsequent dark period, rETRmax decreased and stabilized after about 4 h.
Temperature had a significant positive effect on rETRmax levels
based on the lower corrected AIC (DAICcorr ¼ 34) for the model including a temperature impact. The slopes of the decrease during
darkness were low comparable to the increase in light and not significantly different. After an initial decrease during the first 10 h,
the values remained more or less constant for the following 20 h
(data not shown).
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Acclimatization
The algae in our experiment were not acclimated to the experimental light or temperature conditions. Rather, the study was designed
to examine the ability of a cell to function during transition from a
fall stratified situation to a regime of deep convection. Allowing the
cells time to acclimatize due to prolonged exposure to specific
light and temperature conditions will select for different genotypes
and allowing the cell to optimize its internal environment (e.g.
Chlorophyll a content) and as a result will lead to different physiological responses. This change can be considered to be an adaptation, a change which occurs over generations when compared
with acclimation, which is the response of the individual. Hence,
our focus was on the cells short-term ability to acclimatize due to
changes in Chl a metabolism (periods of 104 –103 s) and Rubisco activity (MacIntyre et al., 2000).
The potential for phytoplankton species to adapt to changing environmental temperatures is still not well understood. For example,
a correlation between changing environmental temperature and
optimal growth temperature was found (Boyd et al., 2013),
whereas conversely no clear relationship has been observed
between (Thomas et al., 2012). To address the issue of adaptation,
a longer term study would be required examining changes in response over generations. This is beyond the scope of this study,
but represents a key issue for understanding the evolution of the
phytoplankton community as influenced by climate change.

Biochemical compounds
Light availability has a clear effect on phytoplankton biochemistry.
For example, lower light intensities induce an increase in Chl a
content to optimize light harvesting capacity (Post et al., 1984;
Cullen and Lewis, 1988; Anning et al., 2000; Wagner et al., 2006;
Dimier et al., 2009; Milligan et al., 2012). Our findings support
this as an increased Chl a content was observed under the LL, but
not under SH, conditions. In contrast to other studies (Post et al.,
1984; Fábregas et al., 2002), we did not observe diel changes in the
Chl a content. Chl a content during the SH scenario was comparable
to the initial value independent of temperature. Hence, light limitation due to a short period light dose did not cause an increase in the

Chl a content. Changes in the Chl a content have been observed
under fluctuating light experiments. Most likely, the duration of
low light intensities was more important than the period of high
light intensities (e.g. Fietz and Nicklisch, 2002; van Leeuwe et al.,
2005; Dimier et al., 2009). During these experiments, the increased
Chl a content did not affect growth rate (Fietz and Nicklisch, 2002;
Dimier et al., 2009). In contrast, our findings showed higher growth
rates at higher Chl a concentrations.
Carbohydrates are the main energy reserve in marine algae and
can be accumulated under high light irradiances (Granum et al.,
2002). Temperature has a twofold influence on carbohydrate dynamics influencing anabolism during periods of light (Varum
et al., 1986) and catabolism during dark respiration (Raven and
Geider, 1988; Falkowski and Raven, 1997). In our study, T. weissflogii
accumulated high amounts of carbohydrates during the short light
intervals in the SH trial. Interestingly, given the low growth rates
observed, this surplus energy was not transformed into growth,
but consumed during dark respiration. The constant carbohydrate
content during the LL experiment over the day/night cycle may
reflect more balanced conditions supporting higher growth rates.
Halsey et al. (2011, 2013) observed higher polysaccharide accumulation at higher growth rates. In these studies, nutrients were the
growth limiting factor. Growth rates during our experiment were
generally low and light limited. The high carbohydrate accumulation we observed during the light phase of the SH trial did not
result into higher growth rates, but could enabled a longer period
of survival during dark periods as survival during darkness
depends on the reserve carbon availability (Furusato and Asaeda,
2009; Talmy et al., 2014).

Metrics of photobiology
PAM metrics such as the maximal quantum yield (Fv/Fm), photosynthetic capacity (relative maximum ETR; rETRmax), and
minimum saturation irradiance (Ek) are often used as indicators
of the fitness or to describe photoacclimation of algae (Cullen and
Davis, 2003; Franklin et al., 2009; McMinn et al., 2010).
In our study, the Fv/Fm was generally high especially under LL
conditions, indicating a good physiological state of the algae. Only
long dark periods in combination with low temperatures negatively
affected Fv/Fm. Low temperatures also had a negative effect on
rETRmax under SH conditions. In contrast, these parameters in
the LL trial were not affected by temperature. A decrease in temperatures reduces light saturation because the light reaction of photosynthesis is temperature independent in contrast to the dark reaction
(Davison, 1991). A lower light saturation level most likely leads to
an earlier appearance of photodamage (Falkowski and La Roche,
1991; Demmig-Adams and Adams, 1992). The lower light intensities during the LL trial did not seem to induce damage at any of
the tested temperatures.
In contrast to our study, several previous studies have identified
lower rETRmax and Ek values for algae exposed to lower light intensity (e.g. Ralph and Gademann, 2005). In our study, algae exposed to
higher light intensity (SH) showed a typical low light response with
lower rETRmax and Ek values. Values decreased during the long dark
periods and the short pulsed light exposures were not sufficient to
induce an increase of the photosynthetic capacity. Ek results from
rETRmax and the slope of the RLC a (data not shown). In our
case, temperature and light dependence of a was more strongly
related to Ek than rETRmax.
The minimum saturation irradiance (Ek) is the most representative parameter to explain photosynthetic efficiency and potential
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Hence, an optimal growth temperature under our experimental
conditions cannot be determined.
Furthermore, based on our two levels of light exposure, we found
a clear effect of exposure duration on growth rates especially at
higher temperatures. Thompson (1999) also tested the effect of different daily light doses and temperature on Thalassiosira pseudonana. He found in contrast to our findings no temperature effect
on the initial slope of a daily light dose –growth relationship. In addition, he found that daily light doses below 1 mol m22 d21 daylength did not affect growth, when testing light cycles within a
range of continuous light and the shortest light period of 4 h.
Despite the daily light dose in our experiment being lower than
Thompson (1999) (0.86 mol m22 d21), we did find an effect of exposure time. We suggest that a shorter light period of 2 h does not
allow the cell to use the available light.
Similar to our findings, Verity (1982) showed an effect of daylength on growth only at higher temperatures. The shortest daylength examined during this study was 9/15 h light/dark. To our
knowledge, our study represents the only examination of the
effects of light exposure at a period of 2 h light. 3/21 h light/dark
cycle has been the shortest light period tested to date (Foy, 1983,
Bouterfas et al., 2006).

2067

2068

Implications
The goal of this study was to assess the potential for individual
phytoplankton cells to remain viable in the deep convective circulations occurring during winter in the North Atlantic. Our results
clearly identify that cells can maintain positive, albeit low growth
rates in conditions simulating those they would experience. Our
study showed a 50% higher growth rate under constant low light
than under pulsed light simulating conditions. The analyses of
carbohydrate content and Chl a fluorescence indicate that cells experiencing periods of short pulses of light can use those light
windows for growth if temperature is not limiting even if growth
rates are very low. Furthermore, accumulated carbohydrates could
allow the cells to survive for longer periods due to these reserves.
These findings are particularly important for understanding the
role of deep convection in maintaining an integrated phytoplankton
biomass of the same magnitude as it was found in the spring bloom

(Li, 1980; Backhaus et al., 2003) as well as providing the seed population for the spring bloom in the North Atlantic.
In conclusion, our experiment showed that a calculation of
primary production with growth rates coming from laboratory
experiments with constant low light intensities, as often assumed
in ecosystem models, could lead to an overestimation of primary
production in well-mixed water bodies. Earlier studies have
focused on the difference between constant and fluctuating light
(Marra 1978; Barkmann and Woods, 1996; Anning et al., 2000;
Ross et al., 2011). These results have been inconclusive with an
underestimation of primary production of 87% (Marra, 1978) to
an overestimation of 40% (Barkmann and Woods, 1996) when
comparing fluctuating and fixed light incubations. The latter
model calculation did not take into account that particles within
the whole mixed layer have the same ability to short ephemeral
visits in the euphotic zone to use the short available light windows
for growth as shown by Lindemann et al. (2015).
Rapidly changing light exposures are a challenge for autotrophic
organisms. Many studies focus on the photoprotection mechanism
activated due to quickly rising light intensities (Dimier et al., 2009;
Alderkamp et al., 2011). However, a rapid rise in light saturation
after long dark periods, as occurring during deep convection, is
rarely explored. Studies focusing on photoacclimation under unsaturated conditions, including this study, have illustrated that low
light intensity primarily triggers processes such as Chl a anabolism,
changes in enzyme activity, or light harvesting complexes to increase
growth. Algae exposed to short light intervals have a limited potential to raise their capacity to use the incoming light, and have higher
losses due to dark respiration thus leading to lower growth rates. Our
experiments have for the first time demonstrated positive growth
under short temporal periods of only 2 h light per day in the
laboratory. This scenario was taken from model calculations by
Lindemann et al. (2015) and illustrates that, if temperature limitation does not occur, in contrast to Sverdrup’s assumption primary
production in the convective mixed layer of the North Atlantic is
possible during winter, even if the mixed layer depth is much
deeper than the critical depth (Backhaus et al., 2003; Behrenfeld,
2010). Furthermore, our findings bring into question the use of
daily light doses for phytoplankton growth or critical light boundaries. In a next step, our findings should be implemented into an
IBM thereby allowing for phytoplankton growth even under unfavourable winter conditions. We suggest that future laboratory
studies should focus on more fluctuating light conditions including
photoinhibition under short light term light exposure. Finally, to
understand the future evolution of the North Atlantic phytoplankton community and their contributions to biogeochemical and
ecosystem services, understanding future changes winter deep
convection and the response of the phytoplankton community is
critical.
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damage. This index, in combination with the ambient light intensity, gives important information about light utilization potential
(Behrenfeld et al., 2004). During the long dark phase of the SH
scenario, Ek decreased below the experimental light intensity of
120 mmol m22 s21. Thus, especially at the beginning of the light
period, photons could not be completely used for photosynthesis.
Excess energy during this period could lead to photodamage thus
necessitating the activation of cell apparatus for repair and
thereby reducing growth efficiency, causing the decreased values
of Fv/Fm and rETRmax, especially at low temperatures.
At the end of the short light period, the minimum saturation irradiance was comparable to the experimental light intensity, which
suggests high photosynthetic capacity but at a level which could still
induce more damage than lower intensities (Aro et al., 1993). In
contrast, under LL conditions, Ek was always higher than the experimental light intensity. Hence, the available light could immediately
be used completely for photosynthesis and most likely caused less
damage.
Photoacclimation is a time-dependent process. Moore et al.
(2006) found a strong correlation between Ek and the ambient
light conditions in stratified waters, in contrast to deep mixed
water, potentially because mixing rate was faster than acclimation
time. During this study, algae showed comparable values to
surface populations with a high light acclimation. In our study,
algae exposed to conditions that simulated deep mixed conditions
are low light acclimated. Both observations might be a result of insufficient acclimation time.
In our study, characterization of the time dependence of photoacclimation was performed by following the temporal evolution of
rETRmax during the changes between light and darkness at three different temperatures. rETRmax followed a light and dark rhythm has
been described for benthic diatoms in field (Seródio et al., 2005). For
T. weissflogii in our study, rETRmax increased continuously during
the first 5 h of the photophase. No saturation could be observed
within the tested light period. During darkness, the decrease of
rETRmax stabilized after about 4 h. Hence, the decrease of rETRmax
was similar during both light scenarios. This supports our finding
that 2 h light are just not sufficient to reach full photosynthetic capacity. In contrast, Nymark et al. (2013) found after 48 h of darkness
that the diatom Phaeodactylum tricornutum found that of rETRmax
recovered to a value even higher than the start value during the first
30 min, with no further increase during the following 24 h of light.
Thus, we postulate that recovery of the rETRmax after dark incubation
may be species-specific.

B. Walter et al.

A case study on growth and condition of the diatom Thalassiosira weissflogii

References

Demmig-Adams, B., and Adams, W. W., III. 1992. Photoprotection and
other responses of plants to high light stress. Annual Review of Plant
Physiology and Plant Molecular Biology, 43: 599 – 626.
Dimier, C., Brunet, C., Geider, R. J., and Raven, J. 2009. Growth and
photoregulation dynamics of the picoeukaryote Pelagomonas
calceolata in fluctuating light. Limnology and Oceanography, 54:
823– 836.
Dubois, M., Gilles, K. A., Hamilton, J. K., Rebers, P., and Smith, F. 1956.
Colorimetric method for determination of sugars and related substances. Analytical Chemistry, 28: 350– 356.
Eppley, R. 1972. Temperature and phytoplankton growth in the sea. Fish
Bull, 70: 1063– 1085.
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